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The Coastal Cordillera of the northern Chilean forearc overlies a portion of the
plate boundary where great subduction zone earthquakes originate. Geological
structures in this region exhibit deformation that has accumulated over millions of
years as a result of the subduction earthquake cycle. These structures primarily
demonstrate extension in the direction of convergence between the Nazca and
South American plates. The details of the permanent strain field have significant
implications for the long-term interaction between the forearc and subduction zone
processes. In this thesis, I combine observations of faults and surface cracks, radar
interferometric analyses of ground deformation, and numerical modeling of the
stress, strain, and displacement fields produced in the forearc by the subduction
zone earthquake cycle to provide new insight into this interaction.
I present spatially-complete maps of meter-scale surface cracks throughout the
forearc. Through analysis of crack strikes, morphological observations, and elastic
dislocation modeling of stress fields generated by subduction zone earthquakes, I
find that the distribution of cracks is consistent with formation by repeated interplate seismic events. Concentrations of stress along upper plate faults can explain
the enhanced opening of cracking. Movement on the upper plate faults themselves
also results from stresses related to the subduction earthquake cycle. Models pre-

sented in this thesis show consistency between the complicated deformation field
expressed by the forearc structures and the varying stress fields associated with
the subduction zone. Interseismic deformation encourages failure on normal faults,
while strong underthrusting earthquakes are capable of pushing these faults toward
either normal or reverse failure. Minor reverse motion superimposed on dominantly
normal faults is described for several locations in the forearc. The dependency of
the upper plate stress field on the distribution of subduction zone strain accumulation and release and the sense of forearc faulting have implications for fault
mechanics. The style of permanent deformation observed in the forearc can be
used to constrain the distribution of interseismic strain accumulation and coseismic slip. Additionally, because the upper plate faults respond to low-magnitude
stress perturbations induced by the seismic cycle, the absolute level of stress on
these structures must be very low.
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CHAPTER 0
INTRODUCTION

0.1

Background

The world’s largest earthquakes occur in subduction zones. As an oceanic plate
subducts beneath an overriding continent, frictional coupling between the two
plates results in the accumulation of elastic strain, which is occasionally released
through underthrusting earthquakes. While geodetic and seismic data provide detailed information about the contemporary behavior of subduction zones, different
types of analyses are required to understand subduction tectonics over long periods
of time. In this thesis, I discuss extensional structures in the coastal regions of
northern Chile, which represent the surficial expression of the Andean subduction
earthquake cycle accumulated over time scales ranging from a single earthquake
to millions of years. An understanding these structures and their connections to
the underlying subduction zone processes allows for a more complete classification
of the seismic cycle as it evolves through time.
The Andean margin defines one end-member model of subduction zones (Uyeda
and Kanamori, 1979) in which the oceanic plate subducts at a shallow angle (20◦ –
30◦ ) beneath of the continental plate. Countless great earthquakes have ruptured
the plate boundary, including the 1960 M ∼9.5 Valdivia earthquake in central Chile
— the largest earthquake ever recorded. Much of the portion of the South American plate overlying the seismogenic region of the plate interface, where underthrusting earthquakes occur, lies offshore, inhibiting studies of the surficial effects
of plate boundary seismicity.
The Coastal Cordillera in northern Chile, however, is an ideal locality to study
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the surface expression of plate tectonic processes. The mountain range overlies the
downdip extent of the locked plate boundary — defined by kinematic modeling of
geodetic data (e.g., Norabuena et al., 1998; Bevis et al., 2001; Klotz et al., 2001;
Khazaradze and Klotz , 2003) and spatial analysis of underthrusting earthquakes
(e.g., Bevis and Isacks, 1984; Cahill and Isacks, 1992; Tichelaar and Ruff , 1991)
— where strain accumulates between great earthquakes and is catastrophically
released during these events. The hyperarid climate of the Atacama Desert, which
has prevailed for at least the last 6 Myr (Hartley and Chong, 2002) if not more than
13–18 Myr (Dunai et al., 2005; Rech et al., 2006), creates a unique set of geological
conditions that simultaneously facilitate and complicate structural observation.
Much of the region is covered in gypsum-indurated sediment, which creates a
durable surface crust capable of preserving small-scale features for long periods of
time, particularly given the lack of precipitation. Neotectonic studies of the region
thus rely on tectonic geomorphology, using the present topography as a proxy for
accumulated tectonic deformation. The lack of vegetation permits an uninhibited
view of the surface, which is ideal for making both field and remote sensing based
observations.
The aridity of the region permits the blanket of regolith to cover bedrock features, hiding traditional structural geology data such as exposed fault planes and
slip indicators. Furthermore, the erosion constants required for morphological dating of fault scarps are unknown for the Atacama Desert, complicating the use of
this technique to assess fault activity (e.g., González and Carrizo, 2003). The lack
of vegetation translates into a lack of charcoal preserved in stratigraphic layers,
eliminating radiocarbon dating of horizons offset by motion on faults as a candidate
technique for assessing the age of neotectonic structures.

2

0.2

Worldwide examples of forearc deformation

The kinematics of upper plate faults have been described for several forearcs worldwide (Figure 0.1). The lateral component of oblique convergence in Japan and
Sumatra is accommodated by dominantly dextral motion on upper plate faults,
notably the Median Tectonic Line (Japan) and Sumatra Fault (e.g., Fitch, 1972;
Genrich et al., 2000; Tabei et al., 2003). Where the relative plate convergence
is more orthogonal, as is the case in New Zealand (Cashman and Kelsey, 1990;
Chanier et al., 1999), Central America (Kuijpers, 1980; McIntosh et al., 1993; Marshall and Anderson, 1995), and along much of the Andean margin (Arabasz , 1971;
Delouis et al., 1998; González et al., 2003; Melnick et al., 2006, this thesis), dip slip
forearc faulting is more commonly observed. With the exception of northern Chile
and southern Peru, the more humid climates of these forearcs reduces the quality
of long-term preservation of upper plate structures. Nonetheless, the cited studies
provide additional examples of observable structures that represent deformation
caused by subduction zone processes.

0.3

Short- and long-term records of the subduction zone
seismic cycle

Different types of data are required in order to characterize the surficial expression of the subduction zone seismic cycle on a variety of time scales (Figure 0.2).
Geodetic and seismic observations provide detailed information regarding the contemporary effects of the subduction zone seismic cycle. Such data are used to infer
the distribution of strain accumulation on the subduction interface, the patterns
of moment release during strong subduction earthquakes, and the distribution of

3

Figure 0.1: Map of the Pacific Rim region providing examples of upper-plate fault
kinemetics for several forearcs. Black arrows show approximate direction of relative plate convergence at each subduction zone, and captions indicate the style of
forearc deformation observed. See text for more details.
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aftershocks and postseismic phenomena, which are important for constructing a
seismic hazard analysis for a given region. Geodetic and seismic methods place
tight constraint on these patterns. Four GPS networks in northern Chile have
captured a snapshot of the horizontal deformation field caused by the interseismic period, as well as several subduction zone earthquakes (Ruegg et al., 1996;
Norabuena et al., 1998; Klotz et al., 1999; Ruegg et al., 2001; Bevis et al., 2001;
Brooks et al., 2003; Chlieh et al., 2004; Pritchard et al., 2007). Interferometric
Synthetic Aperture Radar (InSAR) complements these measurements, providing
a more spatially-complete picture of co- and postseismic deformation related to
strong earthquakes (Pritchard et al., 2002; Xia et al., 2003; Chlieh et al., 2004;
Pritchard et al., 2006; Pritchard and Simons, 2006; Pritchard et al., 2007). Local
seismic networks around the Antofagasta region have yielded additional information about the nature of subduction zone seismicity (Comte et al., 1994; Delouis
et al., 1996, 1997; Husen et al., 1999; Sobiesiak , 2004).
Given the 100–150 year recurrence interval of great subduction zone earthquakes along the Andean margin (Dorbath et al., 1990; Comte and Pardo, 1991), a
complete seismic cycle has yet to be recorded by modern instrumentation. Historical records allow for estimation of earthquake size and rupture extent for the past
3–4 seismic cycles, but the low population density throughout much of northern
Chile limits the amount of information that can be extracted from these reports.
It appears, however, that great earthquakes rupture distinct segments of the plate
boundary, and the boundaries of these segments have remained relatively constant
for at least the past several earthquake cycles (Comte and Pardo, 1991), indicating that the properties of the subduction interface are similar from one earthquake
cycle to the next.
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Deformation on thousand- to million-year time scales, manifested in paleoseismological data, changes in the geomorphology, and geologic structures in the
forearc, provides a longer-term record of subduction zone behavior (Figure 0.2).
Several studies have focused on the neotectonics of the Antofagasta-Paposo region
(23◦ –25◦ S latitude) in the northern Chile forearc and have found that, in general,
the structural signal is typified by extension in the direction of plate convergence,
represented by normal slip on north striking faults (Arabasz , 1971; Niemeyer et al.,
1996; Delouis et al., 1998; González et al., 2003; González and Carrizo, 2003).
Farther north in the Salar Grande region (21◦ S), dextral-normal slip on northwest
striking faults is kinematically consistent with this deformation regime (González
et al., 2003). A suite of east-west striking reverse faults between 19◦ and 21.6◦ S
shows that permanent strain in the forearc not only indicates margin-normal extension, but also margin-parallel shortening (Allmendinger et al., 2005). Near the
city of Caldera (27◦ S), Marquardt et al. (2004) describes faults accommodating
NW-SE directed extension, while Heinze (2003) describes ENE-WSW directed
extension shown by normal faulting between 30◦ and 31◦ S. Substantially farther
south (37◦ S), Melnick et al. (2006) describe active reverse motion on north-south
striking crustal faults, indicating an along-strike change in the modern intraplate
strain regime.
The change in the long-term strain pattern from north to south is consistent
with variations in the extent of interplate locking inferred from modeling of GPS
data. Using a network spanning 18◦ –42◦ S, Khazaradze and Klotz (2003) find that
an interplate zone locked to ∼35 km fits GPS data between 25◦ –30◦ S, while an
increased extent of coupling — to 50 km depth — is required to match velocities
south of 30◦ S. As noted by Savage (1983), a wider extent of strain accumulation
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Figure 0.2: Deformation induced at the surface by the subduction zone seismic
cycle is captured by different data types on different time scales. Seismic and
geodetic data record snapshots of modern deformation, ranging from that which
takes place during an earthquake to one complete seismic cycle. Paleoseismology
characterizes the past several seismic cycles, while changes induced by tectonic
processes on the regional geomorphology occur on millennial to million-year time
scales. Geologic structures record deformation accumulated over million-year time
scales. In all cases, the time periods recorded by each data type are not as distinct
as shown here; upper-plate fault slip triggered by a recent earthquake, for example,
blends the shortest- and longest-term data types. Modified from Friedrich et al.
(2003).
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on the plate interface results in a surface strain field characterized everywhere by
shortening in the direction of convergence. However, given a narrower zone of
interplate locking, some regions within the forearc experience extension in that
direction (Savage, 1983). The along-strike change in locking depth inferred from
GPS data (Khazaradze and Klotz , 2003) is thus consistent with the long-term
strain patterns exhibited by forearc structures.

0.4

Variations in plate interface behavior: Observations
and causes

What controls these spatial variations in the inter- and intraplate deformation
regimes? The downdip extent of the locked zone is thought to represent a transition from an interface characterized by stick-slip behavior (unstable sliding) to
one that shows stable sliding behavior Figure 0.3. While there have been semantic debates regarding what is meant by a “coupled” plate interface (Wang and
Dixon, 2004a; Lay and Schwartz , 2004; Wang and Dixon, 2004b), in general, the
unstably sliding, locked portion of the interface is considered to represent both the
zone over which interseismic strain accumulates, and the zone that generates great
subduction earthquakes. The rough equivalence has been shown through studies
of the depths of teleseismic underthrusting earthquakes (e.g., Tichelaar and Ruff ,
1991) and the extent of kinematic coupling that satisfactorily models interseismic GPS velocity measurements at the surface (e.g., Norabuena et al., 1998; Bevis
et al., 2001; Khazaradze and Klotz , 2003). Within the regions above and below
the locked seismogenic zone, the two plates are inferred to slide stably past one
another and little interseismic strain is accumulated (Figure 0.3).
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Figure 0.3: Schematic diagram showing the approximate distribution of plate interface conditions along the Andean margin. The two gray regions show zones
in which the interplate behavior is characterized by stable-sliding, and so little
interseismic strain accumulates. The white region between these zones is the fullycoupled zone, characterized by unstable sliding or stick-slip behavior. This region
is interpreted to approximately represent the extent of the seismogenic zone where
great earthquakes originate.
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The depths at which these transitions occur is thermally regulated; stick-slip behavior dominates the interface for temperatures between about 100◦ C and 350◦ C,
with stable sliding occurring below and above this range (Oleskevich et al., 1999).
Thus, variations in the thermal regime along a subduction zone would give rise
to changes in the extent of interplate coupling. Factors that influence the depth
of the 350◦ C isotherm, and therefore the downdip extent of interplate coupling,
include the age of the subducting oceanic plate, the subduction zone geometry, the
thickness of sediments atop the slab, which serve as insulation between the two
plates, the plate convergence rate, and the amount of radiogenic heat production
in the overriding plate (e.g., Oleskevich et al., 1999). Khazaradze and Klotz (2003,
and references therein) argue that both the age of the plate and the thickness of
insulating sediments vary along the strike of the Andean margin in a way that
disagrees with the modeled changes in locking extent. Following the relationships
of Oleskevich et al. (1999), the modeled north-to-south increase in locking depth
should reflect an increase in the age of the Nazca Plate and/or a decrease in sediment cover, which are opposite the actual characteristics. Khazaradze and Klotz
(2003) instead propose that a “slab anchor” force, which increases the degree but
not necessarily the extent of plate coupling, is responsible for the changes invoked
in their model.
Additional observation of along-strike variations in the nature of interplate
coupling relates the interface behavior to the forearc gravity anomaly field. By
analyzing several subduction zones worldwide, Wells et al. (2003) and Song and
Simons (2003) found a correlation between the slip distribution of great earthquakes and the spatial extent of negative anomalies in the gravity field. The negative anomalies, which mark the locations of forearc basins (negative topography),
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tend to overlie regions that experienced the greatest magnitude of slip during recent subduction zone earthquakes. Song and Simons (2003) interpret the negative
anomalies in gravity and topography to reflect regions that have been depressed
through time by strong coupling of the underlying plate interface. Bürgmann
et al. (2005) extend this hypothesis to their analysis of interseismic strain accumulation along the Kamchatka subduction zone. Based on dislocation modeling of
GPS data, they find that portions of the plate interface characterized by greater
coupling are roughly correlated with negative gravity anomalies, and less coupled
regions coincide with positive gravity anomalies. The forearc gravity anomaly field
is a long-lived physical characteristic, yet it shows remarkable predictive power in
terms of the spatial variation in interseismic strain accumulation and coseismic
moment release, which suggests that the physical properties of the subduction interface as measured on decadal time scales by geodesy are consistent over long
periods of time.

0.5

Thesis outline

This thesis combines observational and theoretical approaches to assess further
the compatibility between the short-term stress fields produced by the subduction earthquake cycle and the accumulated deformation represented by forearc
structures. This strategy incorporates the type of field- and remote sensing observations that have described the neotectonic behavior of the region (Arabasz , 1971;
Niemeyer et al., 1996; Delouis et al., 1998; González et al., 2003; González and Carrizo, 2003; Loveless et al., 2005) with the regional-scale modeling of subduction
zone processes used to model geodetic data (e.g., Ruegg et al., 1996; Norabuena
et al., 1998; Klotz et al., 1999; Pritchard et al., 2002; Xia et al., 2003; Chlieh et al.,
12

2004; Pritchard et al., 2006). Whereas the geodetic modeling studies sought to
fit measurements of surface displacement, I use modeling to calculate the stress
fields generated by subduction processes and explore their relationships with the
permanent strain markers of the forearc.
Chapters 1–3 focus on meter-scale cracks that are preserved in the gypcrete
surface crust. Despite their small size, the ubiquity of these features makes them
useful for characterizing stress fields throughout the region. Chapter 1 provides a
description and interpretation of over 37,000 of these features that we mapped using high-resolution IKONOS satellite imagery over the Salar Grande region. This
chapter was published in the December 2005 issue of Geology. Gregory Hoke assisted both in the digital mapping of the cracks, as well as with initial field studies.
Richard Allmendinger, Gabriel González, Bryan Isacks, and Daniel Carrizo all provided valuable discussions, conceptual guidance, assistance in the field and/or lab,
and editorial comments on the manuscript.
In Chapter 2, I present a more detailed analysis of the cracks in the Salar
Grande region. I used field- and remote sensing-based studies to reveal various
characteristics of these features: the magnitude of finite strain they accommodate,
relative age information, and the density of their distribution. One clear pattern
seen in the distribution of cracks is their spatial correlation with upper plate fault
scarps. From field observations, it is apparent that cracks along fault traces show
enhanced opening. Using boundary element models, I find that the faults, as
discontinuities in the Earth’s crust, perturb the regional stress field produced by the
seismic cycle; these stress perturbations can explain the enhancement of cracking.
This chapter is in preparation for submission to the Journal of Structural Geology.
Chapter 3 provides a regional summary of crack observations, documenting
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their occurrence throughout the forearc of northernmost Chile and southernmost
Peru. Even though more than 37,000 cracks cut the surface of the ∼500 km2 Salar
Grande region, they provide but a point sample on the scale of the forearc. Using
freely available Google Earth imagery, we have identified 16 additional localities
where cracks are concentrated. Using elastic dislocation models, I compare the
stress fields expected at the surface as a result of large subduction zone earthquakes in order to evaluate the hypothesis that these cracks form coseismically
and represent a long-term record of plate boundary segmentation. This chapter is
being prepared for publication with Jordan Garroway, an undergraduate research
assistant who has been instrumental in mapping the cracks, Richard Allmendinger,
who initially noted the availability of meter-scale resolution imagery in Google
Earth and suggested its use for a regional survey of cracks, Matthew Pritchard,
and Gabriel González as coauthors.
In Chapter 4, I examine in detail the effects of the 1995 Antofagasta earthquake
on upper plate structures. Seven maps of coseismic slip have been published, and I
use these slip distributions to calculate the near-surface deformation. I also examine co- and postseismic synthetic aperture radar interferograms in order to detect
surface deformation on these structures. This chapter is in preparation for Geophysical Journal International, with Matthew Pritchard as coauthor. Pritchard
provided three slip distributions from his previous work that I used in my deformation calculations, processed several of the radar interferograms, guided me
through my own InSAR processing, and provided editorial commentary.
Chapter 5 serves as a summary chapter for the thesis, discussing on a regional
scale the relationships between the subduction zone earthquake cycle and the upper plate structures of the forearc. Both the inter- and coseismic periods of the
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earthquake cycle exert stress on these structures and, through modeling of these
stress fields, I find consistency between the complex short- and long-term deformation fields. This chapter is being prepared for submission to Tectonics with
Richard Allmendinger, Matthew Pritchard, and Gabriel González.
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CHAPTER 1
PERVASIVE SURFACE CRACKING OF THE NORTHERN
CHILEAN COASTAL CORDILLERA: NEW EVIDENCE FOR
FOREARC EXTENSION∗

1.1

Abstract

Despite convergence across the strongly coupled seismogenic interface between
the South American and Nazca plates, the dominant neotectonic signature in the
forearc of northern Chile is arc-normal extension. We have used 1-m resolution
IKONOS satellite imagery to map nearly 37,000 cracks over an area of 500 km2
near the Salar Grande (21◦ S). These features, which are best preserved in a ubiquitous gypcrete surface layer, have both nontectonic and tectonic origins. However,
their strong preferred orientation perpendicular to the plate convergence vector
suggests that the majority owe their formation to approximate east-west extension associated with plate boundary processes such as interseismic loading, coand postseismic strain, and long-term instability resulting from subduction erosion. Similar structures were formed during or shortly after the 1995 Mw = 8.0
earthquake near the city of Antofagasta, south of Salar Grande, and in conjunction with the 2001 Mw = 8.2–8.4 Arequipa, Peru, event. Cracks such as these may
form in other forearcs but remain largely unexposed because of vegetative cover
or marked fluvial erosion — factors that are absent in northern Chile as a result
of its hyperarid climate.
∗

Originally published as: Loveless, J.P., G.D. Hoke, R.W. Allmendinger,
G. González, B.L. Isacks, and D.A. Carrizo (2005), Pervasive cracking of the
northern Chilean forearc: New evidence for forearc extension, Geology, 33, 973–
976, doi:10.1130/G22004.1. Reprinted with permission of the Geological Society
of America.
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1.2

Introduction

As the Nazca plate subducts beneath South America, strong coupling between the
two plates from ∼20- to 50-km depth (Tichelaar and Ruff , 1991) allows for the
accumulation of elastic strain in the overriding continent (Klotz et al., 1999; Bevis
et al., 2001). However, no structures in the forearc indicate permanent arc-normal
shortening resulting from such loading. Instead, many features demonstrate extension nearly parallel to the direction of convergence. Approximately north-south–
striking normal faults are observed both off- and onshore (Arabasz , 1971; Delouis
et al., 1998; von Huene et al., 1999; González et al., 2003; von Huene and Ranero,
2003). Displacement on normal faults is primarily dip-slip (Delouis et al., 1998),
suggesting an extension nearly perpendicular to the fault strike. Most faults are
mapped as steeply landward dipping (Arabasz , 1971; Delouis et al., 1998), although
dips as low as 45◦ have been documented on the Mejillones Peninsula (∼23.5◦ S
latitude, González et al., 2003).
In addition to these well-known normal faults, mode 1 (opening) cracks are
present in the forearc (González et al., 2003). We describe here a dense suite
of cracks west of Salar Grande, located in the Chilean Coastal Cordillera near
21◦ S latitude (Figures 1.1 and 1.2). Through mapping of a 500-km2 area by highresolution IKONOS imagery and fieldwork, we find a consistent crack orientation
normal to the direction of plate convergence. The regularity in strike and broad
distribution imply a genetic relationship between cracks and plate boundary processes. We discuss the origins of the cracks and suggest that they are driven
primarily by tectonic processes.
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1.3

Tectonic setting

Over the past 25 Ma, convergence between the Nazca and South American plates
across a strongly coupled plate interface has resulted in crustal shortening and
thickening, giving rise to the modern Andes. Great interplate thrust earthquakes
(M ≥ 8) are thought to rupture individual segments of the margin with recurrence
intervals of ∼100–150 yr (Comte and Pardo, 1991). The southern Peru segment
(16◦ to 18◦ S) ruptured in 2001, partially filling the post-1868 seismic gap, and
the segment immediately south of the Mejillones Peninsula (∼23◦ S) ruptured in
1995 (Figure 1.1). The ∼420-km-long segment of northernmost Chile last experienced a great earthquake in 1877, the epicenter of which was estimated at 21.00◦ S,
70.25◦ W, just offshore of Salar Grande (Figure 1.1; Comte and Pardo, 1991).
Global Positioning System (GPS) data show orogen-scale interseismic shortening of the Central Andes in the direction of plate convergence on decadal timescales
(Figure 1.1; Bevis et al., 2001)). The velocity field has been modeled by using an
elastic half-space with dislocations applied to the plate boundary that is locked between depths of 20 and 50 km during interseismic times (Klotz et al., 1999; Bevis
et al., 2001). This model for the plate boundary is consistent with the conclusions
of Tichelaar and Ruff (1991), who used seismic waveform inversion to analyze the
variation in degree and extent of coupling along the Chilean margin.
GPS (Klotz et al., 1999) and interferometric radar (Pritchard et al., 2002) data
spanning the 1995 Mw = 8.0 Antofagasta earthquake show a coseismic surface
displacement gradient opposite that of the interseismic velocity field of northern
Chile (Figure 1.1). The increase in westward displacement (relative to stable South
America) from east to west shows that the Coastal Cordillera was extended during this earthquake. Surface cracking and 15–20 cm of normal fault slip occurred
23

during the event (Delouis et al., 1998; González et al., 2003), consistent with the coseismic strain captured by geodetic measurements. Delouis et al. (1998) proposed
that other fresh-looking fault scarps in this region also developed as secondary
features related to Quaternary subduction earthquakes. Near the coastal city of
Ilo, southern Peru, substantial ground cracking and landslides accompanied the
2001 Mw = 8.1 Arequipa earthquake. These cracks are thought to be coseismically
reactivated features that initially formed during the great 1604 earthquake that
originated near Ilo (Keefer and Moseley, 2004).
The bedrock of the Coastal Cordillera represents the remnant of a Late Jurassic–
Early Cretaceous magmatic arc. Original arc structures such as the Atacama Fault
Zone influence neotectonic deformation (Arabasz , 1971). The presence of a Mesozoic arc remnant so close to the modern trench suggests long-term tectonic removal
and subduction of material at the trench (subduction erosion), causing ∼1 km/Ma
of trench retreat (Rutland , 1971; von Huene and Scholl , 1991). This tectonic erosion and underplating of subducted material beneath the Coastal Cordillera may
cause uplift and extension (von Huene et al., 1999; von Huene and Ranero, 2003).

1.4

Cracks in the Salar Grande region

We focus our study of cracks on a region located at ∼21◦ S latitude between the
Salar Grande and the Pacific Ocean (Figure 1.2). The study area is located within
the hyperarid Atacama Desert and is perched atop the 400–1200-m-high coastal
escarpment of northern Chile. The persistence of the dry climatic conditions for at
least 6 Ma (Hartley and Chong, 2002) and consequent preservation of landforms
allow us to use present topography as a proxy for neotectonic deformation.
Cracks in the Salar Grande region are best preserved in the gypsum-indurated
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Figure 1.1: Seismotectonic setting of northern Chile and southern Peru. Gradients
in interseismic GPS velocities (vector scale I; from Bevis et al., 2001) and coseismic
displacements (vector scale C; from Klotz et al., 1999) demonstrate shortening and
extension, respectively. Epicenters of great earthquakes are shown as black dots;
approximate rupture areas are enclosed by ellipses (2001 rupture area outlined
with dashed line). Box near Salar Grande shows area of Figure 2.
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gravel (gypcrete) that blankets large areas of coastal northern Chile, but they
also penetrate as deep as 8 m into bedrock. The latter are commonly parallel to
bedrock joint sets, suggesting that some bedrock joints have propagated through
the gypcrete. Surface cracks showing no correlation to bedrock joints are also
present. Cracks are less evident in nonindurated sediments, indicating that characteristics of the gypcrete enhance preservation of the structures. Some cracks
have been sealed by precipitated gypsum, but most are open. Vertical offset of up
to 1 m is observed in a few locations; we suggest that most cracks are mode 1,
but some mixed-mode cracks also exist. Apertures range from a few centimeters
to 2.5 m, with many on the order of 0.5 m. Erosion of the gypcrete modifies crack
morphology, rounding initially sharp edges and transporting wall material to the
crack base. Fault scarp and crack morphologies, crack interaction patterns, and
variation in aperture and depth give insight into relative ages of structures, but
because material diffusion constants are unknown in the Atacama Desert, absolute
dating is not possible.
Remote sensing and field-based observations allow us to divide cracks into two
groups: those with nontectonic origins, and those likely formed by tectonic processes.

1.4.1

Nontectonic cracks

Cracks with millimeter- to centimeter-scale apertures commonly connect to form
polygonal shapes centimeters to meters across within the gypsum- or locally haliteindurated gravel. This patterned ground probably formed by shrinking and swelling
that resulted from fluctuations in temperature and moisture content (Tucker ,
1978). The thick fog that blankets much of coastal northern Chile, particularly dur-
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ing the winter, is the source of both the gypsum (Rech et al., 2003) and moisture.
Because cracks of this type are generally too small to detect by means of remote
sensing, they have not been considered in our statistical analyses or measurements
of regional strain. Locally, hillsides of cracked, 1–2-m-thick layers of gypcrete are
delimited by a lobelike front, suggesting some downslope movement of gypcrete
layers. The cracks in these areas parallel topographic contours, suggesting that
gravitational forces are responsible for their formation.

1.4.2

Tectonic cracks

The nonuniform strikes and isolated occurrences of the nontectonic features described above contrast the strong preferred orientation and broad distribution of
the cracks observed through remote sensing. We used IKONOS satellite imagery,
which offers 1 m spatial resolution in the panchromatic band, to map more than
37,000 cracks over 500 km2 (Figure 1.2). The mapped structures have consistent
strike, with a length-weighted mean azimuth of 347◦ (circular variance of 0.21),
which is similar to the trends of both the coastline and plate boundary and which
is perpendicular to the plate convergence vector (Figure 1.2E).
Many cracks cluster spatially around mapped fault scarps (Figure 1.2A–E);
faults and cracks have similar, but not identical, orientations (mean strikes of 325◦
and 347◦ , respectively; Figure 1.2E, F). Near the Hombre Muerto fault (Figure
1.2A), for example, narrow, shallow cracks of regional extent are oriented oblique
to the fault scarp. With decreasing distance to the scarp, crack aperture and
depth increase, reaching maxima at the scarp crest. In general, crack formation
may precede faulting, but continued propagation of the cracks likely occurs as a
secondary response to fault slip. In some cases, faults seem to have perturbed the
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Figure 1.2: Crack mapping in Salar Grande region. (A) Morphological features
and cracks mapped using IKONOS imagery. Numerous cracks (black lines) cluster
around faults (gray lines), but this relationship is not unique. HM–Hombre Muerto
fault. (B) Detail of crack mapping near two fault scarps. (C) IKONOS satellite
image showing clusters of cracks around fault scarps in region of B). (D) Field
photograph of cracks parallel to fault scarps. Road in center of photo is 2 m wide.
(E, F) Rose diagrams showing strike distribution of cracks (E) and faults in Salar
Grande region (F), with length-weighted mean orientation and direction of relative
plate convergence (PC) indicated by arrows.
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stress field in which the cracks propagate, causing curvature of strike near the fault
(Figure 1.2B, C). Such perturbations can result from asperities that concentrate
stress on the fault surface (Rawnsley et al., 1992).

1.4.3

Quantification of extension

To determine the magnitude of finite extension represented by cracks in the imagery, we counted cracks intersecting transects trending perpendicular to the mean
strike. Strain values along transects measured in the field were used to calibrate
average crack aperture in the imagery-based profiles, allowing a simple count of
cracks to roughly estimate extension magnitude. Along transects crossing the entire IKONOS data set, extension values reach ∼1.25%. Adjacent to faults, greater
calculated extension of 5%–10% (over several hundred meters) is consistent with
the observations of crack concentration around faults.

1.5

Discussion

The documented coseismic extension from field observations (Delouis et al., 1998)
and GPS measurements (Klotz et al., 1999) of the 1995 Antofagasta earthquake
provide evidence that extensional structures deform during or shortly after earthquakes. The displacement gradient tensor determined from the 1995 GPS data
indicates maximum extensional strain of 8.93 × 10−4 % along an azimuth N63E.
Salar Grande lies well north of Antofagasta, but we compare effects of the 1995
event to the cracks we have described because no great earthquake has occurred
in northernmost Chile since 1877. The discrepancy between GPS-based and our
crack-based strain estimates is several orders of magnitude, indicating that strain
accompanying one great earthquake is insufficient to explain the cracking. Cracks
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may represent extension associated with many earthquakes, a possibility supported
by field observations of repeated opening and filling of cracks. If crack propagation
occurs only during and/or shortly after earthquakes, we estimate, on the basis of
the comparisons above, that ∼1 × 103 great earthquakes would be required to account for the finite extension. Given the 100–150-yr recurrence interval of Comte
and Pardo (1991), this number of events has occurred over the past 100–150 ka.
Although the climatic conditions of the Coastal Cordillera may preserve features
of this age, we suggest that other sources of strain, such as interseismic loading
and subduction erosion, also contribute to crack propagation, decreasing the time
span represented by the structures.
Our simple dislocation models of interseismic loading (based on Okada, 1985)
predict that coastal regions of a simulated Andean margin with a plate boundary
locked between depths of 20 and 50 km experience ∼E–W extensional strain on the
order of 1 × 10−3 %. GPS stations are spaced such that they do not capture this
narrow longitudinal zone of extension. This magnitude of strain is about equal to
that demonstrated by the coseismic GPS data and is applied over a much longer
time period (100 yr), yielding lower strain rates. The sense of predicted interseismic strain is similar to that due to the Antofagasta earthquake. This seems
counterintuitive but results from different loading geometries: interseismic strain
accumulation presumably occurs across the entire extent of the locked plate interface, whereas the Antofagasta earthquake ruptured only a portion of the fault.
The dimensions of slip on the subduction thrust directly affect the surface deformation. The interseismic strain may itself cause brittle deformation of the forearc,
or it may precondition the region for failure when more rapid coseismic strains are
applied, as proposed by Delouis et al. (1998).
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Long-term extension and uplift associated with subduction erosion processes
have also been proposed as mechanisms for normal faulting in the forearc (Delouis
et al., 1998; von Huene and Ranero, 2003). Gravitational instability induced by
the removal of material at the toe of the continental slope leads to extensional
failure of the slope and forearc, demonstrated by normal faults observed offshore
(von Huene and Ranero, 2003). Additionally, underplating of subduction-eroded
material may contribute to uplift and surface extension of the forearc (Delouis
et al., 1998).
Dynamic stresses accompanying shear rupture propagation during great earthquakes may also generate mode 1 surface cracks. Dalguer et al. (2003) indicate
that cracks formed by this mechanism are characterized by branched ends, which
we do not observe in the Salar Grande region. Savalli and Engelder (2005) suggest that static, subcritical joint propagation is the most prominent mechanism of
crack development in Earth’s crust. Subcritical propagation, or crack growth that
occurs even though the stress intensity at the tips is less than the critical level
predicted by fracture mechanics, can occur as a result of fluid and/or chemical
activity that facilitate crack propagation (Atkinson and Meredith, 1987). Segall
(1984) states that strains applied continuously cause crack growth, whereas the
material response to loads that fluctuate rapidly in magnitude may be elastic and
thus not conducive to crack growth, even if critical stress intensity conditions are
met. Therefore, static loading from interseismic convergence, subduction erosion
processes, and co- and postseismic phenomena is the likely mechanism for crack
propagation in the Salar Grande region, with dynamic shear rupture during earthquakes playing a lesser role.
The plate boundary-scale interseismic loading and regional seismicity suggest
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that cracks similar to those seen at Salar Grande and Ilo, Peru, should be distributed throughout the forearc, yet we have not observed such concentrations in
our reconnaissance visits to other locations, which suggests that the Salar Grande
and Ilo regions are anomalous. The elevated concentration of faults (Yu and Isacks,
1999) and several bedrock joint sets near Salar Grande demonstrate weakness in
the uppermost crust that locally allows surface cracking when tectonically loaded.
Additionally, because the degree of gypsum induration of the sediment cover dictates the quality of crack preservation, variations in surface composition could help
to explain the different concentrations of cracks in the forearc. Gypcrete covers a
substantial portion of the Coastal Cordillera, but its material properties around
our study area may enhance preservation of cracks. It is likely that cracks similar
to those we describe here are present in other forearcs but may not be observed
because of rapid landscape modification under wetter climatic conditions. The
unique, hyperarid environment of northern Chile has literally laid bare the true
extent of brittle deformation.
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CHAPTER 2
TECTONIC CRACK FORMATION IN THE SALAR GRANDE
REGION, NORTHERN CHILE

2.1

Abstract

More than 37,000 surface cracks cut the surface of a 500 km2 region west of Salar
Grande in northern Chile (21◦ S latitude), providing new evidence for forearc extension. The cracks show a length-weighted mean strike of 347◦ , which is perpendicular to the azimuth of convergence between the subducting Nazca and overriding
South American plates. The strong preferred orientation and distribution of cracks
over a large region indicate that stress fields operating on a similar scale — namely
those induced by the subduction zone earthquake cycle — are primarily responsible for crack formation. These stress fields drive the evolution of both the cracks
and upper plate faults in the region. Cracks adjacent to fault scarps commonly
show enhancement in their amount of opening, suggesting that upper plate faults
concentrate the regional stress. We use boundary element modeling to examine
the relationships between the faults and enhanced cracks. Our results show that
the stress perturbations associated with normal slip on upper plate faults are generally consistent with the distribution of cracking, though in some cases reverse
slip models also predict a compatible stress field. These results agree with recent
studies of the neotectonics of the northern Chilean forearc, which suggest that
structures in the region in general reflect east-west extension, with some faults
showing shortening in the same direction. The opposite senses of deformation accumulated on structures with similar strikes mimic the complicated stress fields
produced on decadal timescales by the subduction zone earthquake cycle.
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2.2

Introduction

Coastal regions of the northern Chilean forearc (18–28◦ S) are characterized by
structures demonstrating, in general, extension in the direction of convergence between the subducting Nazca and overriding South American plates. The dearth of
precipitation in the hyperarid Atacama Desert allows for the conversion of bedrock
to regolith at the surface, blanketing the area in a layer of gravel. Furthermore,
induration of the gravel with gypsum cements this material, forming a brittle, competent crust that limits denudation of regolith during infrequent rainfall events. As
a result of these climatic conditions, even subtle geologic structures are preserved
throughout the forearc, most notably the meter-scale open cracks that we describe
here and in Chapters 1 and 3.
West of the ∼200 km2 Salar Grande (21◦ S) lies a region affected by pervasive
open cracking of the surface (Loveless et al., 2005). Using 1 m resolution imagery
from the IKONOS satellite, we have compiled a database of ∼37,000 cracks within
a 500 km2 region (outlined in Figure 2.1). Statistical analysis of crack strikes shows
a preferred orientation nearly parallel to the coastline and Nazca-South American
plate boundary and perpendicular to the direction of plate convergence (Chapter
1, Loveless et al., 2005). This consistency in strike over such a large region suggests
that the evolution of cracks is governed by stress acting on a similar spatial scale,
namely the subduction zone seismic cycle.
In this chapter, we explore the relationships between the deformation exhibited by the cracks and upper plate faults and the stress fields exerted on these
features by interseismic and coseismic processes. While both types of structures
are fundamentally driven by processes related to subduction, the cracks are further
affected by local perturbations to the regional stress field caused by the presence
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Figure 2.1: Topography of the Salar Grande region, as expressed in the SRTM 90
m digital elevation model. The region outlined by the black “jagged” line shows
the extent of the IKONOS imagery used in our crack mapping. The large flat
region immediately east of the imagery coverage is the Salar Grande proper. The
smaller boxes show the focus regions described in the paper; IKONOS imagery of
these regions is shown in Figures 2.8, 2.11, 2.13, and 2.15. Locations described
in the text are labeled as follows: PL — Punta de Lobos fault, QP — Quebrada
Pica, HM — Hombre Muerto fault, AB — Antena-Bahı́a Blanca faults, GG —
gypsum “glaciers” region, GE — Geoglifos fault. The solid bold black lines show
the faults used in the boundary element modeling, while the lighter-weight dashed
lines show other prominent faults in the area. The east-west striking faults near
the eastern extent of the map are part of the Chuculay system of reverse faults
(Allmendinger et al., 2005). Numerous cracks along the crests of the related fault
scarps are discussed by González et al. (2007).
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of the faults. We use boundary element models to understand how faults and
cracks respond to the earthquake cycle. We model several key faults in the Salar
Grande region as discontinuities in an elastic medium, apply remote stress to simulate seismic cycle loading, and investigate the compatibility between the stress
perturbations they introduce and the accentuation of cracks along their traces. In
doing so, we evaluate whether or not the localized perturbations of the stress field
around upper plate faults are capable of explaining the observed accentuation of
cracking.

2.2.1

Geological setting

The principal structure of the northern Chilean forearc is the 1000 km long Atacama Fault System (AFS), which initially formed in the Mesozoic. The AFS, its
splays, and other faults have accommodated vertical motions associated with the
uplift of the Coastal Cordillera since the Miocene (Riquelme et al., 2003) and show
evidence of Quaternary to recent reactivation (Delouis et al., 1998; González et al.,
2006). Morphological scarps striking approximately parallel to the coastline and
plate boundary typify the AFS. Sparse fault kinematic data indicate dominantly
dip-slip normal motion around the Antofagasta region (23–25◦ S latitude, Delouis
et al., 1998; González et al., 2003) and dextral-normal oblique slip further north
near Salar Grande (González et al., 2003). However, Carrizo et al. (2007) describe
the kinematics of the Salar Grande region as constrictional, with both marginparallel and margin-perpendicular shortening accommodated by suites of faults
striking north-south and east-west, respectively. Reverse motion has been well
documented on the latter group of structures (Allmendinger et al., 2005), which
is restricted to latitudes between 19◦ and 21.6◦ S. Crests of fault-propagation folds
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atop some of these structures — notably the Chuculay fault system, east of Salar
Grande — show substantial cracking. The strikes of these cracks parallel that of
the fault, and their formation has been attributed to surface flexure during growth
of the fault-propagation folds (González et al., 2007). The cracks we describe here
differ in several regards from those associated with the east-west reverse faults:
many cracks strike roughly parallel, not perpendicular, to the coastline, and there
are many cracks spatially unrelated to larger-scale structures. However, cracks west
of Salar Grande that are localized along fault scarps show enhancement adjacent
to the fault trace, similar to the pattern seen along the Chuculay system.

2.2.2

Fault-related cracking

Several studies have recognized the association between faults and secondary deformation accommodated by open cracks or joints (e.g., Bourne and Willemse, 2001;
Hilley et al., 2001; González et al., 2007). Bourne and Willemse (2001) analyzed
tensile fracture patterns around a network of conjugate strike-slip faults at Nash
Point, U.K., and found that the complex fracture trajectories can be explained
by local perturbation of a regional stress field due to slip along the faults. This
study revealed that cracks can be used as kinematic indicators, with the obliquity between faults and cracks placing constraint on the direction fault slip and
regional stress field that drives both fault slip and crack propagation. González
et al. (2007) found a relationship between the spatial extent of open cracks at the
crest of the Chuculay reverse fault system and the height of the scarp, indicating
that growth of fault-propagation folds above the fault system results in enhanced
flexure of the scarp crest, driving the opening of cracks. Hilley et al. (2001) found
that the interaction between surface-breaking tensile fractures and normal faults
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can substantially modify the morphology of a fault scarp. When cracks are present
above an active fault, extension is partitioned between fault slip and crack opening at the surface of the topographic scarp. Thus, a fault scarp forming in the
presence of surface cracks will show subtler, more irregular topography than the
sharper profile that forms in a region lacking cracks. The first two models (Bourne
and Willemse, 2001; González et al., 2007) are applicable to situations in which
cracks evolve either in conjunction with or following fault activity. In the case of
Nash Point, cracks propagate due to stress fields that are governed by properties
of the fault (Bourne and Willemse, 2001), while cracks above the Chuculay faults
grow as a response to flexure induced by fault propagation and slip (González
et al., 2007). Conversely, the model of Hilley et al. (2001) describes the variation
in scarp morphology that results from fault slip in the presence of pre-existing
cracks. Field observations suggest that many of the cracks we describe west of
Salar Grande predate the most recent upper plate fault activity yet have been
reactivated during subsequent episodes of fault slip and scarp construction. With
these conceptual models in mind, we use boundary element models to compare the
stress fields around the faults in the Salar Grande region with the extent and style
of cracking observed.

2.3

Crack population characteristics

On a regional scale, we used 1 m resolution IKONOS satellite imagery to map
meter-scale cracks throughout the Salar Grande area, hand tracing each in GIS
software. Crack length is calculated by simply summing the lengths of segments.
The strike of each crack is defined as the slope of a least squares linear fit through
the vertex coordinates.
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Crack aperture was only calculated for select transects across cracks in the Salar
Grande region where we carried out appropriate field studies (Table 2.1). The true
amount of tectonic opening of cracks that have either been filled by sediments
eroded from their walls or deposited by aeolian processes is difficult to assess; in
the case of such cracks, we estimated that one-half the distance between rounded
edges represented the true extent of opening. For the most part, we focus on crack
strike as opposed to aperture in our use of cracks as indicators of tectonic activity.
Aperture is difficult to quantify on a regional scale due to the fact that the width
of most cracks is less than the resolution of the imagery. Comparative field studies
prove that cracks as narrow as 20 cm can be distinguished in the 1 m resolution
imagery, but the actual aperture cannot be accurately measured.
We define crack density as the summed length of cracks per unit area. For
ease of comparing crack density with topography from the SRTM digital elevation
model, we calculate the crack density on a 90-m grid (Figure 2.2a). In each grid cell,
we also calculate the length-weighted mean azimuth. For cracks that span more
than one grid cell, we find the intersection of the crack with the cell wall so that
only the portion of the crack lying within a particular cell contributes to that cell’s
crack density (Bourke, 1989). Our field observations indicate that cracks are best
preserved in surface sediments that have been indurated with atmosphericallyderived gypsum (documented in Chapter 3, Rech et al., 2003), but because the
surface cover is not uniform throughout the analyzed regions, crack density does
not strictly reflect the magnitude or concentration of tectonic deformation; past
deformation in non-cemented sediments may have occurred to the same degree as
in the gypsum-indurated soil but may not be preserved due to the poor consolidation. Nevertheless, comparisons of the crack density with topography, slope, and
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Table 2.1: Crack aperture transects (locations shown in Figures 2.4, 2.8, 2.11, and
2.13)
Start

End

#
Long.
Lat.
Long.
Lat.
Gypsum “glaciers” region (Figure 2.4):
1 -70.0199 -21.1796 -70.0188 -21.1794
2 -70.0167 -21.1838 -70.0164 -21.1833
3 -70.0161 -21.1833 -70.0152 -21.1826
4 -70.0155 -21.1901 -70.0149 -21.1894
Southern Hombre Muerto fault (Figure 2.8):
1 -70.0469 -21.0275 -70.0472 -21.0275
2 -70.0472 -21.0280 -70.0478 -21.0280
3 -70.0475 -21.0288 -70.0480 -21.0288
4 -70.0476 -21.0296 -70.0482 -21.0296
Punta de Lobos alluvial fan (Figure 2.11):
1 -70.1272 -21.0384 -70.1202 -21.0364
2 -70.1269 -21.0388 -70.1194 -21.0381
3 -70.1273 -21.0393 -70.1232 -21.0397
Antena-Bahı́a Blanca faults (Figure 2.13):
1 -70.0999 -21.0979 -70.0991 -21.0977
2 -70.1000 -21.0981 -70.0990 -21.0981
3 -70.0969 -21.1056 -70.0961 -21.1054
4 -70.0908 -21.1152 -70.0882 -21.1130
a

Total transect length.
Number of cracks along transect.
c
Mean aperture.
d
Total width of cracking.
Σa
e
Elongation, defined as  = L−Σa
× 100.
b
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Figure 2.2: A) Crack density in the Salar Grande region, defined as the total length
of cracking per unit area, calculated on a 90 m grid. Cracks are concentrated
along fault traces (black lines; solid, bold lines are the faults used in the boundary
element modeling) but also show substantial populations spatially uncorrelated
with faults. B) Map of length-weighted mean crack strike calculated on the same
regularly-spaced grid as the crack density. Much of the map is colored light blue,
indicating the strong preferred north-northwest strike of the cracks. On both
plots, topographic contours are shown in gray lines at 100 m intervals, with 500
m intervals drawn in bolder lines. The “jagged” line shows the extent of IKONOS
imagery coverage.
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proximity to larger-scale structures offer important insight into the generation and
evolution of the cracks.

2.4

Crack observations in the Salar Grande region

In the Salar Grande region, we performed initial analysis of the structures using
IKONOS imagery and used field studies to focus on measuring crack apertures,
determining butting relationships, evaluating crack morphology, and comparing
cracks to larger-scale structures. We distinguish subsets that have formed due to
non-tectonic processes from the majority of cracks, which we interpret to be the
result of tectonic stresses.
Cracks show a variety of cross-sectional morphologies, reflecting the material
into which they cut, as well as their relative ages. The gypsum-indurated gravel is
widespread but varies in thickness throughout the study area. Where bedrock is
buried beneath just several centimeters of gravel, cracks show nearly vertical walls
with sharp edges at the ground surface. Measurements of joint planes in bedrock
(made in the Quebrada Pica, labeled “QP” on Figure 2.1) show a distribution of
strikes similar to that of nearby cracks (Figure A.2), demonstrating a correspondence between bedrock weaknesses and surface cracking. Where the gypcrete layer
is thicker, crack profiles show a variety of shapes, which we interpret to represent
a range of relative ages. Younger cracks maintain vertical walls exposed up to 1
m deep and through time adopt a subtler, more rounded “V” shape indicating
ongoing degradation of the crack edges.
The gypsum-indurated gravel creates a competent, brittle surface that exposes
and preserves the meter-scale cracks. The hydrous nature of the gypsum in the
sediment allows for shrinking and swelling of the sediment crust, which leads to
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Figure 2.3: Field photos showing polygonal crack development in the gypsumindurated sediments. Such cracks form through bulk shrinking and swelling of the
saline soil, likely reflecting changes in moisture content (Tucker , 1978). Polygons
develop at multiple scales, with diameters ranging from centimeter (bottom) to
meter (top) scale, with bounding cracks showing apertures of millimeters to centimeters, respectively. For the most part, polygonal cracks cannot be identified in
the IKONOS imagery and thus do not contribute to the regional-scale analysis of
the cracks.
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the formation of polygonal cracks through a process analogous to mud cracking
(Figure 2.3, Tucker , 1978). The cracks that connect to form the polygons range
in aperture from millimeter to centimeter scale and create polygons centimeters to
meters in diameter. For the most part, these features too subtle to be observed in
the remote sensing data, and therefore they are not considered in our regional-scale
mapping and statistical analysis of the cracks.
An additional means of non-tectonic cracking is the movement of layers of
gypsum-indurated gravel. On a gentle, northeast-facing slope along the southern
segment of the Chomache fault (“GG” on Figure 2.1) are numerous cracks whose
traces follow topographic contours (Figure 2.4, inset). Transects across these cracks
(locations shown as numbered lines on Figure 2.4) yield elongation values ranging
from 4–15% (Table 2.1). Midway down the slope, irregular lobe-like fronts of
gypsum-indurated sediment (dotted lines on Figure 2.4) separate the cracked region
upslope from an uncracked region downslope. In profile, the sediment front is
characterized by an abrupt slope, similar in form to a fault scarp. We interpret
the front as a layer of gypsum-indurated sediment that has slid downslope. In
the process of moving as a relatively coherent sheet, the sediment layer has been
pervasively fractured, not unlike crevasse formation in glaciers, or the bulging and
landsliding mechanism of deep-seated gravitational slope deformation described
by Agliardi et al. (2001). The sliding and cracking process could be triggered by
shaking during earthquakes or episodic heavy precipitation events that mobilize
the indurated sediment horizon. We observe similar cracks in a few other forearc
localities and can distinguish them based on their strike parallel to topography, as
well as the lobate fronts of sediment that are located downhill of the cracked area.
We interpret the majority of cracks to be of tectonic origin (Chapter 1, Loveless
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et al., 2005). Microtopography on crack walls can be correlated across the fissure,
suggesting a rapid opening process. In contrast to the polygonal cracks described
above, most cracks have a linear trace, ranging in length from meters to 1 km.
In some cases, the sides of adjacent polygonal cracks have been reactivated by a
larger-scale forcing to form a continuous crack with a zigzag shape that closely
approximates a linear trace, reflecting the direction of applied opening stress (Figure 2.5). Whereas the cracks that we attribute to downhill sliding show strikes
that trace topographic contours, the linear tectonic cracks maintain a consistent
strike that is independent of local slope (for example, the east-west striking crack
in Figure 2.5). As discussed above, the aperture of cracks is difficult to define, as
erosion of the once-sharp crack edges obscures the true magnitude of opening.
Cracks are filled with a variety of materials, and the nature of fill has implications for the crack evolution. We observe banded gypsum that has plated onto
the nearly vertical crack walls (Figures 2.6, 3.2). Through time, the crack is sealed
with gypsum from the walls inward to the center. Those that are open presently
have either been completely sealed and subsequently reopened by a tectonic event,
or they have been incompletely filled. In some filled cracks, gypsum and other salts
are mixed with clastic material that is likely transported by wind and occasional
precipitation events.
The crack density map (Figure 2.2a) shows that cracks are concentrated around
faults, yet many other cracks are spatially uncorrelated with faults. Furthermore,
no obvious relationships exist between crack density and topography or slope (Figure 2.2a); cracks are located on gentle to steep slopes, on flat-topped hills, and in
broad valleys. The length-weighted mean crack strike throughout the entire study
area is 347◦ (Chapter 1), and cracks show this preferred orientation throughout
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Figure 2.4: IKONOS image showing the “glaciers” region near the southern
Chomache fault. The irregular black lines highlight the lobe-like fronts of sediment
layers that have slid downhill, while the straight, solid lines show the positions of
transects taken across the cracks. The inset zoom shows the arcuate cracks that
parallel topographic contours, concentrated upslope from the main sediment front.
Similar features with associated cracks are located southwest of this site, as well
as in other locations in the forearc.

much of the region. Figure 2.2b shows the length-weighted mean crack strike calculated within each grid cell, with the same spacing as the crack density. The
majority of the crack azimuth map is blue-green, showing the preferred northnorthwest strike.

2.5

Boundary element modeling

The strong preferred orientation of cracks over a large area indicates that a stress
field acting on a similar spatial scale is responsible for their formation. With the
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Figure 2.5: Field photo showing an example of the reactivation of polygonal cracks
to form through going, linear cracks. The trace of the north-south striking crack
has a “zigzag” appearance, indicating that east-west tension reactivated adjacent
polygonal cracks along a path of least resistance. Butting relationships in this
area are, as in all locations, ambiguous, with some of the east-west striking cracks
butting into the north-south feature and some continuing through it. We interpret
these inconsistent butting relationships as indication that cracks evolve in a cyclic
pattern, responding to episodic imposition of stress.

exception of body forces, the sole source of stress in the forearc region is the subduction zone seismic cycle. Therefore, the structures that we observe in the region
— both cracks and faults — reflect deformation induced by subduction processes.
The enhancement of cracks along fault traces suggests that the regional stress field
is locally perturbed by the faults, resulting in a concentration of cracking. We seek
to test this hypothesis through boundary element modeling.
As discontinuities in the Earth’s crust, faults perturb the regional stress field.
Using Poly3D, a three-dimensional boundary element code (Thomas, 1993), we
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the vertical crack walls, filling the crack from the outside in.

that we interpret to reflect the way in which gypsum accumulates on crack walls. Through time, gypsum precipitates onto

gypsum fill has created discontinuous instances of reopening. b. Close-up of the gypsum fill, showing the vertical banding

delineated by the dashed white lines. Gypsum has filled the crack, but subsequent reactivation and/or dissolution of the

Figure 2.6: Field photo showing a crack filled by gypsum. a. The crack strikes in the view direction, with weathered walls
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model the Hombre Muerto, Punta de Lobos, Antena-Bahı́a Blanca, and Geoglifos
faults as frictionless discontinuities in an elastic half-space (with Young’s modulus
of E = 3 × 1010 Pa and Poisson’s ratio of ν = 0.25) and apply remote stress boundary conditions consistent with those induced by the subduction zone earthquake
cycle. By considering the faults as frictionless surfaces, we model the maximum
possible perturbation to the stress field that the discontinuities can induce within
the elastic medium (e.g., Crider and Pollard , 1998). We compare the calculated
stress fields around the faults to the distribution and orientations of adjacent, enhanced cracks. Based on the paucity of observed lateral offsets, we interpret the
majority of cracks to be mode 1 fractures (Chapter 1), thus cracks should propagate parallel to the direction of maximum principal compression (σ1 ) and open
in the direction of minimum principal compression (σ3 , e.g., Pollard and Segall ,
1987). However, once a crack is formed, it may be reactivated by a variety of
stress fields so long as some component of the stress acting normal to its walls is
tensional.
In all models, we define the geometry of the modeled discontinuities by projecting the surface trace to depth in an elliptical shape (Figure 2.7). In the accompanying material (Appendix D), we test several different fault dips, burial depths,
and aspect ratios in order to investigate the general patterns of surface stress that
result from varying fault geometries; we present only our preferred models in the
present chapter. We define the fault length as L, the maximum downdip width of
the fault as D, and the burial depth — representing the depth of the top of the
fault — as B (Figure 2.7). In all cases presented here, we define both D and B to
be some fraction of L.
The remote stress applied to all models is based on the calculated stress change
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Figure 2.7: Diagram illustrating components of the boundary element models.
Modeled faults are constructed by extrapolating the surface trace to depth in an
elliptical shape. The burial depth B and the maximum downdip width of the fault
D are defined as fractions of the total fault length L. The geometry is discretized
using triangular elements on which various traction boundary conditions are imposed. The presence of such a discontinuity in the otherwise homogeneous elastic
half-space introduces concentrations of stress, localized around the fault traces
(example transparent color map), when subject to remote stress conditions, the
direction of which is shown by the black arrows.

caused by a great underthrusting earthquake offshore Salar Grande, such as the
1877 event (Chapter 3, Comte and Pardo, 1991), and an accompanying interseismic
period. During the earthquake, the Salar Grande region undergoes tension, which
we specify to be of magnitude 2 × 106 Pa directed along an azimuth of 255◦ ,
parallel to the direction of plate convergence. During the interseismic period of
the subduction cycle, we apply the opposite sense of stress: uniaxial compression
directed 255◦ . Other remote stress conditions are explored in Appendix D.
Applying the equal and opposite senses of remote loading assumes that the
stress changes induced at the surface are completely elastic. As shown in Chapters
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4 and 5, the distribution of interseismic strain accumulation and coseismic slip
on the plate interface affects the spatial patterns of stress induced at the surface.
Therefore, it is also possible that forearc faults experience compression during
subduction earthquakes (Chapter 4) and tension due to flexural effects during
the interseismic period (Chapter 5), depending on the details of slip on the plate
boundary. As shown in Chapter 5 (specifically in Figure 5.11), upper plate fault slip
may take place exclusively when triggered by an interplate earthquake or during
the interseismic period of the subduction cycle, depending on the loading history
of that fault. In this paper, we investigate the more general, regional-scale patterns
of loading that results from the seismic cycle, assuming that the coseismic period
is characterized by tension directed along the plate convergence vector, while the
interseismic period exerts compression in the same direction, at least in the Salar
Grande region (Chapter 5).
In order to assess the compatibility between the modeled fault-perturbed stress
fields and the crack observations, we plot the normal stress change resolved on
vertical planes striking roughly parallel to the local mean crack strike (see rose
diagrams in Figure 2.8, 2.11, 2.13, and 2.15). We define tensional normal stress
as positive, encouraging opening along vertical planes. A plane of weakness that
strikes parallel to the specified direction and lies in a zone of positive resolved
normal stress is thus a candidate for (re)activation in response to the imposed stress
and could form a surface crack. Varying the strike of the vertical plane onto which
the normal stress is resolved by 10–20◦ does not substantially affect the patterns
observed in the stress fields. For models in which uniaxial tension comprises the
remote stress tensor, we subtract the remote tension resolved onto the specified
vertical plane in order to isolate the stress field perturbation caused by the presence
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of the faults. Those models subject to compression are not corrected in this way, as
any tensional normal stress value must result solely from the perturbation induced
by faulting. In the following sections, we present discussions of the compatibility
between the normal stress fields and the spatially associated cracks.
In addition to presenting the modeled stress fields, we also examine patterns
of vertical deformation induced by the remote stress boundary conditions. While
the displacement fields predicted by the models may be reversed or relaxed by
subsequent tectonic processes, they provide a first-order picture of how the ground
surface is affected by fault processes which, through time, can form fault-related
topography (King et al., 1988). Because the modeling is carried out in a halfspace, regional surface tilt and existing topography (namely mountain ranges) are
not considered. Therefore, we restrict our comparisons between the models and the
surface morphology to evaluation of the compatibility between the relative vertical
displacements and the fault-related topography only. Given that the fault-related
topography we discuss is relatively subtle, details are not well captured by available
digital elevation models. Therefore, we instead discern the topographic features
from the IKONOS imagery, which provides a detailed picture of the location of
drainages and zones of relative subsidence given by where young alluvial materials
accumulate.

2.6
2.6.1

Salar Grande region fault modeling
Hombre Muerto fault

The Hombre Muerto fault (“HM” on Figure 2.1) is a north-northeast striking fault
that parallels a mountain range just west of the Salar Grande (Figure 2.8). The
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east-side-down morphology of the scarp creates a pattern of topographic inversion
in which the toe of the mountain front is elevated relative to the mountain front
itself. Along much of the fault, the scarp is separated from the mountain front by a
broad, flat-bottomed valley. The scarp shows variation in morphology along strike,
which potentially suggests a segmented character. Atop the 7–8 m high scarp of the
northern part of the fault trace, two orthogonal sets of cracks strike obliquely to the
fault and show well-developed, V-shaped morphologies with measured apertures
up to 2 m, depths up to 1.5 m, and vertical offset of up to 1 m (Figure 2.8a,
2.9). Cracks adjacent to the southern part of the Hombre Muerto fault, which
is expressed as a subtle, 1–2 m scarp, also originated as two sets with different
strikes, but they have been reactivated in a “zigzag” manner, with alternating
N- and NE-striking cracks having been exploited to maintain an aggregated crack
strike approximately parallel to the trace of the scarp (Figure 2.8c). The northern
and southern traces of the fault are separated by a region in which a topographic
scarp is not obvious, the width of the cracked region is greater than farther north
and south, no valley separates the mountain front from fault-related topography,
and drainages from the adjacent hills cut across the fault trace (Figure 2.8b), as
opposed to the dammed drainage pattern evident along the northern fault trace
(Figure 2.8a).
While the obliquity between the cracks and fault strike could be interpreted as
indication of previous episodes of both sinistral and dextral motion on the fault, the
lack of laterally-offset drainages across the scarp shows that cumulative transverse
motion has been minimal (Figure 2.8a). Butting relationships between the scarptop cracks are ambiguous, with no clear evidence that cracks of one orientation
are younger than the other. The cracks may have evolved either simultaneously
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Figure 2.8: IKONOS image of the Hombre Muerto fault region. Bold dashed line
indicates the position of the fault scarp. The white segments show the surface
traces of the two distinct segments used in the modeling, while the sum of the
white segment plus the intervening black segment shows the single fault model
geometry (Appendix D). A) Surface cracks exist at least 100 m from the fault
trace (black arrows) but are enhanced within a 20–50 m wide zone near the crest
of the scarp (zone of enhancement is shown by the dotted line). Two sets of
cracks, one striking northeast and the other northwest, show inconsistent butting
relationships. Westward-flowing drainages off of the mountain front are dammed or
diverted by the topographic scarp. B) Zoom image of the transition zone between
the northern and southern fault segments, showing the continuity of drainages
from east to west in the absence of a topographic scarp. The zone of cracking is
∼400 m wide. C) Zoom image of the southern fault segment, which shows minimal
topographic signature yet has enhanced surface cracks along its trace. Cracks show
a “zigzag” pattern of reactivation, indicating that the two sets of cracks have been
reactivated by fault processes following the path of least resistance to approximate
a linear crack. Transects across the cracks, specifications of which are presented
in Table 2.1, are shown as the numbered lines.
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as conjugate sets or in a cyclic manner, with one set responding to a particular
orientation of stress, followed by activity of the other set in a subsequent event.
Cracks visible several hundred meters west of the fault scarp (arrows in Figure
2.8a) abruptly increase in aperture and depth within about 50 m from the scarp
crest (Figure 2.9). There is a pronounced difference in aperture between cracks
atop the scarp crest and those lying just 50 m west of the fault, indicating that
the enhanced opening of cracks resulting from growth of the scarp is limited to
the region immediately around the scarp crest. We suggest that, based on the
sudden change in their morphology, cracks in this area predate formation of the
modern topographic scarp, but not necessarily the underlying fault itself, and have
been locally enhanced by the most recent instances of fault activity and scarp
construction.
Trenching along the Hombre Muerto fault reveals a variety of fault plane dips,
ranging from a shallowly- to steeply-inclined to the west (Carrizo et al., 2007).
Reverse faulting on structures oriented as such would produce a scarp geometry
similar to that observed, and the enhancement of cracks at the scarp crest could
be explained as the result of flexural folding above the fault. Because of the
observed fault dip and east-side-down scarp geometry, our preferred model of the
fault is that in which remote horizontal compression is applied to a west-dipping
fault. Based on the distinct differences in scarp morphology along strike, from
prominent and sharp in the north to subtle in the south, we model the fault as two
fault segments, both of which terminate within the “transition zone” (Figure 2.8).
Because the scarp of the southern fault segment is more subtle than that of the
northern segment, we model different burial depths of each segment. The northern
segment is modeled as nearly emergent (B = L/200), while the southern segment
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is buried deeper (B = L/20). An alternative explanation for the difference in scarp
morphology is that the southern segment has simply experienced less displacement
and/or has been inactive for longer than the northern segment, thus the scarp has
experienced a greater amount of degradation. The lack of cumulative lateral offset
we observe along the fault is consistent with remote stress directed 075◦ , at a high
angle to the fault strike.
Figure 2.10a shows the patterns of normal stress resolved onto vertical planes
striking 000◦ that result from remote compression imposed on the modeled Hombre
Muerto fault. The narrow zone of tension concentrated along the northern segment scarp crest is consistent with the enhanced cracking observed along the fault.
Specifically, the narrow extent and abrupt nature of this anomalous stress mirrors
the dramatic change in crack aperture within 50 m from the fault trace (Figure
2.9a). The model does not predict tensional stress around the transition zone,
but it is possible that this region is characterized by a sequence of buried parallel
fault segments, each of which introduces a perturbation to the surface stress field
such that the cumulative result is a zone of diffuse tension without formation of
obvious scarps. The modeled deeper burial of the southern segment of the Hombre Muerto fault significantly affects the extent of the tensional stress field at the
surface (Figure 2.10a), shown by the fact that negligible tension is predicted along
the scarp crest. It is possible that our interpretation of the subtler scarp topography representing a deeper buried fault is incorrect; indeed, a model in which the
Hombre Muerto fault is simulated a single, shallowly buried fault (B = L/200)
predicts tension along a greater proportion of its length (Figure D.3a–d), which
is more consistent with the observations of crack aperture enhancement. A segmented fault model in which the burial depth of the southern segment is shallow
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greater than their continuations away from the scarp. Two sets of cracks, identified by the white arrows, both strike obliquely

the scarp crest. b. Cracks along the crest of the scarp show well-developed “V” shaped profiles with apertures and depths

in Figure 2.8a. a. The portion of the crack in the foreground increases abruptly in aperture and depth within ∼50 m from

Figure 2.9: Field photos showing enhancement in the aperture of cracks near the Hombre Muerto fault, in the area shown
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should also produce a zone of tension along the scarp crest.
The general patterns of predicted uplift and subsidence along the Hombre
Muerto fault (Figure 2.10b) agree reasonably well with the observed fault-related
topography, which can be discerned from the IKONOS image shown in Figure 2.8,
indicating that repeated episodes of fault slip can explain the surficial expression.
Because of the near-surface burial depth of the northern segment, the resulting
fault scarp is higher and more abrupt than the subdued scarp of the deeper-buried
southern segment. In the transition zone between segments, the gradient of the
vertical displacement field is less than that along the fault segments, consistent
with the continuous slope that is cut by continuous drainages in that area. Although the model is consistent with the topography and crack distribution along
the northern segment, the disagreement between the model stress field and the
crack distribution both within the transition zone and along the southern segment
suggests that some process not considered by the simple simulations is responsible for the enhancement of crack apertures along the Hombre Muerto fault. We
explore additional model parameters and results in Section D.3.1.

2.6.2

Punta de Lobos fault

The Punta de Lobos fault (“PL” on Figure 2.1, detailed image in Figure 2.11)
marks the eastern mountain front of a ∼1000 m high range just east of the ∼400 m
coastal escarpment. It demonstrates east-side-down normal slip on a fault with
strike N10W and dip 82◦ E (exposure at white circle in Figure 2.11, González et al.,
2003), lowering the alluvial fan relative to the mountain front. Dating of an ash
layer, vertically offset ∼1.5 m by the fault, yields an age of 3.5 Ma, placing an
upper age limit on fault activity. Fresh-appearing fragmented blocks of gypsum-
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Figure 2.10: Results of modeling in which the Hombre Muerto fault is simulated
as a structure dipping 75◦ W (dip direction denoted by arrows), broadly consistent
with the trenching observations of Carrizo et al. (2007), and subject to compressional remote stress conditions directed 075◦ (black arrows above figures). The
modeled fault segment traces are shown as bold black lines in both panels, while
the thin black lines in a. show the mapped cracks. a. Tensional stress resolved
onto planes striking 000◦ , which is the mean crack strike in this region (see rose
diagram in Figure 2.8). b. Vertical displacement field. The linear patterns of
uplift and subsidence along the fault traces mirror the fault-related topography as
inferred from Figure 2.8, and the lack of relief across the transition zone between
the two faults is also consistent with the observed topography. Additional stress
field results using other model parameters are shown in Figure D.2 and D.3, while
vertical displacement fields are shown in Figure D.4.
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Figure 2.11: IKONOS image of the Punta de Lobos fault region. The dashed line
shows the trace of the fault used to construct the boundary element model. The
dotted line outlines the gypsum indurated alluvial fan sediments (lighter colored
material) that are pervasively cut by surface cracks. Cracks also cut the darker,
unconsolidated alluvium but are better expressed in the cemented sediments. Solid
line segments on the alluvial fan show the position of crack aperture transects
presented in Table 2.1. The intersection between the major NNE trending drainage
and the fault trace (white circle) marks the location of the fault plane exposure
reported by González et al. (2003). Many of the linear features on the fault scarp
north of the exposure site are cracks that have been exploited as headwalls of
landslides.
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indurated sediments on the footwall slopes (Figure 2.11) indicate recent landsliding,
potentially triggered by seismic activity on the Punta de Lobos fault or a strong
interplate earthquake. Bedrock outcrops in the footwall show jointing planes with
strikes similar to the surface cracks. East of the fault exposure is a fan of alluvial
sediments that have been cemented by gypsum. Numerous cracks cut the fan and
show a strong preferred orientation parallel to the fault (rose diagram, Figure 2.11).
The cracks affect a large expanse of the fan — up to 1 km away from the Punta
de Lobos fault (dotted outline in Figure 2.11). Cracking is best preserved in the
gypsum-indurated sediment, with less consolidated material showing cracks that
are both less frequent and smoother in profile morphology. We measured several
transects across the suite of cracks in the indurated fan to document to magnitude
of extension that they represent (numbered lines on Figure 2.11). Summed opening
of 13–18 m along transects 420–790 m long yield elongation values of 2–3% (Table
2.1).
Unlike the cracks along the Hombre Muerto fault, the cracks cutting the alluvial
fan to the east of the Punta de Lobos fault do not indicate enhancement adjacent
to the fault. Crack spacing and morphology remain relatively constant up to 1
km from the trace of the fault. Some cracks immediately to the east of the fault
exposure are likely enhanced by faulting, but larger-scale stresses, such as those
associated with interplate and not intraplate earthquakes, are a more plausible
explanation for this pervasive cracking.
The normal kinematics of the Punta de Lobos fault are constrained by the
surface exposure described by González et al. (2003), and so we model the fault
only as planar fault dipping 80◦ E, consistent with the field observation, subject to
remote tension applied along the plate convergence vector. Figure 2.12 shows the
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Figure 2.12: Tension resolved onto vertical planes striking 350◦ around the Punta
de Lobos fault. The model is subject to 2 × 106 Pa of uniaxial tension directed
255◦ , causing normal slip on the fault. The planar fault dips 80◦ E (dip direction
marked by the arrows), consistent with the observations of González et al. (2003),
and has an aspect ratio of D = L/2.

stress perturbation resulting from the fault, represented as normal tension resolved
onto vertical planes striking 350◦ . North of the fault plane exposure site (white
circle in Figure 2.11), cracks located in the footwall lie within the zone of tension
predicted by the model. A region of low-magnitude tension in the hangingwall
extends eastward from a point several hundred meters from the fault trace. The
zone of tension encompasses many of the cracks mapped in the hangingwall alluvial
fan, but the small magnitude may not be capable of driving the evolution of these
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cracks. Near the northern terminus of the modeled fault, the numerous cracks lie
within a region where tension is not predicted. The actual trace of the fault in this
area is difficult to identify, and it may terminate with branched ends rather than
as a discrete plane, which could explain the wider extent of cracking observed.

2.6.3

Chomache fault system: Antena and Bahı́a Blanca
segments

The Punta de Lobos fault marks the northernmost segment of the Chomache fault
system (Carrizo et al., 2007) and connects to the south with the NNW-striking
Antena and Bahı́a Blanca segments (“AB” on Figure 2.1, detailed image in Figure
2.13). The Chomache system as a whole represents a segmented dextral fault
system, with strike-slip kinematics well defined by geomorphic offsets (González
et al., 2003; Carrizo et al., 2007). The scarp of the Antena Norte segment (“AN”
on Figure 2.13) is characterized by a well preserved free face and numerous faultparallel open cracks present in both the up- and downthrown blocks, suggesting
that flexure of a fault-related fold is not exclusively responsible for the cracking.
The linear trace of this segment argues for a steep dip, which is supported by recent
trenching (Carrizo et al., 2007) and an exposure on the coastal cliff showing a dip
of 75◦ E (González et al., 2003). Transects taken across cracks along the Antena
Norte segment suggest a partitioning of deformation between tensile fracturing
and fault slip: where the fault scarp is expressed as a vertical step, cracks are
both narrower and less frequent than along stretches where the scarp morphology
is poorly defined and cracks are wide and fresh (transects 1 and 2 on Figure 2.13a,
Table 2.1). This variation in scarp morphology is consistent with the results of
Hilley et al. (2001), who demonstrate the capabilities of surface cracks in modifying
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Figure 2.13: IKONOS image showing the Antena-Bahı́a Blanca segments of the
Chomache fault system. The black dashed lines show the surface traces of the
fault segments, and the dashed oval outlines the region between the fault segments
that is cut pervasively by surface cracks. A) Zoom image showing a portion of the
Antena Norte segment (“AN”) where a well-defined fault scarp (south) loses its
clear topographic expression in a wide zone of giant cracks (north). We interpret
this pattern as a variation in how deformation across the fault zone is partitioned:
where the fault scarp is well-developed, deformation is accommodated primarily
by fault slip, and where cracks are present in place of a single fault scarp, deformation is distributed between minor fault slip and opening of substantial surface
cracks. B) Zoom image showing the cracked alluvial material in the eastern blocks
of the Bahı́a Blanca (“BB”) and Antena Sur (“AS”) segments. Alluvial material
transported east of the Bahı́a Blanca segment is dammed by the subtle topography related to the Antena Sur segment. The lighter colored material has been
indurated by gypsum, while the darker regions are covered in younger, unconsolidated sediment. Cracks cut both types of material but are best preserved in
the cemented sediments. The pull-apart basin at the releasing bend on the Bahı́a
Blanca is one example of the large-scale geomorphic data that place constraint on
the kinematics of the Chomache fault system. Sediments within the basin have
washed off of the mountain range southwest of the fault and are dammed by the
well-developed fault scarp. Numbered lines show the position of crack aperture
transects.
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fault scarp profile shape by allowing partitioning of deformation among the two
types of structures.
The Bahı́a Blanca segment (“BB” on Figure 2.13) is highlighted by a small
pull-apart basin created by dextral slip across a releasing bend (Figure 2.13b).
A small scarp 2–3 m high features a well-preserved free-face and west-side-down
motion. This scarp creates a pattern of topographic inversion and mountain front
slope interruption similar to that seen at the Hombre Muerto fault. East of the
fault scarp numerous well developed open cracks cut a gypsum-indurated fan of
sediments (transect 4 on Figure 2.13, Table 2.1). Morphological characteristics of
some cracks, including oversteepened, caved-in walls and solution pits, suggest that
they have been used as conduits by surface runoff and/or groundwater. As in the
case of cracks adjacent to the Punta de Lobos fault, crack spacing and morphology
remains roughly constant regardless of distance from the fault scarp (Figure 2.13b).
Crack strikes in this region range from subparallel to oblique relative to the Bahı́a
Blanca scarp. Around the northern extent of the fault segment, cracks strike about
345◦ , while the fault strikes around 315◦ . The 30◦ obliquity between cracks and
fault is consistent with a stress field whose σ1 trends 345◦ , driving opening of the
observed cracks and oblique dextral slip on the fault.
Alluvial sediments transported eastward from the upthrown block of the Bahı́a
Blanca segment are dammed by a small scarp here interpreted to represent the
topographic expression of the Antena Sur fault segment (“AS” on Figure 2.13).
The topography of this scarp is very subtle, yet its trace is parallel to that of
the Bahı́a Blanca and Antena Norte segments, suggesting that it is a part of the
same fault system. The west-side-down morphology of the scarp is similar to that
of the Bahı́a Blanca segment but opposite the pattern generated by motion on
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the Antena Norte segment, indicating a change in dip between the southern and
northern faults. The eastern block of the Antena Sur segment is blanketed by
gypsum-indurated sediments that have been thoroughly fractured (Figure 2.13b).
Between the northern ends of the Antena Sur and Bahı́a Blanca segments and
the southern end of the Antena Norte segment is a region in which cracking is
pervasive and individual cracks show substantial aperture (dashed oval in Figure
2.13, transect 3 of Table 2.1). The topographic scarps associated with the Antena
Norte and Sur segments are subtle to nonexistent within this region, again suggesting that deformation may be partitioned between cracking and fault slip/scarp
growth, or that the interaction between the fault segments produces an anomalous
stress field. The enhanced cracking in this area is similar to the diffuse deformation seen in transition regions between other sets of overlapping, interacting faults
(e.g., Crider and Pollard , 1998).
The reported 75◦ E dip for the Antena Norte segment (González et al., 2003),
in conjunction with the east-side-down morphology of the fault scarp, indicates
that this fault experiences normal dip slip to accommodate extension in the direction of plate convergence. However, recent trenching and morphological analysis
presented by Carrizo et al. (2007) suggests that two steeply-dipping faults with
opposing vergence describe the southern extent of Antena Norte fault. The lack
of continuously-exposed fault planes inhibits a conclusive kinematic analysis, but
the exposures are interpreted to demonstrate both high-angle normal and reverse
faulting (G. González, pers. comm., 2007). We know from the scarp morphology that there is a change in polarity between the northern and southern faults.
In order to investigate the style of faulting most consistent with the associated
cracks, we model faults with dips to both the east and west. To produce a scarp
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geometry consistent with that observed in the field, the Antena Norte fault, when
modeled with a west dip, is subject to remote compression directed 075◦ , resulting
in east-side-down reverse fault scarps, while the east dipping fault models experience remote uniaxial tension in the same direction, which produces a normal fault
scarp. The scarp geometries of the Antena Sur and Bahı́a Blanca segments imply
that the underlying faults dip opposite the Antena Norte segment — to the west if
they are normal faults (subject to remote tension) and to the east if reverse faults
(subject to remote compression). For both the normal and reverse faulting cases,
we model all faults as dipping 75◦ , with aspect ratios of D = L/2. Additional
geometrical permutations are tested in Section D.3.3.
The scarp above the Antena Sur segment is subtle, yet it comprises a topographic anomaly sufficient to dam alluvial sediments transported from the west
(Figure 2.13b). As in the case of the southern Hombre Muerto segment, the subtler topography of this segment as compared to the Antena Norte and Bahı́a Blanca
scarps may suggest that the Antena Sur fault is inactive and has undergone substantial degradation, or that the fault is deeply buried, subduing its surface expression. In all cases, we model the fault assuming the latter characteristic, burying
the Antena Sur fault to B = L/20 and the Antena Norte and Bahı́a Blanca to a
nearly surface-breaking depth of B = L/200.
When modeled as a normal fault system, the Antena-Bahı́a Blanca faults introduce stress perturbations that are more consistent with the distribution of surface
cracking than those predicted by the reverse fault simulation (compare Figures
2.14a and c). For both models in this region, we evaluate the results by plotting
the tension resolved onto vertical planes striking 345◦ and comparing the stress
fields with the extent of cracks. Uniaxial tension induces normal fault slip on all
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faults, resulting in the west-side-down motion on the Bahı́a Blanca and Antena
Sur segments, and east-side-down motion of the Antena Norte segment, shown by
the vertical displacement field of Figure 2.14b. Some cracks lying to the east of
each fault fall outside of the zone of induced tension (Figure 2.14a), suggesting
that a process or parameter not considered by our simple models contributes to
their formation. In the transition zone between the southern and northern fault
segments, the broad region of tensional stress demonstrates the interaction between the faults. The wide region of cracking lies within the predicted zone of
tension between the faults, supporting the hypothesis that the pervasive cracking
represents diffuse deformation in a transfer zone between discrete fault segments.
In response to the applied uniaxial tension, oblique dextral-normal slip is induced on all faults, resulting in a vertical displacement field (Figure 2.14b) that
closely resembles the topographic features of the fault system, which can be inferred
from the satellite imagery in Figure 2.13. Even small details of the topography
are reproduced by the model: the regions of lesser uplift along the concave-to-thesouthwest portions of the Bahı́a Blanca and Antena Sur segments coincide with
where drainages have broken through the scarp topography, suggesting that the
barrier impeding incision is lower there (Figure 2.13). The slope of the vertical
displacement field across the Antena Sur segment is far less than that across the
Bahı́a Blanca segment, meaning that the scarp topography is subtler, as observed.
In the transition zone between the two southern segments and the Antena Norte
segment, negligible vertical displacement is predicted, consistent with the lack of
a topographic scarp developed in this region. The pattern of uplift and subsidence
along the Antena Norte segment mimic the linear trace of that fault, though the
changes in scarp height that coincide with wide regions of cracking are not con-
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the fault traces (c). The vertical displacement field, however, is also similar to the fault-related topography of the region (d).

(b). The stress perturbation induced by the faults when subject to compression directed 075◦ is much more localized around

consistent with the distribution of cracking (a) and vertical displacement field that resembles the fault-related topography

model, subject to 2 × 106 Pa of uniaxial tension oriented 075◦ , shows a perturbation to the stress field that is reasonably

as tension resolved onto vertical planes striking 345◦ , representing the mean crack strike in the region. The normal faulting

Figure 2.14: Stress (a, c) and vertical displacement (b, d) fields for the Antena-Bahá Blanca models. Stress fields are shown
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sidered by the model and therefore are not expressed in the vertical displacement
field.
When modeled as reverse faults, the Antena-Bahı́a Blanca faults produce perturbations to the regional stress field that are restricted to discontinuous bands on
the hangingwall side of the faults that are far narrower than the extent of observed
cracking (Figure 2.14c). The reverse fault model shows a vertical displacement
field (Figure 2.14d) that approximates the fault-generated topography of the region, but not as well as the the normal fault model. Because both the stress and
displacement fields of the normal fault model resemble the observed crack distribution and topography more closely than does the reverse fault model, we suggest
that the Antena-Bahı́a Blanca system represents a normal-dextral oblique fault
system.

2.6.4

Geoglifos fault

Branching off of the southern extent of the Chomache fault is the NNW-SSE
striking Geoglifos fault (“GE” on Figure 2.1). The geometry of the linear fault
scarp and the mountain front parallel to it is similar to that seen along the Hombre
Muerto and Antena faults, with the scarp interrupting the slope of the mountain
front (Figure 2.15). Cracks along the Geoglifos scarp generally strike parallel to the
fault, although some show an arcuate geometry, concave towards the scarp crest
(southern dashed oval in Figure 2.15a). There is a poor correlation between the
scarp height and both the width of individual cracks and the extent of the cracked
zone adjacent to the fault, indicating a more complicated relationship between the
scarp growth and crack formation than is indicated by the cracks observed along
the Chuculay system (González et al., 2007). Some of this complication results
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Figure 2.15: IKONOS image of the Geoglifos fault region. Dashed lines indicate the
surface traces of faults. A) Zoom of the northern Geoglifos segment, demonstrating
the zone of cracking localized around the intersection of the main Geoglifos fault
with the northwest-striking structure (northern dashed oval) and the zone of wide
cracks atop the tall, well-developed fault scarp (southern dashed oval). The small
numbers along the scarp indicate the approximate scarp height in meters. B) Zoom
image showing the southern array of northwest-striking open cracks. These cracks
have an en echelon character suggesting dextral motion on a buried northweststriking fault.
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from the interaction between the Geoglifos fault and a more northwesterly-striking
structure marked along its strike by a series of long open cracks (Figure 2.15a,
northern dashed oval). However, even away from the intersection between these
two structures, the extent of cracking at the scarp crest does not scale with the
height of the Geoglifos scarp. For about 600 m south of the intersection between the
Geoglifos and NW-striking fault, the 22–28 m high Geoglifos scarp is characterized
by a sharp morphology and is separated from the adjacent mountain front by an
incised valley with well-developed fill terraces. Along this portion of the fault,
however, the scarp crest is devoid of surface cracks. South of this well-developed
scarp, fault throw decreases abruptly and the scarp profile becomes less abrupt.
Coincident with this change in scarp height and shape is a concentrated region of
very large fractures with weathered apertures of up to 3 m and filled depths up to
1.5 m (within southern dashed oval of Figure 2.15a). At this location, the scarp
crest is poorly defined as a result of the degree of cracking, which has modified the
topography. This transition from a sharply-defined, tall scarp to a more subtle,
rounded form pervasively cut by cracks is similar to the relationship seen along
the Antena Norte fault, where deformation appears to be partitioned between fault
slip and cracking.
Splaying off of the Geoglifos fault are two northwest striking arrays of open
cracks. The northern array, mentioned above in the context of its interaction
with the principal Geoglifos fault, shows subtle topographic features along strike
(northwest striking dashed line in the main panel of Figure 2.15). We interpret
this topography as the surface expression of a buried fault that has accommodated
dominantly strike-slip deformation, but some oblique slip coincident with bends
in the fault trace has resulted in minor uplift and subsidence. The southern crack
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array is marked only by open fissures in the surface showing a distinct en echelon
morphology (Figure 2.15b). The sense of deformation expressed by these cracks
is of right-lateral slip, as the apertures of more northerly-striking crack segments
are greater than the more northwesterly-striking segments (Figure 2.15b). These
cracks suggest that buried, strike-slip faults are located beneath the arrays and
splay off of the Geoglifos fault. Dextral slip on these secondary faults is kinematically consistent with that of the Chomache fault immediately north of the Geoglifos
fault, and is indicative of a regional σ1 axis oriented approximately north-south.
While focusing on the interaction between cracks and the Geoglifos fault, we
also model the northernmost intersecting structure as a vertical frictionless discontinuity to examine its effects on the local stress field, particularly around the
point of intersection. As in the case of the Antena-Bahı́a Blanca faults, no fault
plane exposure exists, so we test both east and west dips for the main Geoglifos
fault subject to tensional and compressional remote stress conditions, respectively,
in order to explore a range of possible fault kinematics. Additional geometrical
and boundary condition permutations appear in Section D.3.4. Furthermore, we
examine the effects of the southern Geoglifos segment, which is exposed at the
surface with reported dip of 78◦ E (Carrizo et al., 2007).
Figure 2.16 shows the stress perturbations and vertical displacement fields
caused by the Geoglifos fault (and splays from it) as a result of the tensional
(Figure 2.16a, b) and compressional (Figure 2.16c, d) remote loading conditions.
For these models, we present the tensional stress resolved on vertical planes striking 350◦ . Cracks along the fault scarp are restricted to a narrow band at the
scarp crest, roughly coincident with the zone of tension predicted by the reverse
faulting model (Figure 2.16c) and wholly within the region of tension surrounding
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Figure 2.16: Stress (a, c) and vertical displacement (b, d) fields for the Geoglifos
fault models. The normal fault model (a, b) simulates the main branch of the
Geoglifos fault as dipping 75◦ W, the southern branch as dipping 78◦ E, and the
northwest striking fault as a vertical plane. The reverse fault model (c, d) considers
the main Geoglifos fault as dipping 75◦ E and uses the same geometry as the normal
fault model for the southern and northwestern-striking faults. Dip directions are
indicated by the arrows. Stress fields are shown as tension resolved onto vertical
planes striking 350◦ , representing the mean crack strike in the region. The normal
faulting model, subject to 2 × 106 Pa of uniaxial tension oriented 075◦ , shows a
perturbation to the stress field that is reasonably consistent with the distribution
of cracking (a) and vertical displacement field that resembles the fault-related
topography (b), with the exception of the southernmost fault segment. The stress
perturbation induced by the faults when subject to compression directed 075◦ is
much more localized around the fault traces (c). The vertical displacement field
is also similar to the fault-related topography of the region (d), except that the
subtle topography related to bends in the strike of the northwest striking fault
splay are not captured.
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the normal fault models (Figure 2.16a). The dense concentration of cracks around
7652 km N (cluster of thin black lines on Figure 2.16a, c) is contained within the
tensional stress predicted by the normal fault model, but the scarp-top tension
predicted by the reverse fault model is anomalously thin at that location.
Interaction between the three modeled faults is evident from the distribution of
tensional stress in the normal fault model (Figure 2.16a), which is more consistent
with the distribution of cracking than is the reverse fault model, particularly in
terms of the northwest striking array of cracks that splays off of the northern part
of the Geoglifos fault. The reverse fault model also lacks a zone of tension near
the interacting segments of the Geoglifos fault with its southern extension (Figure
2.16c), whereas the normal fault models show regions of low to moderate magnitude
tensional stress within a “transition zone” between the two fault segments (Figure
2.16a), consistent with the diffuse cracking in that region.
We did not explicitly model the southernmost northwest-striking array of en
echelon open cracks as a fault because it has no topographic expression along
its trace. However, we expect that inclusion of a buried, vertical discontinuity
similar to that which represents the northern array of northwest-striking open
cracks would result in little change to the stress field of the reverse faulting model
while perturbing the normal faulting model in a manner similar to that of the
northern fault. This would make the extent of tensional stress of the normal fault
model more consistent with the distribution of cracks, particularly in terms of the
dense cluster located near the intersection of the northwest-striking array and the
main Geoglifos fault.
The vertical deformation fields predicted by the Geoglifos fault models (Figure
2.16b, d) show patterns that mimic the fault related topography, namely in terms of
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the elongated uplift and subsidence along the fault scarp. The normal fault model
shows the opposite sense of vertical displacement than that observed across the
southern fault segment, but shows gentle uplifts associated with slight changes in
the strike of the modeled northwest striking splay, consistent with the topography
(Figure 2.16b). Conversely, the reverse fault model displacement field predicts the
correct sense of relative uplift across the southern fault segment but does not show
any microtopography along the northwest striking scarp (Figure 2.16d).

2.7

Discussion

The boundary element models presented above demonstrate the localized perturbation to the regional stress field introduced by the presence of upper plate faults.
These concentrations of tensile stress, restricted to near-fault regions, provide a
mechanism for the enhancement of crack apertures along fault traces. Because the
faults are modeled as frictionless discontinuities, fault slip in response to the imposed regional loading simulates a complete stress drop on the fault plane. Therefore, the results that we show here represent the maximum magnitude of stress
perturbation resulting from fault slip in response to regional loading (Crider and
Pollard , 1998). While the assumption of frictionless faults may not be correct, the
boundary element results describe the end-member effects of upper plate faults on
the stress field.

2.7.1

Model shortcomings

We find that, in general, the distribution of cracks along fault traces can be satisfactorily explained by the concentration of regional stress caused by the faults. As
noted in the discussion of the individual fault models, there exist some discrepan88

cies between the crack distribution and modeled stress perturbations. We address
some shortcomings of the model strategy to shed light on these discrepancies. As
simple elastic boundary element models, our simulations do not consider several
processes and parameters that undoubtedly also affect the evolution of cracking.

2.7.1.1

Lithologic heterogeneity

Having been affected by tectonic stressing since the Mesozoic, the bedrock of the
Salar Grande region has sustained substantial damage. Where bedrock crops out,
we observe several bedrock joint sets attesting to this deformation. If the bedrock
surrounding regional-scale faults has been particularly damaged through time, it
is more likely to respond to imposed stresses by pervasive brittle failure. Based on
coseismic geodetic observations, it appears that the crust within zones up to 1 km
wide surrounding strike-slip faults in southern California and Iran is characterized
by a modulus of rigidity approximately half that of the “ambient” crust outside
of the fault zone (Fialko et al., 2002; Fialko, 2004; Fialko et al., 2005). These
weak regions show anomalously high strain in response to large earthquakes and
are interpreted to reflect the degree of accumulated damage resulting from many
episodes of fault slip.
In the case of the Punta de Lobos and Antena-Bahı́a Blanca faults, the spatial
extent of enhanced cracking is greater than the modeled perturbation to the tensional stress field that faults induce, regardless of the fault geometry parameters
that we used (see Appendix D). If the crust on both sides these faults is weaker
than the “ambient” crust, the spatial extent and magnitude of deformation caused
by the stress perturbation will likely be greater than that predicted by the homogeneous crust models. The Bahı́a Blanca and Antena Sur segments lie fewer than
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500 m apart, so the crust between then has likely been damaged by activity on
both faults, which could explain the cracking the persists throughout the intervening region. Such lithologic heterogeneity, not considered in our homogeneous
half-space models, provides a plausible explanation for the width of the cracked
region adjacent to some faults.

2.7.1.2

Dynamic stresses

Dynamic stress associated with an earthquake is capable of producing ground
cracks (Dalguer et al., 2003; Dalguer and Ikikura, 2003). Eyewitnesses of the great
1964 “Good Friday” earthquake in Alaska described cracks that opened at the
peaks and closed in the troughs of passing surface waves (e.g., Coulter and Migliaccio, 1966). As surface waves propagate through weaker material surrounding fault
zones, the velocity decreases as amplitude increases; such amplification can trigger fault slip (Uenishi and Rossmanith, 2000) and/or enhance damage around the
fault (Rovelli et al., 2002). Segall (1984) notes, however, that static deformation
is more likely to induce brittle failure as compared to high magnitude, oscillatory
strains to which a material responds elastically. As noted in Chapter 3, dynamic
principal stress axes generated by a strong subduction zone earthquake vary more
in magnitude than in direction, indicating that cracks of a given orientation formed
or propagated by a static coseismic stress field may not be distinguishable from
those opened by dynamic stress.

2.7.2

Regional implications

Our boundary element models suggest that when the Salar Grande region is subject to regional tension in the direction plate convergence, such as that imposed

90

by a strong interplate earthquake, stress concentrations around upper plate faults
arise, which can explain the enhanced cracking we observe. This is consistent with
the results of González et al. (2003), who suggest that the entire northern Chilean
forearc demonstrates a structural signal of east-west extension and north-south
shortening. Dextral slip on the northwest-striking Chomache fault is recorded by
geomorphic offsets and is kinematically consistent with this strain regime. However, our models also indicate that reverse faulting on the Hombre Muerto and
Geoglifos faults is capable of explaining many of the associated surface crack characteristics, and therefore these may structures represent deformation caused by
a stress field different than that which drives slip on the other faults, namely
compression directed parallel to plate convergence Carrizo et al. (e.g., 2007). Two
segments of the Atacama Fault System, the Salar del Carmen and Paposo segments
(23◦ –24◦ S), show evidence for minor reverse reactivation of faults that otherwise
have experienced normal slip (Chapter 5). We interpret this reactivation as a result
of fault-normal compression caused by a concentrated interplate slip distribution
of a strong subduction zone earthquake (Chapters 4 and 5). In those cases, the
topographic signature of the reverse faulting is a subtle decrease in slope on the
normal fault scarp, forming a bench on which coarse sediment accumulates. The
Hombre Muerto and Geoglifos faults may represent a similar pattern of reverse
reactivation of otherwise normal faults, but to a greater extent than the faults
farther south, forming prominent scarps rather than subtly modifying the slope.
Given that there are fresh-appearing examples of both normal and reverse fault
scarps along the northern Chilean forearc, the absolute level of stress within fault
zones may be very low and thus faults slip in response to the opposite senses of
relatively small magnitude imposed stresses, such as those induced on decadal time
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scales by inter- and coseismic subduction zone processes.
Chapter 3 describes open cracks morphologically similar to those observed west
of Salar Grande at 16 additional locations throughout the northern Chilean and
southern Peruvian forearc. The clusters of cracks show strong preferred orientations that vary in direction as a function of position along the coastline. The
pattern of mean crack strikes is consistent with the principal coseismic stress fields
predicted for strong subduction zone earthquakes on distinct segments of the plate
boundary. This consistency in crack orientation over a large area further promotes
the argument that a regional-scale mechanism being responsible for their formation
and reactivation. The results of the boundary element modeling shown here indicate that upper plate faults can localize these regional stresses to cause enhanced
opening of cracks along their traces. Field surveys of the Taltal region (26◦ ) following the 1966 Taltal subduction zone earthquake found surface cracking restricted
to linear traces around mapped faults, which were interpreted to have opened due
to “(fault) displacement of unknown character at depth (Lemke et al., 1968),” and
so it is logical that the cracks we observe in the Salar Grande region are similarly
affected by large earthquakes. Both faults and cracks deform in response to the
same stresses resulting from the subduction earthquake cycle. For the most part,
the models subject to remote uniaxial tension, representing the principal stress
induced by a strong subduction zone earthquake, are consistent with the zones of
accentuated cracking, though in some cases the reverse faulting models are also
capable of explaining this enhancement. The weaknesses introduced into the crust
by the presence of faults, along with the damaged material within the fault zone,
serve to concentrate stresses generated by the seismic cycle and enhance cracking
in those regions.
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CHAPTER 3
SURFACE CRACKS RECORD SEISMIC SEGMENTATION OF
THE ANDEAN PLATE BOUNDARY

3.1

Abstract

Concentrations of meter-scale surface cracks in the northern Chile and southern
Peru forearc provide a long-term record of deformation related to plate boundary
seismicity. These cracks, which have been observed to form during and/or shortly
after strong subduction earthquakes, are preserved throughout the hyperarid Atacama Desert and show changes in orientation as a function of position along the
margin. The variable opening direction of cracks is consistent with the dynamic
and static coseismic stress fields that we calculate for earthquakes on several segments of the plate boundary; stress axis orientations vary spatially based on the
earthquake rupture extent and slip distribution. Some cracks form and/or are enhanced by localized structural and topographic processes, but the strong preferred
orientation over large regions indicates that the cracks are dominantly formed by
plate boundary-scale stresses, namely earthquakes. Regions in which cracks show
a bimodal strike distribution are located primarily at earthquake segment boundaries. In these localities, one population of cracks is activated during an earthquake
on one segment, and the orthogonal set of cracks is affected by an event on the
adjacent segment. Field observations of the cracks indicate that they have undergone multiple episodes of opening. Because they represent deformation caused by
many earthquakes, we suggest that these meter-scale structures are a permanent
record of subduction zone seismicity and can be used to map the segmentation of
the plate boundary that persists over at least several earthquake cycles.
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3.2

Introduction

Several studies of historical seismicity along the Andean margin suggest that great
earthquakes often rupture the plate boundary in distinct segments (Nishenko, 1985;
Dorbath et al., 1990; Comte and Pardo, 1991). Delineating the boundaries of the
segments or asperities is difficult, as the data used to estimate the rupture extent
are commonly qualitative and sparsely distributed. Furthermore, the longevity of
asperities is uncertain, complicating the long-term understanding of plate boundary behavior. To understand better the segmentation of the plate boundary and
its implications for modern seismicity, we seek data that constrain the distribution
of coseismic slip during past earthquakes.
Numerous regions containing meter-scale surface cracks that penetrate coastal
regions of the northern Chile and southern Peru forearc (17◦ –25◦ S) provide such
insight into the long-term nature of plate boundary seismicity. Cracks open as
a result of tension applied in a certain direction, thereby providing a permanent
record of a past stress field. By constructing a regional map of crack strikes,
we effectively map the orientations of the principal stress axes responsible for
their formation. We know from field observations that populations of cracks were
generated by the 1995 Mw 8.1 Antofagasta, Chile (Ruegg et al., 1996; González
et al., 2003) earthquake and were reported to have opened as a result of the 2001
Mw 8.5 Arequipa, Peru event (Wartman et al., 2003; Keefer and Moseley, 2004),
indicating that strong subduction earthquakes serve as one source of stress for
crack formation. We use elastic dislocation models to explore how earthquakes on
several segments of the margin have exerted stress on the forearc, comparing the
orientations of modeled principal stress axes to the finite strain demonstrated by
the surface cracks, and we use our results to evaluate the ability of the cracks to
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serve as long-term records of interplate seismicity.

3.3

Tectonic setting

Great earthquakes rupture distinct segments of the Andean subduction zone every 100–150 years (Dorbath et al., 1990; Comte and Pardo, 1991). The Coastal
Cordillera of the forearc of northern Chile and southern Peru directly overlies the
downdip extent of the seismogenic portion of the plate interface where these large
events originate. Therefore, permanent upper plate deformation related to subduction zone earthquakes can be directly observed in the field and in remote sensing
data. Hyperaridity in the region, which has persisted for at least the last 6 Myr
(Hartley and Chong, 2002), if not since before 16–18 Ma (Dunai et al., 2005; Rech
et al., 2006), allows for long-term preservation of surficial features. Furthermore,
the gypsum-indurated soil that covers much of the forearc of northern Chile and
southernmost Peru provides a durable surface crust that further enhances preservation of small-scale features.
Historical and modern records place constraints on the size, epicentral location,
and approximate rupture extent of the most recent great earthquakes on four segments of the plate boundary between 16◦ S and 25◦ S (Figure 3.1). Two historical
events in 1868 and 1877 respectively represent the last great earthquakes to rupture the southernmost Peru and Iquique (Chile) segments of the margin (Nishenko,
1985; Comte and Pardo, 1991; Delouis et al., 1997). The inferred boundary between the rupture zones of these events coincides approximately with the large
bend in the coastline near the Peru-Chile border (Kausel , 1986; Comte and Pardo,
1991). The 1995 Mw 8.1 Antofagasta earthquake ruptured southward from the
Mejillones Peninsula, which is thought to represent a physical barrier that marks
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Figure 3.1: Seismotectonic map of the northern Chile and southern Peru forearc regions. Ovals indicate the approximate rupture segments of the most recent
earthquakes on four segments of the plate boundary, while large dots represent the
inferred epicenters. Inverted triangles show the positions of crack clusters along
the forearc, and the corresponding rose diagrams show the length-weighted distribution of crack strikes, with the black vector denoting the mean strike. The dark
gray region onshore shows the area lying between 300 m and 1200 m elevation,
delineating the bounds within which gypsum precipitates from the dense coastal
fog (Rech et al., 2003).
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the boundary between the Antofagasta and Iquique segments of the margin (Delouis et al., 1997). The 2001 Mw 8.2–8.5 Arequipa, Peru earthquake partially
re-ruptured the 1868 segment (e.g., Ruegg et al., 2001), but left the southernmost
extreme unbroken (Figure 3.1).
In Chapter 1, we used 1-m resolution IKONOS satellite imagery to document
a large cluster of meter-scale open cracks cutting the surface of the Salar Grande
region (21◦ S latitude) of the northern Chilean forearc. Our fundamental conclusion was that the preferred orientation of cracks over a 500 km2 region indicated a
genetic relationship between plate boundary-scale processes and the surface structures. We attributed their formation as a response to static stresses resulting from
strong subduction zone earthquakes with some contribution from interseismic flexure, subduction erosion effects, and dynamic stress changes during earthquakes.
The cracks show similar morphologies to those described near Antofagasta, Chile
(González et al., 2003) and Ilo, Peru (Keefer and Moseley, 2004), which have been
described as coseismic features related to the great 1995 and 2001 earthquakes,
respectively. Previously, our analysis of cracks was limited to the local survey
near Salar Grande because costly, high-resolution satellite imagery is required to
comprehensively sample the meter-scale features.

3.4

Regional crack mapping

In this study, we use Google Earth software, which provides free access to 2.5-m
resolution imagery from the Quickbird satellite, to map concentrations of cracks
throughout a segment of the Andean forearc between 17.5◦ S and 23.5◦ S. Examination of regions outside these latitudinal bounds yields only sparse examples of
cracking. We identify 17 regions, ranging in area from ∼0.5 to 900 km2 , within
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which we have mapped between 171 and 36965 cracks (Figure 3.1). In total, we
have cataloged the location, length, and mean strike of more than 50,000 cracks.
Using these data, we calculate a length-weighted mean strike for cracks in all
populations; the strike distributions and average directions are shown in the rose
diagrams of Figure 3.1. For the most part, cracks in all clusters show a preferred
orientation, and the mean strike of cracks varies as a function of position along
the coastline. In general, mean crack rotates from NW to NNE between 19◦ and
23◦ S. East of the Mejillones Peninsula and near the Peru-Chile border, there are
several populations of cracks that show a bimodal distribution in strike, with one
set of cracks striking NE and the other striking NW. Cracks near Ilo, Peru strike
at a high angle to the coastline and plate boundary, approximately parallel to the
direction of plate convergence.
Our imagery-based, regional-scale analysis is limited to two dimensions, but
our complementary field work provides information about crack width and depth.
Field observations of subsets of the cracks indicate that crack apertures range
from tens of cm to more than 1 m; these cracks can be mapped using the imagery,
but we can not quantitatively define their apertures. Although many cracks are
best preserved in the aforementioned gypsum-indurated regolith that blankets the
study area, there are numerous fissures penetrating as much as 12 m into bedrock.
There exist some examples of lateral offset along cracks but our field observations
(Loveless et al., 2005) indicate that most are pure mode 1 fractures (as defined
by Pollard and Segall , 1987). The lateral offsets, as well as vertical offsets of up
to a few meters across some cracks indicate some mixed-mode (mode 1 and 2)
fracturing.
The morphologies of surface cracks indicate variation in age of formation and
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Figure 3.2: Field photo showing crack filled with vertical-banded gypsum (highlighted by white arrows). The white lines indicate the approximate position of the
bedrock/fill contact, marking the extent of tectonic opening.

degree of degradation of the walls. Within the cracks, vertically-banded gypsum
and gypsum-indurated sediment indicates that material is plated onto the exposed
crack walls, sealing the crack from the outside in (Figure 3.2). We interpret the
numerous layers of gypsum as indication of repeated episodes of sealing and reopening during several seismic cycles. The mechanism by which gypsum accumulates
within cracks is likely a combination of precipitation directly out of the coastal fog,
if the fog can penetrate the narrow, deep structures, and transport into the cracks
by occasional rainfall. The rate of accumulation is also unknown, limiting the
information that the gypsum sealant can provide about the age and evolution of
cracks. However, several tangential pieces of evidence place loose bounds on the age
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of cracking in the forearc: 1) Northeast of Antofagasta, González et al. (2006) used
cosmogenic

21

Ne dating to define the upper bounds on the age of young faulting

on the Salar del Carmen segment of the Atacama Fault System to be 424±151 ka.
The fault scarp has a youthful morphology, and so fresh structures in the Coastal
Cordillera, such as the small-scale surface cracks, may represent Quaternary but
not necessarily recent deformation. 2) Carrizo et al. (2007) present
morphological surfaces, alluvial fans, and paleodrainages, and an

40

21

Ne ages of

Ar/39 Ar age of

faulting near Salar Grande. From these data, they conclude that the paleosurfaces
cut by neotectonic faults are 24–18 Ma, while the fault activity itself spans 15
Ma–300 ka. 3) Two instances of recent cracking accompanying the 1995 and 2001
earthquakes show different characteristics. The small suite of cracks that formed
during or shortly after the 1995 Antofagasta earthquake cut poorly consolidated
sediments and have degraded substantially since formation. Conversely, the cracks
near Ilo, Peru that were observed shortly after the 2001 Arequipa earthquake and
are interpreted to have formed as a result of that event (Keefer and Moseley, 2004)
cut cemented sediments similar in appearance to those that we note in the Salar
Grande region and other crack localities. The old ages of structural features with
youthful morphologies indicates the preservation potential of the hyperarid environment. This in turn suggests that the surficial cracks that we describe, despite
being meter-scale features, are likely capable of preserving a record of deformation
over several subduction earthquake cycles, if not several hundred thousand years.
Our examination of a large part of the forearc leads to several conclusions
regarding the conditions required to preserve cracking. The features are best expressed in the gypsum-indurated regolith, which is generally identified by regions
of high albedo in the available satellite imagery. Isotopic evidence indicates that
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the gypsum precipitates from coastal fog that invades regions between ∼300 and
1200 m elevation (Rech et al., 2003), leaving higher parts of the forearc devoid
of substantial gypsum. The steep coastal escarpment, which lines much of the
northern Chilean forearc, places the 300 m contour close to the shoreline. With
one exception around 22.5◦ S, all of the cracked regions lie within these elevation
limits (darker gray area on Figure 3.1). Immediately north of Arica (18◦ S), the
trace of the 300 m contour indicates a wide coastal plain, which may place higher
topography too far inland to experience the marine fog. The few cracks we observe
in that region appear to cut poorly consolidated beach sands and are restricted to a
small seaside cliff. To the north and south of Antofagasta, high topography of the
Coastal Cordillera, indicated by the position of the 1200 m contour very near the
coastline, impedes inland development of the gypsum-indurated crust and therefore negligible cracking is preserved. Furthermore, loss of atmospherically-derived
salts through weathering and leaching increases south of Antofagasta (Ewing et al.,
2006), leaving the surface there less cemented than the more arid corridor between
Antofagasta and Arica.

3.4.1

Structural and topographic effects on crack evolution

In addition to spatial variations in the degree of presevations, our observations of
the cracks are also subject to the effects of topographic and/or structural features,
which can locally perturb the propagation path of the crack. Such cracks are not
appropriate for use in constraining the regional stress field. We note several examples of cracks that are spatially correlated with fault scarps and other large
topographic gradients such as the giant canyon systems that mark the northernmost Chilean forearc (Hoke et al., 2004). East of the Salar Grande region (21◦ S),
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González et al. (2007) describe a suite of cracks atop east-west striking reverse fault
scarps up to 300 m high and ascribe their evolution to ongoing fault-propagation
folding above the underlying structures. These cracks are concentrated at the scarp
crests and show strikes parallel to the fault, indicating that cracks propagate as
a result of the tension induced by the anticlinal flexure. Cracks on smaller fault
scarps also show a genetic relationship to the underlying, larger-scale structures.
In some instances, cracks predate the fault activity but have been enhanced by
faulting close to the scarp (Chapters 1, 2). We have excluded some populations
of cracks because of obvious spatial correlation with large topographic features.
In other populations, variability in orientation seen in the rose diagrams can be
explained in part by local topographic and/or structural effects.
A further source of complication in using the cracks as a record of past interplate
seismicity is the effect of other, intraplate earthquakes in both the upper plate
and subducting slab. Marquardt et al. (2006) observed cracks that opened as a
result of the 13 June 2005 Tarapacá earthquake, a Mw = 7.9 event located 115
km NE of Iquique at 115 km depth, within the Nazca Plate. The occurrence of
cracking was minor but widespread, stretching from regions near the epicenter to
the coastline near Iquique. In general, the cracks formed parallel to topographic
contours of debris slopes and at slope breaks along hillsides (Marquardt et al.,
2006). The cracks observed both by Marquardt et al. (2006) and during our own
field campaigns following this event were small compared to those that we have
mapped using remote sensing: up to 20 m length with apertures less than 5 cm.
Close to the epicenter, numerous buildings experienced substantial damage, which
Marquardt et al. (2006) attribute to site effects related to the construction of towns
on unconsolidated gravels. Though this deep intraplate earthquake caused some
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cracking at the surface, the features are small and are tied to local attributes.
Nonetheless, it is important to take into account such alternative means of crack
formation when addressing the tectonic significance of these features.

3.5
3.5.1

Coseismic stress modeling
Forward model parameters

Based on the strong preferred orientation over large areas and similarity of the
cracks we have mapped to those interpreted to have formed during or shortly
after the 1995 and 2001 earthquakes (González et al., 2003; Keefer and Moseley,
2004), we suggest that these features dominantly result from stress induced by
strong earthquakes occurring on the subduction interface. Because we interpret
the majority of the cracks to be mode 1 fractures, crack strike can be used to infer
characteristics of the stress field that drives the opening. According to linear elastic
fracture mechanics, a mode 1 crack opens in the direction the least compressional
principal stress direction (σ3 ) and therefore strikes parallel to σ1 (e.g., Pollard and
Segall , 1987). In order to explore the relationships between the surface cracks and
plate boundary earthquakes, we simulate the coseismic stress fields related to great
earthquakes on four segments of the Andean subduction zone. We use dislocation
models carried out in an elastic half-space using the boundary element code Poly3D
(Thomas, 1993) to calculate the principal axes of stress induced at the surface by
the earthquakes and compare these instantaneous stress fields to the directions
of permanent strain recorded by the crack populations. Because these models
consider small magnitude deformation, the principal stress axes should be parallel
to the principal strain axes. In other words, the cracks represent permanent strain
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Table 3.1: Earthquake forward modeling parameters
Event

Moment
(N-m)a

Mw

Dimensions
(km)b

1868
1877
1995
2001

6.6 × 1021
4.2 × 1021
1.2 × 1021
4.0 × 1021

8.5
8.3
8.0
8.3

625 × 125
530 × 135
210 × 160
320 × 210

Mean
slip
(m)
3.18
1.90
0.94
2.19

Max.
slip
(m)
9.98
9.85
6.58
12.80

Mean
rakec
54
105
105
69

a

Moment is defined as the modulus of rigidity (3 × 1010 N/m2 ) times the sum
of the slip times area of all fault patches.
b
Rupture dimensions, shown as along-strike × down-dip dimension.
c
Mean of rake on all fault patches, weighted by slip magnitude. 0◦ = left-lateral
slip, 90◦ = reverse slip, ±180◦ = right-lateral slip, -90◦ = normal slip.

markers that formed in response to an imposed stress. In the case of the 1995
Antofagasta and 2001 Arequipa earthquakes, we use slip distributions constrained
by a joint inversion of seismic and geodetic data (Pritchard et al., 2006, 2007)
to calculate the principal coseismic surface stress axes (Figures 3.3 and 3.6). For
the 1868 and 1877 events, we assume a simple Gaussian slip distribution with
maximum slip located at the inferred epicenter of the earthquake (Comte and
Pardo, 1991), smoothly tapering to zero slip at the rupture terminations, with
maximum slip magnitude and overall moment magnitude similar to that estimated
from historical data (Figures 3.4 and 3.5, Nishenko, 1985; Comte and Pardo, 1991).
In the historical models, the rake of the slip vector on each modeled fault element
is such that the azimuth of the surficial projection of slip is 255◦ , opposite the
plate convergence vector. Details of the forward model parameters are shown in
Table 3.1.

108

3.5.2

Forward model results

Figures 3.3–3.6 illustrate the relationships between the forward models of coseismic
static stress fields and the permanent strain demonstrated by the surface cracks.
At each crack locality, we show the length-weighted mean crack orientation (solid
black bar) and the predicted strike direction of a mode 1 crack that would form in
response to the local stress field — parallel to σ1 and perpendicular to σ3 (open
bar). the overall stress field is shown by the gray bars, which indicate the orientation of the σ1 axis throughout the affected region. We describe the effects of the
earthquakes from south to north, noting the degree to which the observed mean
crack strike agrees with the predicted σ1 direction.
The model for the 1995 earthquake, which propagated southward from the
Mejillones Peninsula (Delouis et al., 1997; Ihmlé and Ruegg, 1997; Pritchard et al.,
2002; Sobiesiak , 2004; Pritchard et al., 2006), shows predicted opening directions
(open bars in Figure 3.3) reasonably consistent (20◦ –30◦ of obliquity) with the
NW striking subsets of cracks (black bars in Figure 3.3) in the two populations
that lie east of the Mejillones Peninsula. We do not have conclusive evidence that
indicates whether or not cracks in either of these regions were reactivated during
the earthquake. In both of clusters, we also observe a concentration of cracks
striking NE (Figure 3.1), oblique to the crack strikes predicted by the coseismic
model. We suggest that the NW striking cracks can be reactivated by earthquakes
on the Antofagasta segment of the plate boundary, while the NE striking features
could be affected by an earthquake on the Iquique segment, which lies directly to
the north. We propose an alternative hypothesis for the evolution of the bimodal
crack populations in the discussion of dynamic stress effects.
The NE striking cracks near Antofagasta are consistent with the stress field
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Figure 3.3: Static principal coseismic stress axes resulting from the 1995 Mw 8.1
Antofagasta earthquake on the Andean subduction interface. The distribution
of slip is based on a joint inversion of seismic, GPS, and InSAR data (Pritchard
et al., 2006). The gray lines show the most compressional principal stress axes
(σ1 ); the least compressional (σ3 ) axes are omitted for clarity but are oriented
perpendicular to σ1 . The solid black bars show the mean strike of cracks within a
particular cluster. In this case, the bimodal crack distributions were filtered and
the orientation shown represents the mean of only the northwest-striking cracks.
The open bars show the model-predicted orientation of σ1 at the locality of the
crack populations, which represents the strike of a crack that would theoretically
open in response to the coseismic stress field.

110

$(!*
,-./0

$'!*

"%!*

789.89:

"$!*

""!*
*;.<=>?@

$%
(
"+!*

&
)
"

")!*
!"!#

AB6C
D3E:;

,1234050620

%
!$!#

!%!#

&'!#

&(!#

Loveless et al. Figure 5

Figure 3.4: Static stress model for the 1877 M∼8.5 Iquique earthquake. The slip
distribution is approximated based on the event description in Comte and Pardo
(1991). All symbols are as described in Figure 3.3.
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predicted for the simulated 1877 Iquique earthquake, which is inferred to have
ruptured the plate boundary between the Arica bend to the Mejillones Peninsula (Figure 3.4). The boundaries of the Iquique segment encompass 16 of the 17
mapped crack populations, and the stress field induced by the simple Gaussian
approximation of the coseismic slip distribution for the great 1877 event shows
remarkable consistency with the orientations of cracks occurring along the entire
length of rupture. Near the inferred epicenter (Comte and Pardo, 1991) and locus of maximum modeled slip, cracks strike nearly parallel to the coastline and
coseismic σ1 trend nearly parallel to the coast. Near 21.5◦ S, where a population of
cracks strike dominantly NNE, the predicted principal stress axes show a consistent clockwise rotation relative to their orientations nearer the epicenter. The four
northernmost crack populations affected by seismicity on the Iquique segment show
a concentration of NW strikes, consistent with the opening direction predicted by
the model. However, two of the regions show bimodal strike distributions, with a
second concentration of NE strikes. As in the case of the cracks near the Mejillones
Peninsula, the NW striking cracks may be activated by Iquique segment seismicity, while activity on the adjacent segment to the north may dominantly drive the
evolution of the NE striking features.
The 1868 earthquake ruptured a large segment of the southernmost Peru margin, with a southeastern termination estimated to coincide approximately with the
large bend in the plate boundary and coastline (Figure 3.5, Comte and Pardo,
1991). The rupture area of the 1604 great earthquake is estimated to be very
similar to that of the 1868 event (Dorbath et al., 1990; Comte and Pardo, 1991).
As postulated above, the σ1 axes induced by the 1868 earthquake in northernmost
Chile trend NE-SW, consistent with the NE striking cracks that we observe in two

112

113
!$!#

=>?@
A/B2.

!%!#

!&!#

!'!#

-./

!(!#

01234567

01587

!)!#

"*!#

"+!#
Loveless et al. Figure 4

3.1), while the others show unimodal strikes.

in Figure 3.3. The northernmost and southernmost crack populations in Chile show bimodal strike distributions (Figure

on the rupture extent and magnitude estimates (Dorbath et al., 1990; Comte and Pardo, 1991). All symbols are as described

Figure 3.5: Static stress model for the 1868 M∼8.5 earthquake in southern Peru. The slip distribution is approximated based
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populations in that region. The NW striking cracks in the northernmost Chile
clusters are not strongly influenced by the static stress related to the 1868 and
1604 earthquakes. The cracks mapped near the city of Ilo, Peru lie near the center
of the estimated rupture zone and strike nearly perpendicular to the σ1 orientation predicted by the 1868 model, indicating that these cracks are also minimally
affected by the static stress caused by earthquakes on this segment.
The Ilo cracks are presumed to encompass those described by Keefer and Moseley (2004) that are suggested to have formed either during or shortly after the 2001
Arequipa earthquake. The σ1 predicted from the coseismic model is rotated ∼45◦
counterclockwise from observed strike (Figure 3.6), thus the static stress induced
by the 2001 earthquake was not ideally oriented for generating mode 1 cracks of
the observed orientation. These features are interpreted to be reactivated structures initially formed during the 1604 earthquake (Keefer and Moseley, 2004) but,
as described above, static stress caused by the 1604 event is unlikely to have been
oriented favorably for opening mode 1 cracks with the mapped strikes. There are
several minor upper-plate fault scarps within the cracked region and so the cracks
may be related primarily to localized deformation around these features. En echelon map patterns of cracks suggest accommodation of WSW-directed left-lateral
shear in addition to opening, consistent with the kinematics reported for nearby
faults (Audin et al., 2006). This suggests that the cracks near Ilo are mixed-mode
(1 and 2) cracks and thus we expect that σ1 for the stress field that created them
should be oblique to the crack strike and oriented approximately as predicted by
our elastic model.
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Figure 3.6: Static stress model for the 2001 Mw 8.3 8.5 Arequipa, Peru earthquake.
The slip distribution is based on a joint inversion of seismic, GPS, and InSAR data
(Pritchard et al., 2007). The symbols are as described in Figure 3.3.

3.5.3

Inverse model parameters

The forward modeling described above allows for comparison between the earthquake stress fields, which are a function of the coseismic interplate slip distribution,
and the patterns of strain demonstrated by the cracks. In the case of the 1995 and
2001 earthquakes, geodetic and seismic data provide constraints on the details of
slip distributions. For the historical earthquakes, however, no such quantitative
information is available, leaving the slip distributions poorly constrained.
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Because the inferred rupture limit of the 1877 earthquake encompasses 16 of
the 17 cracked regions (Figure 3.1), we use the cracks to explore plausible slip
distributions related to that event, or a sum of events occurring on the segment.
In doing so, we make the assumption that cracks within a given cluster open
exclusively due to earthquakes on this segment and that the observed latitudinal
variation in strike is related to heterogeneity in the coseismic slip distributions.
We use Poly3DInv (Maerten et al., 2005) to invert the strain fields demonstrated by the surface cracks for the slip on the subduction thrust. This boundary
element program allows use of strain tensor data to constrain the distribution of
slip on the subduction interface. We assign a principal strain tensor to each of the
16 crack populations within the bounds of the 1877 earthquake segment, with the
principal axis orientations reflecting the mean strike of cracks in the cluster and
the principal strain magnitudes representing the amount of finite strain exhibited
by cracks. Where cracks show a bimodal distribution in strike, we selectively filter
the crack population such that the mean strike used in the inversion reflects only
the set more favorably oriented for opening according to the predictions of the simple Gaussian slip forward model. In some models, we define the strain magnitude
by calculating the mean crack density (total length of cracking per unit area) in
each population, while in others, we assign a uniform strain magnitude to all crack
clusters. Further discussion of the inversion strategy is found in Appendix E.

3.5.4

Inverse model results

Though there are angular discrepancies between the mean crack strikes and the
orientations predicted by the forward models, there is generally good agreement
between the modeled stress and observed strain. The results of our preferred inver-
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sion of the crack distributions for slip along the Iquique segment of the margin are
shown in Figure 3.7. While the preferred solution for coseismic slip is non-unique
and sensitive to the choice of parameters governing the inversion (see Appendix
E), several robust features of the slip distribution are noted. The majority of interplate slip constrained by the crack distributions is concentrated around 35 km
depth offshore Iquique (20.25◦ S), about 1 degree north of the inferred epicenter of
the 1877 earthquake (Comte and Pardo, 1991). Smaller loci of moment release are
located around 21.75◦ S and 23.5◦ S. These southern patches are disconnected from
the region of greatest slip near Iquique, suggesting that they may reflect slip associated with separate earthquakes or widely-spaced asperities that rupture during
a single event. Alternatively, we suspect that the discontinuity between these slip
patches may result from the lack of constraining data between ∼21.5◦ and 22.75◦ S.
Because of the lack of temporal information contained in the dataset, the crackbased strain field cannot distinguish a single earthquake with a heterogeneous slip
distribution from several smaller earthquakes.
The surface stress field resulting from the preferred inverse model (Figure 3.7)
is more chaotic than that of the Gaussian forward model (Figure 3.4), reflecting the
heterogeneity of slip in the inversion. Figure 3.7 shows the mean strike observed
in each crack population as well as the predicted strike of cracks resulting from
the modeled stress field. The mean difference between the observed crack strike
and the modeled σ1 direction is 9.0◦ and at only one of the 16 crack distributions
is the discrepancy greater than 15◦ , indicating a good statistical fit.
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Figure 3.7: Preferred inverse model of the 1877 Iquique earthquake, or a combination of several strong earthquakes on this segment of the plate boundary. The slip
distribution was calculated by inverting the strain field represented by the populations of surface cracks for slip on the subduction interface. The symbols are as
described for Figure 3.3. Additional discussion and models appear in Appendix E.
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3.5.5

Dynamic stress parameters

The simulations described above allow for comparison between the observed distribution and orientation of cracks and the static coseismic stress. Dalguer et al.
(2003) indicate that dynamic stresses, associated with the passage of seismic waves,
can also cause mode 1 cracking of the surface. To address the possibility that such
a process could be responsible for the cracks we observe, we use the method of Cotton and Coutant (1997) to calculate the temporal evolution of stress induced at
the surface for the 1995 and 2001 earthquakes and compare the orientation of the
time-varying principal stress axes to the static stress fields for the same events. For
these models, we use the spatiotemporal slip distributions presented by Pritchard
et al. (2006, 2007) and the crustal velocity model of Husen et al. (1999) as model
parameters.

3.5.6

Dynamic stress results

Our simulations of the 1995 and 2001 earthquakes show that the static stress axes
calculated from the simple dislocation models are reasonably similar in orientation
to the dynamic principal stresses (Figures 3.8, 3.9 and associated electronic material). This indicates that our regional-scale mapping of macroscopic cracks places
constraints on the extent and distribution of slip associated with plate boundary
earthquakes, regardless of whether static or dynamic coseismic stress is the primary
driver of crack evolution.
A notable characteristic of the dynamic stress fields is the occurrence of locations where both principal axes have the same sign. Where and when both
horizontal principal stresses axes are tensional, it is possible that surface cracks
could open in directions orthogonal to each other. Therefore, the dynamic stress
120

fields provide a mechanism for the bimodal strike distributions of crack populations
near earthquake rupture segments. Furthermore, the cracks near Ilo with orientations highly oblique to the strike predicted by the static model for the 1868 (and
therefore 1604) and 2001 earthquakes, may open and propagate as a result of this
type of dynamic phenomenon. The same explanation could apply to the cracks
east of the Mejillones Peninsula. The slip distribution in the static inverse model
shows only minor moment release on the southern portion of the modeled Iquique
segment (Figure 3.7), which may not be sufficient to activate cracks at the surface.
Rather than being activated by the static stress field related to earthquakes on the
Iquique and Antofagasta segments of the plate boundary, the evolution of these
cracks may be controlled primarily by the larger-magnitude dynamic stresses.

3.6
3.6.1

Discussion
Plausibility of the inversion slip distribution

Several characteristics of the inverse slip distribution (Figure 3.7) warrant comparison with previous studies of subduction zone seismicity and properties of the
plate interface. We solved for slip on a portion of the plate boundary that is larger,
both in along-strike and down-dip extent, than the inferred rupture limits of the
1877 earthquake (Comte and Pardo, 1991). The preferred inversion resolves a region of substantial moment release offshore Iquique, with maximum slip located
near 35 km depth and smoothly decreasing in all directions (Figure 3.7). Previous
studies of the depth limits of the seismogenic zone (e.g., Tichelaar and Ruff , 1991)
suggest that most plate boundary earthquakes occur on a portion of the interface
between 20 and 50 km depth. Below 50 km, the plate interface is thought to be
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distribution of Pritchard et al. (2006).

series of principal stress axes were calculated using the algorithms of Cotton and Coutant (1997) and the spatiotemporal slip

axes shown in Figure 3.3 describe reasonably well the potential impact of coseismic stress on crack formation. The time

general, the magnitude and sign of stress axes change more so than the orientation, indicating that the static principal stress

at 10 (a), 20 (b), and 30 (c) seconds after the beginning of the rupture to show the variation in the dynamic stress field. In

Figure 3.8: Temporal evolution of the coseismic stress field of the 1995 Antofagasta earthquake. We chose time snapshots
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described in the caption for Figure 3.8.

60, and 100 seconds after rupture initiation. The distribution of slip is from Pritchard et al. (2007) and all symbols are as

Figure 3.9: Temporal evolution of the stress field related to the 2001 Arequipa earthquake, shown as snapshots taken at 40,
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characterized by a transition zone (e.g., Oleskevich et al., 1999) within which seismic rupture may propagate but not initiate. Therefore, a physically reasonable
interpretation of the slip resolved by the inversion is that the rupture initiated
northwest of Iquique around 35 km depth and propagated down-dip and to the
southeast. The disconnect between the patches of slip towards the south end of
the model geometry relative to the zone near Iquique suggests that the southern
rupture patches may reflect a small sub-event triggered by the primary moment
release. It is unclear whether or not the sub-event alone would be capable of
producing stress of sufficient magnitude to cause cracking at the surface.
Because the inversion of crack-based strain data for slip on the fault relies on
an assumption that cracking results primarily from strong subduction earthquakes,
we seek an independent constraint on the resolved slip distribution. The resolved
35 km depth of maximum slip is consistent with the concentration of slip during
the Antofagasta earthquake (Figure 3.3, Pritchard et al., 2006), indicating that this
basic characteristic of the inversion result is plausible given regional seismogenic
behavior.
Two independent studies (Song and Simons, 2003; Wells et al., 2003) examined gravity anomalies along subduction zones worldwide and presented a correlation between the gravity field and coseismic slip magnitude. Wells et al. (2003)
presented a spatial correlation between large magnitudes of slip during great underthrusting earthquakes and negative anomalies in the gravity field. Song and
Simons (2003) subtracted the mean trench-perpendicular profile from the gravity
anomaly field in each subduction zone to create a map of the trench-parallel gravity anomaly (TPGA), which effectively highlights short-wavelength features of the
anomaly field. They found that the regions experiencing the largest magnitude
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Figure 3.10: Trench-parallel gravity anomaly (TPGA) constructed for the Iquique
segment of the Andean plate boundary. The construction is based on the gravity
anomaly data of Sandwell and Smith (1997) and the method of Song and Simons
(2003). The thin dashed black line shows the inland extent of the TPGA calculation. The position of the trench is indicated by the barbed line. The black polygon
shows the outline of the crack inversion subduction thrust geometry and the gray
contours show the slip distribution of our preferred inverse model (1 m slip contour
interval).

125

18˚S

Arica

19˚S

20˚S

Iquique

21˚S

22˚S

TPGA (mGal.)

23˚S

Antofagasta
24˚S
72˚W

71˚W

70˚W

126

69˚W

80
60
40
20
0
-20
-40
-60
-80
68˚W

of coseismic slip are also characterized by negative TPGA. We use the gravity
anomaly field of Sandwell and Smith (1997) and the method of Song and Simons
(2003) to construct a TPGA field for the Iquique segment to compare with the slip
distribution resolved from inversion of the crack-based strain data (Figure 3.10).
The region in which resolved slip is greatest coincides with an area of stronglynegative TPGA. The lack of resolved slip at shallow depths south of 21◦ S is consistent with the prevalence of positive TPGA, which predicts slip of lower magnitude.
While not a perfect correlation, the spatial coincidence between coseismic slip and
negative TPGA provides some independent support for the plausibility of the slip
distribution determined by inverting the crack-based strain data.

3.6.2

Effects of multiple subduction earthquakes

Our field observations of the cracks indicate that they record extension associated
with more than a single event. However, the scarcity of dateable materials cut by
the cracks limits the temporal information they provide. The favorable comparisons between the coseismic stress fields and the strain represented by the cracks
demonstrates the influence that strong subduction zone earthquakes have on the
development of small-scale surface features. However, the single earthquakes considered in our analyses can not explain the repeated opening indicated by the crack
morphologies. Once formed, a crack can be reactivated by a stress tensor with principal axes oriented differently than those that initiated the crack. Therefore, the
cracks we observe in the Andean forearc could possibly represent a compound response to principal stresses of varying orientations induced by earthquakes with
varying slip distributions. However, the aforementioned paucity of lateral offset
implies that, for the most part, reactivation of cracks is accomplished by stresses
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oriented favorably for mode 1 fracture, requiring a similar rupture extent for each
great earthquake along a particular segment.
As the inversion of the cracks affected by seismicity on the Iquique segment indicates, deformation resulting from a heterogeneous slip distribution provides the
best statistical fit to the crack patterns. A single earthquake may be characterized
by a smoothly varying rupture pattern, such as the Gaussian approximation we
use in modeling the historical earthquakes (Figures 3.4 and 3.5), or slip may be
concentrated in distinct patches (asperities) surrounded by velocity-strengthening
material (e.g., Bilek and Lay, 2002), as seen in the slip maps of the recent earthquakes (Figures 3.3 and 3.6) and the inversion of crack strikes for slip on the
Iquique segment (Figure 3.7; see also Appendix E). The results of the forward and
inverse modeling indicates that, when examined on a regional scale, the stress field
induced at the surface by subduction earthquakes is more sensitive to the extent of
coseismic slip rather than the details of its distribution. This suggests that earthquakes on a given segment of the plate boundary may vary in their distribution of
slip, but the accumulated strain exhibited by the suites of surface cracks indicates
that the dimensions of rupture remain relatively constant. The obliquity between
cracks strike and the plate boundary and the concentration of bimodal strike distributions at inferred segment boundaries is consistent with longevity of the rupture
limits. If the location of segment boundaries varied substantially though time, we
would expect cracks to show a range of strikes rather than one or two preferred
orientations.
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3.7

Conclusions

According to our models, stresses caused by strong subduction zone earthquakes
are oriented favorably for reactivation of the many surface cracks that cut coastal
regions of northern Chile and southern Peru. Our modeling indicates that the
spatial patterns of principal stress axes depend more strongly on the extent of
rupture than on the details of the slip distribution. Despite the fact that numerous subduction zone earthquakes on a particular segment — each of which may
have a unique rupture pattern — are required to explain the extent and style of
cracking observed, the dimensions of rupture play the dominant role in determining
crack orientation. The meter-scale surface cracks represent a permanent record of
subduction zone seismicity and, more specifically, can be used to map the extent
of plate boundary segments that persist for at least several seismic cycles if not
several hundred thousand years.
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CHAPTER 4
VARIATION IN UPPER PLATE COULOMB STRESS CHANGES
DUE TO THE 1995 ANTOFAGASTA (CHILE) EARTHQUAKE

4.1

Abstract

The Atacama Fault System (AFS), a 1000 km long fault that has accommodated
dominantly normal neotectonic motion, is the dominant structure of the northern
Chilean forearc. Several important questions exist regarding its behavior, including its capability to produce shallow earthquakes, the recurrence interval of slip
events, and its interaction with the Andean subduction seismic cycle. We use two
approaches, theoretical and observational, to evaluate how coseismic stress induced
by the 1995 Mw =8.1 subduction earthquake near the city of Antofagasta affected
the AFS and other upper plate faults in the forearc. Using seven published slip
maps constrained by geodetic and/or seismic data, we calculate Coulomb stress
change (CSC) on faults in the Antofagasta region. The CSC field varies between
models and depends on the distribution of coseismic interplate slip. Some simulations predict positive CSC (encouraging failure) at shallow depths on normal
faults south of Antofagasta, while other models constrained by multiple data sets
show zero change or stress decrease on these faults. Negative CSC on faults on
the Mejillones Peninsula and east of Antofagasta is predicted by all models and
may provide a mechanism for the reverse reactivation of some normal faults that
we observe in the field. Field reports of coseismically-triggered normal motion on
the Paposo segment of the AFS, south of the city, are consistent with the positive
CSC calculated using some models but incompatible with the negligible to negative
shallow CSC predicted by the models constrained by all available data. In addi-
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tion to stress modeling, we use synthetic aperture radar interferometry (InSAR) to
search for small-scale deformation on individual faults triggered by the subduction
zone earthquake. The InSAR data are ambiguous, as some images show apparent offset consistent with coseismic faulting on the Paposo segment and others
lack such signal. The fact that we do not observe the fault-like displacement in
all coseismic interferograms suggests that atmospheric contamination across steep
fault scarps, and not tectonic deformation, is responsible for the signal. Abrupt,
localized changes in radar phase delay are induced by propagation through water
vapor in the troposphere and require consideration in InSAR-based observations
of small-scale deformation, particularly in areas of high relief.

4.2

Introduction

The Atacama Fault System (AFS) and other upper plate faults throughout the
northern Chilean forearc have been the target of several structural studies (e.g.,
Arabasz , 1971; Armijo and Thiele, 1990; Niemeyer et al., 1996; Delouis et al.,
1998; González et al., 2003). However, several important questions remain regarding the neotectonic behavior of these structures, including their connection with
the subduction earthquake cycle, the recurrence interval of slip events, and their
seismogenic potential. For the most part, faults in the Antofagasta region (Figure
4.1) demonstrate finite extension in the direction of plate convergence (Arabasz ,
1971; Delouis et al., 1998; González et al., 2003). Several mechanisms have been
proposed to explain the presence of these extensional structures in a convergent
margin setting, including earthquake-cycle processes of interseismic flexure (Chapters 1, 5; González et al., 2003) and coseismic elastic rebound (Chapters 1, 5;
Delouis et al., 1998; González et al., 2003), and longer-term effects associated with
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subduction erosion (Niemeyer et al., 1996; Delouis et al., 1998; von Huene and
Ranero, 2003; Sallàres and Ranero, 2005). While the dominant deformation signal
on these structures is of east-west extension, minor reverse movement is superimposed on some faults (Chapter 5) and in at least one case represents the most
recent episode of fault motion. Despite numerous examples of fresh-appearing
surface faulting, inferred to reflect Quaternary deformation (Delouis et al., 1998;
González et al., 2003; González and Carrizo, 2003), there exists only one definitive
date on young fault activity, which constrains motion on one segment of the AFS
to be younger than 424±151 kyr (González et al., 2006). Three local seismic surveys found little upper plate seismicity distinctly correlated with mapped faults
(Arabasz , 1971; Comte et al., 1994; Delouis et al., 1996), leaving the seismogenic
capability of the AFS poorly understood.
We use the 30 July 1995 Mw = 8.1 Antofagasta, Chile earthquake as a test case
for examining the relationships between the Atacama Fault System (AFS) and subduction zone processes. Studies of this event have benefitted from the availability
of geodetic, seismic, and geological data sets that captured various aspects of the
co- and postseismic deformation. Collection of GPS (Ruegg et al., 1996; Klotz
et al., 1999; Chlieh et al., 2004), InSAR (Pritchard et al., 2002; Xia et al., 2003;
Chlieh et al., 2004; Pritchard et al., 2006a), and geological data (Ortlieb et al.,
1996; Delouis et al., 1997, 1998; Klotz et al., 1999; González et al., 2003) before
and after the event, and seismic data during the earthquake and its aftershock sequence (Ruegg et al., 1996; Delouis et al., 1997; Husen et al., 1999) have provided
a comprehensive suite of information that has been used to model characteristics
and effects of the rupture. In particular, Delouis et al. (1997); Ihmlé and Ruegg
(1997); Klotz et al. (1999); Pritchard et al. (2002); Xia et al. (2003) and Pritchard
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et al. (2006a) use these data to constrain the distribution of coseismic slip on the
subduction thrust.
In this paper, we use seven published slip maps to calculate Coulomb stress
change (CSC) on the AFS and other upper plate faults in order to explore the
capacity of the earthquake for triggering slip on forearc structures. The neotectonic observations of normal and reverse motion indicate that upper plate faults
slip in response to both compressional and tensional stress fields. Given the low
magnitude of CSC induced by the subduction earthquake cycle, the level of stress
on forearc fault zones must be very low, thus allowing slip in response to these
minor stress perturbations (e.g., Fialko et al., 2002; Fialko, 2004; Fialko et al.,
2005).
Field observations made shortly after the 1995 Antofagasta earthquake report
∼20 cm of east-side-down normal fault motion on the Paposo segment of the AFS
(Delouis et al., 1997, 1998; Klotz et al., 1999) and 30 cm of normal offset near
the Uribe rail station along the Salar del Carmen segment of the AFS (Klotz
et al., 1999, locations shown in Figure 4.1). However, other studies found no
coseismically-triggered faulting (Campos et al., 1995; Ortlieb et al., 1996; Ruegg
et al., 1996) and only minor surface rupture in the form of small surface cracks
located near the Salar del Carmen segment as noted by González et al. (2003);
these features have been attributed to deep slip on that fault related to small
aftershocks (Ruegg et al., 1996; González and Carrizo, 2003). Husen et al. (1999)
found several aftershocks potentially correlated with slip on the AFS but could
not confirm a relationship to mapped fault traces.
To image the normal faulting reportedly triggered by the 1995 earthquake, we
use InSAR observations, which should be capable of detecting the small-scale verti-
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Figure 4.1: Location map of the Antofagasta region, showing the trace of the
Atacama Fault System and other scarps (thin black lines with white outline). The
dashed lines indicate the surface projections of the subduction trench and 50 km
contour to the Wadati-Benioff zone (Cahill and Isacks, 1992). Diamonds indicate
the approximate positions of the field reports of surface rupture triggered by the
earthquake: P marks the Paposo rupture (Delouis et al., 1997, 1998; Klotz et al.,
1999), U marks the Uribe rail station rupture (Klotz et al., 1999), and C marks
the surface cracking along the Salar del Carmen segment (González et al., 2003;
González and Carrizo, 2003).
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cal offsets proposed by Delouis et al. (1997, 1998) and Klotz et al. (1999). However,
because the putative slip occurred along a ∼200 m high fault scarp, InSAR observations are complicated by the presence of atmospheric water vapor, which shows
a spatial correlation with the underlying topography. The radar signal is delayed
by moisture as it propagates through the troposphere (e.g., Hanssen, 2001), introducing signals resembling fault offset into the interferograms. We analyze the
atmospheric water vapor measured by the satellite-based MODIS sensor and consider the patterns of spatial and temporal variability in moisture content in our
interpretation of the InSAR observations.

4.3

Modeling Coulomb stress change

To investigate the upper plate deformation induced in the Antofagasta region by
the 1995 earthquake, we use seven published maps of coseismic slip on the subduction thrust (Delouis et al., 1997; Ihmlé and Ruegg, 1997; Klotz et al., 1999;
Pritchard et al., 2002; Xia et al., 2003; Pritchard et al., 2006a) to calculate upperplate Coulomb stress change (CSC) fields. The CSC resulting from a tectonic
perturbation is defined as
CSC = ∆τ − µ0 ∆σn

(4.1)

where ∆τ is the change in shear stress on a surface of prescribed orientation,
µ0 is the effective coefficient of friction, and ∆σn is the change in normal stress
across the defined surface (King et al., 1994; Toda and Stein, 2002). The maps
of CSC presented in Figure 4.2 represent the changes in Coulomb stress resolved
onto fault planes striking N10◦ E, approximately parallel to the northern Chilean
coastline, dipping 80◦ E with a slip vector of rake -100◦ (positive counterclockwise
from the strike direction). This orientation and slip sense are broadly consistent
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Figure 4.2: a. Location map of region affected by the 1995 Antofagasta earthquake.
Select upper plate faults (Papo: Paposo, Colo: Coloso, SdC: Salar del Carmen,
Fort: Fortuna, Mj: Mejillones, Hr: Caleta Herradura) considered in the boundary
element models are shown as black lines in all figures. Focal mechanism is from
Harvard CMT catalog. b–h. Results of the Coulomb stress modeling. Models 1, 3,
and 5, for which the slip distribution was digitized from the referenced publications,
show outlines of the fault patches used in the calculation of Coulomb stress. For
model 2, only the outline of the entire fault is shown, though it was modeled using
individual patches. For model 4, the actual slip distribution from (Pritchard et al.,
2002) was used and the fault patches are shown here. Contours of slip magnitude
are shown for models 6 and 7 (contour interval is 1 m).
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with fault kinematic data collected in the Antofagasta region (Delouis et al., 1998;
González et al., 2003). We calculate the coseismic stress tensor using a threedimensional boundary element code (Poly3D, Thomas, 1993) incorporating discontinuities within a homogenous elastic half-space in order to examine the effects
of the stress perturbation resulting from the subduction zone earthquake on upper
plate faults. We then convert the stress tensor into values of CSC by rotating the
tensor into a coordinate system whose three axes are parallel to the slip vector
and fault plane, perpendicular to the slip vector and parallel to the fault plane,
and normal to the specified fault plane. All CSC calculations were carried out at a
depth of 1 km, with µ0 =0.4, following previous studies of static CSC (King et al.,
1994; Toda et al., 1998; Toda and Stein, 2002; Lin and Stein, 2004). Slight changes
in the depth (0 ≤ z ≤ 3 km), µ0 value (0 ≤ µ0 ≤ 0.6), or receiver fault geometry
(-10◦ ≤ strike ≤ 30◦ , 65◦ ≤ dip ≤ 85◦ E) and rake (-110◦ ≤ rake ≤ -90◦ ) used in
the calculation do not substantially affect the overall patterns of CSC. Additionally, calculations made in a layered elastic half-space based on the velocity model
of Husen et al. (1999) do not differ substantially from those in the homogenous
half-space; the results using the latter are presented here.
The sign convention adopted is such that positive CSC increases the likelihood
of failure in the direction of the specified rake. Conversely, a negative CSC decreases the chances of normal rupture on these faults and may even encourage
movement in a direction opposite the specified vector if the existing stress level on
the fault is sufficiently low. Several studies (e.g., Toda et al., 1998; Toda and Stein,
2002; Lin and Stein, 2004) have demonstrated that earthquake aftershocks generally are concentrated in regions in which the coseismic Coulomb stress is increased,
while the rate of seismicity tends to decrease in stress shadows (areas of negative
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CSC) generated by a large event. No aftershocks of the Antofagasta earthquake
have been definitively correlated with the reported rupture on the Paposo or Salar
del Carmen segments (Delouis et al., 1998; Husen et al., 1999; Sobiesiak , 2004),
but we assume that any coseismic normal surface rupture should lie within a region
in which positive CSC is predicted at shallow depths.

4.3.1

Slip distribution parameters

We generated seven maps of CSC (Figure 4.2b–h), each based on a different distribution of slip on the subduction thrust interface. The slip maps vary significantly
in geometry and slip distribution (Table 4.1, Figure 4.3). In models 1, 3, and 5,
we relied on digitization of published slip maps, and for models 2, 4, 6, and 7 we
used the exact published slip distributions in the calculations. Interpolating the
irregularly-spaced slip maps (models 1, 3, and 4) onto regularly-spaced grids of
smaller fault patches, as shown in Figure 4.3, results in variation in the CSC predictions, but similar smoothing of the already regularly-spaced slip distributions
(models 2, 5, 6, and 7) does not have a substantial impact on the CSC. Though
the interpolated slip maps produce a smoother distribution of CSC, we consider
only the original, published slip maps, as they represent the models that best fit
the data used as constraint.

4.4

Modeling results

Figure 4.2 shows the results of the CSC modeling. Models 1–4 show increases in
Coulomb stress along the Paposo segment of the AFS (labeled “Papo” in Figure
4.2a) and models 5–7 show zero or negative CSC along this fault, where Delouis
et al. (1997, 1998) suggest 20 cm of coseismic normal faulting. The Coloso fault
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Table 4.1: Coulomb stress change modeling parameters
Modela
1
2
3
4
5
6
7

Data Used
Body-wave
GPS
InSAR, GPS
InSAR, GPS
Surface wave,
GPS
InSAR, GPS
InSAR, GPS,
Body-wave

Length
(km)
193
400
195
647
195

Width
(km)
81
200
115
212
75

∆Z
(km)b
15–41
0–72
9–42
0–79
12–39

Nc
18
150
9
41
65

Mean
Dipd
18.1◦
21.1◦
16.9◦
21.4◦
21.3◦

Mean
Raked
102◦
107◦
117◦
119◦
102◦

Moment
(m3 )e
3.29 × 1010
4.74 × 1010
4.10 × 1010
7.28 × 1010
4.91 × 1010

260
260

160
160

5–59
5–59

416
416

20.3◦
20.3◦

107◦
105◦

3.75 × 1010
3.92 × 1010

a

Model references: 1. Delouis et al. (1998), 2. Klotz et al. (1999), 3. Xia et al.
(2003), 4. Pritchard et al. (2002), 5. Ihmlé and Ruegg (1997), 6. & 7. Pritchard
et al. (2006a).
b
Depth range
c
Number of fault patches
d
Mean values are weighted by slip magnitude.
e
Geometric moment (sum of fault patch areas times slips) is reported.
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Figure 4.3: a. Location map of region affected by the 1995 Antofagasta earthquake as in Figure 4.2a. b–h. Slip distributions used as input for the Coulomb
stress modeling. Slip distributions for models 1, 3, and 5 were digitized from the
publications referenced in Table 4.1, while exact slip distributions were used for
models 2, 4, 6, and 7. All slip maps shown here have been interpolated on a
10×10 km grid, but the original slip distributions were used in the Coulomb stress
calculations. Lines on land show positions of faults, as identified in (a). Position
of trench (west) and 50 km Wadati-Benioff zone contour (east) from Cahill and
Isacks (1992) are shown as dashed lines and vary to different degrees from the
subduction zone geometry assumed in each of the models.
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(Colo), located just north of the Paposo segment, experienced positive CSC according to models 1–5, but was affected by negative CSC in models 6 and 7. Most
if not all of the Mejillones Peninsula, on which several normal faults are located,
experienced a Coulomb stress decrease according to all models. Likewise, all models predict negative CSC along the Fortuna (Fort) fault and Salar del Carmen
segment (SdC) of the AFS, although the southern extreme of this segment lies
within a region of Coulomb stress increase in models 1–3.
In addition to performing a calculation of CSC on fault planes of the specified
orientation with the specified slip vector, which is meant to approximate the fault
slip data collected in the field, we also calculated the rake on the specific faults
identified in Figure 4.2a that maximizes the increase in Coulomb stress. That is, we
solved for the direction of slip most likely induced due only to the coseismic forcing.
At the northern end of the Paposo segment (diamond marked “P” in Figure 4.2a),
where pure normal rupture was reported by Delouis et al. (1997, 1998), only model
2 predicts normal motion as the optimal slip direction (rake of -82◦ , Table 4.2).
Normal/left-lateral motion is suggested by models 1, 4, and 5, while models 3 and
5–7 predict left-lateral to reverse motion as the most-likely sense of slip (Table
4.2), which is inconsistent with the field reports. At the Uribe rail station (“U”
in Figure 4.2a), where Klotz et al. (1999) reported 30 cm of normal fault offset,
left-lateral motion, with a small component of reverse faulting, is predicted as the
optimal type of failure by all models (Table 4.2).

4.5

InSAR observations

In order to investigate further any small-scale deformation caused by the Antofagasta earthquake, we examine 6 coseismic and 19 postseismic interferograms con147

Table 4.2: Calculated optimal slip directions on upper plate faults with reported
coseismic rupture.
Slip directiona predicted by model:
Faultb
P
U

Strike
009
020

Dip
75 E
75 E

1
-65.3
6.6

2
-82.2
11.6

3
-14.1
3.7

4
-57.1
9.3

5
-34.6
18.9

6
47.4
23.6

7
26.5
33.0

Rake is measured counterclockwise from strike, i.e. 0◦ : left-lateral, 90◦ :
reverse, ±180◦ : right-lateral, -90◦ : normal.
b
See Figure 4.2a for rupture locations.
a

structed from scenes collected along ERS track 96 (Table 4.3). We processed the
data using the publicly-available Caltech/JPL ROI PAC (Rosen et al., 2004) software and a digital elevation model (DEM) from the Shuttle Radar Topography
Mission, interpolated from 90 m per pixel resolution to 30 m resolution (Pritchard
et al., 2006b), to remove the topographic contribution to the radar-imaged displacement field. We used the “Snaphu” algorithm of Chen and Zebker (2001)
to unwrap the interferograms and analyzed the line-of-sight (LOS) displacement
field at 30-m resolution. We focus on the Paposo segment of the AFS, where field
evidence for coseismically-triggered normal faulting was reported (Delouis et al.,
1997, 1998; Klotz et al., 1999). We take profiles across the fault scarp in several
locations along strike to detect abrupt variations in the LOS displacement that
could mark an instance of coseismic surface rupture. The steep incidence angle
of the ERS satellites (24◦ off nadir at the Paposo fault site) means that vertical
motion dominates the displacement field, making InSAR an appropriate technique
for examining dip-slip displacement on steeply-inclined faults.
Delouis et al. (1997, 1998) noted that the Paposo segment surface rupture
they observed 3 weeks after the Antofagasta earthquake was not present in April
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1995, implying that the rupture was generated as a response to the mainshock.
Therefore, at least 5 of the 6 coseismic interferograms that we analyze should
contain a signal of the surface rupture. The post-earthquake SAR scene used in
the first coseismic interferogram listed in Table 4.3 was acquired about 8 hours
after the mainshock. Given that the field observations can only constrain the time
of formation of the surface break to be before mid-August when the field survey
was carried out, this interferogram does not necessarily span the scarp formation.
For all other coseismic interferograms, we expect abrupt gradients in the LOS
displacement across the scarp to include effects of the reported 20 cm vertical
surface offset. We expect negligible tectonic signal to be present in profiles taken
across the scarp in all of the postseismic interferograms, except possibly those
which are calculated using the 30 July 1995 scene, which may contain a tectonic
signal depending on the actual time of surface rupture.

4.5.1

MODIS Data Analysis

As the SAR signal propagates through the troposphere, precipitable water vapor
(PWV) causes delay of the signal phase (e.g., Hanssen, 2001). Though the Antofagasta region lies within the hyperarid Atacama Desert, PWV, primarily in the form
of coastal fog, can introduce errors into interferograms. PWV is frequently correlated with topography, as fog is typically concentrated in valleys more so than on
hilltops, thus examination of line-of-sight displacements across variable topography requires consideration of the radar signal delay due to tropospheric effects. In
order to investigate tropospheric contamination of the InSAR signal, we examine
all available PWV data from the MODerate-resolution Imaging Spectroradiometer
(MODIS-Terra) for the region between 2000 and early 2007. Two characteristics
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Table 4.3: InSAR data used in this study (all images from ERS track 96).
Image 2

B⊥ , ma

Image 1
Coseismic:
16 Apr 1995
16 Apr 1995
8 May 1992
19 Nov 1993
16 Apr 1995
19 Nov 1993

30 Jul
8 Oct
9 Oct
1 Apr
13 Oct
17 Nov

1995
1995
1995
1996
1997
1997

200
120
50
240
20
90

Postseismic:
12 Oct 1997
31 Mar 1996
1 Apr 1996
31 Mar 1996
1 Apr 1996
2 Dec 1996
30 Jul 1995
8 Oct 1995
12 Oct 1997
30 Jul 1995
17 Nov 1997
30 Jul 1995
8 Oct 1995
13 Oct 1997
30 Jul 1995
1 Apr 1996
13 Oct 1997
17 Nov 1997
7 Dec 1998

30 Jul
2 Dec
2 Dec
21 Apr
21 Apr
21 Apr
13 Oct
13 Oct
17 Nov
7 Dec
7 Dec
31 May
31 May
31 May
6 Mar
6 Mar
6 Mar
6 Mar
6 Mar

1995
1996
1996
1997
1997
1997
1997
1997
1997
1998
1998
1999
1999
1999
2000
2000
2000
2000
2000

60
60
60
90
100
40
240
80
460
230
310
310
10
80
290
160
520
250
70

a

B⊥ is the perpendicular baseline between the two images used to create each
interferogram.
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of these data limit their direct applicability to our InSAR analyses. First, the
MODIS and SAR data collections do not coincide temporally. Ideally, the PWV
content of the troposphere should be measured concurrently with acquisition of
SAR data. With the exception of one SAR scene (6 March 2000), all of our interferometric data were collected before launch of the Terra satellite, which carries the
MODIS sensor. Therefore, we use MODIS data to examine the daily and seasonal
fluctuations in PWV and extrapolate these patterns backwards in time to explore
the potential contamination of the InSAR data by PWV. All MODIS and ERS
data were collected around the same time of day (between 14:00 and 16:00 UTC),
which is serendipitous considering the significant variability in the density of fog
throughout a given day. A second shortcoming of the MODIS data is that the
spatial resolution of the measurements (1 km pixel spacing) is far lower than that
of the derived interferogram (30 m spacing). This hinders our ability to directly
correlate small-scale gradients in the LOS displacement field with abrupt changes
in the PWV content. The resolution of the MODIS data is, however, sufficient
to detect changes in PWV across scarps of the AFS, and so despite the temporal
and spatial limitations, we use the MODIS data to place some constraints on the
potential PWV contamination of small-scale signals in the SAR interferograms.
Because we are interested in using InSAR to detect whether or not upper
plate faults experienced slip triggered by the Antofagasta earthquake, we examine
profiles of PWV signal delay across of the Paposo fault scarp. We extract the PWV
content along the profiles for all MODIS data collected within the 15 day window
centered on the day-of-year of each SAR acquisition used in the interferometry to
constrain the seasonality of the PWV content. For example, MODIS data collected
between 23 July and 6 August in 2000–2006 are used to approximate the PWV
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distribution at the time of acquisition of the 30 July 1995 SAR image. We elected
to use a 15 day window to capture the seasonal variability in the PWV signal, and
also the intra-period variability. Figure 4.4 shows the mean and standard deviation
of the difference in PWV (∆PWV) across the Paposo scarp for periods of 7, 15,
and 30 days throughout the year. The sign convention of ∆PWV is such that
positive values of ∆PWV indicate PWV content greater in the valley adjacent to
the scarp than above the scarp itself. We calculated ∆PWV across the scarp for all
MODIS acquisitions for all days within a given time period. The weekly periods
were calculated for the 4th , 11th , 18th , and 25th day of each month, plus and minus
3 days. The 15 day (twice monthly) windows were calculated on the 7th and 21st
day of each month, plus and minus 7 days, while the monthly values were extracted
on the 15th day of each month, plus and minus 15 days. The weekly periods show
short-wavelength fluctuations in both the means and standard deviations (Figure
4.4a). The 15 day periods capture much of the inter-period variability (Figure
4.4b), but are not subject to as much noise as the weekly time windows. The
monthly periods (Figure 4.4c) show only a smoothly-varying seasonal trend in
∆PWV that does not reflect some of the shorter-wavelength changes shown by the
weekly and twice monthly calculations. In all cases, the standard deviations are
large compared to the magnitude of ∆PWV, demonstrating the significant daily
variation of moisture content.
For each interferometric pair, we calculate a histogram showing the frequency
of phase delay magnitudes (Figure 4.5). These histograms indicate the likelihood
that an observed offset in LOS displacement across a fault scarp can be explained
solely by the phase delay resulting from propagation of the radar signal through the
PWV in the troposphere. To prepare these histograms, we converted the MODIS-
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Figure 4.4: Annual variability in the PWV content across the Paposo fault. We extracted profiles across the scarp and

∆ PWV across Paposo scarp (mm)

measured PWV to magnitude of LOS radar phase delay using the equation (e.g.,
Hanssen, 2001; Pavez et al., 2006)
φv =

Π−1 PWV ∗ 4π
,
λ cos θi

(4.2)

where φv is the phase delay induced by 1 mm of PWV in the troposphere, Π is
a constant (∼0.15, Bevis et al., 1996), λ is the radar wavelength (56.56 mm for
ERS-1 and -2 data), and θi is the radar incidence angle in degrees from vertical
(24◦ for ERS-1 and -2 data at the Paposo scarp). Each φv profile within the 15 day
window encompassing the first SAR image in a interferometric pair is subtracted
from the φv profiles taken across the data collected within the 15 day window of the
second SAR image, resulting in a differenced profile of ∆φv values. The frequency
distribution of the maximum range of ∆φv values in each differenced profile (converted from radians to cm to facilitate comparison with the LOS measurements) is
represented by the histograms (Figure 4.5), with positive range values indicating
∆φv that are greater in the east than in the west of the profile.

4.6

InSAR and MODIS interpretation

Based on our analyses of the co- and postseismic InSAR data, we conclude that
the reported normal fault offset at the Paposo segment of the AFS is not imageable
using satellite geodesy. Figures 4.6 and 4.7 show example interferograms in the
Paposo region demonstrating key conclusions of our observations. Figure 4.8 summarizes the LOS offsets observed across the Paposo segment in all InSAR data,
measured from swath profiles taken at four different locations along the strike of
the scarp. We use the mean LOS values within the profile swath immediately west
and east of the fault scarp to define the offsets. In some cases, the offsets are not
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Figure 4.5: Histograms showing the frequency distribution of delay of the InSAR
phase by propagation through precipitable water vapor (PWV) in the troposphere.
The first column shows the contamination by PWV of the 6 coseismic interferograms, while the remaining columns indicate the effect of PWV on the postseismic
data. Histograms are constructed by taking a swath profile across the Paposo
fault of PWV measured by the MODIS satellite within one week of each SAR
acquisition, differencing the profiles for SAR image 1 from those for SAR image
2, then finding the maximum range of PWV within each differenced profile and
converting the range to the LOS delay using Equation 4.2. The mean (“M”) and
standard deviation (“SD”) are given in the upper right corner of each histogram.
See Section 4.5.1 for details.
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Figure 4.6: a) Wrapped coseismic interferogram using SAR acquisitions on 8 Oct
1995 and 16 Apr 1995. Arrows show position of abrupt phase offset at the Paposo
fault scarp. b) Unwrapped interferogram. Parallel black lines show the locations
of profiles. c) Profile data taken across the Paposo scarp on the unwrapped interferogram. Red, blue, and green lines represent the maximum, mean, and minimum
LOS displacement values encountered along the profile lines. The abrupt LOS offset located at the fault scarp has an east-side-up appearance and is of magnitude
0.7 cm. d) Wrapped coseismic interferograms using scenes collected on 13 July
1997 and 16 April 1995. Arrows show position of the Paposo scarp, yet fringes are
not offset. e) Unwrapped interferogram, confirming the lack of distinct LOS offset
across the scarp. f) Profiles taken across the Paposo scarp at the same location as
those in c). There is not a pronounced LOS offset across the scarp.
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Figure 4.7: a) Unwrapped postseismic interferogram constructed using SAR data
acquired on 31 May 1999 and 8 October 1995. Black lines show the positions of
scarp profiles shown in (c). (b) Unwrapped postseismic interferogram calculated
using SAR data collected on 2 Dec 1996 and 1 Apr 1996. Black lines show the
positions of scarp profiles in (d). (c) Profile data across the Paposo scarp, showing
LOS positively correlated with topography. Even the subtle topographic high and
low at the west end of the profile are mirrored by the LOS signal. (d) Postseismic
profile data showing negative correlation with topography and an abrupt LOS
offset similar to that seen in the coseismic profile of Figure 4.6c. The fact that
some postseismic data show LOS gradients similar to those seen in the coseismic
image indicates that any coseismic deformation triggered by the subduction zone
earthquake is not imageable using currently-available interferograms.
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abrupt and show a gradient similar to that of the topography (e.g., Figure 4.7b).
Although some coseismic interferograms show an apparent offset across the
fault (Figure 4.6a–c), several lines of evidence led us to conclude that the signal is
more likely to result from errors in the interferogram than from tectonic deformation: 1) The apparent offset signal is not present in all coseismic interferograms
(i.e., Figure 4.6d–f and low magnitude signals in Figure 4.8). Furthermore, some
postseismic interferograms, which we expect to contain no signal of upper plate
faulting, show a LOS displacement gradients across the scarp that are both positively and negatively correlated with topography (Figure 4.7b, d; 4.8). 2) The
apparent offset in LOS occurs along more than 20 km of the fault scarp (Figure
4.6a, b), whereas the field reports indicate that the putative coseismic scarp was
only several hundred meters long (Delouis et al., 1997, 1998). The extent of the
surface rupture does not necessarily reflect the region affected by upper plate faulting: buried (non-surface breaking) slip on the Paposo segment may have produced
cm-scale deflections of the surface for several km along strike on either side of the
surface scarp bounds. However, if this were the case, we would expect the InSAR data to show an approximately elliptical along strike distance-displacement
profile (e.g., Dawers et al., 1993), presumably centered about the reported 20 cm
vertical offset. Profiles taken across the scarp show approximately the same magnitude of phase offset regardless of position along strike. 3) The magnitude of the
LOS displacement offset is on the order of 1–3 cm (Figures 4.8), which can be
explained solely by the variation in PWV content across the scarp (Figure 4.5).
4) The symmetry of the PWV histograms indicates that positive and negative
correlation between PWV-influenced LOS displacement and topography are more
or less equally likely to occur, which can explain both the apparent west-side-up
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Figure 4.8: Date vs. offset plots for profiles P1–P4 taken at different locations
perpendicular to the strike of the Paposo segment of the AFS. Offset is defined as
the LOS displacement measured on the unwrapped interferograms on the east side
of the scarp minus the LOS displacement on the west side. The vertical line on 30
July 1995 marks the date of the earthquake, and the SAR data acquired that day
were collected after the mainshock. The largest magnitude of postseismic offset is
5–6 cm, similar to the 5.6 cm wavelength of the radar signal, indicating that this
offset likely results from an unwrapping error.

162

LOS offset (cm)

6

Profile 1
4
2
0
-2
1992

1993

1994

1995

1996

1997

1998

1999

2000

2001

1994

1995

1996

1997

1998

1999

2000

2001

1994

1995

1996

1997

1998

1999

2000

2001

1994

1995

1996

1997

1998

1999

2000

2001

LOS offset (cm)

6

Profile 2
4
2
0
-2
1992

1993

LOS offset (cm)

6

Profile 3
4
2
0
-2
1992

1993

LOS offset (cm)

6

Profile 4
4
2
0
-2
1992

1993

Date

163

and east-side-up patterns of displacement across the scarp seen in the postseismic
images (Figures 4.7, 4.8). Negligible displacement gradients across the scarp (e.g.,
Figure 4.6d–f and small magnitude offsets of Figure 4.8) indicate more spatially
homogeneous tropospheric conditions at the times of both SAR scene acquisitions.
Unwrapping errors (evident as the very sharp LOS gradients in the western half
of Figure 4.6b), which result from phase unwrapping across noisy portions of the
interferograms (compare Figures 4.6a and b) also produce abrupt offsets in the
LOS profiles (most notably the highest magnitude offset seen in Figure 4.8), but
even images without unwrapping errors show a similar style of offset.
Simons et al. (2002) and Fielding et al. (2005) used maps of interferometric
correlation to map surface ruptures associated with the 1999 Hector Mine, California and 2003 Bam, Iran earthquakes. In regions of low relief, correlation can be
used to determine the extent to which the reflecting properties of the surface have
changed between the SAR scene acquisitions as a result of tectonic and other disturbances (e.g., Zebker and Villasenor , 1992; Fielding et al., 2005). In the regions
affected by the Hector Mine and Bam earthquakes, linear traces of decorrelated
pixels in the interferograms coincide with mapped surface ruptures, thereby providing a spatially-complete view of the extent of ground deformation caused by
the events (Simons et al., 2002; Fielding et al., 2005). In areas of high relief, the
viewing geometries between the satellite and ground surface are slightly different
in each SAR scene, which can contribute a baseline-dependent geometric decrease
in correlation (e.g., Zebker and Villasenor , 1992; Fielding et al., 2005). The fault
scarps of the Antofagasta region are characterized by steep topographic slopes,
which in most of the co- and postseismic interferograms are highlighted by linear
traces of low correlation. The fact that this pattern is more obvious in interfero-
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grams with longer perpendicular baselines suggests that the low correlation results
from a geometric effect rather than a change in the radar scattering properties
through time. More widespread decorrelation in the mountainous region south of
Antofagasta, where the Paposo fault is located, likely stems from the effects of
imaging steep topography combined with the associated variability in atmospheric
moisture. Such decorrelation is evident even in the interferograms with baselines
40 m or less (Table 4.3). Because the reported surface rupture associated with
the Antofagasta earthquake lies along the Paposo fault scarp (Delouis et al., 1997,
1998), any decorrelation caused by the rupture itself may be masked by the larger
field of decorrelation resulting from the steep topography.

4.7
4.7.1

Discussion
Effects of slip distribution

Differences between models in the predicted upper-plate CSC result from the data
used as constraint, as well as the modeling strategy employed to find the best-fitting
slip distribution. Models 1–4 show broadly distributed slip of low to moderate
magnitude (maximum 3–4 m), whereas models 5–7 show a concentration of greater
magnitude slip (6–7 m) near the center of their model fault (Figure 4.3). The
groups of models, 1–4 and 5–7, differ in their predicted CSC fields in that the
former shows a continuous zone of positive CSC from regions offshore eastward
into the inner forearc, whereas the latter group is characterized by a zone of zero
to negative CSC in the coastal area near where upper plate normal faults are
concentrated. The slip maps differ not only in the magnitude and distribution of
coseismic slip, but also in the rake. Each fault patch of models 1, 2, 4, 6, and 7 is
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Figure 4.9: Perspective view demonstrating the Gaussian surface fitting described
in Section 4.7.1. All plots show the spatial distribution of coseismic slip on the
subduction thrust, with the x- and y-axes representing the downdip and alongstrike position, respectively, of a given fault element, and the z-axis showing the
slip magnitude. (a) Original slip map of model 6. (b) Best-fit Gaussian slipmap
for parent model 6. (c) Gaussian slipmap that produces continuous, positive CSC
throughout the coastal region. (d) Synthetic model with reduced curvature as compared to (b), yet still produces a zone of negative CSC near the coast. Parameters
for (b), (c), and (d) are given in Table 4.4 (models S4–6). The color scale applies
to all diagrams. See text for more details about the procedure.
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characterized by slip with a unique rake, whereas models 3 and 5 use a constant
rake for every fault element.
Because of the clear difference in both the spatial distribution of coseismic slip
and CSC patterns between the two groups of models, we explore further the link
between the concentration of slip and the resulting near-surface stress field. To
do so, we create synthetic slip maps that approximate the slip distribution of one
model from each of the two groups (models 2 and 6). These two models were
qualitatively judged to feature the smoothest varying slip distributions, which we
approximate with a Gaussian surface (Figure 4.9). By defining the synthetic slip
maps with a mathematical function, we can explore which of its properties most
strongly affect the stress field. We define the Gaussian slip distribution using the
equation
(x − bx )2 (y − by )2
u = a exp −
−
2c2x
2c2y



(4.3)

where u is the synthetic slip magnitude, x and y are the along-strike and downdip center coordinates of fault patches, a is the maximum slip magnitude of the
parent model, bi (i = x, y) are the coordinate locations of the maximum slip value
(relative to the southwest corner of the slipmap), and ci describe the curvature
of the Gaussian surface. We first use a grid search to solve for the best-fitting
parameters, then vary ci in order to examine the effects of the slip gradient on the
resulting map of CSC and calculate the total curvature for each slip map. For all
synthetic slip maps, we use the average rake of the corresponding parent model
(Table 4.1) for every fault element and hold constant the location bi of the element
with maximum slip. We adjust the magnitude of maximum slip a in order to
minimize the difference between the moment of the synthetic and parent models.
The differences present between the CSC maps of Figure 4.10 result from the
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varied curvature of the Gaussian surface describing the slip distribution. It is important to note that, despite the adjustments made to a, moment is not conserved
in these perturbed Gaussian models (Table 4.4). The variations in curvature serve
to demonstrate the difference in resulting near-surface CSC, but the slip models
themselves are not meant to accurately fit the constraining data of the parent
model.
The aforementioned effect of the qualitative differences in slip distribution in
models 1–4 and 5–7 on the CSC maps (Figures 4.2, 4.3) is confirmed by the
Gaussian surface synthetic slip maps. For each parent model, three Gaussian
slipmap approximations are shown in Figure 4.10: a statistical best-fit model (Figure 4.10a, d), a model with ci values that produce a continuous region of positive
CSC from the coast towards the arc (Figure 4.10c, f), and a model whose slip
distribution results in a zone of negative CSC in the coastal zone south of Antofagasta (Figure 4.10c, f). Reducing the overall curvature of the Gaussian surface fit
to parent model 6 — in other words, smoothing the transition from zero to a by
increasing ci — eliminates the coastal region of negative CSC that appears in the
parent model and the best-fitting Gaussian slip distribution (Figures 4.2g; 4.10e;
Table 4.4). Conversely, increasing the slip gradient of the Gaussian approximation
of model 2 (by decreasing ci ) introduces a zone of negative CSC similar to that
seen in models 5–7 (Figure 4.10c, Table 4.4).
The original inversions of geodetic and seismic data for slip on the subduction thrust incorporate smoothing algorithms to reduce the oscillatory nature of a
statistically best-fitting slip map. That is, the slip distribution that best fits the
constraining data in a purely statistical sense may show a physically unreasonable
pattern, where spatial variations in slip magnitude and direction are abrupt. Inver-
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Figure 4.10: Gaussian surface approximations of slip distributions and resulting
CSC maps. a–c. Gaussian distribution of slip based on parent model 2. d–f. Gaussian distribution of slip based on model 6. For each parent model, the Gaussian
distribution that best fits the actual slip magnitude distribution is shown (a, d)
along with adjusted Gaussian distributions that produce all positive CSC region
near the coast (b, e) and a zone of negative CSC along the coast (c, f). Table
4.4 shows parameters used in the Gaussian surface fitting of slip distribution. Moment is not conserved in all models: the difference in Gaussian fitting parameters
demonstrates only that the concentration of coseismic slip affects the near-surface
distribution of CSC.
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Parent
modela
2
2
2
6
6
6
ab
3.19
3.92
4.65
5.65
4.38
5.30

bx c
59
59
59
76
76
76
by
175
175
175
139
139
139

cx
39
29
21
20
28
22

cy
54
44
36
49
57
51

Synthetic
curvatured
0.0624
0.0880
0.1266
0.2039
0.1283
0.1809

Parent
curvature
0.0943
0.0943
0.0943
0.4911
0.4911
0.4911

Parent
Moment
(1010 m3 )
4.74
4.74
4.74
3.75
3.75
3.75

Resultf
B-P
P
N
B-N
P
N

b

Original slip map interpolated to a 10×10 km grid.
Parameter a is equivalent to maximum slip of parent model in meters.
c
Values of bi are presented in km relative to the SW corner of the parent model fault.
d
Curvature is calculated by summing the absolute value of the discrete Laplacian of slip calculated at each fault element.
e
Geometric moment, as in Table 4.1.
f
B = Model which best fits the parent model. P = Continuous zone of positive Coulomb stress change. N = Coastal zone
of negative Coulomb stress change.

a

Synthetic
model
S1
S2
S3
S4
S5
S6

Synthetic
Moment
(1010 m3 )e
3.77
3.00
2.19
3.45
4.27
3.69

Table 4.4: Gaussian surface parameters for synthetic slip maps (see Equation 4.3).

sion strategies seek to minimize both the error between data and model prediction
as well as the roughness of the solution (Menke, 1984). The fact that the smoothness or curvature of the solution affects the distribution of CSC demonstrates that
care must be taken in choosing a smoothing operator for the initial data inversion.
The geometric moment (defined as ΣAn un , where An is the area of fault patch n
and un is the slip magnitude on the patch and the sum is taken over all patches)
of both parent models used for the Gaussian fitting study are very similar (3.79
× 1010 m3 for model 2 and 3.64 × 1010 m3 for model 7, see Table 4.1), but the
maximum slip magnitude and curvature of the slip are very different, indicating
that it is the distribution of coseismic displacement on the subduction thrust that
governs the stress change patterns imposed in the forearc.
Sobiesiak (2004) used the distribution of aftershocks from the 1995 earthquake
to compute a b-value map for the event. Correlation between peak b-values and
isostatic residuals led Sobiesiak (2004) to propose that Jurassic batholiths in the
Antofagasta region, exert anomalously high normal stress on the subduction interface, resulting in asperities on the fault plane. While the correlation between
the regions of highest b-values, where mainshock moment release was greatest, do
not coincide exactly with the maximum slip of model 7 (Figure 4.11), the b-value
mapping shows distinct concentrations of high values, similar to the slip distributions of models 5–7 and the Gaussian surface models that employ steep slip
gradients. This provides further suggestion that the concentrated high-magnitude
slip distributions of models 5–7 more accurately portray the rupture pattern of the
1995 earthquake.
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Figure 4.11: 1 m contours of coseismic slip from model 7 (Pritchard et al., 2006a)
overlain on a color plot of the spatial distribution of b-value from Sobiesiak (2004).

4.7.2

Role of dynamic Coulomb stress changes

Dynamic Coulomb stress changes (DCSC) describe the change in Coulomb stress
as a function of time. As noted by Kilb et al. (2002), DCSC depend on both the
spatial and temporal evolution of the earthquake rupture and thus show different
patterns as compared to static CSC. We calculate DCSC using the method of
Cotton and Coutant (1997), the coseismic slip map based on the joint inversion of
Pritchard et al. (2006a) (model 7), and the layered elastic 1-D velocity model of
Husen et al. (1999). We calculate the stress tensor at 1 second intervals for 200
seconds, then rotate the stress tensor components to determine DCSC. We use the
same depth, friction, and receiver fault parameters as those presented in Section
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4.3 for the DCSC calculations. Figure 4.12a shows the peak DCSC, calculated by
taking the mean of the ten greatest-magnitude values of DCSC through the time
series. This approach was taken to smooth the plot of DCSC; the unsmoothed
version using the true maximum DCSC shows a similar albeit rougher distribution
of peak DCSC with magnitude up to 27 bars (compared to the maximum of 14
bars for the averaged version). Figure 4.12b shows the approximate static CSC,
calculated by taking the mean DCSC value over seconds 120-200 of the DCSC
record. The distribution of static CSC calculated in this way is reasonably similar
to that shown in Figure 4.2h.
Because the dynamic Coulomb stress change is a transient forcing carried by the
passing seismic waves, it does not affect the final state of stress on a particular fault.
Rather, dynamically triggered slip results from a change in the physical properties
of the fault and/or its surroundings (Kilb et al., 2002). The locality where coseismic
surface cracks formed nearly parallel to the Salar del Carmen segment of the AFS
(González et al., 2003) is anomalous in that vegetation is relatively dense and the
water table is nearer the surface than it is throughout much of the Antofagasta
region (D. Carrizo, pers. comm., 2004). Therefore, dynamic stress waves through
this region may have exploited the unique physical properties of the soil and/or
caused fluctuations in pore fluid pressure to cause open cracking. The strike of
cracks parallel to the local orientation of the AFS suggests that the fault influenced
crack formation by defining a preexisting weak zone and/or guiding stress waves
along a trajectory appropriate for opening surface cracks, though this effect is not
considered in our dynamic stress model.
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DCSC calculated at 1 km depth using the method of Cotton and Coutant (1997).
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4.7.3

End-member interpretations of InSAR observations

The lines of evidence presented in Section 4.6 indicate that the offsets seen in
the LOS profiles of the co- and postseismic InSAR data result from atmospheric
contamination of the radar signal, not tectonic surface deformation. The symmetry
of the PWV range histograms (Figure 4.5, Section 4.6) shows that the phase delay
caused by tropospheric PWV is equally likely to produce an east-side-up offset of
the SAR signal across topography as a west-side-up signal. Therefore, it is possible
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that the inconsistency we observe in the sense and magnitude of any LOS offset
in the interferograms could result from a convolution of true surface offset and the
effects of PWV. In other words, all apparent offsets seen in the coseismic InSAR
data may represent the combined effects of surface faulting and PWV delay, and
the lack of LOS offset in some coseismic interferograms, such as that shown in
Figure 4.6d-f, may result from a tectonic signal being “erased” by the appropriate
opposite PWV delay pattern.
The maximum LOS offset across the Paposo fault that we observe in any coseismic interferogram is ∼3 cm (Figure 4.8), while Delouis et al. (1997, 1998) report
20 cm of vertical displacement. The disparate measurements are not necessarily
contradictory: the field observations were presumably made at the location of the
scarp, while InSAR measures offsets over a length scale of one or more pixels (i.e.,
30 m). Assuming that the surface displacement field associated with the scarp
decays from 20 cm to 3 cm over a distance of 1–3 pixels (30–90 m), we can place
constraint on the depth to which the fault experienced triggered slip. To do so,
we use a simple 2-dimensional elastic dislocation model to calculate the vertical
displacement field resulting from 20 cm of slip on a surface-breaking fault dipping
70◦ E. Vertical offset is ∼20 cm at the fault and decays smoothly with distance
from the fault (Figure 4.13). We hold the fault dip and applied slip constant and
vary the downdip extent of faulting. We calculate the maximum vertical offset at
distances 30, 60, and 90 m from the fault, corresponding to the difference in LOS
at spacing 1, 2, and 3 pixels apart. In order to agree with both the end-member
interpretation of the InSAR observations and the field reports, the line-of-sight
displacement must be 3 cm at a distance of a few pixels away from the fault. We
find that the required downdip extent of faulting is just 25–50 m, which results in
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offset of 7–12, 2–7, and 0.7–3.7 cm at distances 30, 60, and 90 m from the fault
(Figure 4.13). If taken at face value, this end-member interpretation of the InSAR
data suggests that recent surface ruptures on forearc faults reflect deformation restricted to very shallow levels. However, as discussed in Section 4.6, we instead
interpret the lack of consistent sign and magnitude of offset signal across the fault
in the co- and postseismic interferograms as indication that no surface rupture can
be imaged using the currently-available data.

4.7.4

Implications for normal fault evolution

The lack of consistency between the static CSC predicted by the best-constrained
models (5–7), the InSAR observations, and the reported examples of coseismic fault
slip indicates that the static stress changes associated with the 1995 Antofagasta
earthquake can not explain the putative surface faulting attributed to the event.
Peak DCSC is everywhere positive and is thus a plausible mechanism for triggering
normal slip. There appears no clear relationship between the distribution of DCSC
and the localities of reported coseismic faulting, implying that the preexisting state
of stress on the fault segments that experienced triggered slip was such that the
DCSC was sufficient to cause rupture.
The majority of young normal fault scarps in the coastal region of northern
Chile lie within the negligible to negative CSC predicted by the models of slip
distribution that are constructed by inversion of multiple constraints from seismic and/or geodetic data (models 5–7 and the negative CSC Gaussian variants).
Furthermore, models that predict positive CSC (models 1–4, positive CSC Gaussian variants, and peak DCSC) for the coastal region south of Antofagasta show a
“saddle” pattern of Coulomb stress increase: areas just offshore and in the eastern
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Figure 4.13: Simple two-dimensional dislocation model of the displacement field
surrounding the Paposo segment of the Atacama Fault System. In order for the
displacement field to agree with both the field reports and the end-member interpretation of the InSAR data (Section 4.7.3), vertical offset must be ∼20 cm at the
fault and just 3 cm at a distance of a few pixels away from the fault. 20 cm of
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displacement.

178

part of the Coastal Cordillera lie within zones of CSC of greater magnitude than
the changes predicted for the coastal region where faults are mapped. Numerous north-south striking normal faults have been imaged offshore and are thought
to result from gravitational instability caused by tectonic erosion at the subduction trench (von Huene and Ranero, 2003; Sallàres and Ranero, 2005). However,
models resolving the coseismic CSC onto planes dipping 30◦ W, consistent with
the low-angle nature of these faults as seen in seismic reflection data (von Huene
and Ranero, 2003; Sallàres and Ranero, 2005), also show a maximum increase in
Coulomb stress in offshore regions at ∼23.75–24.5◦ S latitude, suggesting that coseismic stress may be superimposed on the long term gravitational stress field to
induce movement on these structures.
The fact that the majority of onshore normal faults around Antofagasta lie
within regions of near zero to negative CSC (models 5–7), or in the low magnitude part of the “saddle” of Coulomb stress increases (models 1–4) argues against
coseismic static stress change being the sole cause of extensional failure. Delouis
et al. (1998) present a model in which Coulomb stress on normal faults is reduced
by interseismic contraction and increased by subduction earthquakes, and when a
Coulomb failure stress is reached following several subduction earthquake cycles,
rupture will occur. Models of interseismic deformation (Chapter 5) indicate that
Coulomb stress is increased due to flexural stresses, while the coseismic models
presented here indicate that stress may then be increased or decreased during a
subduction earthquake depending on the distribution of coseismic slip (Section
5.7.3, Figure 5.11). Thus, normal fault slip may occur during the interseismic period of the subduction earthquake cycle or exclusively when triggered by coseismic
increases in Coulomb stress.
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Reverse slip may be encouraged on faults lying within a zone of negative CSC.
Minor reverse slip has occurred on the Salar del Carmen and Paposo segments
(Sections 5.4.1, 5.4.2), and the CSC models presented here provide a mechanism
for this style of deformation. For a fault to reverse its long-term sense of motion in
response to the low-magnitude stress change induced by a subduction zone earthquake, the level of existing stress on the fault must be minute. This may indicate
that the slipping zone is weak, characterized by a low coefficient of friction, high
fluid pressure, and/or reduced rigidity of the fault zone (Fialko et al., 2002; Fialko,
2004; Fialko et al., 2005). Distributed failure within complaint fault zones 1–2 km
wide with a modulus of rigidity about half that of the surrounding crust is found
to be the mechanism most consistent with small-scale deformation triggered by the
1992 Landers (Fialko, 2004) and 1999 Hector Mine (Fialko et al., 2002) strike-slip
earthquakes in southern California. The width of the compliant zone is inferred
from the lateral extent of detectable LOS displacement in InSAR data. If the offset
signals we observe in the InSAR data spanning the Antofagasta earthquake indeed
represent tectonic deformation (Section 4.7.3), the width of the deforming zone
around the Paposo fault is on the order of 100-200 m — an order of magnitude
smaller than that suggested for the southern California faults (Fialko et al., 2002;
Fialko, 2004). Therefore, the slip on the AFS and other forearc faults that results in surface rupture seems restricted to a narrow and shallow zone immediately
surrounding the fault.
The apparent restriction of surface-rupturing motion on the AFS and other
forearc faults to shallow depths leaves open the question of the seismogenic capacity
of these structures. Models of co- and interseismic CSC calculated at a depth
of 10 km — a depth more typical of seismogenesis in well-developed fault zones
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(e.g., Scholz , 2002) — show more homogeneous stress fields, lacking the shortwavelength anomalies of the near-surface models (Figures 4.2, 5.9). Specifically, at
this depth, interseismic convergence induces negative CSC on normal faults, while
the elastic rebound of the deep crust during subduction zone earthquakes increases
the Coulomb stress on the forearc faults. Stress changes at 10 km depth are also
less sensitive to the slip distribution on the plate interface than those at 1 km
depth. As a result, the stress exerted by an earthquake on upper plate faults at 10
km depth may completely cancel the stress applied by the preceding interseismic
period. Regions nearer the surface, which are more sensitive to the details of the
earthquake rupture, may experience co- and interseismic CSC that do not cancel
each other. This allows stress to accumulate from one seismic cycle to the next,
eventually resulting in an episode of deformation that could either be triggered by
a subduction zone earthquake or occur during the interseismic period.
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González, G., and D. Carrizo (2003), Segmentación, cinemática y chronologı́a relativa de la deformación tardı́a de la Falla Salar del Carmen, Sistema de Fallas
Atacama, (23◦ 400 S), norte de Chile, Revista Geológica de Chile, 30 (2), 223–244.
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CHAPTER 5
RELATIONSHIPS BETWEEN UPPER-PLATE STRUCTURES AND
THE SUBDUCTION ZONE EARTHQUAKE CYCLE IN THE
NORTHERN CHILEAN FOREARC

5.1

Abstract

Despite its location in a convergent tectonic setting, the Coastal Cordillera of
the northern Chilean forearc between 18◦ and 25◦ S is dominated by structures
demonstrating extension in the direction of plate convergence. In some locations,
however, normal faults have been reactivated as reverse faults, complicating the
long-term strain patterns. Here we combine new structural observations and models of Coulomb stress changes associated with the Andean subduction zone earthquake cycle in order to investigate the influence of plate boundary processes on
upper plate deformation. Models of strain accumulation on the subduction interface predict positive Coulomb stress changes on mapped upper plate normal faults
during the interseismic period. These increases in stress bring structures closer to
the point of failure, which may occur as a result of triggering by elastic rebound
due to interplate earthquakes, or as seismic or aseismic motion that takes place
within the interseismic period of the subduction earthquake cycle. Seismic hazard analysis for northern Chile requires consideration not only of the major plate
boundary earthquake cycle, but also an intraplate cycle that may or may not coincide with the interplate seismic pattern. A latitudinally-varying maximum depth
of interplate coupling along the northern Chilean plate boundary, based on previous seismic and geodetic studies, predicts a distribution of interseismic Coulomb
stress change that is consistent with the distribution of normal faults. North of the
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Mejillones Peninsula (∼23◦ S latitude), the Andean margin is modeled as locked
(zero slip condition) between 20 and 50 km depth, while locking south of the peninsula is restricted to between 20 and 38 km depth. Strong subduction earthquakes,
such as the 1995 Mw =8.1 Antofagasta event, produce coseismic stress fields that,
while complex, provide a mechanism for the small amounts of reverse motion we
observe on some faults. Though the relationships between permanent strain and
deformation calculated using elastic models remain unclear, the compatibility of
stress fields predicted by these models with the distribution of faulting in the forearc indicates that interseismic strain accumulation and coseismic deformation both
play significant roles in determining faulting patterns within the forearc.

5.2

Introduction

The Central Andes have long been considered the type example of a non-collisional
orogen (Allmendinger et al., 1997). The crustal shortening and thickening that
results from coupling between the subducting Nazca and overriding South American plates is well documented by both geologic and geodetic measurements. The
Altiplano-Puna plateau, the second largest continental plateau on Earth, and foreland fold-and-thrust belts provide evidence of long-term thickening and shortening
of the crust (e.g., Isacks, 1988; Allmendinger et al., 1997), while GPS surveys of
the central Andes capture the modern strain field, which also demonstrates shortening on the scale of the orogen during interseismic periods (Figure 5.1; Norabuena
et al., 1998; Bevis et al., 2001; Klotz et al., 2001; Brooks et al., 2003).
Deformation in the Andean forearc of northern Chile, however, is marked by
structures indicating extension in the direction of plate convergence. Numerous
normal faults and open cracks striking approximately north-south occur both on188

Figure 5.1: Seismotectonic setting of the northern Chilean forearc. Interseismic
shortening on the scale of the orogen is demonstrated by the eastward decrease
in GPS velocity (black vectors, length scale labeled “I”), while elastic rebound
during the 1995 Antofagasta earthquake is shown by the westward increase in
coseismic GPS displacement (gray arrows, length scale labeled “C”). Interseismic
data north of Antofagasta is from Kendrick et al. (2001) and from Brooks et al.
(2003) to the south. Interseismic data is contaminated by the co- and postseismic
signal of the 1995 earthquake. Coseismic data are from Klotz et al. (1999). NazcaSouth America convergence vector shows approximate direction but not magnitude
of relative plate motion. Dashed ovals show approximate rupture areas of several
prominent underthrusting earthquakes, while the circles mark the actual or inferred
epicenters (Data from Kelleher , 1972; Comte and Pardo, 1991; Ruegg et al., 1996).
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and offshore (Arabasz , 1971; Delouis et al., 1998; González et al., 2003; von Huene
and Ranero, 2003; Loveless et al., 2005). Several hypotheses have been put forth
to explain the observed extension within a tectonic setting otherwise characterized
by shortening: (1) extension and uplift associated with subduction erosion (Armijo
and Thiele, 1990; Niemeyer et al., 1996; Delouis et al., 1998; von Huene et al., 1999;
Sallàres and Ranero, 2005); (2) coseismic release of strain accumulated during
interseismic periods (Delouis et al., 1998; Loveless et al., 2005); and (3) strains
associated with the interseismic convergence (Delouis et al., 1998; González et al.,
2003; Loveless et al., 2005).
Insight into the latter two proposed mechanisms for upper plate faulting can
be gained using elastic models of stress changes induced by the subduction zone
earthquake cycle. We present models showing that the interseismic period plays an
important role in the evolution of extensional structures in the northern Chilean
forearc, while complicated coseismic deformation fields have implications for the
apparently contradictory senses of motion on some of these faults. We focus on
the region near the city of Antofagasta (23.5◦ S), where numerous well-developed
fault scarps and some exposed fault planes provide information about the kinematics of permanent deformation. The patterns of deformation associated with the
subduction zone earthquake cycle are similar to those demonstrated by geological
structures, indicating a relationship between the short- and long-term deformation
fields. The seismic cycle and permanent surface deformation are fundamentally
driven by the same stress field (Allmendinger et al., 2005, 2007), which implies
their interdependence. Numerous previous studies in the Andean forearc have
used elastic modeling of geodetic data to extract information about subduction
processes (e.g., Klotz et al., 1999; Bevis et al., 2001; Pritchard et al., 2002; Khaz-
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aradze and Klotz , 2003; Pritchard et al., 2006), and we suggest here that geological
data also offer insight into the properties of the plate boundary interface. Unlike
the geodetic measurements which record only a snapshot of the tectonics, the permanent deformation fields reflect plate boundary strain accumulated over many
earthquake cycles.

5.3

Tectonic and geological setting

For the past 25 Ma, convergence across the strongly-coupled plate interface between the Nazca and South American plates has resulted in significant crustal
thickening and shortening. Presently, motion of the Nazca Plate relative to stable
South America is described by a vector with velocity ∼65 mm yr−1 directed ∼075◦
along the northern Chilean coastline (Figure 5.1; Kendrick et al., 2001). Elastic dislocation modeling of interseismic GPS data indicates that the Nazca-South
American plate interface is fully locked between depths of 20 and 35–50 km (Bevis
et al., 2001; Khazaradze and Klotz , 2003), which is broadly consistent with the
extent of the seismogenic zone as determined by inversion of teleseismic waveforms
(Tichelaar and Ruff , 1991). GPS data capture shortening in the direction of plate
convergence on the scale of the orogen during the interseismic period (Kendrick
et al., 2001; Bevis et al., 2001; Brooks et al., 2003; Chlieh et al., 2004) and extension of the forearc in the same direction during subduction earthquakes (Figure
5.1; Ruegg et al., 1996; Klotz et al., 1999). Much of the strain that accumulates
across the locked plate boundary during the interseismic period is relieved during
strong subduction earthquakes, the recurrence interval of which is estimated to be
100-150 years (Comte and Pardo, 1991) in northern Chile.
This paper focuses on the Coastal Cordillera of the northern Chile forearc,
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which represents a relic of the Mesozoic Andean arc and comprises dominantly Late
Jurassic and Cretaceous plutonic and volcanic rocks. Bedrock exposure is generally
poor as the surface is blanketed with gypsum-indurated regolith (Rech et al., 2003,
2006). The hyperarid climate of the Atacama Desert, which has persisted since at
least 6 Ma (Hartley and Chong, 2002) if not 19–13 Ma (Rech et al., 2006), allows for
long-term preservation of surface features. The principal structure of the northern
Chilean forearc is the Atacama Fault System (AFS, Figure 5.1), which originated
in the Mesozoic as a major strike-slip structure governing the tectonics of the
arc (Arabasz , 1971; Naranjo, 1987; Scheuber and Andriessen, 1990). Lithologic
relationships, steep dips, and traces that are linear over great distances indicate
the previous kinematics of the AFS and splays from it (Arabasz , 1971; Scheuber
and Andriessen, 1990; Scheuber and González , 1999; Delouis et al., 1998; González
et al., 2003).

5.3.1

Neotectonics of the Antofagasta Region

While numerous margin-parallel faults in the Coastal Cordillera are of suspected
Mesozoic strike-slip origin, field studies indicate that they have experienced strikeand/or dip-slip neotectonic reactivation (Arabasz , 1971; Armijo and Thiele, 1990;
Delouis et al., 1998; Riquelme et al., 2003; González et al., 2003, 2006). Compilations of slip data from the Mejillones Peninsula and the Salar del Carmen segment
of the AFS show fault plane solutions consistent with normal faulting due to eastwest extension (Delouis et al., 1998; González et al., 2003). Dextral slip indicators
on northwest-striking faults in the Salar Grande region (21◦ S) and the Barazarte
fault, southeast of Antofagasta, are kinematically consistent with regional eastwest extension. The activity level and recurrence interval of faults are poorly
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constrained, primarily due to the lack of dateable organic material within faulted
sediments and complications brought about by the hyperarid climate. González
et al. (2006) present cosmogenic dating of alluvial fan surface which date the most
recent motion of the Salar del Carmen segment of the AFS to 424±151 ka. Scarp
morphology dating suggests scarp ages ranging between 16 and 400 ka; the large
range reflects uncertainty in the diffusion constant used in the dating (González
and Carrizo, 2003). The hyperaridity of the region is capable of preserving structures for long periods of time; even ruptures with a fresh appearance may reflect
deformation that occurred thousands of years ago (González and Carrizo, 2003;
González et al., 2006). Vertical offset of 15-20 cm along the Paposo segment of
the AFS, located south of Antofagasta around 25◦ S latitude (Delouis et al., 1997,
1998; Klotz et al., 1999), and near the Uribe railway station along the Salar del
Carmen segment (Klotz et al., 1999), are reported to have accompanied the 1995
Mw =8.1 subduction zone earthquake, which occurred offshore Antofagasta.

5.4

New Structural Observations

New field observations at several key localities in the Antofagasta region augment
the neotectonic database described above. Along the northern part of the Salar
del Carmen segment of the AFS (labeled “SC” on Figure 5.2), we observe reverse
fault reactivation of the normal fault that has accommodated the displacement
responsible for the large topographic scarp. At a site along the Paposo segment
of the AFS (“P” on Figure 5.2), we see morphological characteristics similar to
those present at the Salar del Carmen site and thus infer the same style of fault
reactivation.
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Figure 5.2: Shaded-relief topography location map showing key localities in the
Antofagasta region. Black dashed lines show surface projections of subduction
trench and 50 km Wadati-Benioff zone contour (Cahill and Isacks, 1992). Thin
black line marks the trace of the Atacama Fault System (AFS), while other prominent topographic scarps mark subsidiary faults. Field sites discussed in Section
5.4 are labeled as “SC” (Salar del Carmen segment of the AFS, Section 5.4.1) and
“P” (Paposo segment, Section 5.4.2).
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5.4.1

Northern Salar del Carmen segment of the AFS

About 65 km northeast of Antofagasta at the northern end of the Salar del Carmen
segment of the AFS (23.15◦ S, 70.06◦ W), we observe structural and morphological
characteristics indicating that the basin at the foot of the scarp has moved up
relative to the fault-bounded mountain front. In map view (Figure 5.3), the SEfacing topographic scarp, which we interpret to have been constructed by normal
slip on a SE-dipping fault, features a narrow yet prominent dark band midway
up the slope. The band marks a subtle topographic bench on the scarp, where a
gentler slope has allowed for accumulation of coarse alluvium. Channels incising
the scarp provide structural and morphological lines of evidence for reverse fault
reactivation of the Salar del Carmen segment. Channels that are sufficiently deeply
incised expose a basement wedge in the hanging wall is upthrust against footwall
alluvium (Figure 5.4a). Measurement of the magnitude of slip is complicated
by discontinuity of offset marker horizons but is estimated to be on the order of
1–2 m. Uplift of this basement wedge has resulted in folding of salt-indurated
alluvial material (Figure 5.4a, inset) immediately above it, and broad-scale uplift
and gentle warping of the modern surface, producing the topographic bench. The
uplift of the hanging wall relative to the footwall is indicated by the change in
incision style of scarp-perpendicular channels that occurs at the level of the reverse
faulting. Above this height, channels show a gentler morphology, whereas below
the topographic bench, incision into the hanging-wall alluvium is more pronounced
(Figure 5.4b). Other anomalies in the scarp topography, as can be seen above the
main topographic bench in Figure 5.4b, may represent minor amounts of normal or
reverse faulting on other fault splays, or they may represent slumping of alluvium
unrelated to faulting.
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the arrows.

the Atacama Fault System. Locality is shown as box labeled “SC” in Figure 5.2. The topographic bench is highlighted by

Figure 5.3: QuickBird satellite image of the site of reverse fault reactivation of the northern Salar del Carmen segment of

Figure 5.4: a) Field photo showing exposure of reverse faulting in a scarpperpendicular channel with topographic bench overlying the fault. Black arrows
on the scarp surface mark the topographic bench on which darker cobbles have
accumulated. Dashed white arrow shows approximate location of fault. Geologist
for scale. Zoom photo demonstrates salt-cemented alluvial material folded by the
reverse faulting. Dashed white line represents the approximate axial plane of the
fault-related fold. b) Field photo, taken facing scarp, showing the change in incision style coincident with the topographic bench (marked by black dashed line),
from shallowly-incised above the bench to more sharp below the bench.
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The correlation between the reverse faulting and the overlying topographic
bench allows the bench to be used as an indicator of the along-strike extent of
reverse fault reactivation. Along the Salar del Carmen segment, the bench extends
for about 2 km (Figure 5.3). The width of the bench (as expressed in satellite
imagery and as defined by the extent of anomalously dark surface cobble accumulation) is a function of the degree of surface curvature. That is, the bench is
narrower where the surface is more abruptly curved by the reverse faulting beneath, and wider where the bench is more subtle. Given the relationships between
the subsurface faulting and development of the topographic bench, as seen in and
above the deepest-incised channels, the topographic bench width and curvature
depends primarily on the burial depth of the reverse fault. A narrow, more abrupt
bench correlates with a shallowly-buried fault, while the wider, subtler bench indicates a more deeply-buried fault.

5.4.2

Northern Paposo segment of the AFS

Morphological characteristics similar to those seen at the northern Salar del Carmen segment site are observed along a 3.5 km-long stretch of the scarp of the
Paposo segment of the AFS (73 km south of Antofagasta; 24.32◦ S, 70.31◦ S, box
“B” on Figure 5.2). In this case, a topographic bench on the scarp is highlighted
by alluvial material lighter in color than that covering other parts of the slope
(Figure 5.5a). No channels cross-cut the scarp sufficiently to expose bedrock, but
some shallow drainages do show a change in incision style at the height of the
topographic bench, similar to those at the Salar del Carmen site. This change
in channel morphology, from gently incised above the bench to more sharply incised below, in conjunction with the relative uplift of the hanging-wall alluvial fan
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Figure 5.5: Site of inferred reverse fault reactivation of the northern Paposo segment of the Atacama Fault System. Locality is shown as a diamond along the fault
labeled “P” in Figure 5.2. a) Field photo looking obliquely at the scarp. The white
arrows highlight the topographic bench, which is marked by an accumulation of
alluvium lighter in color than that covering other parts of the slope. b) Profile
view of the scarp indicating the uplift of the hanging-wall alluvial fan relative to
the footwall. Offset is on the order of 1–2 m.
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as seen in profile (Figure 5.5b), indicates about 1 m of reverse fault reactivation.
About 70 km along strike to the south (at 24.94◦ S, 70.43◦ W), an exposure of the
master normal fault in a pronounced canyon indicates a steep east dip, consistent with the morphology of the cumulative normal fault scarp and suggestive of
east-side-up reverse faulting as the cause of the relative uplift of the alluvial fan
surface.

5.5

Modeling seismic cycle deformation

The new field observations demonstrate complexity in the permanent strain field
of the forearc. Whereas previous studies of the neotectonics of the Antofagasta region have found fault kinematic indicators consistent with east-west extension, the
northern Salar del Carmen and Paposo faults show signals of deformation indicative of east-west shortening. To explore the consistency between these complicated
permanent strain patterns and the stress fields generated by the subduction zone
earthquake cycle, we use elastic dislocation modeling to calculate the influence of
the seismic cycle on upper plate structures.
Elastic dislocation algorithms (Savage, 1983; Okada, 1985, 1992) have been
widely used to model surface displacement and velocity fields determined through
geodetic measurements. Such data lend themselves to this type of modeling, as
they are interpreted to reflect primarily signals of elastic strain accumulation and
release resulting from fault processes. We use these models to generate a first-order
view of the stress fields that are induced by the inter- and coseismic periods and
compare these stress fields to the deformation patterns exhibited by structures in
the forearc.
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5.5.1

Interseismic modeling

In the case of a subduction zone, interseismic strain accumulation is commonly
simulated using the “backslip” model proposed by Savage (1983), which prescribes
artificial normal fault slip at the plate convergence rate on a locked (not slipping)
portion of the plate interface and zero slip on the stably sliding parts of the fault.
This construction is kinematically equivalent to thrust-type interseismic strain accumulation across a locked plate boundary. The application of the dislocation
only on the locked portion of the plate boundary is justified by the assumption
that significant strain accumulation takes place only on this portion of the interface (Savage, 1983). We use this model as the foundation for our interseismic
simulations.

5.5.1.1

Model parameters

We model the effects of interseismic strain accumulation on the plate boundary
interface using Poly3D, a three-dimensional boundary element program (Thomas,
1993). The plate boundary is discretized into triangular elements, allowing the
curvature of the interface to be accurately modeled. We define the plate boundary
geometry by first taking a series of profiles perpendicular to the local strike of the
plate boundary from 20◦ –31◦ S, determining the latitude and longitude of the trench
and 50 km and 100 km depths of the Wadati-Benioff zone (Cahill and Isacks, 1992),
then finding the parameters of the arcs defined by the latitude, longitude, and
depth triplets. We then interpolate the resulting geometry to define the triangular
slip elements used in the modeling (Figure 5.6a). The backslip distribution is
calculated using the program DISL3D (Wang et al., 2003), which determines the
magnitude and rake of slip on each element based on its position with respect to the

204

Euler pole of relative plate motion as defined by Kendrick et al. (2001). Because
the modeling is carried out in an elastic half-space, we correct the plate boundary
geometry for topography and bathymetry (Figure 5.6b, Flück et al., 1997). The
plate boundary is divided into three regions: the seaward transition zone, which
extends from the trench to approximately 20 km depth; the locked portion of the
interface, between 20 and 32–45 km depth; and the downdip transition zone, which
extends 15 km deeper than the bottom of the locked zone.

5.5.1.2

Slip distribution

We apply backslip equal to the plate convergence rate to the locked portion of
the subduction fault in order to mimic interseismic strain accumulation. Within
the transition zones, up- and downdip of the locked zone, the applied backslip
magnitude lies between zero and the convergence rate. With increasing depth,
subducted material lying at the plate interface within updip (seaward) transition
zone is progressively dewatered, allowing for the transition from stable to unstable
interplate sliding (Oleskevich et al., 1999). Downdip of the locked zone, the interface behavior experiences a transition from stick-slip to thermally-activated stable
sliding (Oleskevich et al., 1999). Smoothly tapering the slip within the transition
zones serves as a kinematic approximation for the gradual changes in physical behavior (e.g., Wang et al., 2003; Chlieh et al., 2004). We use a Gaussian function,
shown schematically in Figure 5.6c, that minimizes abrupt changes in slip magnitude which could produce concentrations of near-surface strain (Figure 5.6c, e.g.,
Savage, 1983). The slip magnitude on each element within the transition zone is
described as
0
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minimizing abrupt changes in slip magnitude between adjacent elements.

(Equation 5.1) to smoothly taper the backslip magnitude from its maximum value to zero across the transition zones, thereby

to the distance between the original plate boundary model and the overlying topography. c) We use a Gaussian function

of Flück et al. (1997). The resulting distance between the adjusted plate boundary and the half-space surface is equivalent

out in an elastic half-space, we modify the plate boundary geometry based on the overlying topography, using the method

discretized into triangular elements in order to accurately capture the curved geometry. b) Because the modeling is carried

based on the shape of the Wadati-Benioff zone as defined by Cahill and Isacks (1992). The modeled plate interface is

Figure 5.6: Construction of the boundary element model for interseismic strain accumulation. a) The model geometry is

a.

Depth (km)

where u0 is the corrected slip magnitude within the transition zone, u is the slip
magnitude of the locked element nearest the particular transition zone element, s
is the along-arc position of the transition zone element relative to the updip extent
of that zone, and c is a shape factor governing the Gaussian curvature or gradient
of the slip transition.
The maximum depth of interplate locking has been addressed by several studies
in northern Chile (Tichelaar and Ruff , 1991; Comte et al., 1994; Delouis et al.,
1996; Bevis et al., 2001; Khazaradze and Klotz , 2003), which we considered when
choosing our model parameters. Ambiguities in the definition of the term “plate
coupling” have been discussed previously (Wang and Dixon, 2004a) and we here
present the concepts relevant to our models. Variation in the nature of the interface
between the subducting and overriding plates in a subduction zone can be characterized using frictional or kinematic boundary conditions. The frictional conditions
on the interface vary from those that allow stable sliding to those consistent with
unstable or stick-slip interaction (e.g., Pacheco et al., 1993). Kinematic boundary
conditions describe relative motion between the plates ranging from slipping at
the rate of plate convergence to not slipping. Equivalence between the frictional
and kinematic descriptions of interplate behavior is not clearly established (Wang
et al., 2003; Wang and Dixon, 2004a; Lay and Schwartz , 2004; Wang and Dixon,
2004b). We note that the 20–50 km depth extent of kinematic locking (i.e., no relative motion) that accurately predicts surface GPS velocities (Bevis et al., 2001)
agrees with the observed depth range of underthrusting earthquakes (Tichelaar
and Ruff , 1991), indicating that, to a first-order, the zone of kinematic interplate
locking and the seismogenic zone coincide. In our modeling of the seismic cycle,
we use information regarding the extent of locking used to model GPS data (e.g.,
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Bevis et al., 2001; Khazaradze and Klotz , 2003) as well as the depth range of the
seismogenic zone (e.g., Tichelaar and Ruff , 1991; Comte et al., 1994; Delouis et al.,
1996).
Tichelaar and Ruff (1991) used seismic waveform inversion to deduce that the
maximum seismogenic depth is at least 45–48 km for northern Chile (18◦ –24◦ S),
no deeper than 36–41 km for the Taltal region (24◦ –27◦ S), and at least 48–53 km
in the Copiapó region (27◦ –30◦ S). Thus, transitions between deeper and shallower
coupling take place around the latitudes of Antofagasta and Copiapó. In their local seismic study of the Antofagasta region, Delouis et al. (1996) note a “reduced”
number of earthquakes occurring between 35 and 50 km depth and indicate that
these events are more consistent with reverse faulting than underthrusting. Khazaradze and Klotz (2003) show a change in extent of coupling from 50 km to 35
km depth around the latitude of the Mejillones Peninsula based on elastic modeling of GPS data. Their modeling is complicated in the region of the transition
by post-seismic deformation associated with the 1995 Antofagasta earthquake and
the low density of stations from 25◦ –30◦ S. Comte et al. (1994) suggest that the
maximum depth of the coupled interplate zone is 47 km throughout the Antofagasta region based on locations of thrust-type earthquakes. By inverting geodetic
and seismic data, Pritchard and Simons (2006) determined the slip distributions
for 11 Mw > 6 earthquakes in the Antofagasta region. The largest earthquake
studied — the 1995 event — ruptured the plate boundary to a depth of ∼40
km, while 4 smaller earthquakes occured farther downdip. Pritchard and Simons
(2006) propose that the interface between 40–50 km depth may be characterized
by discontinuous patches within which the smaller earthquakes can nucleate, but
surrounded by stably-sliding regions. The kinematic definition of the transition
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zone serves as a gross approximation for such heterogeneity: because only isolated
portions of the interface slip seismically, it is likely that interseismic strain accumulation occurs on these patches, with lesser accumulated strain in the intervening,
stably-sliding regions.
We model a change in the maximum depth of full interplate locking around
the latitude of the Mejillones Peninsula (23.5◦ S), based the observations of the
seismogenic zone described above. North of this latitude, the locked portion of
the plate interface extends from 20–45 km, with transitional slip to 60 km. This
extent of locking is consistent with the elastic modeling of interseismic GPS data in
northern Chile and southern Peru (Bevis et al., 2001). Near Antofagasta, we model
locking between 20–32 km, with transitional slip to 45 km. We follow the geometry
described Tichelaar and Ruff (1991) for the Copiapó region and smoothly increase
the width of the coupled zone around 27◦ S (Figure 5.7).

5.5.1.3

Asperity model of interseismic strain accumulation

The prescription of distributed slip described above assumes that interseismic
strain accumulation occurs in a broadly distributed manner subject to the geometrical constraints along strike and within the transition zones. However, detailed
studies of the 1995 Antofagasta earthquake (e.g., Ihmlé and Ruegg, 1997; Sobiesiak ,
2004; Pritchard et al., 2006) indicate a spatially-variable distribution of slip with
several concentrations of enhanced moment release. Additionally, Song and Simons (2003) and Wells et al. (2003) demonstrate a correlation between regions
of substantial seismic moment release and negative gravity anomalies in several
subduction zones worldwide. Bürgmann et al. (2005) show that GPS data recording interseismic deformation can be modeled using either a broad slip distribution
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Figure 5.7: Slip distribution of the boundary element model, shown as the backslip
magnitude normalized to the maximum slip. The slip values are calculated using
the method of Wang et al. (2003) and the Euler pole of relative plate convergence
of Kendrick et al. (2001). The extent of full interplate coupling lies between 20
and 50 km depth in northernmost Chile and decreases to between 20 and 38 km
around the latitude of the Mejillones Peninsula. Updip and downdip of this zone
are transition zones within which the backslip magnitude decreases smoothly from
the maximum value to zero. See Section 5.5.1.2 for more details.
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or a more concentrated distribution consistent with regions of large-magnitude
coseismic slip, which correlate with measured negative gravity anomalies. To explore the effects of irregularly-distributed interseismic strain accumulation on the
northern Chilean subduction zone, governed by gravity anomalies as measured by
Sandwell and Smith (1997), we follow the approach of Song and Simons (2003) and
calculate the trench-parallel gravity anomaly (TPGA) along the northern Chilean
forearc (Figure 5.8a). The TPGA is determined by subtracting the average trenchnormal free-air gravity anomaly from the gravity field, which serves to highlight
short-wavelength variations in gravity. We scale the backslip magnitude on the
subduction thrust (calculated as described in Section 5.5.1.2) by the TPGA, defining regions of full coupling (backslip at the plate convergence rate) as those that
correlate with most negative TPGA. Within the regions where positive TPGA
reaches a maximum values, backslip magnitude is scaled by 50% of its value as
defined in Section 5.5.1.2 and shown in Figure 5.7. The resulting adjusted slip
distribution is shown in Figure 5.8b.

5.6

Modeling results

Models of interseismic loading in the Antofagasta region show patterns of deformation consistent with the distribution of normal faults. We use the calculated stress
tensor to determine the Coulomb stress change (∆σc ), which provides a single,
convenient quantity used to evaluate how the subduction zone processes influence
the upper plate structures. ∆σc is defined as
∆σc = ∆τ − µ0 ∆σn ,
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parameters as in Figure 5.9.

most positive TPGA reduced to 50% their value as defined in Figure 5.7. c) The resulting CSC is calculated using the same

distribution by the TPGA, with regions of most negative TPGA retaining their full value and those coincident with the

indicate variation in the nature of interseismic coupling (Bürgmann et al., 2005). b) We scale the interseismic backslip

(“TPGA,” Song and Simons, 2003) highlights short-wavelength features of the forearc gravity anomaly field, which could

Figure 5.8: Gravity field, slip distribution, and CSC results of the asperity model. a) The trench parallel gravity anomaly
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where ∆τ is the change in shear stress in a particular direction (rake), µ0 is the
effective coefficient of friction (accounting for pore fluid pressure), and ∆σn is
the change in stress acting normal to the fault plane. All quantities represent
conditions on fault planes of a specified orientation with a slip vector of specified
rake. We calculate ∆σc resolved on planes striking 010◦ and dipping 75◦ E, with
µ0 = 0.4 and a slip vector of rake -110◦ (i.e., normal fault slip). These values
are broadly consistent with the fault geometries and kinematic indicators observed
around Antofagasta (Delouis et al., 1998; González et al., 2003), and variation
of any angular parameter by ±10◦ does not substantially affect the distribution
of ∆σc . Faults lying within zones of positive ∆σc are moved closer to failure by
interseismic convergence, whereas normal faulting is discouraged on faults lying
within regions of negative ∆σc . The quantity ∆σc encompasses changes in either
or both shear and normal stresses on a fault plane, plus a possible change in the
frictional coefficient. Thus, a negative ∆σc also indicates encouragement towards
failure in a direction opposite the specified rake, i.e., reverse faulting according to
our convention. We do not explicitly model a regional stress field. Rather, the
distribution of ∆σc represents solely the effect of interseismic convergence on the
state of stress on upper plate faults.
Figure 5.9a shows the distribution of ∆σc resulting from one year of interseismic
convergence, calculated at 1 km depth. Positive ∆σc is predicted within a narrow
region of the Coastal Cordillera and shows a spatial correlation with the downdip
extent of the coupled plate interface. The distribution of positive ∆σc , reflecting
the geometry of the locked plate boundary, is consistent with the change in trace of
the AFS along the Salar del Carmen segment (Figure 5.9a). Figure 5.9b indicates
that the shear stress change ∆τ is also positive within a narrow zone near the
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Figure 5.9: a) Coulomb stress change calculated using the slip distribution shown in
Figure 5.7. The Coulomb stress change is resolved on planes striking 010◦ , dipping
80◦ , with a slip vector of -110◦ and is calculated at a depth of 1 km assuming an
effective coefficient of friction of µ0 = 0.4. Red line offshore shows the position of
the trench, while nearly parallel black lines onshore show the 50 km (west) and
75 km (east) contours of the Wadati-Benioff zone. Bold, discontinuous lines in
forearc show prominent fault traces. b) Shear stress resolved on planes with same
orientation and rake described in a.
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coastline, demonstrating that interseismic convergence increases downdip shear
stress on the normal fault planes. Stress acting normal to the specified fault
planes (not shown) is distributed similarly to ∆σc , which means that the AFS and
nearby are unclamped due to convergence. The Paposo segment of the AFS lies on
the edge of the region of positive ∆σc , and some faults immediately west of it lie
within the zone of negative ∆σc . Naranjo (1987) suggested that these faults have
been dominantly inactive since 10 Ma, but the reported normal faulting triggered
by the 1995 Antofagasta earthquake (Delouis et al., 1997, 1998), as well as the
reverse faulting we describe in Section 5.4.2 suggest otherwise. The numerous
examples of recent normal faulting on Mejillones Peninsula show poor correlation
with the pattern of interseismic ∆σc ; we address some potential explanations for
this discrepancy in the discussion. Introducing the gravity-based variability in
interplate locking (Section 5.5.1.3) serves to segment the near-surface stress change
(Figure 5.8c), but the overall pattern is similar to that shown in the homogeneously
distributed model (Figure 5.9). Zone of greater Coulomb stress increases (darker
red on Figure 5.8c) coincide with the positions of negative TPGA (blue on Figure
5.8a).

5.6.1

Effects of subduction zone earthquakes

Chapter 4 and Figure 5.10 show that forearc faults could experience either an
increase or decrease in Coulomb stress during a strong subduction earthquake,
depending on the position of the fault relative to the coseismic slip distribution.
Therefore, a subduction zone earthquake has the potential to trigger either normal
or reverse faulting, depending on the existing state of stress on a particular upper
plate fault. The near-surface stress field shown in Figure 5.10 is complicated but
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provides a mechanism for the apparently contradictory normal and reverse faulting on the Salar del Carmen and Paposo segments of the AFS (Section 5.4), and
potentially other forearc faults. It is interesting to note that the narrow zone of
negative ∆σc mimics the region of positive ∆σc of the interseismic model, emphasizing that the short-wavelength patterns of the stress field need to be considered
in each period of the seismic cycle.

5.7
5.7.1

Discussion
Effects of dislocation geometry on surface stress

Elastic models are limited by unrealistic rheological assumptions. These models do,
however, allow for a simple analysis of the subduction zone seismic cycle, providing
some insight into the plate-scale processes that drive surface deformation. The
surface strain field predicted by a dislocation model is dependent on the geometry
of the applied dislocation. As noted by Savage (1983), surface strain in a modeled
subduction zone is concentrated above the downdip extent of the locked part of
the plate boundary. We note that the zone of positive interseismic ∆σc in the
Coastal Cordillera coincides roughly, but not exactly, with the downdip extent
of the modeled plate boundary. Increasing the width of the fully-coupled and/or
downdip transitional region a) decreases the magnitude of the ∆σc anomaly and b)
increases the width of this anomalous zone. If backslip is applied to a sufficiently
wide portion of the plate boundary, the sign of ∆σc in the coastal regions changes
from positive to negative. However, the width of the backslipping zone required to
cause this reduction of ∆σc to below zero is inconsistent with the bounds placed
on the coupled zone from seismic and geodetic studies (Tichelaar and Ruff , 1991;
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Bevis et al., 2001; Klotz et al., 2001; Khazaradze and Klotz , 2003). In central
and southern Chile (i.e., south of 34◦ S), the width of the coupled zone is greater
than in northern Chile due to differences in the geometry of the subducting plate
(Khazaradze and Klotz , 2003). This greater width of interplate locking would
result in a deformation field lacking the positive ∆σc anomaly seen in our models
of northern Chile.
Savage (1983) showed that the zone of extensional trench-normal strain (analogous to our zone of positive ∆σc ) above the lower extent of the subduction thrust
could be eliminated by smoothly tapering the backslip from its maximum rate to
zero over a finite distance. In our models, we apply a smoothing function within
the transition zones in order to minimize abrupt changes in backslip magnitude
that could lead to stress singularities within the elastic half-space. Despite these
considerations, the zone of positive ∆σc persists near the coast. Numerous studies correlating the distribution of aftershocks to the ∆σc resulting from a strong
earthquake show concentrations of aftershocks within the regions of elevated ∆σc
near the mainshock fault plane terminations, suggesting that the stress concentrations near fault tips do exert influence on the deformation fields of the material
surrounding them (e.g., King et al., 1994; Toda et al., 1998; Toda and Stein, 2002;
Kilb et al., 2002; Lin and Stein, 2004). Furthermore, the positive ∆σc near the
coast is coincident with the region of interseismic uplift, and so the positive ∆σc
is consistent with the stresses induced along the outer surface of an upward-flexed
body. Riquelme et al. (2003) demonstrated that Neogene uplift of the Coastal
Cordillera relative to the Central Depression, just to its east, is accommodated
by vertical motion on the Atacama Fault System, providing a link between the
regions of uplift and normal faulting.
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Bevis et al. (2001) and Khazaradze and Klotz (2003) interpreted differences
between GPS-measured velocities and those modeled using elastic dislocations as
representative of permanent strain not predicted by the purely elastic theory. In
both cases, permanent deformation is inferred to take place in regions of the Andean backarc. Additionally, Khazaradze and Klotz (2003) calculate statistically
significant east-west extension based on residual GPS velocities, defined as the
difference between the actual velocities and those calculated in their preferred
model, in the forearc between 29◦ S and 34◦ S, coinciding with N-S striking normal faulting observed between 30◦ S and 31◦ S (Heinze, 2003). We suggest that
the interseismic stress field predicted by our elastic modeling is itself responsible
for the permanent strain exhibited by forearc structures, as it is eventually manifested as permanent deformation through slip on upper plate faults (i.e., Pollitz ,
2003; Allmendinger et al., 2005, 2007). At present, GPS stations in the Central
Andes are too coarsely spaced to place constraints on the abruptness of the slip
gradient within the downdip transition zones. Future studies using interferometric
radar, which provides a spatially-complete image of interseismic surface deformation, could potentially resolve this parameter. Our suggestion that the interseismic
deformation drives forearc normal faulting implies that geological data can be used
to complement geodetic data in defining the nature of interplate strain accumulation, assuming a genetic relationship between the earthquake cycle and forearc
structural evolution.

5.7.2

Spatial implications

The ∆σc map (Figure 5.9) shows that modeling a change in the extent of interplate locking around the latitude of the Mejillones Peninsula predicts a stress field
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consistent with distribution of faulting around Antofagasta. Similar correlations
between the distribution of interplate coupling and permanent deformation exist elsewhere in the forearc. Near the city of Iquique, around 20.5◦ S, the 50 km
Wadati-Benioff zone contour line (Cahill and Isacks, 1992) and zone of positive
∆σc trend offshore, consistent with the distribution of faults. South of Antofagasta,
normal faults also project offshore following the trend of the downdip extent of the
locked plate boundary (Figures 5.7, 5.9) and coincident zone of positive ∆σc .
The Mejillones Peninsula itself lies entirely within a zone of negative ∆σc , yet it
features several examples of recent normal faulting (Delouis et al., 1998; González
et al., 2003). We suggest several potential reasons for the discrepancy between the
deformation fields. The peninsula is a first-order anomaly of northern Chile: it
protrudes prominently from the otherwise linear coastline, is located at the same
latitude as the Salar de Atacama, which interrupts the linear trend of Andean
volcanoes along the arc, and is characterized by a positive gravity anomaly (Figure
5.8a). The peninsula has been recognized as a boundary between earthquake
rupture segments on the plate boundary (Delouis et al., 1997). An earthquake
along the northernmost Chile segment of the margin in 1877 is interpreted to have
terminated rupture at the peninsula (Comte and Pardo, 1991; Delouis et al., 1997),
while the 1995 Antofagasta earthquake initiated beneath the southern edge of the
peninsula and propagated southward (Delouis et al., 1997; Ihmlé and Ruegg, 1997;
Sobiesiak , 2004). The physical properties that allow the Mejillones Peninsula to
serve as a barrier to rupture may affect the nature of interseismic coupling beneath
it. Postseismic afterslip following the 1995 earthquake occurs at a rate faster
than plate convergence beneath the peninsula (e.g., Chlieh et al., 2004; Pritchard
and Simons, 2006), suggesting that the plate interface there may not be fully
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locked (Pritchard and Simons, 2006). Abrupt, small-scale changes in the degree
of interplate locking (not considered by our interseismic models) would introduce
heterogeneity in the upper plate stress field that may encourage normal faulting
observed on the peninsula.
Elevations on the west coast of the Mejillones Peninsula reach nearly 1000
m and lie 75 km from the 7000 m deep trench, resulting in a steep continental
slope. Wang and He (1999) describe a gravitational trenchward “stretching” force
brought about by the presence of forearc topography, and the magnitude of this
force is positively correlated with the gradient of the continental slope. Bathymetric data reveal numerous slump faults on the continental slope; these and the
faults onshore are attributed to gravitational trenchward extension (von Huene
and Ranero, 2003; von Huene et al., 2004; Sallàres and Ranero, 2005). Subduction erosion processes remove material from the upper plate at the subduction
trench, allowing the continental slope to “spread” toward the trench (von Huene
and Ranero, 2003; von Huene et al., 2004; Sallàres and Ranero, 2005). The consequences of subduction erosion, including subsidence of the continental slope,
development of a ∼1 km thick “subduction channel” on the plate interface, and
incorporation of forearc material into arc magma, have thus far been measured on
million year time scales (e.g., von Huene and Ranero, 2003; Kay et al., 2005), yet
its effects on decadal time scales are poorly understood. We consider the extension
induced by gravity as a long-term, static effect that is modulated by stress changes
related to the seismic cycle.

5.7.3

Conceptual models for Coulomb stress evolution

Delouis et al. (1998) suggest that subduction erosion processes place forearc in
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Figure 5.10: Preferred model of coseismic upper plate ∆σc induced by the 1995
Mw =8.1 Antofagasta earthquake (see Chapter 4 for more details). ∆σc is calculated using the slip distribution of Pritchard et al. (2006) and the same parameters
as those used for Figure 5.9. Thin black lines show the surface projection of 1 m
contours of coseismic slip on the subduction interface, bold black lines show the
surface traces of prominent forearc faults, and black dashed lines show the positions
of the trench and 50 km contour to the Wadati-Benioff zone.
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Figure 5.11: Conceptual models of the state of Coulomb stress (σc ) on upper
plate faults induced by the seismic cycle. Here, positive σc refers to the stress
encouraging normal failure on the upper plate faults, while negative σc favors
reverse failure. Gray vertical lines are quasi-periodic and mark the occurrence of
major subduction zone earthquakes. Interseismic ∆σc is shown as accumulating
linearly with time and ignores the effects of postseismic deformation. σcn refers to
the critical value of σc at which the fault slips in a normal sense, σcr denotes the
value at which the fault slips in a reverse sense, and A represents a background or
ambient level of stress favoring neither normal nor reverse failure. a. Simple model
of σc evolution presented by Delouis et al. (1998). During the interseismic period
(sloping lines), faults are brought further away from normal failure, while strong
subduction earthquakes increase σc . b. Revised model of σc evolution induced by
the seismic cycle, based on the simulations presented in this paper. During the
interseismic period, faults are brought closer to normal failure. Depending on the
location of a particular upper plate fault relative to the distribution of coseismic
slip on the subduction interface, great earthquakes may either increase (1 and 4)
or reduce (2 and 3) σc . c. Model illustrating the effect of the existing state of stress
on the fault response to the seismic cycle. Because of the state of stress on the
fault, different behaviors are possible, including normal fault rupture during the
interseismic period of the subduction zone earthquake cycle, and reverse faulting
driven by a subduction zone earthquake. See Section 5.7.3 for further discussion.
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an extensional tectonic regime and the observed normal faulting occurs due to
coseismic enhancement of this extension. González et al. (2003) agree, noting
that the restriction of faulting to the Mejillones Peninsula and coastal regions is
consistent with the location of maximum coseismic extension accompanying the
1995 Antofagasta earthquake. The models of interseismic deformation presented
here complement these results, providing a mechanism for the extensional tectonic
regime of Delouis et al. (1998), restricted to a narrow longitudinal zone encompassing the Coastal Cordillera. These models are also provide some quantification
of the suggestion of González et al. (2003) that extensional faulting may result
from upward flexure driven by plate convergence.
Based on the results of our inter- and coseismic simulations, we present three
conceptual models for the evolution of the state of stress on upper plate faults
in response to the subduction zone earthquake cycle in Figure 5.11. All models
show the changes in stress during 5 interseismic periods separated by 4 quasiperiodic earthquakes, the occurrences of which are shown as vertical gray lines. The
interseismic stress change is linear with time and is the same in all seismic cycles.
Postseismic deformation is neglected in this model. The coseismic stress change
magnitude is slightly different for each earthquake, reflecting spatial heterogeneity
in the deformation induced by the event, which depends on the exact distribution
of coseismic slip (Chapter 4). More importantly, the sign of the coseismic stress
change can be either positive or negative, based on the location of the upper plate
fault with respect to the rupture zone.
Figure 5.11a shows the model of Delouis et al. (1998). In this model, upper
plate faults are brought away from normal faulting during the interseismic period.
This reflects the larger-scale pattern of interseismic stress change and neglects the

224

narrow zone of positive ∆σc where faults are concentrated. The elastic rebound
effect of strong subduction zone earthquakes induces positive stress change on upper plate faults, encouraging normal failure. Assuming that the coseismic increase
and interseismic decrease in stress do not completely cancel each other, stress on
upper plate faults accumulates over several seismic cycles. Eventually, a subduction zone earthquake increases the Coulomb failure stress on a fault to its critical
level for normal faulting, σcn . This slip reduces the magnitude of stress on the fault
to a level favoring neither normal nor reverse failure (labeled “A”). On the scale
of the orogen, interseismic strain is characterized by shortening in the direction
of convergence, which would serve to decrease the likelihood of normal faulting
(and indeed encourages thrust faulting in the Andean foreland). However, as we
have shown in Figure 5.9, prominent forearc normal faults experience an increase
in Coulomb stress as a result of interseismic convergence and either an increase or
decrease in stress due to strong subduction earthquakes (Section 5.7.1).
A modified conceptual model for fault stress evolution throughout the seismic cycle incorporates these considerations. Figure 5.11b is meant to represent
the stress evolution on a single forearc fault. The fault experiences an increase
in stress, bringing it closer to normal failure, during the interseismic period of
the subduction earthquake cycle. Earthquake 1 abruptly increases the stress on
the fault and the subsequent interseismic period further pushes the fault towards
normal faulting. Due to a different slip distribution, earthquake 2 decreases the
magnitude of stress on the fault, as does earthquake 3, reducing the likelihood of
normal failure. The slip distribution of earthquake 4, however, is such that stress
on the fault is increased to σcn . This normal failure of the fault reduces the stress
magnitude to the background level A.
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Figure 5.11c represents the evolution of stress on a fault other than that shown
in Figure 5.11b and addresses the structural observations presented in Section 5.4.
In this model, the fault is pushed towards normal failure during the first interseismic period and as a result of earthquake 1. During the subsequent interseismic period, stress again increases gradually, and because of the stress that had previously
accumulated on the fault, normal failure occurs in the middle of the interseismic
period. This drops the stress on the fault to the background magnitude A, and
stress resumes accumulation due to interseismic flexure. Earthquake 2 induces a
decrease in stress and, because the state of stress was near its background level
due to the recent failure, causes a reduction of the stress on the fault to the level
required for reverse faulting, σcr . The act of reverse faulting brings the stress back
to the background level, and the interseismic period then gradually increases the
level of stress. Earthquakes 3 and 4 cause abrupt changes to the stress state, but
it is not until the middle of the interseismic period following earthquake 4 that
the conditions on the fault are again appropriate for failure. This model allows for
two key phenomena: reverse fault rupture on forearc faults, and rupture of faults
during the interseismic period of the subduction zone earthquake cycle.
If interseismic strain accumulation on the plate boundary, and therefore the
forces transmitted to the upper plate, is heterogeneously distributed, the rate of
interseismic stress change may vary with time. For a particular forearc fault,
we expect the variability in rate of interseismic stress change to be less than the
variability in the coseismic stress change. If the distribution of plate coupling
is governed by gravity anomalies (Section 5.5.1.3, Song and Simons, 2003; Wells
et al., 2003; Bürgmann et al., 2005), the distribution likely remains the same for
long periods of time, as the composition and morphology of the forearc, both
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of which long-lived characteristics relative to the span of a single seismic cycle,
contribute to the gravity field.

5.7.4

Mechanical implications of new structural data

The AFS shows a long history of reactivation. Scheuber and González (1999)
propose that the AFS originated ∼125 Ma, following three stages of deformation
within the Jurassic-Early Cretaceous volcanic arc. Therefore, the development
of the AFS proper likely involved reactivation of older weaknesses in the crust.
We suggest that the damage sustained to the AFS throughout both the Mesozoic and Cenozoic plays an important role in dictating its response to the acting
stress field. Our structural observations indicate that minor amounts of reverse
faulting are superimposed on dominantly normal faults. Though the ages of fault
slip of any sense are poorly constrained, morphological evidence indicates that
both normal and reverse slip has occurred during the Quaternary along various
parts of the AFS. At the reverse fault localities on both the Paposo and Salar del
Carmen segments, stream incision patterns are used as indicators of reverse faulting, demonstrating that the reverse faulting occurred between the most recent and
penultimate episodes of substantial fluvial downcutting. Our suggestion that the
seismic cycle is the primary cause of both normal and reverse faulting implies that
the two modes of faulting are contemporaneous; the “active” mode is dictated by
the mechanical conditions of the fault zone as well as the sense of acting stress
field.
The maximum magnitude of near-surface stress change induced by one 100–
150 yr interseismic period (Comte and Pardo, 1991) or one strong subduction
earthquake is on the order of 0.5 MPa — about 50 times smaller than the lithostatic

227

stress at even 1 km depth (25 MPa, given a crustal density of 2600 kg/m3 ). For
such low magnitude stresses to overcome the lithostatic conditions to drive fault
slip, the absolute stress within the deforming part of the fault zones themselves
must be very low. This in turn could imply that the fault zones are very weak,
indicating a low coefficient of friction, elevated pore fluid pressure, and a reduced
modulus of rigidity within the fault zone as compared to the surrounding rock
(e.g., Fialko et al., 2002, 2005). The concept that forearc fault zones are weak is
consistent with the fact that they have sustained substantial damage by persistent
faulting since ∼125 Ma. The Coulomb failure stresses σcn and σcr (defined in Section
5.7.3 and Figure 5.11) are thus likely to be low, allowing the small magnitude ∆σc
induced by the seismic cycle to drive either reverse or normal faulting. González
et al. (2006) suggest that at least three discrete episodes of fault slip since 424±151
ka have constructed a suite of alluvial terraces found along the Salar del Carmen
segment of the AFS. In the extreme case where only three events have constructed
the modern geometry, the mean repeat time is 141±50 ka. Incorporating the fault
mechanics and recurrence interval into the model presented in Figure 5.11c involves
reducing the slope of the interseismic ∆σc and the magnitude of the coseismic ∆σc
relative to σcn and σcr . This serves to decrease the frequency of upper plate ruptures,
from one rupture every few seismic cycles (i.e., several hundred years), as shown in
Figure 5.11c, to one rupture every thousand seismic cycles (∼150 kyr). As noted
in Section 5.4.1, the burial depth of fault slip impacts its surficial expression,
thus the alluvial fan geometry described by González et al. (2006) may have been
constructed at least in part by multiple episodes of buried slip.
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5.8

Conclusions

Our elastic modeling predicts that convergence across the Andean plate boundary interface produces stress within a narrow longitudinal zone that is consistent
with the normal faulting on north-south striking structures. The complicated interseismic stress field is mimicked by coseismic stress fields, which show a narrow
zone along the coastline in which reverse faulting is encouraged on the observed
faults, providing a mechanism for the opposite senses of slip that we observe. The
elastic rebound model (Reid , 1910; Savage, 1983) suggests that all interseismic
deformation is released by subduction zone earthquakes, but our field observations and modeling results suggest that some seismic cycle stress is “used” to drive
the evolution of structures in the Coastal Cordillera. Seismic hazard analysis for
northern Chile therefore requires consideration not only of the major plate boundary earthquake cycle, but also an intraplate cycle that may or may not coincide
with the interplate seismic pattern; upper plate seismic fault slip may be triggered
exclusively by subduction zone earthquakes, or it could take place during the interseismic period of the subduction cycle. The pervasive damage sustained by
the region since the Mesozoic allows low magnitudes of stress to cause permanent
strain, and the hyperarid climate of the Atacama Desert preserves evidence of this
deformation over long periods of time.
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González, G., T. Dunai, D. Carrizo, and R. Allmendinger (2006), Young
displacements on the Atacama Fault System, northern Chile from field
observations and cosmogenic 21 Ne concentrations, Tectonics, 25, TC3006,
doi:10.1029/2005TC001846.

231

Hartley, A. J., and G. Chong (2002), Late Pliocene age for the Atacama Desert:
Implications for the desertification of western South America, Geology, 30 (1),
43–46, doi:10.1130/0091-7613(2002)030<0043:LPAFTA>2.0.CO;2.
Heinze, B. (2003), Active intraplate faulting in the forearc of north central Chile
(30◦ –31◦ S): Implications from neotectonic field studies, GPS data, and elastic
dislocation modeling, PhD. thesis, Freie Universität Berlin, Berlin, Germany.
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Sallàres, V., and C. R. Ranero (2005), Structure and tectonics of the erosional
convergent margin off Antofagasta, north Chile (23◦ 300 S), Journal of Geophysical
Research, 110, B06101, doi:10.1029/2004JB003418.
Sandwell, D. T., and W. H. F. Smith (1997), Marine gravity anomaly from
Geosat and ERS-1 satellite altimetry, Journal of Geophysical Research, 102 (B5),
10,039–10,054, doi:10.1029/96JB03223.
Savage, J. C. (1983), A dislocation model of strain accumulation and release at a
subduction zone, Journal of Geophysical Research, 88 (B6), 4984–4996.
Scheuber, E., and P. A. M. Andriessen (1990), The kinematic and geodynamic
significance of the Atacama fault zone, northern Chile, Journal of Structural
Geology, 12 (2), 243–257.
234
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APPENDIX A
ADDITIONAL FIELD OBSERVATIONS OF THE SALAR GRANDE
AND ANTOFAGASTA REGIONS

A.1

Introduction

This appendix contains additional observations made during my June–July 2003,
August 2004, March 2006, and August 2006 field seasons. These notes provide
additional descriptions of neotectonic structures in several locations of the northern
Chilean forearc, supporting the conclusions of the chapters of this thesis. The field
observations are divided by region, with the locations identified on Figure A.1.

A.2

Salar Grande region

In addition to the field observations presented in Chapter 2, there are several other
localities in the Salar Grande region that exhibit important characteristics of the
surface cracks in the region.

A.2.1

Quebrada Pica

Within the region of incised topography around the Quebrada Pica (“QP” on
Figure A.1), there are several exposures of bedrock joint planes in Mesozoic granodiorite. Measurement of joint plane orientations and comparison to the strikes
of surface cracks in the surrounding region indicates a relationship between planes
of weakness in the bedrock and the cracks that are preserved at the surface. The
distributions of joint plane and surface cracks strikes are similar (Figure A.2), suggesting that the multiple sets of joints existing in the bedrock have been reactivated
by neotectonic stress, propagating to the surface to form cracks.
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Figure A.1: Regional topography of the northern Chilean forearc, showing the
field sites discussed in this chapter. The black boxes outline the Salar Grande
(a, Section A.2) and Antofagasta (b, Section A.3) regions. Specific field sites are
labeled as (Salar Grande region): QP — Quebrada Pica (Section A.2.1), AT —
Alto del Toro (Section A.2.2); (Antofagasta region): MF — Mititus Fault (Section
A.3.1), QF — Quebrada Ordóñez fault (Section A.3.2), SCF — northern Salar del
Carmen fault (Section A.3.3), NPF — northern Paposo fault (Section A.3.4), MB
— Mantos Blancos cracks (Section A.3.5).
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A.2.2

South of Alto del Toro

South of the Quebrada de Pica and Alto del Toro (“AT” on Figure A.1, detailed
image in Figure A.3) is a low-relief surface cut by NNW-striking en echelon cracks
(arrow labeled “d” in Figure A.3). The bowl-shaped hill sides comprising the
northern limit of this surface, as well as the flat-topped summits of these slopes, are
affected by numerous hybrid cracks showing evidence of both opening and vertical
separation of ∼1 m. Some of these cracks show an apparent genetic relationship to
topography; cracks striking parallel to drainages (e.g., Figure A.3a), for example,
may result from gravity-driven down slope slumping of gypsum-indurated regolith.
Other cracks parallel topographic contours, striking parallel to the long axes of
ridges separated by drainages (Figure A.3b). However, there is also cracking across
relatively flat topography (Figure A.3c, d), suggesting that gravitational stresses
are not the sole driver of crack evolution.

A.3

Antofagasta region

I surveyed several sites in the Antofagasta region in March 2006, accompanied by
Holly Caprio, in order to find additional examples of the minor amounts of reverse
motion superposed on otherwise normal fault, first observed by Rick Allmendinger
and Gabriel González in the fall of 2005. In doing so, we visited several faults
but found no further examples of this style of reactivation. Nonetheless, the Fortuna/Mititus and Quebrada Ordóñez faults featured several notable characteristics, which I describe in Sections A.3.1 and A.3.2. Additional detailed observations
of reverse fault reactivation of the northern Salar del Carmen fault (Section A.3.3)
and the northern Paposo fault (Section A.3.3) are also presented.
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Figure A.2: Rose diagrams showing the strike distributions of joint planes measured in the field (A) and surface cracks measured in IKONOS imagery (B) in
the rugged topography of the Quebrada Pica region. The similarity between the
two populations suggests that deep-seated bedrock weaknesses are exploited by
neotectonic stress to create the cracks evident at the surface.

A.3.1

Fortuna/Mititus fault

The Fortuna (Delouis et al., 1998) or Mititus (G. González, personal communication, 2006) fault is located due east of the northern end of the Mejillones Peninsula
(Figure A.1). At its southern end is an exposure of Miocene gravels in normal fault
contact with Mesozoic basement (Figure A.4). Continuing north of this outcrop,
the fault is expressed as a mountain-front scarp. I interpret the mountain front
itself to have been constructed by multiple episodes of slip on a moderately to
steeply east dipping normal fault. At the toe of the mountain front is a ∼2 m
high (Figure A.5) with a 1 m free face and a relatively sharp profile relative to the
smooth mountain front, suggesting that the most recent fault activity was localized
on a splay fault cutting the hangingwall of the principal range-bounding structure.
The footwall of this scarp is much more substantially incised than is the footwall,
demonstrating further the normal faulting nature of the structure.
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Figure A.3: IKONOS image of the Alto del Toro region, showing cracks affecting
various topographic features. Some cracks are parallel to the trace of drainages
(dashed oval A), others cut perpendicular to the long-axis of hillside ridges (B),
which are separated by narrow drainages, and others still cut across relatively flat
topography, such as those outlined in dashed oval C and the prominent, solitary
en echelon crack identified by arrow D.
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Figure A.4: Field photo showing the normal fault relationship between Mesozoic
bedrock (west) and presumably Miocene gravels (east).
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Figure A.5: Field photo showing the Mititus fault scarp near its southern extent.
The larger hillside is interpreted to represent a smooth, cumulative scarp constructed from many episodes of east-side-down normal faulting, while the smaller,
fresher scarp at the toe of the range, outlined by the dashed white line, represents
more recent normal faulting.

A.3.2

Quebrada Ordóñez fault

East of the Mititus fault is the Quebrada Ordóñez fault (Figure A.1), a prominent scarp marked by a dramatic change in channel incision style (Figure A.6).
From the fault trace westward, west-flowing drainages carve deep canyons with
the sharpest incision localized in the immediate vicinity of the scarp (Figure A.6).
Local drainages on the scarp itself reveal a normal fault relationship similar to that
seen at the Mititus fault, with Miocene gravels in the hangingwall in fault contact
with footwall Mesozoic bedrock (Figure A.7). The fault dips steeply to the east,
and the normal faulting seen at outcrop scale is expressed at a larger scale by the
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Observations ! Modeling ! Implications

U D

Quebrada Ordóñez fault
Figure A.6: Thematic Mapper image of the Quebrada Ordóñez fault. Westward
drainages show a dramatic change in incision style at the fault trace, indicating
uplift of the western block relative to the eastern block. This style of faulting is
confirmed by the fault exposure seen in Figure A.7.

geomorphology, as down-dropping of the eastern block has required drainages to
incise the western block in order to continue their westward path. In the field, it is
apparent that both the hangingwall and footwall of the fault are covered uniformly
by a cap of gypsum-indurated sediment (Figure A.7). This indicates that the fault
has not experienced recent reactivation.

A.3.3

Northern Salar del Carmen fault

Using 0.6 m resolution imagery from the QuickBird satellite as a basemap (Figure
5.3), we made several observations of minor reverse reactivation on the northern
extent of the Salar del Carmen fault (Figure A.1). As mentioned in Section 5.4.1,
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Figure A.7: Field photo showing the normal fault relationship between Mesozoic
bedrock (west) and presumably Mio-Pliocene gravels (east). The fault zone is outlined by the black dashed line. The fact that both the hangingwall and footwall are
uniformly blanketed by a cap of gypsum-indurated sediment indicates a relatively
old age of the most recent episode of faulting. The fault relationship confirms the
geomorphological signature of the fault seen in Figure A.6.

this part of the Salar del Carmen fault features an example of minor reverse motion
on an otherwise normal fault. The fault scarp trends NE and its morphology
suggests a moderate to steep east dip.
Canyons that crosscut the scarp provide opportunity to observe several key
characteristics of the reverse fault reactivation. The fundamental observation —
the upthrust basement wedge of the hangingwall — is exposed is several canyons,
most notably that shown in Figure 5.4. Such exposures also establish the connection between the reverse faulting and a minor change in slope of the scarp (the
“topographic bench”), which is marked by the accumulation of material darker
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than that covering other parts of the hillside. The spatial coincidence of the bench
and fault allows us to use its trace along the scarp to map the position of the
underlying fault, which is particularly important in canyons that do not expose
the reverse fault relationship. In general, the bench is narrower and more abrupt
near the canyons where the fault is exposed and smoother and less distinct close to
those drainages where the fault remains hidden. Based on this observation, we can
not only use the location of the bench to trace the fault, but also the characteristics
of the bench to estimate the relative burial depth of the fault tipline at any given
location along the fault. Besides the break in slope represented by the topographic
bench, the morphology of the drainages themselves provide information about the
relative uplift of the lower part of the slope. In general, drainages are narrower
and more slot-like below the topographic bench than above it, indicating enhanced
incision of the lower slopes, which would result from uplift.
Several details of the reverse faulting are revealed in the canyon exposures.
First, the gypcrete regolith cap that blankets the entire fault scarp surface is
distinctly warped by the upthrust basement wedge (Figure 5.4a, inset). Second,
the lithologic relationships that are seen reveal the relationship between the fault
responsible for the upthrusting of the basement wedge with the primary normal
fault that has constructed the overall scarp. The composition of the channel bed
changes, from downstream to upstream, from bedrock to gypsum-indurated gravel
and back to bedrock. The contact between the downstream bedrock and the
intervening regolith coincides with the location of the reverse fault and topographic
bench. The contact between the regolith and the upstream bedrock is not marked
by a change in the topography and represents a stratigraphic contact. These
lithologic relationships suggest that the reverse faulting takes place on a splay
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fault located wholly within the footwall block of the larger normal fault. If reverse
motion occurred on the main fault, much more offset than is observed would be
required to thrust a basement block the surface; the reverse faulting would have to
“erase” all of the accumulated normal motion. It is also possible that the reverse
fault splay is contained within the hangingwall block of the larger normal fault,
and the sediment component of the observed bedrock-sediment-bedrock pattern of
channel bed composition represents a colluvial wedge generated during episodes
of older normal faulting. This geometry seems less likely than the fault located
within the footwall, as the intervening stretch of channel bed composed of sediment
is shorter than the expected width of the colluvial wedge.
In some of the crosscutting channels, no bedrock wedge is exposed at the level of
the topographic bench. Instead, the composition of the channel bed changes from
uniformly sediment downstream of the bench to bedrock upstream. Furthermore,
in these cases, the lithologic transition does not everywhere coincide with the
location of the bench, but upstream of it. The fact that bedrock is not exposed
within the channel at the location of the reverse fault suggests 1) reverse motion
has been limited, such that only the the gypsum-indurated regolith is uplifted, 2)
the location of reverse faulting is buried more deeply than in other canyons, or
3) reverse motion is taking place on a different fault splay, which may be located
such that it uplifts a portion of the colluvial wedge constructed by primary normal
faulting, rather than a slice of bedrock.
Figure A.8 shows an interpretation of the sequence of faulting events that have
led to the present morphology of the northern Salar del Carmen segment. Like
many segments of the Atacama Fault System, the Salar del Carmen segment is interpreted to have originated as a strike-slip fault in the Mesozoic (e.g., Scheuber and
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Andriessen, 1990). Figure A.8a shows the first stage of neotectonic reactivation as
a normal fault. Subsequent degradation of the scarp smooths the scarp profile and
deposits a colluvial wedge at its base (Figure A.8b). The ongoing process of regolith development, here represented as a single step (Figure A.8c), blankets both
the bedrock and colluvial wedge surfaces. A splay fault, or a plane of weakness
within the fault zone (Figure A.8d) is constrained to lie either within the footwall or the hangingwall of the master normal fault, based on the channel-bottom
lithologic relationships described above. When subject to fault-normal compression, the splay experiences reverse slip (Figure A.8e, f), creating the topographic
bench at the surface above the upthrust basement wedge that is exposed within
drainages that crosscut the scarp (Figure A.8e, inset). This schematic evolution
oversimplifies the true evolution of the fault scarp. Scarp degradation and regolith
development are ongoing processes rather than discrete steps as shown in Figure
A.8. Similarly, episodes of both normal and reverse motion occur repeatedly to
affect the morphology of the scarp, rather than in single “pulses” as shown.

A.3.4

Northern Paposo fault

A similar morphology to that seen at the northern Salar del Carmen segment is
observed along a stretch of the northern part of the Paposo fault (“NPF” on Figure
A.1, Section 5.4.2). Channels in this locality are not sufficiently deep to expose
the reverse fault, but based on the presence of a topographic bench which marks
a change in channel incision style — from less incised above to more incised below
— we infer uplift of the hangingwall the alluvial fan relative to the rest of the
scarp slope. An important characteristic of the Paposo scarp is the presence of
relatively fresh normal and reverse fault scarps. The fact that hangingwall uplift
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Figure A.8: Conceptual model of reverse fault reactivation, as seen at the northern
end of the Salar del Carmen fault. Normal slip on the fault creates the initial fault
scarp (a), which subsequently degrades, leaving colluvium at the scarp base (b).
The ongoing process of regolith development (c) caps both the bedrock scarp and
the colluvial wedge. When subject to fault-normal compression, a splay fault (d)
experiences reverse motion (e, f), creating the subtle topographic bench observed
at the surface and the upthrust basement wedge exposed in the drainages that
crosscut the scarp. Based on the lithologic relationships observed in channels that
crosscut the scarp, a splay fault in the footwall (e) or the hangingwall (f) of the
master normal fault are both plausible.

is expressed by the change in stream incision into sediments indicates that the
underlying reverse faulting is likely Quaternary. Furthermore, the upslope extent
of the topographic bench is marked by a small (∼1–2 m high) normal fault scarp
(Figure A.9). This suggests that the fault splay that accommodated reverse motion
to create the topographic bench was reactivated as a near-surface normal fault.
An alternative explanation is that the topographic bench does not result from
surface warping by a buried reverse fault, but rather slumping along a normal fault.
In this case, the uplift of the hangingwall alluvial fan relative to upslope portions
of the scarp would have been caused by rotation rather than fault transport.
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Figure A.9: Field photo taken on the topographic bench, looking north along
the strike of the fault scarp. The bench is subtle but can be identified by the
gentler slope than the adjacent portions of the scarp (traced by dashed line). The
interpreted normal fault scarp (white material) marks the upslope border of the
topographic bench. Photo by R. W. Allmendinger.

A.3.5

Cracks near Mantos Blancos

In addition to the cracks in the Salar Grande region described in Chapters 1 and
2, Rick Allmendinger and I also visited the Mantos Blancos region (23.25◦ S) to
investigate the style of cracking observed there. Cracks cut a large, relatively flat
surface of gypsum-indurated sediments (Figure A.10). In general, apertures do not
exceed ∼0.5 m, and most fissures are filled with windblown sediment, taking on
a smooth, rounded profile shape. Cracks that transect a gentle south-southwest
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Figure A.10: Satellite image showing the Mantos Blancos area, cut by numerous
meter-scale open cracks. The region is labeled as “MB” on Figure A.1. For the
most part, crack strikes demonstrate a bimodal distribution in strike, with some
cracks striking northwest and others northeast.

trending ridge show minor deflections in their strikes as they crest the hill, but
overall maintain a relatively linear profile, indicating that topographic features
exert some influence over crack propagation paths (Figure A.11a). In addition to
cutting the regolith cover, some cracks affect bedrock. Such cracks are far more
substantial than those restricted to the regolith, with apertures of 1.5–2 m and
depths of up to 2 m (Figure A.11b).
Cracks in the Mantos Blancos region show a bimodal distribution in strike (Figure A.10, southernmost crack locality on Figure 3.1). Although there is range of
strikes, the cracks most apparent in the field are those that strike northeast and
those that strike northwest. As in the Salar Grande region, butting relationships
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between cracks of different orientations are ambiguous (Chapters 1, 2); we can not
clearly state that one set of cracks formed entirely before another. Instead, the
butting relationships are more consistent with cyclic opening of each set of cracks.
As discussed in Chapter 3, we observe that bimodal crack strike distributions occur
primarily at known subduction earthquake segment boundaries. The obliquity between both sets of cracks and the plate boundary is consistent with the orientation
of principal tension axes at the terminations of these rupture zones. In the case
of the Mantos Blancos cracks, we suggest that the northeast striking features are
activated by earthquakes on the Iquique segment of the plate boundary (18◦ –23◦ S),
while those striking northwest are affected by events on the Antofagasta segment
(23◦ –25◦ S). Alternatively, reopening of both sets of cracks may be induced by dynamic stress changes associated with an earthquake on either of those segments
(Section 3.5.6).
We cannot state conclusively whether or not some of the cracks exposed at the
Mantos Blancos site were opened or reactivated by the 1995 Mw 8.1 Antofagasta
earthquake. The soil of the Mantos Blancos region shows evidence for induration
with gypsum (gypsum nodules, high albedo, mm-scale polygonal cracking), but the
sediment is not well consolidated. A suite of cracks located about 25 km southwest of Mantos Blancos and known to have opened as a result of the earthquake
affected unconsolidated sediments (González et al., 2003) and therefore the crack
morphologies have been smoothed substantially by slow weathering processes over
the past 12 years. Although we qualitatively evaluate the soil at Mantos Blancos as being more resistant to weathering than that at the coseismic crack site,
it is possible that cracks did open coseismically here as well and have undergone
weathering to produce their current, smoothly rounded morphology.
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a.

b.

Figure A.11: a) Field photo showing the three cracks that crest a gentle hill. The
intersections of the cracks with the hillcrest are marked by black arrows. While
the hill does introduce some deflection in strike, cracks remain relatively linear
across varying topography. b) Field photo of crack cutting bedrock in the Mantos
Blancos region. The present crack depth is about 2 m, while crack aperture reaches
1.5–2 m. Photo by R. W. Allmendinger.

254

BIBLIOGRAPHY
Delouis, B., H. Philip, L. Dorbath, and A. Cisternas (1998), Recent crustal deformation in the Antofagasta region (northern Chile) and the subduction process, Geophysical Journal International, 132, 302–338, doi: 10.1046/j.1365246x.1998.00439.x.
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APPENDIX B
SURFACE CRACK MAPPING AND PROCESSING TECHNIQUES

B.1

Introduction

The crack mapping and statistical analysis carried out in Chapters 1, 2, and 3
relied on several functions written in Matlab. This appendix describes the workflow
used to process a map of cracks to create files containing a concise table containing
statistical parameters, rose diagrams showing the strike distribution of cracks, and
plots of crack density.

B.2

Workflow

The Matlab tools written to transform the raw files of crack vertex coordinates to
useful statistical parameters are described below. Information about any program’s
function and use can be obtained by typing
>> help function
where function is the name of the tool to be used.
The crack vertex coordinates are determined by hand-tracing the cracks in GIS
software. For most of the crack mapping, we used Canvas GIS, which allows for
easy export of the coordinates. One caveat to exporting the coordinates is that
Canvas becomes overwhelmed if too many vector objects are placed into “object
edit mode” at once. I found that selecting subsets of 200–300 cracks at a time
allowed for export with tolerable delays while Canvas “thought.” The text files
containing the subset coordinates can then be concatenated together after the fact,
paying close attention to the fact that there must be a blank line separating the
last vertex of one file with the first vertex of the next subset file. With the crack
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vertex coordinates file available, run:
>> crackinfo(rawfile,infofile);
where rawfile is the raw coordinates file and infofile is the name of the desired
output file. crackinfo.m calculates and outputs the number, starting coordinates,
end coordinates, mean strike, and total length of all cracks. The length of the crack
will be given in the same units as the input coordinates. The best strategy is to
export the crack vertices from Canvas in UTM coordinates, but if the file is in
decimal degrees, the raw coordinate file can be converted to UTM using:
>> convcracks(rawfile,rawconv,type);
where rawfile is the raw coordinates file, rawconv is the name of the desired
output file containing the converted coordinates, and type specifies the type of
coordinate transformation to be made (0 for geographic to UTM, 1 for UTM to
geographic). This coordinate transformation is made using the called function
gmtutm.m, which relies on having GMT installed on the system.
After producing the table of crack statistics with crackinfo.m, a file containing
the length-weighted azimuths can be produced, with the intention of plotting a
length-weighted rose diagram showing the strike distribution, by running:
>> lengthaz(infofile,lwazfile);
where infofile is the file produced by crackinfo.m and lwazfile is the desired
length-weighted azimuth file. Following production of the length-weighted azimuth
file, the rose diagram is plotting by running:
>> plotrose(lwazfile,bin,plotfile,{plottype});
where lwazfile is the azimuth input file, bin is an integer giving the degrees of
strike per rose petal bin, plotfile is the name of the rose diagram plot to be
saved, and the option argument plottype specifies the extension of the output
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plot figure. The gaudy colors of the resulting plot are intentional, as it makes
selecting various parts of the rose diagram by attribute very easy when inserted
into a Canvas document, assuming no other parts of the document are similarly
gaudy.
If a raw, non-length-weighted rose diagram is preferred, it can be produced
using:
>> plotrose(infofile,bin,plotfile,{plottype});
as plotrose.m will simply extract the strike information from the statistical table
contained in infofile.
Crack density, defined as the total length of cracking per unit area, can be
calculated on a regularly-spaced grid using the function new_density.m. This
program uses the coordinates contained in infofile and a specified grid interval
to determine the length of cracks per grid cell, which can be plotted as a contour
map. To run the program, type:
>> [x,y,dens] = new_density(infofile,densfile,grid);
where x and y are the center coordinates of the grid cells, dens is the density
value for the grid cell, infofile is the statistical table produced by crackinfo.m,
densfile is a Matlab *.mat file containing the grid cell coordinates, density values, and length-weighted mean strike value for each grid cell, and grid is the
desired grid spacing in meters. A plot of the density and mean strike is generated
automatically.
In order to use GMT create a map of the density grid that can be overlain
by other geographic data, use the function array2gmt.m, which has several input
arguments that can be used to customize the map’s appearance. Before starting,
make sure that GMT has been installed with the MEX tools that provide an
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interface between it and Matlab, namely the function gmtwrite.m. array2gmt.m
writes the crack density and/or azimuth array to a file readable by GMT, as
well as a color scale and a UNIX shell script that can be manually modified to
produce the desired final product. The built-in help information for array2gmt.m
comprehensively explains the options for controlling its output.
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APPENDIX C
MATLAB SCRIPTS FOR SUBDUCTION EARTHQUAKE CYCLE
MODELING

C.1

Introduction

Four software packages were used in the mechanical modeling portions of this
thesis. Poly3D, developed by David Pollard’s geomechanics group at Stanford
University (Thomas, 1993), was used for the actual calculations of deformation
fields due to faulting. In order to prepare input files for Poly3D, I developed a
suite of scripts in Matlab that, used in conjunction with the open source meshing
program Gmsh (http://www.geuz.org/gmsh), produce boundary element meshes
of faults. This appendix describes the use of these Matlab tools. File names and
commands to be entered at the Matlab command prompt appear as
>> command.
The Matlab scripts are listed here in the logical order they would be used to
construct input files for a subduction zone modeling problem. More information
about each script can be provided by typing
>> help (script name without .m extension).

C.2

Workflow

The first step that I used to model a subduction zone was defining its geometry. In
order to take advantage of Poly3D’s capability of using polygonal elements to accurately represent a non-planar geometry, I created subduction zone geometries that
are curved surfaces. In order to do this, I used a GIS program to first load the 0, 50,
and 75 km contour lines of the Wadati-Benioff zone. A global database of slab con260

tours can be found at ftp://rses.anu.edu.au/pub/malcolm/RUM/slabs.tar.
gz. I then drew straight lines perpendicular to the local strike of the subducting
slab, with three vertices per line, one on each of the contour lines. The contour
depth was appended to the coordinates to create a three-column output file, with
columns containing longitude, latitude, and depth:
-80.676
-79.314
-78.884
-80.442
-79.146
-78.732
..
.

-9.191
-8.355
-8.089
-9.576
-8.741
-8.472
..
.

0
50000
75000
0
50000
75000
..
.

-72.569
-71.531
-71.165

-30.819
-30.857
-30.875

0
50000
75000

These data are then further appended with a fourth column that contains the
depths defining the updip extent of the fully-locked portion of the interface, the
downdip extent of this portion, and the downdip extent of the “transition zone”
between the locked and sliding parts of the interface (see Section 5.5.1.2 for more
details). Because these values are assigned for every downdip profile, the depth of
locking can vary along strike. The appended input file should be of the form:
-80.676
-79.314
-78.884
-80.442
-79.146
-78.732
..
.

-9.191
-8.355
-8.089
-9.576
-8.741
-8.472
..
.

0
50000
75000
0
50000
75000
..
.

20000
35000
50000
20000
36000
51000
..
.

-72.569
-71.531
-71.165

-30.819
-30.857
-30.875

0
50000
75000

20000
32000
47000

with the fourth column showing an example of variation in locking depth.
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The slab geometry file is processed with adjustarc.m, which uses the 0-50-75
km “triplets” to define the downdip curvature of the plate boundary, as an arc is
defined by any three points. adjustarc.m interpolates the slab coordinates, resulting in a densified array of coordinates defining the slab geometry. The geometry
is defined as three sections: the updip (seaward) transition zone, the fully-locked
zone, and the downdip (landward) transition zone. These coordinates are then
processed with gmsh_write.m, which converts the raw coordinates into a *.geo
file readable by Gmsh. This file is then meshed, creating an assemblage of triangular elements that preserve the along-strike and downdip curvature of the plate
boundary. In order to convert the Gmsh *.msh file to a format readable by Poly3D,
either the function gmsh2poly.m or gmsh2poly_old.m is used, depending on the
version of Gmsh used to create the mesh; for version 2 or newer, use gmsh2poly.m.
The next step is optional and allows the plate boundary mesh to be “corrected”
for forearc topography using the function polytopo.m, using the method of Flück
et al. (1997). This function uses a digital elevation model and the slab geometry
to determine the total vertical distance between the element nodes and the overlying ground surface (Figure C.1a). The mesh geometry is adjusted such that the
distance between topography and slab is equal to the distance between the flat,
half-space surface and the modeled nodes. The adjusted mesh geometry is written
to a new Poly3D input file.
If the end goal is to run an interseismic model, the model mesh must be converted into a format readable by the dislocation code DISL3D (Flück et al., 1997;
Wang et al., 2003). This program is called in order to calculate the magnitude
and rake of backslip to be applied to each triangular element, based on its position with respect to the Euler pole describing relative plate motion between the
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Figure C.1: Corrections applied to the backslip modeling of a subduction zone. A)
Correction to topography, which assures that the distance between the half-space
surface and the modeled fault is equal to that between slab and the ground surface.
B) Gaussian shape applied to the backslip magnitude in the “transition zones” both
up- and downdip of the fully-coupled portion of the plate boundary in order to
minimize abrupt transitions in applied backslip between adjacent elements.

subducting and overriding plates. The conversion is carried out using the function poly2dis.m. Ideally, a new Matlab function should be written to assign the
backslip magnitudes without having to call DISL3D.
After running DISL3D, the calculated backslip magnitudes and rakes must be
inserted as displacement discontinuity boundary conditions into the Poly3D input
file, using dis2poly.m. This function creates a file containing the mesh geometry
that then must be modified to include the elastic constants and observation arrays
that complete the Poly3D input file. An additional modification that must be
made to the source mesh file is that unique object identifiers must be inserted so
that the two transition zones and the fully locked zones (see Section 5.5.1.2) are
distinct parts of the geometry. As of now, this must be done by hand by using the
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object identifiers contained in the output of the gmsh2poly.m program.
The next step is to calculate the tapered slip within the transition zones. As
described in Section 5.5.1.2, I model the transitional slip using a Gaussian function
(Equation 5.1, Figure C.1b). The function polygauss.m uses the geometry of the
subduction zone mesh as well as the “raw” backslip magnitudes calculated by
DISL3D to taper the transition zone slip. The modified transition zone boundary
conditions are written to a new Poly3D input file.
An additional optional step modulates the backslip magnitudes based on a map
of gravity anomalies. Song and Simons (2003) and Wells et al. (2003) present observations that correlate regions of high magnitude coseismic slip during great
subduction earthquakes to regions of negative gravity anomalies. Bürgmann et al.
(2005) extend this theory to the distribution of interseismic strain, suggesting that
the modeled backslip magnitude should be greater in regions of negative gravity anomalies. The function polygrav.m uses a map of trench-parallel gravity
anomalies (“TPGA,” a term defined by Song and Simons (2003) to describe the
small-scale anomalies in the gravity field) to adjust the magnitude of calculated
backslip. To calculate the TPGA required for this adjustment, use the function
tpga.m, which converts a raw gravity anomaly map, such as that available from
http://topex.ucsd.edu/marine grav/mar grav.html, into TPGA for a specified region.
After any step in which a Poly3D input or mesh file is written, the geometry and boundary conditions can be confirmed graphically using the function
polymesh.m, which plots any of the three boundary condition components, or the
overall boundary condition magnitude.
Once the Poly3D input file is constructed, Poly3D should be run to calculate
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stress, strain, and/or displacement at the specified observation points. After the
run is complete, use the function poly3d_out.m to extract the elemental displacements and tractions (if calculated) as well as the stress, strain, and displacement
values at each observation node. This function scans the input file to determine
which parameters were calculated, then extracts the values from the output file,
places them into arrays, and saves the collection of arrays to a Matlab *.mat file.
After running poly3d_out.m, the results can be plotted using any of Matlab’s
graphical functions. The function poly3d_plot.m streamlines the calculation and
plotting of the Coulomb stress change, which is the parameter I used most often
in my subduction zone modeling.
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APPENDIX D
ADDITIONAL BOUNDARY ELEMENT MODELS OF UPPER
PLATE FAULTING IN THE SALAR GRANDE REGION
(SUPPLEMENT TO CHAPTER 2)

D.1

Introduction

In Chapter 2, I present models showing the perturbation to a regional stress field
induced by the presence of upper plate faults. In addition to the preferred models
presented in that chapter, I explored several additional sets of boundary element
model parameters for each of the four fault zones. This appendix contains descriptions of all tested permutations and plots of the calculated stress perturbations
and vertical displacement fields.

D.2
D.2.1

Tested parameters
Depth-dependent traction boundary conditions

For models of normal faulting, we test two types of boundary conditions applied
to the fault surface. One set of boundary conditions, used in the preferred models
of Chapter 2, allows the faults to slip freely both along strike and down dip, but
prohibits fault-normal motion in response to an applied uniaxial tension, T . The
other class of models employs variable traction boundary conditions, which permit
fault opening near the surface. These boundary conditions are determined following the approximate lithostatic method of Crider and Pollard (1998). The fault
surface is everywhere affected by lithostatic stress, which serves to clamp the two
sides of the fault interface together. At shallow levels, the lithostatic stress may
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be less than the remote tension resolved in the direction of the element normal,
defined as −te3 (0), which leads to opening-mode displacements. The boundary conditions applied to the fault elements are determined based on the element geometry
and the magnitude of T and in all cases serve to oppose the applied tension. At
depths where the lithostatic stress exceeds the remote tension resolved onto the
fault element, we prescribe fault-normal traction equal and opposite to the resolve
remote stress, such that the resulting fault-normal displacement is nominally zero.
At shallower depths, where the lithostatic stress is less than the remote tension
magnitude, the fault is allowed to open an amount proportional to the difference
between the remote and lithostatic stresses. On all elements, the boundary conditions are parameterized as:
te1 = 0
te2 = 0



ρgx3
e
t3 =


−T sin2 δ cos θ sin θ

te

if 0 > x3 ≥ − ρg3 ,
if x3 <

(D.1)

te
− ρg3 .

where te1 is the traction on the fault element in the downdip direction, te2 is the
traction in the along-strike direction, and te3 is the traction acting normal to the
fault plane, with positive traction acting outwards from the element centroid; ρ is
the density of the elastic medium (assumed to be 2750 kg/m3 ), g is gravitational
acceleration, x3 is the depth of the element centroid, δ is the dip of the fault
element, and θ is the angle between the element strike and the azimuth in which the
uniaxial tension T is directed. A schematic diagram of these boundary conditions
is presented in Figure D.1.
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x3=-t3(0)/ρg
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b.

e
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3.
Figure D.1: Schematic diagram showing the boundary conditions applied to the
fault elements for the depth-dependent traction models. a. Element traction
boundary conditions are applied to each fault element, using an element-local
coordinate system. te1 and te2 (inset 1; te2 acts into the page but is not labeled) are
assigned to be zero, allowing free slip on the fault. The lithostatic traction te3 acts
normal to the fault, opposing the remote traction (large white arrows). b. Where
the remote tension resolved onto the fault plane (equal to −te3 (0)) exceeds the
“clamping” traction te3 , the fault opens (inset 2). Below the depth x3 = −te3 (0)ρg,
the lithostatic stress is sufficiently great to keep the fault clamped, i.e. the magnitude of the applied te3 equals the remote tension resolved in the direction of the
element normal (inset 3). After Crider and Pollard (1998).
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D.2.2

Remote stress promoting reverse faulting

In Chapter 2, models in which reverse faulting was encouraged were subject to
uniaxial compression in the direction of plate convergence. Here, I we test four
remote stress compression scenarios. In all cases, the horizontal principal axes of
remote stress trend parallel and perpendicular to the direction of plate convergence, but the relative magnitudes vary. These permutations are meant to span a
range of uniaxial and biaxial compression that would result in the “constrictional”
deformation field proposed by Carrizo et al. (2007). Each reverse faulting model
was subject to 1) uniaxial compression of 2 × 106 Pa directed 075◦ , 2) uniaxial
compression of 2 × 106 directed 165◦ , 3) 2 × 106 Pa of compression directed 075◦ ,
1 × 106 Pa of compression oriented 165◦ , and 4) 1 × 106 Pa of compression along
the azimuth 075◦ , 2 × 106 Pa directed 165◦ . All reverse model figure panels show a
schematic diagram denoting the directions and relative magnitudes of the remote
stress axes.

D.3
D.3.1

Model results
Hombre Muerto fault

We test both normal and reverse fault parameter sets for the Hombre Muerto fault.
Although unlikely, there exists the possibility that the trenched faults (Carrizo
et al., 2007) represent secondary structures, and the principal fault that forms the
scarp is actually an east-dipping normal fault, so we investigate models using this
geometry and uniaxial tension as remote stress. The applied remote stress tensor
that drives fault slip is reasonably consistent with the geomorphology of the fault
scarp. Drainages off the mountain front directly east of the Hombre Muerto fault
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are either diverted by the fault scarp or are dammed but show some evidence of
previous continuity on the upthrown western fault block. In all cases, the preserved
continuity shows no clear lateral offset relative to the upstream segment of the
drainage, suggesting that fault motion has been primarily dip-slip. This implies
that the principal axes of the remote stress field are oriented such that minimal
strike-slip motion is induced, i.e. one principal axis is nearly perpendicular to the
fault and the other is nearly parallel. If the Hombre Muerto fault is a normal
fault, it slips in response to remote tension applied approximately east-west, as is
likely induced in this region by strong subduction zone earthquakes (Chapter 3)
or possibly flexural effects during the interseismic period (Chapter 5). If it is a
reverse fault, as suggested by the trenching and therefore assumed in our preferred
model (Section 2.6.1), motion is driven by compression oriented east-west, which
may arise from plate convergence or a concentrated zone of compression during a
subduction zone earthquake, depending on the exact slip distribution during that
earthquake (Chapter 4).
For both the normal and reverse cases, we test two cases to treat the transition
zone geometry. Given the lack of topographic expression of the fault between the
northern and southern segments, it is possible that the fault is discontinuous or
segmented. For both the normal and reverse faulting cases, we test scenarios in
which the fault is modeled as a single, through-going fault as well as two distinct
segments. It is important to note that in both cases we fix the maximum depth
D of modeled faults to be L/2, and so in the case of the segmented fault models,
the maximum fault depth is about half that of the single fault simulations, due to
the different fault lengths. The segmented fault cases also employ variable burial
depth B: due to the fact that the scarp of the southern segment is much more

271

subdued than that of the northern segment, we interpret it as more deeply buried
(B = L/20 for the southern segment and B = L/200 for the northern segment).
When modeled as a single fault, we bury the discontinuity to B = L/200 along its
entire length.
Figure D.2 and D.3 show the patterns of normal stress resolved onto vertical
planes striking 000◦ that result from remote stress imposed on the modeled Hombre
Muerto fault. Figure D.2 shows the stress fields for the remote uniaxial tension
conditions and demonstrate the effects of fault interaction around the transition
zone. Figures D.2a and c show the simulations in which no opening displacement
is allowed on the modeled faults, while panels b and d show the cases in which the
variable traction boundary conditions are employed, allowing opening of the fault
near the surface. Restriction of opening in the single fault model (Figure D.2a)
produces a tensional stress field along the footwall that decreases in width around
the transition zone, which is inconsistent with the wider extent of cracking in that
area. Conversely, the opening, single fault model (Figure D.2b) shows a slight
bulge in the tensional stress field around the transition zone. Regions of tension
in the segmented fault models (Figures D.2c, d) are similar regardless of whether
or not opening is allowed. The width of the tensional stress field in the footwall
is narrower than that of the single fault models, which results from the smaller
downdip extent of the individual fault segments. Even so, the regions in which
cracking is encouraged contain most of the mapped cracks. The transition zone
itself is characterized by low-magnitude tension encompassing most of the mapped
cracks. As in the case of the single fault models, the case in which near-surface
fault opening is allowed produces a stress field more consistent with the mapped
cracks than the non-opening model.
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Figure D.2: Results of modeling in which the Hombre Muerto fault region is subject to uniaxial tension directed 255◦ (represented by the double-headed arrow),
simulating the stress generated either by a strong subduction zone earthquake or
interseismic flexure. Bold black lines show the surface trace of the modeled faults
and thin black lines show the mapped surface cracks. The color map shows the distribution of tensile stress resolved onto vertical planes striking 000◦ , approximating
the mean crack strike within this region (see rose diagram in Figure 2.8). From
the total calculated stress field, we subtract the magnitude of remotely applied
tension resolved onto planes striking 000◦ , so that the stress field shown represents
solely the perturbation to the stress field caused by the presence of and slip on the
modeled faults. Where tensile stress is non-zero, opening is encouraged on such
planes.
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When the west-dipping modeled faults are subject to uniaxial or biaxial compression, the resulting patterns of stress perturbation are relatively similar to those
of the normal fault models (Figure D.3). Models experiencing uniaxial compression
directed 075◦ (Figure D.3a, e), or biaxial compression with the larger magnitude
axis trending 075◦ (Figure D.3c, g) show a narrow zone of tension concentrated
along the scarp crest, consistent with the zone of enhanced cracking observed along
the fault. However, these models do not predict tensional stress around the transition zone. Simulations in which compression directed 165◦ dominates the remote
stress field (Figures D.3b, d, f, h) do show an enhancement of tensional stress
around the transition zone, but the reverse-sinistral fault slip vectors and vertical
displacement fields (e.g., Figure D.4b) resolved from these models are inconsistent
with the geomorphology of the region, which indicates little lateral offset along the
linear fault.
The deeper burial of the southern segment of the Hombre Muerto fault significantly affects the extent of the tensional stress field at the surface (Figure D.3e-h).
Only in the case of uniaxial compression directed 165◦ (Figure D.3f) is the hangingwall stress field tensional, but again, this model is inconsistent with the cumulative
slip on the fault as recorded by the geomorphology (Figure D.4b). As discussed in
Section 2.6.1, it is possible that the transition zone is underlain by several short
fault segments, and the collective perturbation that they introduce into the stress
field may be consistent with the diffuse deformation we observe there.
When modeled as a two-segment normal fault system, the general patterns of
predicted uplift and subsidence along the Hombre Muerto fault (D.4a) agree reasonably well with the observed fault-related topography, which can be discerned
from the IKONOS image shown in Figure 2.8. Because of the near-surface burial
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Figure D.3: Results of modeling in which the Hombre Muerto fault is simulated
as a structure dipping 75◦ W, broadly consistent with the trenching observations
of Carrizo et al. (2007), and subject to various compressional remote stress conditions. All symbols are the same as in Figure D.2 except that all reverse fault
models, the stress field shown is not corrected for remote stress, as any tensional
stress in the reverse fault models results exclusively from localized effects due to
fault-related processes. The top row (a–d) shows the results of simulations in which
the fault is modeled as a single, continuous structure, whereas the the bottom row
(e–h) shows the results for the two segment models. The four columns show the
field of tensional stress for models subject to different remote stress conditions,
expressed by the black arrows: a, e) uniaxial compression directed along the azimuth 075◦ , b, f) uniaxial compression oriented 165◦ , c, g) biaxial compression,
with the magnitude of compression oriented 075◦ twice that oriented 165◦ , and d,
h) compression oriented 165◦ twice the magnitude of that directed 075◦ .
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depth of the northern segment, the resulting fault scarp is higher and more abrupt
than the subdued scarp of the deeper-buried southern segment. In the transition
zone between segments, the horizontal gradient of the vertical displacement field is
less than that along the fault segments, consistent with the continuous slope that
is cut by continuous drainages in that area (D.4a). Patterns of vertical displacement for the reverse fault simulation subject to uniaxial compression directed 165◦
(Figure D.4b) do not closely resemble the topography. Elevated regions are not
elongated parallel to the fault trace but rather are dome-shaped. The greatest uplift predicted by this model occurs within the transition zone (Figure D.4b), which
is inconsistent with the through-going drainages in that region. Figure D.4c shows
the vertical deformation for the two-fault model subject to constriction, with the
compression oriented 075◦ twice the magnitude of that directed south-southeast
(i.e., the model shown in Figure D.3g), which closely resembles the displacement
fields of the models shown in Figure D.3e and h. Like the normal faulting displacement field, Figure D.4c shows elongated zones of uplift and corresponding
valleys parallel to the fault, consistent with the scarp topography observed. Furthermore, the relief across the transition zone is relatively low, which would allow
for the continuity of drainages from east to west across the fault zone. The vertical displacement fields shown in Figure D.4a and c both resemble the accumulated
fault-related topography, indicating that repeated episodes of fault slip can explain
the resulting surficial expression.

D.3.2

Punta de Lobos fault

The Punta de Lobos fault is curious in that the region of adjacent cracking extends
across the alluvial fan for about 1 km from the fault trace. Based on preliminary
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Figure D.4: Vertical displacement field for three of the Hombre Muerto models:
A) normal fault model, subject to uniaxial tension directed 255◦ , B) reverse fault
model subject to uniaxial compression along azimuth 165◦ , and C) constrictional
model, with compression directed 075◦ twice the magnitude of that directed 165◦ .
The patterns seen in C are very similar to those seen for the other reverse fault
remote stress conditions. The fields of A and C are relatively similar, characterized
by linear zones of uplift and subsidence along the fault trace, with little uplift in the
transition zone between fault segments, consistent with the topography. Vertical
displacement shown in B is inconsistent with the topography, as the zone of greatest
predicted uplift coincides with the transition zone, where fault-related relief is low.
However, the model corresponding to B is the reverse fault simulation producing
the stress field most consistent with the distribution of cracks.
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modeling, if these cracks are exclusively related to the stress perturbation generated
by the presence of the fault, the fault must extend to great depth and/or dip
gently. Because we know the dip of the fault at the surface to be 82◦ E, the gentle
dip hypothesis is either incorrect, or the inclination shallows at depth, suggesting
a listric geometry. Despite a deep incision into the alluvial fan sediments that
comprise the hangingwall, we have little information about bedding dips on either
side of the fault that could shed light on whether or not the fault is listric. If the
fault were listric, we would expect cracking to be accentuated around the crest
of a rollover anticline in the hangingwall. As mentioned before, cracks show little
change in aperture or spacing across the alluvial fan, indicating little enhancement
due to any structure. Nonetheless, we test a listric geometry in our simulations of
the Punta de Lobos fault, the dip of which decreases from 82◦ E at the surface to
horizontal at a distance 3 km away from the surface trace and a depth of 2 km.
We also test two aspect ratios for planar faults (D = L/2 and D = L) to address
the possibility that a planar yet deep fault imposes a stress perturbation over a
wide region.
The fault kinematics of the Punta de Lobos fault are constrained by the surface
exposure described by González et al. (2003), and so all results shown in Figure
D.5 compare only the effects of fault geometry, and not the applied remote stress
tensor. The fault-normal traction conditions imposed on the modeled Punta de
Lobos fault exert strong influence over the resulting surface stress pattern, which
is plotted as normal stress resolved on vertical planes striking 350◦ . For the planar
fault models in which near-surface fault opening is prohibited (Figure D.5a, b),
there is a zone of tension predicted along the footwall of the fault, the width of
which is greater for the D = L fault model (Figure D.5b) than the D = L/2
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model (Figure D.5a). This feature is absent in the stress fields of models in which
opening is allowed (Figure D.5d, e). In the opening, planar fault models, a region
of low-magnitude tension in the hangingwall extends eastward from a point just a
few hundred meters from the fault trace, whereas the zero-value stress contour line
for models in which opening is prohibited is located about 1 km from the fault.
The zone of tension encompasses most of the cracks mapped in the hangingwall
alluvial fan, but the small magnitude may not be capable of driving the evolution
of these cracks. North of the fault plane exposure site (white circle in Figure
2.11), cracks located in the footwall lie within the zone of tension predicted by the
non-opening models (Figure D.5a, b). Near the northern terminus of the modeled
fault, the numerous cracks lie within a region where tension is not predicted by
any model. The actual trace of the fault in this area is difficult to identify, and
it may terminate with branched ends rather than as a discrete plane, which could
explain the wider extent of cracking observed.
Further tests not presented here show that the stress field resulting from larger
magnitudes of tension (i.e., 10 × 106 Pa as opposed to 2 × 106 Pa) applied to
faults that are permitted to open have a slightly different pattern, in that tension
is predicted on both the hangingwall and, to a lesser extent, the footwall sides of
the fault, rather than being almost exclusively restricted to the hangingwall side.
Such a pattern is consistent with the occurrence of cracks immediately to both
east and west of the Punta de Lobos fault, but the magnitude of tension required
to produce such a field is greater than that predicted by our models of subduction
zone earthquakes. It is possible that the dynamic stress associated with a large
earthquake could result in such a magnitude.
When the Punta de Lobos fault is simulated as a listric fault (Figure D.5c,
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Figure D.5: Tension resolved onto vertical planes striking 350◦ around the Punta
de Lobos fault. All models are subject to 2 × 106 Pa of uniaxial tension directed
255◦ , causing normal slip on the fault. In the top row models (A-C), the fault is
not permitted to open, while the variable traction boundary conditions are applied
to the bottom row models (D-F). The planar fault in models in the first column
(A, D) dips 80◦ E, consistent with the observations of González et al. (2003), and
has an aspect ratio of D = L/2, while the modeled fault in the second column
(B, E) has an aspect ratio ofD = L. The third column models (C, F) show the
stress field resulting from slip on a listric fault, which has a surface dip 80◦ E that
decreases to horizontal 3 km from the surface trace at a depth of 2 km.
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f), tension in the hangingwall is greater in magnitude than that predicted by the
planar fault models. When near-surface opening is allowed on the listric fault, the
zone of tension again extends from a location nearer the fault trace than that of the
non-opening model. These models emphasize the fact that the rollover anticline
generated by slip on a listric fault does produce tensional stress at the surface
and is therefore a plausible mechanism for crack enhancement. However, as is the
case with the planar fault models, the low magnitude of the induced tension may
not be sufficient to drive the cracking, indicating that the evenly-spaced cracks we
observe cannot be explained exclusively by fault-related processes, but rather by
larger scale stresses.

D.3.3

Antena-Bahı́a Blanca faults

For both the normal and reverse faulting cases of the Antena Norte, Antena Sur,
and Bahı́a Blanca fault segments, we test fault dips of 60◦ , 75◦ , and 80◦ , with
aspect ratios of D = L/2. For the 75◦ dip cases, we also test an aspect ratio of
D = L.
The scarp above the Antena Sur segment is subtle, yet it comprises a topographic anomaly sufficient to dam alluvial sediments transported from the west
(Figure 2.13b). As in the case of the southern Hombre Muerto segment, the subtler topography of this segment as compared to the Antena Norte and Bahı́a Blanca
scarps may suggest that the Antena Sur fault is inactive and has undergone substantial degradation, or that the fault is deeply buried, subduing its surface expression. We model the fault assuming the latter characteristic, burying the Antena
Sur fault to B = L/20 and the Antena Norte and Bahı́a Blanca to a nearly surfacebreaking depth of B = L/200.
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Figure D.6: Tension, resolved onto vertical planes striking 345◦ , resulting from
modeling the Antena-Bahı́a Blanca segments as normal faults subject to 2 × 106
Pa of uniaxial tension oriented 255◦ . Modeled faults in the top row (A-D) are
prevented from opening, while near-surface opening is allowed on the bottom row
models (E-H). The first three columns contain planar faults of the noted dip whose
aspect ratio is D = L/2, while the aspect ratio of faults in the final column is
D = L.
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Figure D.7: Same as Figure D.6, but faults dip in the opposite direction and are
subject to compressional boundary conditions, resulting in reverse oblique motion.
Each row of models represents the results using a different set of remote stress
conditions, with each column representing different fault geometries as described
for Figure D.6. Row 1 (A-D): 2 × 106 Pa of uniaxial compression directed 075◦ ;
row 2 (E-H): 2 × 106 Pa of uniaxial compression directed 165◦ ; row 3 (I-L): 2 × 106
Pa of compression directed 075◦ , 1 × 106 Pa of compression directed 165◦ ; row 4
(M-P): 1 × 106 Pa of compression along 075◦ , 1 × 106 Pa along 165◦ .
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When modeled as a normal fault system, the Antena-Bahı́a Blanca faults introduce stress perturbations that are more consistent with the distribution of surface
cracking than those predicted by the reverse fault simulations (Figures D.6, D.7).
For all models in this region, we evaluate the results by plotting the tension resolved onto vertical planes striking 345◦ and compare the stress fields with the
extent of cracks. Uniaxial tension induces normal fault slip on all faults, resulting in the west-side-down motion on the Bahı́a Blanca and Antena Sur segments,
and east-side-down motion of the Antena Norte segment (Figure D.8a). Models
permitting near-surface opening of the fault (Figure D.6e-h) produce stress fields
similar to simulations in which fault opening is prohibited (Figure D.6a-d), though
the extent of the tensional stress field is slightly larger in the opening models. As
mentioned in Section D.3.2, a larger magnitude of applied T forces opening of fault
elements to a greater depth, which results in a wider zone of tension surrounding
the fault at the surface. Some cracks striking approximately parallel to the faults
lie outside of the zone of induced tension, suggesting that a process or parameter
not considered by our simple models contributes to their formation.
Regardless of the fault dip and aspect ratio used, all of the normal fault models predict displacement fields relatively consistent with the geomorphology and
topography of the region. Oblique dextral-normal slip is induced on all faults, resulting in a vertical displacement field (representative field shown by Figure D.8a)
that closely resembles the topographic features of the fault system, which can be
inferred from the satellite imagery in Figure 2.13. Even small details of the topography are reproduced by the models: the region of slight uplift lying between the
two elongated zones of maximum uplift along the Bahı́a Blanca segment coincides
with the region in which drainages have broken through the scarp topography,
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suggesting that the barrier impeding incision is lower there (Figure 2.13). Also,
the vertical displacement pattern between the Bahı́a Blanca and Antena Sur segments is very similar to the subtle topography of the region. Zones of negligible
uplift, shown in green in Figure D.8a, are located where the less consolidated,
younger, darker material has accumulated (Figure 2.13b), which occurs in slight
depressions. Conversely, the zones of slight uplift between the Bahı́a Blanca and
Antena Sur segments, shown in yellow in Figure D.8a, roughly coincide with the
lighter-colored, gypsum-indurated sediments which are perched above the younger,
darker alluvium (Figure 2.13b). Although the actual magnitude of uplift is greater
on the Antena Sur segment, the slope of the vertical displacement field is far less
than that across the Bahı́a Blanca segment, meaning that the scarp topography is
less abrupt, as observed. In the transition zone between the two southern segments
and the Antena Norte segment, negligible vertical displacement is predicted, consistent with the lack of a topographic scarp developed in this region. The pattern
of uplift and subsidence along the Antena Norte segment mimic the linear trace of
that fault, though the changes in scarp height that coincide with wide regions of
cracking are not considered by the model and therefore are not expressed in the
vertical displacement field.
When modeled as reverse faults, the Antena-Bahı́a Blanca faults produce perturbations to the regional stress field that are restricted to bands on the hangingwall side of the faults that are far narrower than the extent of observed cracking
(Figure D.7). The models subject to uniaxial compression directed 165◦ (Figure
D.7e-h) show wider zones of tension that are more consistent with the distribution
of cracks, including the region of enhanced cracking in the zone between the northern and southern faults, but the vertical displacement field does not resemble the
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Figure D.8: Distribution of vertical displacement resulting from various models of
the Antena-Bahı́a Blanca system. A) Vertical displacement from preferred normal
faulting model (corresponding to Figure D.6h). B) Displacement field resulting
from the model shown in Figure D.7h, which shows the stress field most consistent
with the distribution of open cracks but vertical displacements that do not resemble
the topography. C) The patterns of uplift and subsidence are very similar for
all reverse fault models in rows 1, 3, and 4 of Figure D.7, so we show only a
representative example here, corresponding to the model shown in Figure D.7o.
The vertical displacement field of the normal fault model (A) is similar to the
fault-related topography of the region, indicating that repeated episodes of fault
slip are capable of constructing the observed topography. Vertical displacement
shown in C is reasonably similar to that shown in A, suggesting that cumulative
reverse faulting is also capable of producing the fault-related topography, but the
corresponding surface stress field is less consistent with the crack distribution than
the normal fault models (compare Figures D.6 and D.7, rows 1, 3, and 4). Further
discussion appears in the text.

289

fault-related topography of the region (Figure D.8b). Reverse fault models subject
to any of the other remote stress conditions show vertical displacement fields that
approximate the fault-generated topography of the region as in the case of the
normal fault models (Figure D.8c), yet the stress perturbation that they induce is
less consistent with the extent of cracking.

D.3.4

Geoglifos fault

Cracks along the Geoglifos scarp appear to dominantly reflect fault-related deformation, but some clusters of cracks are affected by the NW-striking structure
that intersects the northern part of the Geoglifos fault. While focusing on the
interaction between cracks and the Geoglifos fault, we also model the intersecting
structure as a vertical frictionless discontinuity to examine its effects on the local
stress field, particularly around the point of intersection. Furthermore, we examine the effects of the southern Geoglifos segment, which is exposed at the surface
with reported dip of 78◦ E (Carrizo et al., 2007). As in the case of the Hombre
Muerto and Antena-Bahı́a Blanca faults, we test both east and west dips of the
fault subject to tensional and compressional remote stress conditions, respectively,
in order to explore a wide range of possible fault kinematics.
Figures D.9 and D.10 show the stress perturbations caused by the Geoglifos
fault (and splays from it) as a result of the tensional (Figure D.9) and compressional
(Figure D.10) remote loading conditions. For this fault, we present the tensional
stress resolved on vertical planes striking 350◦ . Cracks along the fault scarp are
restricted to a narrow band at the scarp crest, roughly coincident with the zone of
tension predicted by the reverse faulting models (Figure D.10) and wholly within
the region of tension surrounding the normal fault models (Figure D.9). The dense
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concentration of cracks around 7652 km N (cluster of thin black lines on Figures
D.9 and D.10) is contained within the tensional stress predicted by all normal
fault models, but the scarp-top tension predicted by the reverse fault models is
anomalously thin at that latitude (Figure D.10).
The normal models considering the southern Geoglifos and northwest-striking
splay faults (Figure D.9b, c) show patterns of stress perturbation that vary substantially from the single Geoglifos fault model (Figure D.9a). Interaction between the
three faults is evident from the distribution of tensional stress, which is more consistent with the distribution of cracking than is the single fault model, particularly
in terms of the northwest striking array of cracks that splays off of the northern
part of the Geoglifos fault. The three-fault models subject to compressional boundary conditions (Figure D.10, bottom row) show zones of tension similar to those
predicted by the corresponding single fault models (Figure D.10, top row). Only
the model subject to uniaxial compression directed 165◦ (Figure D.10f) shows evidence for interaction between the modeled faults, yet this remote stress condition
predicts a displacement field that does not resemble the scarp topography, mainly
in that dome-like uplifts are predicted rather than the more linear ridge that results from the other compressional remote stress conditions (compare Figure D.11b
and D.11c). Furthermore, the tension resolved onto northwest-striking planes is of
low magnitude in these simulations. The model subject to NNW-SSE compression
twice the magnitude of that direction ENE-WSW (Figure D.10h) shows some evidence for interaction between the Geoglifos fault and the northwest striking fault,
as the zone of tension immediately surrounding the intersection is slightly larger
than in that in Figure D.10e or g.
None of the reverse fault models demonstrate a zone of tension near the inter-
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Figure D.9: Stress field resulting from the Geoglifos fault and associated splays,
subject to 2 × 106 Pa of remote tension oriented 255◦ . The main strand of the
Geoglifos fault (longest bold black line with NNW strike) dips 75◦ W and has an
aspect ratio of D = L/2. A) Results of modeling a single fault. The distribution of
tension, resolved onto planes striking 350◦ , is consistent with the extent of cracking
localized on the scarp crest, but the several arrays of northwest-striking cracks
lie outside of this predicted tension. B) Model incorporating three faults. The
northwest striking fault in the north is modeled as a vertical fault with aspect ratio
D = L/2. The southern fault has the same aspect ratio but dips 75◦ E, consistent
with the fault plane observations of Carrizo et al. (2007). The interaction between
these two subsidiary faults and the main Geoglifos fault results in a stress field
more consistent with the distribution of cracking than the single fault model. C)
Same as (B), but opening is allowed on the southernmost fault. Opening does not
occur on the northern two faults, because they are buried to a depth such that the
lithostatic stresses hold the fault clamped together; this burial depth was chosen
based on the smoothness of fault-related topography and lack of surface exposure.
The stress distribution is similar in B and C, except for minor details surrounding
the southern fault.
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Figure D.10: Stress fields resulting from the reverse fault modeling of the Geoglifos
fault and related splays. The top row models show the stress fields resulting from
the single Geoglifos fault, while the bottom row models show the stress perturbation caused by three modeled faults. Each column shows the results from the different applied remote stress tensors, as described for the other reverse fault models.
Only the model subject to uniaxial compression directed 165◦ shows evidence for
interaction between the northwest-striking striking and the main Geoglifos fault,
as demonstrated by the low-magnitude zone of tension surrounding the fault intersection. All models except for those in the second column show an anomalously
narrow region of tension in an area where surface cracks are concentrated (around
7652 km N) and show no interaction between the main Geoglifos fault and the
southern splay. However, many of the cracks restricted to the scarp crest do lie
within the zone of predicted tension for most models.
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acting segments of the Geoglifos fault with its southern extension (Figure D.10),
whereas the normal fault models show regions of low to moderate magnitude tensional stress within a “transition zone” between the two fault segments (Figure
D.9b, c), consistent with the diffuse cracking in that region.
We did not explicitly model the southernmost northwest-striking array of en
echelon open cracks as a fault because it has no topographic expression along
its trace. However, we expect that inclusion of a buried, vertical discontinuity
similar to that which represents the northern array of northwest-striking open
cracks would result in little change to the stress field of the reverse faulting models
while perturbing the normal faulting models in a manner similar to that of the
northern fault. This would make the extent of tensional stress of the normal fault
models more consistent with the distribution of cracks, particularly in terms of the
dense cluster located near the intersection of the northwest-striking array and the
main Geoglifos fault.
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Figure D.11: Patterns of vertical deformation resulting from the Geoglifos fault
modeling. A) Vertical displacement field predicted by the model corresponding
to Figure D.9c. B) Vertical displacement field corresponding to the model shown
in Figure D.10f, which is the reverse faulting model that produces the stress field
most consistent with the extent of cracking. The low-magnitude, dome- and bowllike shapes of predicted uplift and subsidence zones are inconsistent with the linear
nature of the fault scarps. C) Representative model showing vertical uplift patterns
that result from the other reverse fault models, which are relatively similar to each
other. These patterns are similar to those of the normal faulting model, and
thus suggest that the fault-related topography can be explained by accumulated
slip on the modeled faults. In C, no anomalous topography is predicted along
the northwest striking splay fault, as it is in A and as is observed in the field.
However, the sense of displacement along the southern splay fault in A is opposite
its observed morphology, which is accurately represented in panel C.
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APPENDIX E
REGIONAL CRACK MODELING DETAILS (SUPPLEMENT TO
CHAPTER 3)

E.1

Crack-based inversion strategy

To explore the range of coseismic slip distributions that would result in deformation consistent with that exhibited by the surface cracks, we invert the permanent
strain field shown by the cracks for motion on the subduction thrust. Elastic
dislocation theory (e.g., Okada, 1985, 1992) shows a linear relationship between
a displacement discontinuity (i.e., relative motion) on a modeled fault and the
displacement and strain fields throughout an elastic medium. Therefore, any displacement or deformation data throughout the medium can be inverted to solve
for the distribution of slip on the modeled fault. If the fault geometry is known,
the inversion is linear and computationally inexpensive, whereas solving for fault
geometry in tandem with the slip distribution is a complicated, nonlinear problem (e.g., Simons et al., 2002). We use the three-dimensional elastic boundary
element code Poly3DInv (Maerten et al., 2005) to invert the crack-based strain
field for slip on the subduction thrust. This program permits various constraints
to be applied during the inversion, notably the ability to simultaneously minimize
the misfit between model and data and the roughness of the slip distribution, and
to limit the sense of strike- and dip-slip to a specified direction through use of a
weighted non-negative least-squares inversion (e.g., Menke, 1984; Maerten et al.,
2005). In all of our inversions, we restrict slip to be reverse and/or left-lateral,
consistent with the direction of plate convergence. Furthermore, we prohibit slip
on the elements that line the edges of the modeled fault.

298

We carry out a series of inversions with varying parameters to investigate which
resolved properties of the slip distribution are most robust. All modeling assumes a known subduction thrust geometry which we constructed by fitting a
three-dimensional curved surface to the Wadati-Benioff zone contours of Cahill
and Isacks (1992) between depths of 0 km (trench) and 75 km, then discretized
with triangular elements in order to retain the curvature (Figure E.1). We group
the inversions in four subsets based on permutations of two parameters: use of
crack density-weighted strain magnitudes versus identical strain magnitudes at
each cluster (“u” suffix in Table E.1), and use of a coarse fault mesh versus a
denser mesh (“d” suffix in Table E.1). The crack density-based strain magnitude
is equal to the mean of the total length of cracking within 90 m resolution cells
throughout each crack population divided by the area of each grid cell, to yield
crack density in m/m2 or m−1 . The range of this value amongst all 16 crack populations is 0.058–0.124 m−1 . We convert the crack density to strain magnitude by
modulating the density value by an exponent. Test inversions of the crack dataset
indicated that multiplying crack density by 10−5 , yielding strain magnitudes of
5.8 × 10−7 – 1.24 × 10−6 , resolved maximum slip values of ∼7 m, with an overall
moment magnitude of 8.5. This is similar to the estimates of maximum slip and
moment for the 1877 earthquake (Nishenko, 1985). For the uniform strain models,
we chose a magnitude of 1 × 10−6 , which resolved a maximum slip value of 8 m
and moment magnitude of 8.5, also consistent with the estimated parameters.
For each of the four combinations of variable/uniform strain magnitudes and
coarse/dense meshes, we generate a model using four subsets of the constraining
data (Figure E.2). One model in each group uses the mean strike of all crack populations (“A” prefix in Table E.1), while the three other models use datasets that
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Figure E.1: Coarse (369 elements, a) and fine (1009 elements, b) triangular discretization of the Iquique segment of the plate boundary used in the inverse modeling.
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Table E.1: Inversion model parameters
Modela

A
S1
S2
S3
Au
S1u
S2u
S3u
Ad
S1d
S2d
S3d
Adu
S1du
S2du
S3du
Adux
S1dux
S2dux
S3dux

NE b

369
369
369
369
369
369
369
369
1009
1009
1009
1009
1009
1009
1009
1009
1009
1009
1009
1009

Moment
(N-m)c
1021

6.3 ×
3.0 × 1021
3.0 × 1021
2.2 × 1021
6.8 × 1021
3.4 × 1021
3.7 × 1021
2.3 × 1021
8.9 × 1021
4.3 × 1021
3.5 × 1021
2.3 × 1021
6.2 × 1021
5.3 × 1021
3.8 × 1021
3.5 × 1021
7.0 × 1021
5.4 × 1021
4.0 × 1021
4.6 × 1021

Mw

8.5
8.2
8.3
8.2
8.5
8.3
8.3
8.2
8.6
8.4
8.3
8.2
8.5
8.4
8.3
8.3
8.5
8.4
8.3
8.4

Slip
(m)
Mean Max.
2.1
8.0
0.9
8.0
1.0
8.0
0.7
8.0
2.3
8.0
1.1
8.0
1.2
8.0
0.7
8.0
2.9
8.0
1.4
8.0
1.1
8.0
0.7
8.0
2.0
8.0
1.8
8.0
1.2
8.0
1.1
8.0
2.3
8.0
1.8
8.0
1.3
8.0
1.5
8.0

a

Angular errore

Slip
az.d
242
199
229
213
239
204
224
228
237
192
225
235
240
205
218
229
235
198
222
216

Min.
0.2
7.6
0.1
2.8
0.3
4.1
0.4
6.7
0.8
0.8
2.5
3.3
0.4
3.2
0.3
8.6
0.9
1.2
1.2
1.1

Max.
75.1
63.9
68.0
75.7
30.3
43.0
28.4
72.1
59.5
49.4
56.2
48.8
33.4
40.7
27.5
43.5
44.1
43.6
26.1
41.4

Mean
18.2
34.4
19.0
26.9
13.1
18.3
9.0
23.4
15.8
15.1
20.3
21.0
13.5
15.0
11.3
18.8
15.3
17.4
12.5
14.8

Total
291
550
304
430
210
293
144
374
253
242
325
336
217
241
181
300
260
295
213
251

Leading number refers to constraining dataset used in the inversion. “A”
indicates that all crack data were used in the inversion, while “S” denotes the subset
of data used (subset 1, 2 or 3; see Figure E.2). Appended “u” indicates uniform
strain magnitude assumed for all constraining data, “d” indicates a denser-spaced
element mesh (Figure E.1), and “x” indicates models including the supplementary
postulated data point at 22◦ S (Section E.2.4).
b
Number of elements
c
Moment is defined as the modulus of rigidity (3 × 1010 N/m2 ) times the sum
of the slip times area of all fault patches.
d
Mean azimuth of the element slip vector projected onto the half-space surface.
The mean value is weighted by the slip magnitude.
e
Angular difference between the mean observed crack strike in each cluster and
calculated most-compressional principal stress axis at the cluster location.
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exclude information from up to 7 of the 16 clusters (S1, S2, or S3 prefix in Table
E.1). These subsets were chosen to reduce the number of closely-spaced control
points (S1 and S2) or to distribute more evenly the control points along the coastline (S3, Figure E.2). However, the lack of any crack population between 21.5◦ and
22.5◦ S limits the resolution of slip within those bounds. As mentioned in the main
text, high topography in this region impedes development of the gypsum-indurated
sediment crust, which plays a key role in crack preservation. Therefore, coseismic
stress fields in this segment are likely capable of producing and reactivating cracks,
but the lack of a durable surface crust prevents their long-term preservation.

E.2

Inversion results

We use the resolved slip distributions to calculate the principal stress axes at each
crack population location. Before carrying out this forward modeling, we scale the
resolved earthquake slip such that the maximum slip magnitude is 8 m, roughly
consistent with the maximum value estimated for the 1877 earthquake (Nishenko,
1985; Comte and Pardo, 1991). The pattern of slip — and therefore the calculated
orientations of principal stress at the surface — does not change as a result of this
modification. We evaluate the goodness-of-fit of each inverse model by calculating
the angular difference between the mean crack strike observed within each cluster
and the most-compressional principal stress axis calculated at the cluster location.
As mentioned in the main text, the strike of a mode 1 crack is parallel to the σ1
direction of the stress field that created it. We calculate the minimum, maximum,
and mean angular difference between the observed and predicted crack strike,
and we summarize the overall model misfit by summing the angular discrepancies
between model and data for all crack populations (Figures E.3-E.6, Table E.1).
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between 21.5◦ and 22.5◦ S (see Section E.2.4).

each set. The gray dot indicates the position of the additional strain tensor used to fill the large gap in constraining data

Figure E.2: Subsets of crack strain data used in the inversions. Black dots show locations of crack clusters that comprise
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There are several fundamental differences between the models. For all permutations of geometry and data subsets, the slip distributions constrained using a
uniform strain magnitude for all crack locations produce a stress field that better fits the observations than the corresponding model that used the variable,
crack density-based strain magnitudes. The mean slip azimuth, defined as the
mean surficial projection of the element slip vector, weighted by slip magnitude, is
consistently rotated southwest from the expected direction opposite the plate convergence azimuth of 255◦ (Table E.1). Inversions of the full crack dataset resolve
a mean slip vector closest to this expected value, while use of subset 1 results in
slip vectors with a stronger sinistral component than expected.

E.2.1

Slip distribution

The spatial distribution of slip varies substantially between models. For the most
part, “A” models show widely distributed slip and thus are characterized by larger
moments than the corresponding “S” models (Figure E.3, Table E.1). One curious
feature of the A models is that the resolved slip distribution is such that contour
lines do not close towards the termination of the modeled rupture zone. This is
particularly evident along the northern part of the updip edge of the model, where
the 7 m slip contour is open as it approaches the trench (e.g., Figure E.3c). This
suggests that, if the modeled geometry were larger, slip would be resolved over a
greater area. In the case of the open contours near the trench, extending the model
geometry is physically unreasonable, as the western edge of the modeled fault
marks the extent of the plate boundary. S1 models show a concentration of slip off
the coast of Iquique, as well as a region of slip just north of 23◦ S latitude (Figure
E.4). The slip on this southern patch is strongly partitioned, with the deeper
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using fine mesh and variable strain magnitudes (Ad). d) Model using fine mesh and uniform strain magnitudes (Adu).

(“A” in Table E.1). b) Model using coarse mesh and uniform strain magnitudes for all crack populations (Au). c) Model

as Ar (Arica), Iq (Iquique), and An (Antofagasta). a) Model using coarse mesh and crack density-based strain magnitudes

the observed and calculated orientations, are shown in the upper right corner of each panel. City names are abbreviated

direction calculated using the slip distribution. The total and mean angular errors, defined as the angular difference between

each panel, the solid vectors show the observed mean crack strike at each crack location, and the hollow vectors show the σ1

slip magnitude are represented by the contour lines (1 m slip interval). Population locations are shown in Figure E.2a. In

Figure E.3: Slip distributions resolved using all crack populations as constraining data and forward modeling results. The
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with parameters as described in Figure E.3.

Figure E.4: Slip distributions resolved using subset 1 of the crack data, with locations shown in Figure E.2b. a–d) Models
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part of the patch (around 75 km depth) dominated by nearly dextral slip and the
shallower portion characterized by dominantly reverse slip. Inversions based on
the S2 dataset also show a concentration of slip offshore Iquique, which tapers
reasonably smoothly in all directions, except for some open contours along the
down-dip extent of the model geometry (Figure E.5). A patch of lower magnitude
slip (∼1 m) near the southern extent of the modeled rupture geometry is also
present in S2 models. In contrast to the southern patch of slip in the S1 models,
the S2 patch is located around 30 km depth and is dominantly reverse slip. The S3
models also show a slip distribution very similar to that of the S1 models (Figure
E.6) in terms of the concentration of slip near Iquique and the partitioning of slip
in the southern slip patch. The similarities between the S1 and S3 slip distributions
indicates that the crack orientation data omitted in the S3 inversions (Figure
E.2) does not affect large-scale patterns of earthquake slip. As the goodnessof-fit statistics indicate, however, the small-scale patterns of slip resolved due to
the inclusion of additional data in S1 models as compared to S3 models produce a
surface stress field that is more similar to the deformation exhibited by the cracks.

E.2.2

Effects of data subsampling and uniform strain

The two modifications to the constraining data that we explore in the inverse
modeling exclusion of strain information from some of the crack populations and
assigning a uniform strain magnitude to all populations generally improve the
statistical fit between the observed and predicted crack strikes. In all cases, inversions using the uniform strain magnitude produce better fits to the data than the
corresponding crack-density based strain magnitude models. The uniform strain
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Figure E.5: Slip distributions resolved using subset 2 of the crack data, with locations shown in Figure E.2c. a–d) Models
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S2 models, which exclude strain data from 3 of the 16 crack populations (Figure
E.2), show the best statistical fit to the data (Figure E.5b, d; Table E.1). Inversions based on all crack populations (A models) predict principal stress directions
consistent with the mean crack strikes of many of the clusters north of 22◦ S but
inconsistent with the three southern populations (Figure E.3). S1 and S3 models
show, in general, poor fits between the predicted and observed crack strikes for
those populations not used as constraining data. The aforementioned patch of almost purely dextral slip on deep portions of the southern extent of the S1 models
produces a stress field consistent with the crack orientations in the three southern
populations, but this sense of slip is physically unreasonable considering the known
plate convergence direction and expected rake of the coseismic slip vectors.

E.2.3

Effect of fault mesh density

The density of the fault mesh also affects the statistical fit between the predicted
and observed crack strikes. In the majority of cases, slip resolved onto the dense
mesh produces a stress field more consistent with the crack data than the corresponding inversion using the coarse mesh. In the S2 and uniform strain A models,
however, the coarse mesh model results in a better fit. This likely results from
the smoothing routine involved in the inversion. Because the dense mesh contains
elements that are more numerous and closer-spaced than the coarse mesh, the
overall slip distribution is smoother. The more abrupt changes in slip magnitude
between adjacent elements of the coarser mesh allow for more heterogeneity in the
slip distribution, which in some cases provides a better fit than the corresponding
fine mesh model.
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Figure E.6: Slip distributions resolved using subset 3 of the crack data, with locations shown in Figure E.2d. a–d) Models
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E.2.4

Addition of an inferred crack population

Because of the large gap in the constraining data between 21.5◦ and 22.5◦ S and
the resulting lack of slip resolved within this latitude range, we add a strain tensor to each subset of the crack-based strain data to investigate the differences in
the resolved coseismic slip. This additional data point lies at the average of the
latitude and longitude of the crack populations bounding it (gray circle, Figure
E.2), with principal strain directions assigned to the mean of those of the bounding populations. As mentioned above and in the main text, the lack of cracking
observed in this region may result exclusively from the topographic and climatic
conditions that inhibit crack preservation. We assume that earthquakes are capable of producing cracks around this latitude and postulate a supplementary data
point to reflect that. The results of the inversion for the supplemented strain data
sets are shown in Figure E.7.
Addition of the postulated strain tensor in the data gap does not substantially
affect the slip distribution of any of the 4 models (compare Figure E.7 with the
corresponding results shown in panel (d) of Figures E.3-E.6). Inclusion of the
supplementary strain tensor resolves minor slip further south in model A (Figure
E.7a), connects two distinct patches of slip in model S1 (Figure E.7b), is virtually
indistinguishable from model S2 (Figure E.7c), and slightly enhances both the
magnitude and extent of the southern slip zone of model S3 (Figure E.7d). The
total angular error of model S3 with the supplementary data point is actually less
than the original model, but in all other models the total angular error predictably
increases with the addition of the data point. For the most part, the fit between the
models and crack strike of the supplementary data point is good, with an angular
error less than 25◦ in all cases (Figure E.7).
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as described in Figure E.3.

Angular error results are shown for the supplemented A (a), S1 (b), S2 (c), and S3 (d) data sets. Symbols in each panel are

additional strain tensor at ∼22◦ S. This artificial data point fills the large gap in the constraining data (see Figure E.2).

Figure E.7: Slip distributions resolved onto the dense mesh using the crack-based strain data sets supplemented by an
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E.2.5

Effect of smoothing parameter

To investigate the effects of the smoothing parameter on the slip distribution and
resulting fit of the predicted crack strike to the observations, we vary the smoothing
parameter for model S2du, which is the statistically best-fitting dense mesh model.
Keeping all other model parameters equal, we vary the smoothing parameter from
0.05 to 1 in increments of 0.05. We present the slip distributions and predicted
crack strike results for four inversions, with smoothing parameters 0.1, 0.3, 0.7,
and 0.9, in Figure E.8. Figure E.9 shows the relationship between the smoothing
parameter and the angular error of the models with respect to the crack data.
The inversion using the smoothing parameter of 0.7 produces a stress field most
consistent with the deformation shown by the cracks (Figure E.8c, E.9). A local
minimum in the smoothness versus error plot occurs at smoothing factor 0.35.

E.2.6

Preferred model

We chose model S2u as our preferred model discussed in the text. This was based
upon the low mean and total error and the fact that the resolved slip lies within
the modeled geometry. The geometry extends to 75 km depth, which lies below
the presumed down-dip limit of seismogenesis of 45–50 km (Tichelaar and Ruff ,
1991; Comte et al., 1994). Slip may, however, originate at the locus of maximum
moment release and propagate up-dip, down-dip, and along strike. The plate
interface below the seismogenic zone is thought to be characterized by velocitystrengthening behavior (Oleskevich et al., 1999), so slip that propagates into this
region should in theory decrease to zero with increasing depth. Therefore, resolved
slip that reaches a maximum within the seismogenic zone and smoothly decreases
in magnitude towards both the trench and the down-dip extent of the seismogenic
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the caption for Figure E.3.

crack locations, with smoothing parameters of a) 0.1, b) 0.3, c) 0.7, and d) 0.9. Annotation of the panels is as described in

Figure E.8: Slip distributions resolved onto the dense fault mesh by inverting uniform strain magnitudes at the S2 subset
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Figure E.9: Plot of smoothing parameter versus angular error for variants of the
S2ud model. Mean (dashed, left axis) and total (solid, right axis) angular errors
between model and data were calculated for S2ud models with smoothing parameters from 0.05 to 1 in increments of 0.05.
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zone is physically plausible. Conversely, patterns of slip showing an increase in
magnitude outside of the seismogenic zone are suspect. We distinguish plausible
and suspect slip patterns based on the closure of contours near the edges of the
model geometry: models in which contours are closed near the down-dip edge, such
as model S2u (Figure E.5b) and most S3 models (Figure E.6b-d) are plausible,
while those that show open contours near the boundaries, such as the near-trench
contours in the A model (Figure E.3) are less reasonable. We prefer model S2u
over the variant of S2ud with a smoothing parameter of 0.7. The latter results in
a slightly better fit to the data (total angular error of 131 versus 144 for S2u), but
shows many open slip contours near the model edges (Figure E.8c).

E.3

Dynamic stress change modeling

The associated electronic material contains two animations (antodyn.mp4 and
areqdyn.mp4) that show the temporal evolution of the principal stress axes resulting from the 1995 Antofagasta and 2001 Arequipa earthquakes. Animation
antodyn.mp4 shows the first 100 seconds of the Antofagasta event, with a time
interval of one half second per frame. Figure areqdyn.mp4 shows the first 175 seconds of the Arequipa earthquake, also with a half-second per frame time interval.
The models were calculated using the method of Cotton and Coutant (1997), the
one-dimensional seismic velocity model of Husen et al. (1999), and the spatiotemporal distributions of coseismic slip of Pritchard et al. (2006, 2007).
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Animation antodyn.mp4. Animation, in *.mp4 format, showing the temporal
evolution of the horizontal principal stress axes at the surface due to the 1995
Antofagasta earthquake. The animation shows the principal stress axes calculated
at half-second intervals for the first 100 seconds of the event. Red axes represent
principal tension and blue axes represent principal compression. Note that in some
cases, both axes are tensional or compressional (see Chapter 3).

Animation areqdyn.mp4 Animation showing the temporal evolution of principal stress axes due to the 2001 Arequipa earthquake. The stress field is calculated
at half-second intervals for the first 175 seconds of the event. Symbols are as
described for Animation antodyn.mp4.
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