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Glaciers outside of the Greenland and Antarctic ice sheets currently comprise
∼1/3 of the cryosphere’s contribution to sea level rise (SLR) and are expected
to remain a significant contributor during the 21 st century. Glaciers represent
vast reservoirs of fresh water, and their melt waters are often an important component of hydropower and agriculture for communities living in glacierized
watersheds. In addition to surface melt, glaciers that terminate in the ocean
(i.e., marine terminating or tidewater glaciers) can rapidly retreat and discharge
large amounts ice from upper regions into the ocean. These processes are largely
decoupled from climate and represent a major source of uncertainty in SLR projections. As glaciers redistribute their mass through ice discharge and melting,
they evoke a deformational response of the solid Earth that can be used to better understand these processes or, conversely, probe the mechanical properties
of the Earth’s interior.
In this thesis, I use a variety of geodetic data and numerical models to quantify the changes to the cryosphere and the response of the sold Earth in Alaska
and Iceland. I begin by investigating the processes promoting the advance of the
marine terminating Yahtse Glacier in southern Alaska. Using the pixel tracking
technique with satellite imagery, I construct a time series of the glacier’s velocity spanning the years 1985 – 2016. Rates of ice elevation change during years

2000 – 2014 are estimated from a time series of satellite-derived digital elevation
maps (DEMs) by fitting a trend to the elevations on a pixel-by-pixel basis. We
find that the development of a submarine shoal stabilizes the glacier’s terminus,
causing the terminus to compressively thicken by ∼6 m yr−1 and decelerate by
∼45%. A steep (up to 35% slope) icefall prevents these stabilities from reaching
the majority of the glacier. The continued influx of ice to an increasingly stable
terminus promotes the glacier’s advance and highlights the important role of
geometric controls in dynamic glacier processes.
Using the same DEM timeseries approach, I estimate the rates of mass loss
of the Juneau and Stikine icefields and Glacier Bay region in southeast Alaska
between 2000-2017. The loss of 3 to 5 gigatonnes (Gt) of ice in each of the
three regions drives the deformation of the solid Earth with uplift rates of up
to 10 mm yr−1 . Measurements of this deformation response may be used to gain
insight into the mass loss of these icefields or, if ice mass change is constrained,
to probe the elastic structure of the Earth’s crust. Southeast Alaska’s mountainous, geologically complex setting, as well as brittle, grain-scale deformation in
the uppermost crust can introduce significant biases into estimates of glacier
mass change if not accounted for.
Recent improvements in satellite orbital corrections open the possibility for
long-wavelength glacial isostatic adjustment (GIA) to be mapped using interferometric synthetic aperture radar (InSAR) over the expansive southeast Alaska
region. In this method, deformation is estimated by integrating differences in
phase between repeat satellite images. However, the phase information of these
images is highly affected by large quantities of atmospheric water vapor in the
temperate rainforest setting of southeast Alaska. Using a stochastic estimation
approach, I stack “synthetic” interferograms until the deformation signal is re-

covered to a pre-determined threshold of 2 mm RMSE. In order to account for
95% of 1000 trials, 90 one-year long interferograms are needed in the stack.
There currently exists a sufficient number of Sentinel-1 imagery to create the
equivalent number of independent interferograms, and GIA in southeast Alaska
is likely to be measurable with InSAR.
In the final chapter, I investigate the assumption of purely elastic deformation resulting from seasonal ice mass changes across Iceland. I model the Earth’s
elastic response to seasonal changes in ice mass using seismically derived estimates of the elastic properties of the Icelandic upper mantle. The rigidity of the
mantle is modified to find the best fit to the deformation observations. Reductions of at least 30% in rigidity of the upper mantle are necessary in order to
best fit the data, indicating viscoelastic relaxation over seasonal time scales and
in agreement with rheological models that describe viscoelastic deformation following large earthquakes in Iceland. These results suggest that glacier-induced
solid Earth deformation over seasonal timescales could provide a new and valuable dataset for better understanding the viscoelastic deformation that follows
large earthquakes.
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by personal communications with H. Björnsson and F. Pálsson
(University of Iceland) in 2006, while the winter balance of
Hofsjökull was derived by Grapenthin et al. (2006) from a
weighted average of data presented by Sigurdsson (2003). Locations of the ice caps are specified in Figure 5.1 . . . . . . . . . . 103
χ2 misfits between the modeled and observed deformation amplitudes using the ZHU15, H16, and PREM elastic structures
modified under different modeling scenarios. . . . . . . . . . . . 108
Elevation dependent SRTM C-Band penetration depth trends for
the Stikine Icefield, Juneau Icefield, and the regional trend (Supplementary Figure A.2). . . . . . . . . . . . . . . . . . . . . . . . . 130
Mass balance estimates for Juneau Icefield, Stikine Icefield, and
Glacier Bay region. In the first column, mass balance is estimated
from ASTER and ArcticDEM-only elevation time series in which
the elevation with the minimum uncertainty in the time series at
). In
each pixel is used as a reference to remove outliers (i.e., dh
dt σmin
the second column, mass balances are estimated from corrected
SRTM (SRTM∗ ), ASTER, and ArcticDEM elevation time series,
and the SRTM∗ is used as a reference for removing outliers (i.e.,
dh
) . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 135
dt S RT M ∗

xiii

A.3

Components of mass balance uncertainties used in Eq. A.1. σρ
accounts for unknowns in the density of the glacial material lost
or gained, σDEM for the uncertainty in the weighted linear regression applied to the elevation time series, and σDEV for the uncertainty due to the asymmetric cutoff threshold used to exclude
outliers. σ season represents uncertainties due to partially aliasing seasonal elevation variability in the DEM time series. Imperfect corrections for the SRTM C-Band penetration depth are
(σS RT M ) are estimated as the difference in mass balance estimates
and dh
. For the Glacier Bay region,
calculated from dh
dt σmin
dt S RT M ∗
σS RT M is calculated as the difference in mass balances estimated
when applying the SRTM C-Band penetration trends found for
the Juneau Icefield and Stikine Icefield to the Glacier Bay region. 136

xiv

LIST OF FIGURES
1.1

1.2
1.3

1.4

1.5

1.6

1.7

1.8

1.9

A) Cumulative mass loss of glaciers outside of the Greenland
and Antarctic ice sheets (i.e.., alpine glaciers) between the years
1961 - 2016. B) Annual rates of mass loss and equivalent sea
level rise of alpine glaciers globally. Adapted from Figures 1,2 of
Zemp et al. (2019)) . . . . . . . . . . . . . . . . . . . . . . . . . . .
Locations of the study regions of each chapter. . . . . . . . . . . .
Columbia Glacier terminus configurations in 1985 and 2016.
During this period, the terminus retracted at rates up to
∼1 km yr−1 and lost over one-half of its thickness (McNabb et
al., 2012). Figure adapted from Figure 1 of Brinkerhoff et al., 2017
Tidewater glacier advance aided by the growth and migration of
a submarine shoal. Figure is adapted from Figure 3 of Brinkeroff
et al., 2017. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .
A conceptual illustration for estimating the ice elevation change
rates using the DEM timeseries approach. After DEMs are horizontally and vertically aligned, they are “stacked”. The rate of
ice elevation change is estimated on a pixel-by-pixel basis using
a linear regression in which each elevation in the timeseries is
weighted by the inverse of its uncertainty. Outliers, for example spurious elevations due to cloud coverage, are identified as
those deviating by an unrealistic amount from a reference. Figure is adapted from Melkonian (2015) . . . . . . . . . . . . . . . .
Cartoon showing SRTM C-Band penetration depth estimated
with the “linear extrapolation” method. Squares and vertical
lines show elevations with uncertainties in time series for a hypothetical location. The SRTM elevation (hatched square) is excluded from the time series, and the elevation with the minimum
uncertainty (red square) is used as a reference to remove outliers
from the time series. SRTM penetration depth is estimated from
and SRTM DEM. . . .
the difference between the extrapolated dh
dt
Vertical and horizontal deformation of modeled glacial isostatic
adjustment (GIA) in southeast Alaska. This figure has been
adapted from Figure 3 of Elliott et al. (2010). . . . . . . . . . . . .
1-D viscoelastic analogues defined by their bulk and shear moduli (κ and µ, respectively), transient rigidity (µT ), steady-state viscosity (η) and transient viscosity (ηT ). . . . . . . . . . . . . . . . .
“Static” Young’s moduli of rock samples computed from triaxial stress-strain experiments plotted against the samples’ “dynamic” Young’s modulus computed from seismic wave propagation. Figure adapted from Yale and Swami (2017) . . . . . . . .

xv

3
4

5

6

9

10

12

14

16

1.10 Glacier-induced seasonal peak-to-peak vertical, north, and east
deformation amplitudes from Compton et al. (2017). Icelandic
ice caps are shown in white and outlined in black. . . . . . . . . .
2.1

2.2

2.3

2.4

2.5

2.6

2.7

Regional map of Icy Bay and surrounding glaciers. Yahtse
Glacier is outlined in yellow, and the study area containing Figures 2.2a and 2.6 is outlined by a yellow box. Map image is an
October 17, 2014 Landsat 8 composite of bands 7, 5, and 3. . . .
dh
is shown for the region of Yahtse Glacier upstream of its
dt
February 2000 terminus position (a) and in profile along the center streamline (b). The locations of the icefall and Eulerian positions A, B, and C are marked by arrows, and the center streamline is shown by the black line with markers placed every 1 km
(a). . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .
Acquisition dates of DEMs (bottom) used in elevation time series
and satellite imagery used for estimating velocities (top). Gray
horizontal bars indicate the operational period of each satellite.
Black vertical lines show the acquisition dates of the imagery . .
Elevation and slope sampled along the center streamline for the
February 11-22, 2000 SRTM, April 1, 2006 ASTER, and March
23, 2014 WorldView DEMs. Bathymetry (Post, 1983) is shown in
black. Vertical black lines show the locations of the icefall and
Eulerian positions A, B, and C. . . . . . . . . . . . . . . . . . . . .
Driving stress at the terminus in a Lagrangian coordinate system
for February 11-22, 2000, April 1, 2006, and March 23, 2014 with
uncertainty shown in the shaded regions. Driving stress along
the first 750m upstream from the terminus decreased by 60±20%
between 2000-2014. Driving stress is calculated for a greater distance upstream of the terminus in 2014 than in previous years
because in 2014 the terminus had overlapped a greater portion
of the bathymetry. . . . . . . . . . . . . . . . . . . . . . . . . . . .
Ice velocity derived from pixel tracking with Landsat 8 images
spanning March 7-23, 2014 chosen as a representative sample of
the data set. The locations of the icefall and Eulerian positions
A, B, and C are marked by arrows. Velocities are overlain on a
panchromatic March 23, 2014 Landsat 8 image. . . . . . . . . . .
Velocity profiles for select spring months (March-May) for years
with velocity coverage downstream of the icefall (a), and timelines of velocities separated by season and sampled at Eulerian
positions B and C (b). Left and right vertical axes of (b) are at
different scales, in which right axes (magenta) correspond to velocities sampled at C and left axes (cyan) correspond to velocities
sampled at B. Statistics of the regression are shown in Tables 2.3
and 2.4. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .
xvi

19

24

26

28

34

35

36

37

2.8

Longitudinal strain rates averaged from 2.5 to 3.5 km along the
centerline in the Eulerian coordinate system. Positive values are
tensile and negative values are compressive. . . . . . . . . . . . .
2.9 Centerline velocity profiles from Nov. 2013 to Nov. 2014 (a), and
timeline of velocities sampled at three positions: Lagrangian A0
and B0 and Eulerian position C (b). Horizontal black bars show
the time span of the image pairs, and vertical ticks show velocity
uncertainty. Vertical black lines in 2.9a show the location of the
icefall and Eulerian positions A, B, and C, and vertical colored
lines in 2.9b correspond to the terminus outlines in Figure 2.10a .
2.10 Select terminus configurations from Oct. 2013 - Nov. 2014 to
Oct. 2015 - Oct. 2016 outlined from Landsat 8 imagery (a), and
seasonal advance and retreat averaged across the terminus using
the ’Box Method’ (b). Vertical colored lines in (b) correspond to
terminus outlines in (a). . . . . . . . . . . . . . . . . . . . . . . . .
3.1

3.2

3.3

Ice thinning rates of the Stikine Icefield, Juneau Icefield, and
Glacier Bay region estimated using the SRTM DEM, ArcticDEM,
and ASTER DEMs spanning the years 2000-2017. The SRTM
DEM has been corrected for radar penetration into snow and ice
(see Section 1.1 of the supplementary material). Mass balance estimates of the Stikine and Juneau icefields are updates of previous work by Melkonian et al. (2016) and Melkonian et al. (2014),
respectively. The black box in the upper left corner outlines the
region described in Figure 3.4. . . . . . . . . . . . . . . . . . . . .
A) Dynamic Young’s moduli of the PREM global Earth model
(cyan) and the ensemble of LITHO1.0 models used in this study
(orange). LITHO1.0 profiles are sampled at a 1◦ spacing between
59◦ -61◦ N and 130◦ -139◦ W, with profiles sampling the ocean omitted. B) Piecewise functions of the ratio of static and dynamic
Young’s moduli ( EEDS ) as a function of the dynamic Young’s modulus. Scaling functions for soft sedimentary (black), hard sedimentary (blue), and igneous/metamorphic (red) lithologies are
from Yale and Swami (2017) and shown in Eq. 3.1. . . . . . . . . .
sampled at 90 m, 0.0025◦ , 0.005◦ , and 0.01◦ resHistograms of dh
dt
olutions under average (A), median (B), and nearest-neighbor
(C) schemes. Median and averaging sampling methods show
modest to no improvement in converging to the original dh
disdt
tribution with increased resolution. Using the nearest neighbor
method, dh
distributions converge between sampling resolutions
dt
◦
of 0.0025 - 0.005◦ . . . . . . . . . . . . . . . . . . . . . . . . . . . .

xvii

37

38

40

58

63

65

3.4

3.5

3.6

3.7

3.8

A) Depth sensitivity to perturbations from PREM. The Young’s
modulus of PREM is reduced by a factor of 2 for 5 km thick sublayers at various depths (y-axis), and elastic uplift rates modeled from the perturbed structures are subtracted from those
modeled using the original PREM (x-axis). Sensitivity kernels
are calculated along a 12 km X-X’ transect (shown in panels B
and C) with their distance along the transect shown by their
color. Differences less than 5% of the average GPS uncertainty
(0.13 mm yr−1 , black line) are considered insignificant. Sensitivity kernels are calculated at 0.1◦ postings for all off-ice areas in
the study region, and the maximum difference and its associated
depth are recorded. As an example, the depths and amplitudes
of the peak differences are shown in panels B and C, respectively,
for the region surrounding the Grand Plateau and Fairweather
glaciers (see boxed region in Figure 3.1). . . . . . . . . . . . . . .
Depth of sensitivity to elastic structure (y axis) as a function of
distance from the nearest ice-covered area. Pixels with a maximum difference less than 5% of the average GPS uncertainty
(0.13 mm yr−1 ) are omitted. Within 10 km distance from icecovered areas, modeled elastic uplift rates are most sensitive to
the upper 15 km of the elastic structure. . . . . . . . . . . . . . .
(Figure 3.1) and the
Average elastic uplift rates modeled using dh
dt
ensemble of LITHO1.0 elastic structures (Figure 3.2) are shown
in color. Differences between elastic uplift rates modeled using
PREM and those modeled using the ensemble of LITHO1.0 elastic structures are minor at this scale. Black lines show contoured
uplift rates observed with campaign GPS (Elliott et al., 2010). . .
Scatter plots of all pixels of gridded elastic uplift rates plotted
against distance to the nearest ice-covered area. A) Difference between elastic uplift rates modeled using the LITHO1.0 ensemble
(˙LIT HO ) and those modeled using PREM (˙PREM ). B) Uncertainty
in elastic uplift rates due to lateral variations in crustal structure
within the study region. The uncertainty of GPS observations
are shown as black dots against distance from ice-covered areas.
The lighter magenta color shows the impact of inelastic behavior
in the crust on plots (A) and (B) found using Eq. 3.1. . . . . . . .
Scatter plot showing the percentage difference between elastic
uplift rates modeled with local elastic structures and those modeled with PREM against distance from the nearest ice covered
area. The lighter magenta color shows the impact of inelastic
behavior in the crust found using Eq. 3.1. . . . . . . . . . . . . . .

xviii

67

68

70

71

72

4.1

4.2

4.3

4.4

4.5

4.6

5.1

5.2

Vertical and horizontal deformation of modeled GIA in southeast Alaska. This figure has been adapted from Figure 3 of Elliott
et al. (2010). . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .
A 24-day interferogram constructed from SAR images acquired
on July 30 and August 23, 2015. This duration is too small for
GIA deformation to be significantly resolved, and we assume
that all apparent deformation is due to atmospheric phase delays. Semivariograms are constructed from the entire interferogram, while the analysis and stacking are performed on the center black line, roughly marking the extent of GPS interpolation
within the study area (Figure 4.4). . . . . . . . . . . . . . . . . . .
Semivariograms made from 24-day interferograms listed in Table 4.1 are shown in grey. The average of all semivariograms is
shown in black and is used for the study. . . . . . . . . . . . . . .
GIA deformation interpolated from campaign GPS (black
squares outlined in red; Elliott et al., 2010) and projected into the
radar line of sight (GPSLOS ). Synthetic interferograms are created along A-A0 by sampling the GPSLOS along the transect and
adding synthetic atmospheric noise. . . . . . . . . . . . . . . . .
Synthetic 1-year interferograms are randomly generated and
stacked 25, 50, and 100 times to illustrate convergence to the
“true” deformation (GPSLOS ) along the A-A0 transect (Figures 4.2
and 4.4). Black dots show the locations of campaign GPS sites
along the transect. . . . . . . . . . . . . . . . . . . . . . . . . . . .
Histogram showing the distribution of 1000 trials in which randomly generated, synthetic 1-year interferograms are stacked
until a 2 mm RMSE threshold is reached. The horizontal axis
shows the number of synthetic interferograms stacked in order
to meet this threshold, and the vertical axis shows the number of
times this occurred in 1000 trials. The vertical red bands are references showing the number of stacked interferograms needed
to meet the RMSE threshold for 68%, 90%, and 95% of the 1000
trials. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .
Seasonal peak-to-peak deformation amplitudes from Compton
et al. (2017). Each cGPS site’s vertical amplitude is shown by its
oval’s color, while the north and east amplitudes are illustrated
by its oval’s height and width, respectively. The Vatnajökull (V),
Myrdalsjökull (M), Hofsjökull (H), and Langjökull (L) ice caps
are outlined in black. . . . . . . . . . . . . . . . . . . . . . . . . . .
1-D mechanical analogues (elastic springs and viscous dashpots)
defined by their bulk and shear moduli (κ and µ, respectively),
transient rigidity (µT ), steady-state viscosity (η) and transient viscosity (ηT ), after Clarke (2018). . . . . . . . . . . . . . . . . . . . .
xix

82

86

87

88

89

90

96

99

5.3

5.4

5.5

5.6

5.7

The shear modulus (A), bulk modulus (B), and density (C) profiles derived from the PREM (Dziewonski and Anderson, 1981),
H16 (Harmon and Rychert, 2016), and ZHU15 (Zhu, Bozdağ, and
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CHAPTER 1
INTRODUCTION

Sea level rise (SLR) in response to anthropogenic warming is currently predicted
to reach 26-82 cm by 2100 (Church et al., 2013). Currently, SLR is increasing
at globally averaged rate of 2.8-3.5 mm yr−1 , driven primarily by the thermal
expansion of the oceans (37%), and the diminishment of glaciers and ice sheets
worldwide (54%; Cazenave, Palanisamy, and Ablain, 2018).
Worldwide, alpine glaciers outside the Greenland and Antarctic ice
sheets constitute <1% of the Earth’s total ice volume (Huss and Farinotti,
2012). Nevertheless, during the last decade they contributed an average of
0.92 ± 0.36 mm yr−1 (Zemp et al., 2019) to SLR, roughly the same as the Greenland ice sheet during this period (∼0.76 mm yr−1 ; Khan et al., 2015) and the
contributions of the Antarctic ice sheet (∼0.62 mm yr−1 ; Shepherd et al., 2018).
These glaciers are expected to remain a significant source of SLR during the 21st
century and are predicted to yield 100 to 250 mm of SLR by 2100 (Radić et al.,
2014). Land-terminating glaciers lose mass when annual gains accumulated in
their high, upper basins (i.e., accumulation area) are less than melt accrued in
the lower elevations (i.e., the ablation area). Glaciers terminating in the ocean
(i.e., marine-terminating or tidewater glaciers) also lose mass through melting
at submerged portions in contact with the ocean and by discharging solid ice
into the ocean as icebergs (i.e., calving). While dynamic thinning is forced by
climatic changes in the atmosphere and ocean, it is driven largely by processes
related to highly variable factors, such as the glacier’s geometry (e.g., Felikson
et al., 2017) and geometry of the glacier’s fjord (e.g., Porter et al., 2014). Dynamic thinning processes remain poorly understood and represent a significant
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source of uncertainty in SLR predictions (e.g., Straneo et al., 2013; Benn et al.,
2017). Although the contributions of dynamic mass loss from alpine glaciers
are expected to be modest in comparison to those of the Greenland and Antarctic ice sheets (e.g., Pfeffer, Harper, and O’Neel, 2008; Nick et al., 2013), alpine
glaciers are set in a wide variety of environmental and geometric configurations
that serve as natural laboratories to better understand fundamental processes
driving dynamic mass loss in all settings. In regions where glacier volume represents only modest contributions to SLR, alpine glaciers are often valuable as
reservoirs of fresh water, and melt runoff can form a significant component of
water used in hydropower and irrigation by communities living in glacierized
watersheds (e.g., Carey et al., 2017). Maintaining precise, up-to-date estimates
of alpine glacier mass balance is therefore a highly valuable asset.
Alpine glaciers are widely distributed across the Earth, often in remote and
hazardous settings (e.g., Figure 1.1). It is not feasible to conduct and maintain
representative field-based observations in many regions. Satellite observations
provide a critical dataset in studying changes across these wide areas and at
high resolutions. Satellite image-based approaches are limited by the satellite’s
orbital repeat time, which can be on the scale of weeks to months. Additionally,
passive, optical satellite imagery is rendered ineffective for measuring glacier
changes by cloudy or low light conditions, which can be pervasive for large
parts of the year for many glaciated regions. As the glaciers change in mass,
they evoke a deformational response of the solid Earth, which can be measured
with continuous GPS receivers located 10s of kilometers away from the glacier,
capable of providing year-round observations of ice mass change complementary to satellite image based approaches.

2

Figure 1.1: A) Cumulative mass loss of glaciers outside of the Greenland and
Antarctic ice sheets (i.e.., alpine glaciers) between the years 1961 - 2016. B) Annual rates of mass loss and equivalent sea level rise of alpine glaciers globally.
Adapted from Figures 1,2 of Zemp et al. (2019))
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Figure 1.2: Locations of the study regions of each chapter.
In the following introductory sections, I provide a broad overview of the
background and motivating questions of the chapters in this dissertation.

1.1

Tidewater Glacier Dynamic Retreat and Advance

In addition to surface melt due to contact with the atmosphere, glaciers ending
in the ocean (i.e., marine terminating or tidewater glaciers) lose mass by mechanically breaking into icebergs (a process known as calving) and by melting
at submerged portions in contact with the ocean (e.g., Benn and Evans, 2014).
These processes can be interrelated, as thinning brought about by atmospheric
and ocean warming can promote calving by bringing the terminus closer to
flotation (Pfeffer, 2007). Increases in the calving rate are often accompanied by
terminus retreat, acceleration of ice flow, and thinning that can propagate many
kilometers upstream from the terminus (e.g., Felikson et al., 2017). This “dynamic” mass loss can bring large portions of the glacier to lower elevations,
where air temperatures are warmer and increased surface melting can occur.
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Figure 1.3: Columbia Glacier terminus configurations in 1985 and 2016. During
this period, the terminus retracted at rates up to ∼1 km yr−1 and lost over onehalf of its thickness (McNabb et al., 2012). Figure adapted from Figure 1 of
Brinkerhoff et al., 2017
Glacier geometry plays an important role in the interplay of these processes as
well. A steeper glacier is more likely to have a greater percentage of its area
at higher, cooler elevations than a neighboring glacier with shallower surface
slopes, leading to differences in surface melting in regions with similar atmospheric forcing. Glacier geometry also governs the rates at which upstream ice
can propagate downstream to replenish losses at the terminus (Felikson et al.,
2017). This dependence on local factors often leads to large variations in behavior between neighboring tidewater glaciers. Many aspects of dynamic tidewater
glacier processes remain poorly understood (e.g., Benn et al., 2017). The rapid
rates at which ice can be dynamically lost is well illustrated by Columbia Glacier
in south central Alaska (Figure 1.3). Following a ∼200-year period of stability
(Vancouver and Vancouver, 1798; Meier and Post, 1987), Columbia Glacier retreated at rates reaching ∼1 km yr−1 , accelerated to speeds of up to ∼25 m day−1 ,
and lost over half of its thickness (O’Neel et al., 2005; McNabb et al., 2012).
Retreat into shallow water or into a narrowing of a fjord can slow down or
stabilize dynamic retreat (e.g., O’Neel et al., 2005; Enderlin, Howat, and Vieli,
2013). During periods in which the terminus is stable, sediment eroded from
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Figure 1.4: Tidewater glacier advance aided by the growth and migration of a
submarine shoal. Figure is adapted from Figure 3 of Brinkeroff et al., 2017.
beneath the glacier and transported to the terminus can build up, forming a
marine shoal (Figure 1.4; Nick, van der Veen, and Oerlemans, 2007; Post et al.,
2011; Brinkerhoff, Truffer, and Aschwanden, 2017). As the marine shoal grows
over time, it protects the glacier’s terminus from submarine melting and decreases the effects of buoyancy-driven calving, thus reducing the outflux of ice.
When the outflux of ice is smaller than the mass accumulated annually through
snowfall, the glacier slowly advances at rates on the scale of ∼1-50 m yr−1 (Post
et al., 2011).
In Chapter 2, we investigate Yahtse Glacier, located in southern Alaska,
which has sustained advance for multiple decades despite overall annual mass
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loss. This annual advance occurs at ∼100 m yr−1 , currently making it the most
rapidly advancing glacier in Alaska (Mcnabb and Hock, 2014). Yahtse exhibits
among the highest rates of calving and submarine melt among Alaskan tidewater glaciers (Mcnabb, Hock, and Huss, 2015), has high ice flow speeds at its
terminus (>17m day−1 ; Bartholomaus et al., 2012), and large (∼100 m) changes in
its length seasonally. Because the glacier annually loses mass, we may more easily separate the contributions of internal dynamic glacier processes in driving
tidewater glacier advance. Additionally, the large variations in glacier geometry and velocity that have been observed on seasonal and annual timescales
improves the signal to noise ratio in comparison to other Alaskan advancing
tidewater glaciers, where the changes are more subdued. In Chapter 2, we investigate the following questions:

− What aspects of Yahtse Glacier’s geometry promote its sustained advance
despite annual mass loss?
− What is the role of sedimentation in the glacier’s advance?

1.2

Glacier Mass Loss Estimated with Satellite Imagery

One method capable of estimating glacier mass balance over large spatial scales
while retaining the ability to resolve changes on the scale of individual glacier
basins is the “geodetic method”. In this approach, two or more digital elevation
maps (DEMs) covering a common area and acquired at different times are compared to calculate volume change, and mass change is estimated by assuming a
density for the material lost or gained (e.g., Huss, 2013). This approach requires
that each DEM have a vertical precision high enough to resolve glacier elevation
7

changes over the time period of interest. Estimating changes over shorter time
scales requires high-resolution imagery (e.g., Willis et al., 2018). Ice elevation
changes occurring over multiple decades are often large enough to be resolved
by medium-resolution imagery and historical cartographic maps (e.g., Zheng
et al., 2018; Larsen et al., 2007).
Alternatively, when numerous DEMs are available over a range of time for
the region of interest, elevation change can be estimated by fitting a trend on
a pixel by pixel basis to the elevation time series, a method first developed by
Nuimura et al. (2012) and Willis et al. (2012b) (Figure 1.5). This approach allows
for multi-year ice elevation change to be estimated from medium-resolution imagery (∼10-20 m vertical) in situations where it would otherwise be too imprecise to measure via the DEM differencing approach.
DEMs formed from stereo imagery may be limited in their ability to map elevation in low-contrast regions, such as the accumulation areas of glaciers (e.g.,
McNabb et al., 2019) by their instrument’s dynamic range. This often leads to
spurious elevations. Additionally, many glaciated, mountainous regions feature
a high percentage of cloud coverage throughout the year, which can introduce
spurious elevations into DEMs formed from optical imagery (e.g., Willis et al.,
2012b; Melkonian et al., 2014). DEMs formed from radar-based imagery are unaffected by cloud coverage and are often used as a reference elevation in the
DEM differencing approach (e.g., Larsen et al., 2007) or for identifying and removing spurious elevations in the DEM time series approach (e.g., Melkonian
et al., 2014). However, radar-based DEMs penetrate into snow, firn, and ice,
mapping out an elevation beneath the true surface of the glacier. This penetration can be up to ∼10 m deep (e.g., Berthier et al., 2016) but varies regionally

8

Figure 1.5: A conceptual illustration for estimating the ice elevation change rates
using the DEM timeseries approach. After DEMs are horizontally and vertically aligned, they are “stacked”. The rate of ice elevation change is estimated
on a pixel-by-pixel basis using a linear regression in which each elevation in
the timeseries is weighted by the inverse of its uncertainty. Outliers, for example spurious elevations due to cloud coverage, are identified as those deviating
by an unrealistic amount from a reference. Figure is adapted from Melkonian
(2015)
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Figure 1.6: Cartoon showing SRTM C-Band penetration depth estimated with
the “linear extrapolation” method. Squares and vertical lines show elevations
with uncertainties in time series for a hypothetical location. The SRTM elevation (hatched square) is excluded from the time series, and the elevation with
the minimum uncertainty (red square) is used as a reference to remove outliers
from the time series. SRTM penetration depth is estimated from the difference
and SRTM DEM.
between the extrapolated dh
dt
by an amount that can be difficult to know a priori (e.g., Berthier et al., 2018).
Of particular interest is the penetration depth of the Shuttle Radar Topography Mission (SRTM) DEM, acquired in February 2000 (Farr et al., 2007). The
SRTM DEM maps elevations globally between ± 60o and has a well-defined
time stamp, making it a valuable dataset in glacier mass balance studies. These
effects of radar penetration into the glacier can be mitigated by applying an elevation dependent correction to the SRTM DEM before using it in glacier mass
balance analyses (e.g., Larsen et al., 2007; Melkonian et al., 2014). Caution is
necessary with this approach, as underestimating this correction can lead to
significantly biased ice mass balance estimates (Berthier et al., 2018).
Wang and Kääb (2015) and Berthier et al. (2016) have recently developed a
‘linear extrapolation’ approach for estimating SRTM penetration depth. In this
approach, the SRTM DEM is removed from the elevation time series and glacier
10

thinning rates are estimated from the remaining elevations in the time series
(Figure 1.6). This trend is then used to extrapolate the surface at the date of the
SRTM DEM acquisition. Penetration depth is then estimated from the difference
between the extrapolated surface and the SRTM DEM. It has not yet been tested
if, once corrected, the SRTM DEM can be reintroduced into the elevation time
series without biasing the mass balance estimates. The following questions are
addressed in Appendix A.

− Can the corrected SRTM DEM be used as a reference in an elevation times
series to yield accurate mass balance estimates?
− Does the use of a corrected SRTM DEM improve the areal extent of ice
thinning rate estimates?
− What are the uncertainties introduced by the SRTM DEM correction into
mass balance estimates and are these small enough to offset expected reductions in other sources of error?

1.3

1.3.1

Glacier-Induced Solid Earth Deformation

Long term deglaciation

The diminishing of glaciers and ice sheets under the present climate conditions
evokes the deformation of the solid Earth on a range of time scales in response to
this redistribution of mass. Over 10’s – 1000’s of years, large scale deglaciation
is met with the delayed viscous flow of the mantle and broad flexure of the
lithosphere (i.e., glacial isostatic adjustment, or GIA), with uplift rates of up to
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Figure 1.7: Vertical and horizontal deformation of modeled glacial isostatic adjustment (GIA) in southeast Alaska. This figure has been adapted from Figure 3
of Elliott et al. (2010).
10 – 50 mm yr−1 (e.g., Khan et al., 2016; Barletta et al., 2018). Observations of GIA
have been key in the present understanding of mantle rheology (e.g., Cathles,
1975), global sea level change (e.g., Mitrovica and Milne, 2003), and mass loss of
the Antarctic ice sheet (Shepherd et al., 2018).
Many regions with high rates of GIA are remote and expansive (e.g., southeast Alaska, Larsen et al. (2005); Patagonia, Lange et al. (2014); North Antarctic
Peninsula, Nield et al. (2014)), making the field-deployment of GPS receivers logistically difficult. Interferometric synthetic aperture radar (InSAR) is a method
capable of mapping large regions of ground deformation remotely, complemen-
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tary to GPS. InSAR measures ground deformation by integrating the difference
in phase between two repeat SAR images (Massonnet and Feigl, 1998). A major
limitation to InSAR is that ground deformation signals can become obscured
by phase delays introduced by atmospheric water vapor. In southeast Alaska,
GIA uplift occurs at rates of up to 3 cm yr−1 (Figure 1.7). While this large signal makes the region a promising location to test using the InSAR approach to
measure GIA, southeast Alaska’s temperate rainforest setting provides a large
source of atmospheric noise that must first be overcome. In Chapter 4, we investigate the capacity of InSAR to measure GIA deformation in southeast Alaska
using a stochastic approach, answering the following question

− How many Sentinel-1 SAR images are likely to be required to estimate
GIA deformation in southeast Alaska given the region’s high rates of precipitation?

1.3.2

Short term deglaciation

At short timescales, such as those of the seismic band (∼1-1000 s), the Earth
behaves approximately as an elastic medium (Figure 1.8A), in which deformation is instantaneous and proportional to the applied stress. This instantaneous
behavior is often used to model the solid Earth’s deformational response to seasonal to multi-annual changes in ice mass. This provides a promising source
of information that has been used to gain insights into year-round changes in
ice mass (e.g., Compton et al., 2017; Zhang et al., 2018), glacial density (Bevan
et al., 2015), and dynamic glacier processes (e.g., Adhikari, Ivins, and Larour,
2017). A common approach to modeling this deformation is to use 1-D radially
13

Figure 1.8: 1-D viscoelastic analogues defined by their bulk and shear moduli (κ
and µ, respectively), transient rigidity (µT ), steady-state viscosity (η) and transient viscosity (ηT ).
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symmetric, seismically derived, global averages of the Earth’s elastic structure,
such as the Preliminary Reference Earth Model (PREM; Dziewonski and Anderson, 1981) and AK135 (Kennett, Engdahl, and Buland, 1995). Variations in the
crust can deviate by 50-85% from the global average (e.g., Pasyanos et al., 2014).
Many regions undergoing deglaciation are mountainous aggregates of different geologic terrains and may not be well represented by a single 1-D elastic
structure.
An additional source of uncertainty that has been largely unexplored results
from the use of elastic Earth structures estimated from periods within the seismic band to model deformation occurring at seasonal to annual periods that
are 5-7 orders of magnitude larger. In a purely elastic medium, the elastic
moduli describing the Earth are independent of frequency, but strain-amplitude
and strain-frequency dependent microphysical processes in the crust and upper
mantle can lead to significant departures from the Hookean rheology. In the upper 10 km of the crust, confining pressures are sufficiently low for brittle, grain
scale processes, such as the formation of inter- and intra-granular microfractures and sliding along grain boundaries to occur (Brantut et al., 2013). These
processes dissipate elastic strain energy, reducing the apparent elastic moduli
of the crustal rock, and are highly dependent on the local lithology and environmental conditions (e.g., temperature, deformation history, presence of fluids; Brantut et al., 2013), making them difficult to model. A commonly used
approach is to correlate the “dynamic” elastic moduli constrained by seismic
wave propagation and the “static” elastic moduli constrained by triaxial stressstrain experiments performed on rock samples (e.g., Figure 1.9; Yale and Swami,
2017; Najibi et al., 2015). The ratio between the static and dynamic moduli may
be as low as 0.2-0.4 (Cheng and Johnston, 1981; Yale and Swami, 2017). As the
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Figure 1.9: “Static” Young’s moduli of rock samples computed from triaxial
stress-strain experiments plotted against the samples’ “dynamic” Young’s modulus computed from seismic wave propagation. Figure adapted from Yale and
Swami (2017)
lithostatic pressure increases with greater depths, pores and fractures are forced
closed and static-dynamic ratios converge at ∼10 km deep (Cheng and Johnston,
1981).
In Chapter 3, we quantify the uncertainties presented by the modeling the
elastic deformation of regions with a laterally variable upper crust with inelastic behavior as a 1-D Earth structure and explore their impact on glaciological
studies in southeast Alaska. Questions in Chapter 3:

− Do lateral deviations in the crustal elastic structure, deviations from the
global average elastic structure, or deviations from the purely elastic
approximation significantly impact glaciological studies employing ice16

induced solid Earth deformation?

The period-dependent rheology of the upper mantle transitions from nearly
elastic behavior at the seismic band to Maxwell viscoelastic behavior (Figure 1.8B) at the decadal to millennial timescales of glacial isostatic adjustment.
The upper mantle’s rheology at intermediate timescales is less certain. Within
the seismic band, processes such as elastically accommodated grain boundary
sliding (Jackson, Faul, and Skelton, 2014) dissipate elastic strain energy and introduce a frequency dependence on the elastic moduli (i.e., dispersion). This
can be modeled as an anelastic standard linear solid (e.g., Figure 1.8C) in which
a delayed, recoverable viscoelastic response follows an instantaneous elastic response. These anelastic effects can be seen in the energy lost as a seismic wave
propagates through the mantle, and defined as the inverse of the quality factor
Q, where
Q

−1

1
=
2πE ∗

I

dE
dt
dt

(1.1)

and the complex rigidity is found as

δµ(ω) =

µ 2
ω
[ ln( ) + i]
Qµ π ωo

(1.2)

where ωo is the reference frequency at which Qµ is defined (Lambeck, 1988).
Dissipation in the bulk modulus is much lower than dissipation in the shear
modulus and can be considered negligible (Dziewonski and Anderson, 1981).
Within the seismic band, reductions in rigidity are less than ∼5% (e.g., Dziewonski and Anderson, 1981), but become increasingly significant under longer periods of loading. At semi-diurnal periods (∼12 hours) Ito and Simons (2011) and
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Bos et al. (2015) found a ∼10% reduction in the rigidity compared to the seismically constrained values of the western United States and western Europe,
respectively. Extrapolating Eq. 1.2 to longer periods is less certain. In the seismic band, Q has a weak dependence on frequency, in which Q∝ ωα where α is
0.1-0.3 (e.g., Shito, Karato, and Park, 2004). At decadal to millennial periods, the
Maxwell rheology characteristic of glacial isostatic adjustment requires Q∝ ω−1 ,
indicating that Eq. 1.2 cannot simply be extrapolated. Solid Earth deformation
induced by Chandler Wobble (∼433 day period) and the 18.6 year regression
of the lunar nodes (Smith and Dahlen, 1981; Benjamin et al., 2006) have been
used to extend estimates of α to periods between the seismic band and those of
glacial isostatic adjustment. However, these long-wavelength solid Earth body
tides are sensitive to the rheology of the lower mantle (Nakada and Karato,
2012), whereas deglaciation is sensitive to that of the crust and upper mantle
(e.g., Schmidt et al., 2012; Hill et al., 2018). Further, estimates of the α value
from long-period tidal deformation remains heavily debated (e.g., Nakada and
Karato, 2012), and estimates range from 0.4 to -0.3 (Benjamin et al., 2006; Lekić
et al., 2009).
Postseismic deformation offers an additional source of constraints on upper
mantle rheology. Deformation in the months-years following large (>Mw 6)
earthquakes has often been found to require a transient viscous response before
transitioning to a steady state viscosity (Pollitz, 2003; Decriem and Árnadóttir,
2012; Qiu et al., 2018). The viscosity in the months-years following these earthquake can be 10-100× lower than the long term, steady state viscosity and is
sometimes described using a Burgers body rheology (Figure 1.8D; e.g., Pollitz,
2003) or a non-linear rheology (e.g., Freed and Bürgmann, 2004). Chanard et
al. (2018) found that transient viscoelastic deformation described by these rhe-
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Figure 1.10: Glacier-induced seasonal peak-to-peak vertical, north, and east deformation amplitudes from Compton et al. (2017). Icelandic ice caps are shown
in white and outlined in black.
ologies may be detectable in seasonal solid Earth deformation resulting from
worldwide hydrological loading. In Ch. 5, we investigate seasonal, cryosphereinduced crustal deformation (Figure 1.10) to explore the rheology of the Icelandic upper mantle at these periods and answer the following questions:

− Is the seasonal deformation in Iceland approximately elastic?
− Is there evidence of viscous relaxation consistent with the rheologies constrained by the region’s glacial isostatic adjustment and/or post seismic
deformation studies?
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CHAPTER 2
DYNAMIC CHANGES AT YAHTSE GLACIER, THE MOST RAPIDLY
ADVANCING TIDEWATER GLACIER IN ALASKA

2.1

Abstract

Since 1990, Yahtse Glacier in southern Alaska has advanced at an average rate
of ∼100 m year−1 despite a negative mass balance, widespread thinning in its
accumulation area, and a low accumulation-area ratio. To better understand
the interannual and seasonal changes at Yahtse and the processes driving these
changes, we construct velocity and ice surface elevation time series spanning
the years 1985–2016 and 2000–2014, respectively, using satellite optical and synthetic aperture radar (SAR) observations. We find contrasting seasonal dynamics above and below a steep (up to 35% slope) icefall located approximately 6 km
from the terminus. Above the icefall, velocities peak in May and reach their minima in October synchronous with the development of a small embayment at the
calving terminus. The up-glacier minimum speeds, embayment, and plume of
turbid water that emerges from the embayment are consistent with an efficient,
channelized subglacial drainage system that lowers basal water pressures and
leads to focused submarine melt in the calving embayment. However, velocities
near the terminus are fastest in the winter, following terminus retreat, possibly
off of a terminal moraine that results in decreased backstress. Between 1996 and
2016 the terminus decelerated by ∼40% at an average rate of ∼0.4 m day−1 year−1 ,
This chapter originally published in Durkin et al. (2017)
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transitioned from tensile to compressive longitudinal strain rates, and dynamically thickened at rates of 1-6 m year−1 , which we hypothesize is in response
to the development and advance of a terminal moraine. The described interannual changes decay significantly upstream of the icefall, indicating that the
icefall may inhibit the upstream transmission of stress perturbations. We suggest that diminished stress transmission across the icefall could allow moraineenabled terminus advance despite mass loss in Yahtse’s upper basin. Our work
highlights the importance of glacier geometry in controlling tidewater glacier
re-advance, particularly in a climate favoring increasing equilibrium line altitudes.

2.2

Introduction

The rapid retreat and thinning of tidewater glaciers is governed by processes
that can be substantially decoupled from climate (e.g., Post et al., 2011). The
contributions to sea level rise from tidewater glaciers are highly variable and
contribute to large uncertainties in sea level rise projections (Pachauri et al.,
2014). Tidewater glaciers lose mass through a combination of surface ablation
and frontal ablation (itself the sum of losses from submarine melt and iceberg
calving). Mass loss is enhanced during tidewater glacier retreat due to dynamic
thinning, in which accelerated flow leads to thinning of upstream ice followed
by further acceleration (Meier and Post, 1987; Pfeffer, 2007). Dynamic thinning ends once a tidewater glacier terminus restabilizes, greatly reducing mass
loss through frontal and surface ablation. While the prevalence and urgency of
tidewater glacier retreat has resulted in comparatively well-studied retreat processes, the processes by which tidewater glaciers transition from retreat into a
21

stable or advance phase are poorly understood (Post et al., 2011) despite their
importance for developing long-term projections of sea level rise. In the tidewater glacier advance and retreat cycle, advance is driven by a positive mass balance gained over a high accumulation-area ratio. For example, Hubbard Glacier,
the largest nonpolar tidewater glacier in the world, is advancing at a rate of
35 m year−1 , has a mass balance of +0.32 Gt year−1 , and an accumulation-area
ratio of 0.95 (Motyka and Truffer, 2007; Larsen et al., 2015; Mcnabb, Hock, and
Huss, 2015; Stearns et al., 2015). An important component of tidewater glacier
advance is the presence, growth, and migration of a moraine shoal that protects
the terminus from submarine melting and buoyancy driven instabilities (Powell, 1991). Repeat bathymetric studies at Hubbard glacier reveal the presence of
a moraine shoal that advances at ∼32 m year−1 , roughly the same rate as terminus advance (Goff et al., 2012). This supports the hypothesis that the rate of
terminus advance is limited by the rate at which erosion and sedimentation can
build and prograde the moraine shoal (Motyka et al., 2006). In a study modeling tidewater glacier advance, Nick, van der Veen, and Oerlemans (2007) found
that while positive mass balance and a high accumulation-area ratio can initiate
the advance phase, the glacier could not advance into deep water without the
presence of a moraine shoal. However, the development of the moraine shoal is
generally considered to be a second-order process in tidewater glacier advance
(Powell, 1991). Yahtse Glacier, located in Icy Bay, southern Alaska (Figure 2.1),
is currently advancing at ∼100 m year−1 , making it the state’s fastest-advancing
tidewater glacier (Mcnabb and Hock, 2014). Yahtse formed in 1961 from a tributary that separated from the retreating Guyot Glacier and retreated until 1985,
at which point Yahtse terminated at the foot of a steep (∼35%) icefall (Porter,
1989). In 1990 Yahtse entered a phase of sustained advance at an average rate
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of ∼100 m year−1 (Mcnabb and Hock, 2014), which it maintains up to the time
of writing. Repeat bathymetric soundings made 1.5 km from Yahtse’s terminus show a 50 m shallowing between 1981 and 2011, evidence of sedimentation
and the development of a moraine shoal (Post, 1983; Bartholomaus, Larsen, and
O’Neel, 2013). However, Yahtse is unusual among advancing tidewater glaciers
because it has been characterized by a negative mass balance and thinning in
its accumulation zone both before and after the initiation of its advance phase
(Muskett et al., 2008; Larsen et al., 2015). Between 1972 and 2000, the portion
of the upper basin located above 1220 m had an area-averaged thinning rate
of -0.9 ± 0.1 m year−1 (Muskett et al., 2008). The large upper basin continued
to thin from 2006 to 2014, and despite thickening near the terminus yielded a
-0.16 Gt year−1 mass balance (Larsen et al., 2015). This large upper basin is connected to the narrow (∼2.5 km wide) terminating fjord by the steep icefall. This
icefall appears to have had a significant role in characterizing Yahtse’s dynamic
behavior. Following the separation from Guyot Glacier in 1961 (Porter, 1989),
aerial photographs show that Yahtse’s near-terminus region was much thicker
and featured slopes that were more shallow than they are at present (Molnia,
2008), to such an extent that the icefall was mostly concealed. As Yahtse retreated, the constriction at the icefall likely limited the delivery of ice to the
terminus, causing the terminus region to thin and steepen until it retreated to
the base of the icefall. Similar stretching and thinning occurred near the terminus of Columbia Glacier as it approached a smaller icefall in 2001 although,
unlike Yahtse, Columbia Glacier’s retreat continued past its icefall (O’Neel et
al., 2005). (McNabb et al., 2012) suggested that the sharp change in ice thickness
over a short horizontal distance at Columbia Glacier could keep regions on opposing sides dynamically decoupled by inhibiting the upstream transmission
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Figure 2.1: Regional map of Icy Bay and surrounding glaciers. Yahtse Glacier is
outlined in yellow, and the study area containing Figures 2.2a and 2.6 is outlined
by a yellow box. Map image is an October 17, 2014 Landsat 8 composite of bands
7, 5, and 3.
of stresses. In this paper, we investigate the major kinematic changes occurring
at Yahtse on the decadal and seasonal scales to better understand the role of
Yahtse’s geometry in facilitating its rapid advance.

2.3

2.3.1

Data and Methods

Field Site

Our focus is on the lower section of Yahtse Glacier (Figure 2.1), specifically focusing on three points (A, B, and C) along the central flow line (Figure 2.2a).
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When referring to distances, we use a coordinate system in which the positive
x-direction is along the central flow line and points in the upstream direction
(Figure 2.2a). For analyses of velocity and ice elevations changes spanning multiple years, we use an Eulerian coordinate system in which the origin is at the intersection of the central flow line and the March 2014 terminus. Measurements
are made at distances 1.25 and 3.5 km upstream from the terminus (positions
A and B, respectively), and 2 km upstream from the top of the icefall (position C; Figure 2.2a). For analyses of interannual changes in driving stress and
seasonal changes in velocity, we use a Lagrangian coordinate system with the
origin placed at the intersection of the central flow line and the moving terminus. Distances 1.25 and 3.5 km upstream of the moving terminus position are
labeled A0 and B0 , respectively. By using a Lagrangian coordinate system, we
avoid changes in the distance between reference points and the terminus (e.g.,
Howat et al., 2005).

2.3.2

Ice Elevation Change Rates

Ice elevation change rates ( dh
) were estimated using a weighted linear regresdt
sion with a horizontally and vertically coregistered ‘stack’ of eleven Advanced
Spaceborne Thermal Emission Reflection radiometer (ASTER) Digital Elevation
Models (DEMs) that span the years 2000-2011, two WorldView DEMs that span
the years 2012-2014, and the Shuttle Radar Topography Mission (SRTM) DEM
collected during February 11-22, 2000. The acquisition dates and operational
parameters of the images and satellites used are shown in Figure 2.3 and Table 2.1, respectively. The methods used are fully described by Melkonian et al.
(2013), Melkonian et al. (2016), and Willis et al. (2012a), and are briefly described
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here.
The SRTM DEM was used as a base image because it is a C-band radar product and is therefore not affected by cloud and snow coverage that can yield
spurious elevations in the optical ASTER and WorldView DEMs. WorldView
and ASTER DEMs were down-sampled to 60 m resolution and horizontally and
vertically coregistered to off-ice elevations from the SRTM DEM using the Ames
Stereo Pipeline toolkit (Broxton and Edwards, 2008; Shean et al., 2016). Off-ice
pixels were identified using the glacier and rock outlines provided by the Randolph Glacier Inventory (version 4.0; Pfeffer et al., 2014). We assigned 1σ uncertainty to each DEM using the difference between the ASTER or WorldView
DEM and the SRTM DEM off-ice elevations. Uncertainties of the ASTER DEMs
range from 9-25 m and are 15.2 m on average, while Worldview DEMs uncertainties range from 9-11 m and have an average of 10 m (Table 2.1). We assigned
an initial 5 m uncertainty to the SRTM DEM following Carabajal and Harding
(2005) and Rodriguez, Morris, and Belz (2006). Because the SRTM DEM is a
C-band radar product, it is subject to snow and ice penetration that must be
corrected before it is included in the DEM time series (e.g., Berthier et al., 2016;
Melkonian et al., 2014; Willis et al., 2012a). Previous studies in the Juneau Icefield and Southern Patagonian Icefield found that the C-band SRTM DEM has a
maximum penetration depth of 2-3 m in these regions compared to its X-band
counterpart which, due to its smaller wavelength, is assumed to have a relatively small radar penetration depth (Melkonian et al., 2014; Willis et al., 2012a).
Icy Bay, the Juneau Icefield, and the Southern Patagonian Icefield are similar in
that they are regions of temperate glaciers with high mass-turnover rates. We
therefore used 3 m as a conservative estimate of the uncertainty in the SRTM
DEM’s penetration depth, yielding a total uncertainty of 8 m (Table 2.1). Fur-
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ther work is needed to determine if this method under-estimates the penetration
depth of the radar in Alaska, a situation that has been suggested to occur in the
European Alps (Berthier et al., 2016).
We calculated

dh
dt

values on a pixel-by-pixel basis by running a linear regres-

sion in which each elevation value is weighted by the inverse of the DEM uncertainty. We expect that the greatest elevation changes occur in the region of
the advancing/retreating termini of Yahtse and Guyot Glaciers and used an iterative approach to identify an upper bound of +10 m yr−1 and lower bound
of -30 m yr−1 for the

dh
dt

in these regions. We filtered spurious elevations result-

ing from cloud coverage by excluding elevations from the final regression that
deviate by more than

+10
−30

m yr−1 from the first elevation in the time series. Be-

cause Yahtse is advancing into the ocean, regions between the most advanced
and retracted terminus positions in the DEM time series will show a positive
dh
dt

that does not necessarily represent a thickening of the terminus. We there-

fore limited

dh
dt

results to regions upstream of the terminus as it is configured

in the SRTM DEM. We do not apply any correction for seasonal changes in elevation, as each DEM has an uncertainty ranging from 8-25 m (Table 2.1), and
it is unclear that any seasonal change could be resolved (e.g., Wang and Kääb,
2015). Although the noise on individual ASTER DEMs is large, the time series
approach using multiple dates spread over different seasons overcomes some
of the issues of differencing only two DEMs, without applying seasonal corrections (Willis et al., 2012a; Wang and Kääb, 2015; Berthier et al., 2016). Finally,
we limited

dh
dt

results to pixels with a stack of at least seven DEMs to improve

accuracy.
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2.3.3

Bathymetry

Bathymetric soundings from 1981, shortly before the glacier reached its most retracted position (Post, 1983) were manually georeferenced and contoured using
GDAL (http://www.gdal.org) and interpolated using Generic Mapping Tools
(GMT; Wessel et al., 2013). However, the elevations of more recent glacier beds
may have changed since 1981 due to rapid erosion and sedimentation. Soundings made near the terminus in 2011 show a shallowing by a maximum of 50 m
compared to the 1981 soundings (Bartholomaus, Larsen, and O’Neel, 2013). We
therefore assigned the glacier bed a crude time-dependent uncertainty estimate
by assuming that the bathymetry has changed at a linear rate since the terminus
began advancing in 1990. The uncertainty σ in meters as function of the year of
interest t is

σ = 50

t − 1990
2011 − 1990

(2.1)

This uncertainty reflects the ability of the advancing terminus to override
or entrench itself in proglacial sediments (e.g., Motyka et al., 2006; Kuriger et
al., 2006). Because deposition and erosion can both modify the elevation of the
glacier bed, we do not make any assumptions as to whether the glacier bed has
shallowed or deepened over time. We then used overridden seafloor topography for estimating the ice thickness and driving stress.
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2.3.4

Driving Stress

Driving stress was calculated along the center streamline using a March 23,
2014 WorldView DEM, April 1, 2006 ASTER DEM, and the February 11-22, 2000
SRTM DEM with the gridded bathymetry. Topography was smoothed with a
400 m moving average, and surface slope was smoothed with a 1 km moving
average to account for longitudinal coupling of resistive stresses (e.g., O’Neel
et al., 2005). Ice thickness H was found as the difference between the ice surface
topography and overridden bathymetry, and driving stress τD was calculated as
τD = ρi gH sin(α)

(2.2)

where ρi is the density of ice (917 kg m−3 ), g is acceleration due to gravity
(9.8 m s−2 ), and α is the surface slope (e.g., Cuffey and Paterson, 2010).

2.3.5

Ice Velocities

We estimated horizontal ice velocities from 1985-2016 using pixel-tracking techniques with 163 ALOS, ASTER, and Landsat 5, 7 and 8 satellite image pairs.
The acquisition dates of the imagery and the operational parameters for each
satellite are summarized in Figure 2.3 and Table 2.2. ASTER images were orthorectified to their own DEM by Land Processes Distributed Active Archive
Center (LPDAAC). Landsat 5, 7, and 8 imagery were provided orthorectified by
the United States Geologic Survey (USGS). Raw ALOS SAR imagery were prepared for pixel-tracking using the Repeat Observation Interferometry PACkage
(ROI PAC: Rosen et al., 2004).
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Once the images were orthorectified and prepared, we performed pixeltracking through normalized cross-correlation using the ‘ampcor’ function of
the ROI PAC software as implemented by Melkonian et al. (2014). Uncertainties for each velocity pair were calculated as the median velocity of the off-ice
portions, which should be zero (e.g., Willis et al., 2012b), and velocity maps
with uncertainties greater than 0.5 m day−1 are excluded from the time series.
The average uncertainty of the velocities used in the time series is 0.25 m day−1 .
Full details on the methods used for filtering and other post processing are described by Willis et al. (2012b), Melkonian et al. (2013), and Melkonian et al.
(2016). We sampled velocities along a center streamline by taking the median
within a 500 m section of the center streamline centered positions A, B, and C
(Figure 2.2a).
Strain rates were calculated in the UTM coordinate system and then projected into the flow line coordinate system, in which the x-axis is aligned with
ice flow and the y-axis is in the cross-flow direction. We use a sign convention
in which longitudinal compression is negative. Due to the lower image quality
of optical imagery predating the launch of the Landsat 8 satellite (e.g., Jeong
and Howat, 2015) and the narrow shape of the terminus, we were only able to
obtain useful strain rates in the region surrounding the center flow line. We
assume that a 1-D measurement of strain rates is a good approximation, as we
are primarily interested in longitudinal strain rates, and the narrow shape of the
terminus limits cross-flow variations.

32

2.3.6

Terminus Position

We tracked the terminus position at the centerline using the ‘Box Method’ (e.g.,
Mcnabb and Hock, 2014; Moon and Joughin, 2008) with the Landsat images.
In this method, we constructed a three-sided box formed by a fixed gate and
sides that extend to a digitized terminus outline. The average length between
the gate and the terminus was found by dividing the area of the box by the
gate’s width. Terminus shape was measured by outlining the terminus in the
imagery manually. Because we are only interested in the qualitative changes in
the terminus shape, we fit a smooth line to the terminus outline. Only cloud-free
images are used in this study, and of those, only a sample are used to illustrate
the seasonal changes in terminus shape.

2.4

Results

2.4.1

Interannual Changes

Geometry and Driving Stress

Two patterns of
of the icefall,

dh
dt

dh
dt

occur on alternate sides of the icefall (Figure 2.2). Upstream

is small and uniform along the centerline (±1.5 m yr−1 ). Down-

stream of the icefall,

dh
dt

increases at a linear rate and is greatest closest to the

terminus (Figure 2.2b). Ice thickness did not change significantly between the
years 2000 (277 ± 32 m) and 2014 (294 ± 66 m), however surface slopes near the
terminus decreased by ∼70% (Figure 2.4) and are correlated with a high positive

dh
.
dt

Using Eq. 2.2, we found that this decrease in slope drove a 60 ± 20%
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Figure 2.4: Elevation and slope sampled along the center streamline for the
February 11-22, 2000 SRTM, April 1, 2006 ASTER, and March 23, 2014 WorldView DEMs. Bathymetry (Post, 1983) is shown in black. Vertical black lines
show the locations of the icefall and Eulerian positions A, B, and C.
decrease in the driving stress along the first 500 m of the terminus between 2000
and 2014 (Figure 2.5). The terminus widened by ∼8% between 2000-2014, however due to uncertainties in the topography and bathymetry we did not find
a significant change in the cross-sectional area and therefore did not observe
a significant amount of lateral spreading that could contribute to the observed
kinematic changes on the decadal scale.

Velocities

As ice flows across the icefall, it is accelerated from 2-5 m day−1 to 15-20 m day−1
(Figure 2.6), in agreement with the results of Burgess, Forster, and Larsen (2013)
and Bartholomaus, Larsen, and O’Neel (2013). Separating velocity results by
season shows that while position B decelerated by ∼40% between 1996-2016 at
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Figure 2.5: Driving stress at the terminus in a Lagrangian coordinate system for
February 11-22, 2000, April 1, 2006, and March 23, 2014 with uncertainty shown
in the shaded regions. Driving stress along the first 750m upstream from the terminus decreased by 60±20% between 2000-2014. Driving stress is calculated for
a greater distance upstream of the terminus in 2014 than in previous years because in 2014 the terminus had overlapped a greater portion of the bathymetry.
a linear rate of -0.39 m day−1 yr−1 , there was no significant decadal trend in
velocities at position C during this time (Figure 2.7b); Tables 2.3, 2.4). Springtime (March - May) velocity profiles from 2000-2016 (Figure 2.7a) show that the
rate of deceleration was higher for regions closer to the terminus than at position
B. Between 2000-2016, longitudinal strain rates averaged between 2.5-3.5 km in
the Eulerian coordinate system transitioned from a tensile strain rate regime to
one of compression (Figure 2.8).
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Figure 2.6: Ice velocity derived from pixel tracking with Landsat 8 images spanning March 7-23, 2014 chosen as a representative sample of the data set. The
locations of the icefall and Eulerian positions A, B, and C are marked by arrows.
Velocities are overlain on a panchromatic March 23, 2014 Landsat 8 image.
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2.4.2

Seasonal Variations

Velocities

Velocity profiles for November 2013 - November 2014 are shown in Figure 2.9a,
and the timelines of velocities at positions A0 , B0 , and C are shown in Figure 2.9b.
Seasonal velocity variations at position C increased during the spring, peaked
in early June, and decelerated to a minimum in September (Figure 2.9b). Downstream of the icefall, a different pattern emerges. At A0 the timing of maximum
velocity in 2013-2014 occurred when the terminus was in a retracted position in
the winter (Figures 2.9b, 2.10b). Deceleration at A0 between February and June
was synchronous with a ∼200 m advance of the terminus. Further upstream at
B0 , velocities remained high during the winter and spring before they reached
a maximum in early June and decreased throughout the summer (Figure 2.9b).
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All positions shared a minimum in mid-October. The 2013-2014 seasonal velocity pattern downstream of the icefall appears to be anticorrelated with the
seasonal advance and retreat of the terminus superimposed on the pattern observed at C. This effect is highest at A0 , where the maximum speed occurred
during the winter and decayed with distance upstream, resulting in the sustained high speeds during the winter and spring at B0 . We cannot test whether
or not the 2013-2014 A0 pattern is a regularly occurring event due to the limited
number of winter and spring velocities in 2015 and 2016.

Terminus Position and Shape

Figure 2.10b shows the seasonal terminus position calculated using the ‘Box
Method’ and represents the seasonal advance and retreat averaged over the entire width of the terminus. On average, the terminus retreated from the earlysummer to late-fall and advanced from mid-winter to the early-summer. The
shape of the terminus changed from smooth in the winter and spring to crenulated in June due to the development of a calving embayment on the western
edge in 2014 and 2016 (Figure 2.10a). The embayment in each year grew during
the summer and reached a maximum size in October (Figure 2.10a). A similar calving embayment and locus of turbid discharge appeared and developed
during the melt season of 2000 and 2015(not shown), and was observed previously by Bartholomaus, Larsen, and O’Neel (2013) at Yahtse in September 2011
(see Figure 1B of the referenced paper). As the embayment grew throughout the
summer, the remaining portions of the terminus remained at their advanced position. A comparison between the timeline of average terminus positions (Figure 2.10b) and the terminus outlines (Figure 2.10a) shows that, although the
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colored lines in (b) correspond to terminus outlines in (a).
width-averaged terminus position retreated during the summer, this was due
to the growth of the calving embayment. The terminus did not retreat across its
entire width until October - November (Figure 2.10a).

2.5

2.5.1

Discussion

Seasonal Dynamics

Although C is positioned ∼8 km upstream of the March 2014 terminus and 2 km
upstream of the icefall, the seasonality of velocities at C is similar to that of
other Alaskan tidewater glaciers near their termini (e.g., Mcnabb, Hock, and
Huss, 2015; Stearns et al., 2015) — velocities are highest in late spring/early
summer, at a minimum in the late fall, and intermediate during the winter.
Spring acceleration is thought to be caused by surface meltwater that reaches
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an inefficient subglacial hydrologic system, leading to increased basal water
pressure, increased separation at the ice-bed interface, and accelerated glacier
sliding speeds (Iken and Bindschadler, 1986; Schoof, 2010). Over the course
of the melt season, continued and increasing surface melt water routed to the
base causes the subglacial hydrology to evolve towards increasingly efficient
drainage, resulting in decreased basal water pressure and slower ice speeds
(e.g., Bartholomaus, Anderson, and Anderson, 2008). Intermediate velocity in
winter may be the result of undrained basal water becoming trapped and pressurized as meltwater channels close in the fall (Schoof, 2010; Burgess, Larsen,
and Forster, 2013). The seasonal velocity pattern at C appears to respond to
an increasingly efficient subglacial hydrologic system. This is consistent with
Bartholomaus et al. (2015), who found that at Yahtse the lag time between melt
input and glaciohydraulic-tremor – a proxy for subglacial discharge – decreases
over the course of the melt season. The coevolution of the decline in velocities at position C and the enlargement of the calving embayment between late
May and October is evidence in support of an increasingly channelized subglacial hydrologic system that focuses subglacial discharge into a plume. The
focused subglacial discharge at the glacier terminus locally increases submarine melt rates and iceberg calving (e.g., Sikonia and Post, 1979; Ritchie et al.,
2008; Motyka et al., 2003; Bartholomaus, Larsen, and O’Neel, 2013). The appearance of a calving embayment in the western region of the terminus and its
growth throughout the melt season appears to be a regularly occurring event,
as we observe similar sequences in the years 2000 and 2015 (not shown). A
similar embayment and locus of turbidity were observed in September 2011 by
Bartholomaus, Larsen, and O’Neel (2013) (Figure 1B of cited study). Future
studies of embayment development at Yahtse Glacier, particularly its apparent
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geographic stability, can potentially reveal factors controlling the evolution of
efficient subglacial conduits.
We do not have good constraints on the seasonal changes in ice thickness
near Yahtse’s terminus and cannot explicitly calculate the seasonal changes in
ice flux. However, at other marine terminating glaciers (e.g., Helheim; Bevan
et al., 2015), near-terminus ice thickness was found to be thickest in the spring,
during high accumulation and advance, and lowest in the fall, following a period of ablation and retreat. A similar pattern may occur at Yahtse. This would
cause the seasonal variations in ice thickness to be in phase with the seasonal
variations in velocity, resulting in high flux in the spring and low flux in the
fall. We can therefore use the velocity near the terminus as a proxy for ice flux.
The 2013-2014 seasonal velocity pattern at A0 (i.e. fastest in the winter, decelerating through the summer, and minimum in fall) is not a commonly observed
pattern among Alaskan tidewater glaciers (e.g., Mcnabb, Hock, and Huss, 2015),
although previous studies have generally not resolved glacier velocities so close
to the glacier front. At Yahtse, velocities at A0 accelerate following a full-width
retreat of the terminus in October-November and decelerates from February
through September as the terminus advances during the spring (Figures 2.9,
2.10). During the course of the melt season, Yahtse’s terminus remains in an
advanced position while the delivery of ice to the terminus decreases (Figures
2.9, 2.10a) and submarine melting increases (Bartholomaus, Larsen, and O’Neel,
2013). These two factors reach a critical point in October, leading to a full-width
terminus retreat of ∼80 m (Figure 2.9a). The terminus likely retreats from the
crest of a submarine moraine, which would result in a loss of backstress that
could cause the winter acceleration. This is similar to the pattern of certain
Greenland tidewater glaciers in response to the loss of backstress following the
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breakup of the ice melange (Moon et al., 2014; Joughin et al., 2008). Interactions
between the terminus and a submarine moraine have been observed in other
years as well. In 2011, Bartholomaus et al. (2012) observed a vertical component
in Yahtse’s seasonal advance, which they interpreted as the glacier moving up
and over a submarine moraine.
Most Alaskan tidewater glaciers are in their retreat phase (Mcnabb and
Hock, 2014) and would not override or press against a moraine crest, perhaps
explaining why the pattern observed at A0 on Yahtse Glacier is largely absent
from Alaskan tidewater glaciers. Interestingly, the seasonal pattern of speeds
at the terminus of the advancing Hubbard Glacier is highest in mid-April and
minimum in October-November (Stearns et al., 2015), which is closer to the C
pattern of this study. However, this may be because speeds at Hubbard were
sampled from a ∼5x5 km area which could average out this pattern.
Pfeffer (2007) proposed a criteria for determining whether or not a perturbation at the terminus would result in sustained retreat. If

ρi h
ρw d

< 1.3, where ρi is the

density of ice, ρw is the density of sea water, h is the ice thickness, and d is the
water depth, then a retreat from the moraine shoal will cause basal drag to decrease faster than the driving stress, leading to dynamic drawdown and rapid
retreat. If this ratio is >1.3, then the driving stress will decrease faster than basal
drag and the terminus will be stable against thinning or, in this case, a change
in water depth associated with a seasonal separation from the moraine shoal.
After applying the uncertainties from Equation 2.1 to the centerline bathymetry
(Figure 2.4), we find a water depth of 180 ± 57 m. Bathymetric soundings from
2011 near Yahtse’s terminus measured a water depth of 120 m (Bartholomaus,
Larsen, and O’Neel, 2013). Because the water depth measured from the 2011
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bathymetric soundings is near the bounds of our water depth estimate and has
considerably smaller uncertainties, we use a water depth of 120 m and a centerline ice thickness of 200 ± 11 m (Figure 2.4, Table 2.1). Using an ice density of
917 kg m−3 and water density of 1029 kg m−3 , this criteria evaluates to 1.5 ± 0.1
and clearly, after years of observed advance, the terminus is stable against seasonal retreat despite its large 300 m magnitude.

2.5.2

Interannual Dynamics

If Yahtse’s deceleration were due to interactions between the terminus and
features in the seafloor topography (e.g., bumps, ridges, sills, etc) during the
glacier’s advance, we would expect to see a sudden deceleration in the velocity
accompanied by a sharp decrease in terminus advance-rate as the glacier encounters topographic obstacles. Instead, Yahtse’s advance is continuous and,
while not constant, is well approximated by an average rate of 100 m yr−1 (e.g.,
Mcnabb and Hock, 2014). Over the period of Yahtse’s advance, we also find that
the terminus decelerated at a linear rate of ∼-0.4 m day−1 yr−1 at position B (Figure 2.7b). The continuous rates of terminus advance and deceleration allow us
to rule out interactions between the terminus and pinning points in the seafloor
topography as a source of the observed interannual deceleration.
Interannual changes in velocity, thickness, and longitudinal strain rates that
occur near the terminus attenuate with distance upstream and, in the case of
interannual changes in velocity, may be absent above the icefall (Figure 2.7b).
Stress perturbations that occur at the terminus may attenuate upstream due to
the icefall’s steep slopes and likely small thickness (Nye, 1960). Thinning that
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occurs in the accumulation area of Yahtse’s large upper basin (Muskett et al.,
2008; Larsen et al., 2015) may be the result of local mass balance changes, in
synchrony with the climate. Therefore, the glacier may not be responding to
changes that occur downstream of the icefall.
In the case of Columbia Glacier, O’Neel et al. (2005) found that, during retreat, its driving stress became increasingly supported by lateral drag at the
expense of basal drag, requiring increased shear strain rates and acceleration
during the glacier’s multidecadal retreat. We do not calculate the resistive
stresses at Yahtse in this study. However, if we assume that the changes in
resistive stresses at Yahtse during its advance are the converse of the changes
at Columbia Glacier during its retreat (i.e., the driving stress becomes increasingly supported by the basal drag relative to lateral drag), we can explain the
kinematic changes we observe. As Yahtse advances, it likely terminates at the
crest of a growing moraine (e.g., Powell, 1991; Motyka et al., 2006; Nick, van
der Veen, and Oerlemans, 2007), resulting in decreased water depths, increased
effective pressure, and increased basal drag (e.g., Pfeffer, 2007; Cuffey and Paterson, 2010). Increased basal drag at the terminus is often associated with decreased sliding rates (e.g., Pfeffer, 2007), and the combination of lower velocities
at the terminus and nearly constant cross sectional area would drive down ice
flux through the terminus, resulting in a decrease in frontal ablation. Because
stress perturbations from the terminus are not transmitted upstream of the icefall, the upper basin would remain in a continued state of drawdown, and the
influx of ice from above the icefall would be nearly constant over time (e.g., Figures 2.2b, 2.7b). The steady influx of ice from above the icefall coupled with
decreasing A0 velocities and frontal ablation is in agreement with the observed
transition from tensile to compressive longitudinal strain rates (Figure 2.8). In-
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creased surface elevation and decreased surface slopes observed between the
Eulerian positions A and B (Figures 2.2, 2.4) are in agreement with dynamic
thickening due to compressive longitudinal strain rates.

2.5.3

Sustained, Rapid Advance

The dynamic changes observed in this study are consistent with the fjord shallowing and development of a submarine terminal moraine. We suggest that
moraine development serves as the foundation for understanding Yahtse’s transition from retreat to its current advance phase. During the phase of rapid retreat, the terminus would not have sufficient time to build a stabilizing moraine
(Powell, 1991). After ending its retreat at the base of the icefall, presumably because a steep bed slope placed the terminus close to the tidewater line, Yahtse
remained in a stable phase from 1985 to 1990. In shallow water, this brief period of terminus stability presumably allowed for the development of a submarine moraine, which then enabled its advance phase (e.g., Powell, 1991). Today,
advance is ∼3 times faster than the next fastest-advancing Alaskan tidewater
glacier, Hubbard. Tidewater glacier advance has been suggested by previous
studies to be facilitated by the progradation of the submarine terminal moraine
(e.g., Goff et al., 2012; Nick, van der Veen, and Oerlemans, 2007) and we hypothesize that this is happening at Yahtse. Three factors support this interpretation:

1. Yahtse is the second largest tidewater glaciers in Alaska by area (e.g., Mcnabb, Hock, and Huss, 2015) and terminates in a narrow ∼2.5 km fjord.
The region in between the icefall and terminus represents less than 2% of
Yahtse’s total surface area, and any eroded material produced up glacier is
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deposited in this focused region. By contrast, Hubbard’s geometry is such
that ice flows out of a ∼2.5 km wide valley into a ∼14 km wide terminal
lobe (e.g., Stearns et al., 2015), resulting in the lateral spreading of ice and
sediments.
2. Large subglacial discharge fluxes due to Yahtse’s large surface area and
southern Alaska’s high precipitation rates (Hill et al., 2015) coupled with
fast ice flow near a narrow terminus would lead to rapid sedimentation
and erosion, similar to observations made at the advancing Taku Glacier
(Motyka et al., 2006).
3. Fast flow through a steep icefall is likely to produce rapid erosion of the
rock beneath the icefall, leading to rapid sediment production which will
be transported to the terminus.

Each of these three factors indicate that submarine moraine building and
proglacial sedimentation may be unusually rapid at the terminus of Yahtse
Glacier.

2.6

Conclusions

We have presented a record of kinematic changes on decadal and seasonal scales
using satellite imagery from 1985-2016. We find that Yahtse’s icefall and terminal moraine play significant roles in shaping the major kinematic changes at
Yahtse on these timescales and also shape its advance.
Seasonal variations in velocity above the icefall show a dependence on subglacial hydrology. Velocities above the icefall are highest in early June and low47

est in September, a pattern similar to many Alaskan tidewater glaciers and attributed to the development of an efficient/channelized drainage system during the melt season. The appearance and growth of a calving embayment and
locus of turbidity at the terminus is synchronous with the summer deceleration of ice flow and is evidence for a plume of subglacial discharge focused by
a channelized drainage system. Below the icefall, seasonal velocity variations
in 2013-2014 show an additional, second-order dependence on the seasonal advance and retreat of the terminus. We suggest this is due to decreased backstress
at the terminus during the fall as the terminus retreats from its moraine shoal.
We suggest a number of geometric and dynamic factors could facilitate the
rapid sedimentation at Yahtse’s terminus required for the glacier’s fast-advance.
These include Yahtse’s large area and funnel-like shape, high subglacial discharge rates, and rapid ice flow, which together likely result in high erosion
rates across a broad area and sedimentation in a narrow and focused region. On
the decadal scale, as with the seasonal time scale, we find contrasting dynamics
on alternate sides of the icefall. We do not observe a significant decadal trend in
velocities above the icefall, but downstream of the icefall velocities decelerate at
a linear rate and longitudinal strain rates transition from a tensile (∼+0.3 day−1 )
to a compressive regime (∼-0.4 day−1 ). Similarly, the icefall marks the boundary
between contrasting patterns in ice elevation change rates. Above the icefall,
is small and uniform along the centerline, while below the icefall

dh
dt

dh
dt

increases to-

wards the terminus. The steep slope and likely small ice thickness at the icefall
may prohibit stresses originating at the terminus from being transmitted upglacier through the icefall. This could allow for the continued advance at the
terminus despite persistent thinning of the upper basin. As Yahtse advances,
it likely terminates at the crest of an increasingly large moraine shoal, which
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would increase effective pressure at the terminus and drive down frontal ablation. Decreasing frontal ablation coupled with continued influx of ice is consistent with our observations of increasingly compressive longitudinal stain rates
and dynamic thickening at the terminus.

2.6.1

Tables
Uncertainty
Satellite
Resolution (m) Count Range (m)/Average (m)
SRTM
60
1
8
ASTER
15
11
9-25/15.2
WorldView
3
2
9-11/10

Table 2.1: Details of satellite imagery used in constructing the ice elevation time
series.
Orbital

Reference

Search

Satellite

Resolution (m)

Repeat (days)

Window (m)

Window (m)

Count

Landsat 5

30

16

480×480

960×960

27

Landsat 7

15

16

480×480

480×480

21

32

480×480

690×690

6

7

480×480

480×480

17

9

480×480

480×480

14

16

480×480

480×480

30

23

480×480

480×480

15

25

480×480

480×480

13

32

480×480

690×690

6

Landsat 8

15

ASTER

15

16

480×480

720×720

1

ALOS

8.3×3.3

46

498×396

830×660

13

Table 2.2: Operational parameters for satellite images used in velocity time series.
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Position B

r2

p-value

Count

0.87

2.3×10−13

28

0.82

1.37×10−6

16
20
6

acceleration
(m

Spring
Summer

day−1

yr−1 )

-0.42 ± 0.16
-0.45 ± 0.22

Fall

-0.31 ± 0.12

0.88

6.9×10−10

Winter

—

—

—

Table 2.3: Statistics for linear regression of velocities measured at position B

Position C

acceleration
(m

Spring
Summer
Fall
Winter

day−1

r2

p-value

N

0.37

2×10−4

32

0.00

9.6×10−1

15

0.05

4.5×10−1

14

0.15

5.7×10−1

15

yr−1 )

-0.04 ± 0.05
-0.00 ± 0.03
-0.01 ± 0.06
-0.01 ± 0.05

Table 2.4: Statistics for linear regression of velocities measured at position C
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CHAPTER 3
THE IMPORTANCE OF THE INELASTIC AND ELASTIC STRUCTURES
OF THE CRUST IN CONSTRAINING GLACIAL DENSITY, MASS
CHANGE, AND ISOSTATIC ADJUSTMENT FROM GEODETIC
OBSERVATIONS IN SOUTHEAST ALASKA

3.1

Abstract

Elastic deformation of the solid Earth in response to ice mass loss offers a
promising constraint on the density of glacial material lost. Further, the elastic
response to modern deglaciation is important to constrain for studies of glacial
isostatic adjustment to determine the mantle’s structure and rheology. Models
of this elastic uplift are commonly based on the 1-D, seismically derived global
average Preliminary Reference Earth Model (PREM) and typically neglect uncertainties that can arise from regional differences in elastic structure from that
of the global average, lateral heterogeneities within the region, and inelastic behavior of the crust. We quantify these uncertainties using an ensemble of 1-D
local elastic structure models and empirical relations for the effects of inelasticity in the upper ∼10 km of the crust. In southeast Alaska, modeling elastic uplift
rates with local elastic structures results in up to a 20-40% difference from those
modeled with PREM. Although these differences are limited to regions near to
ice covered areas, they are comparable to the differences in uplift rates expected
from the loss of firn vs loss of ice. Far from ice covered areas, where most of the
This chapter originally published in Durkin, Kachuck, and Pritchard (2019)
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region’s GPS observations were made, these differences become insignificant
and do not affect previous GIA studies in the region. The methods presented
here are based on globally available LITHO1.0 seismic model and open source
software, and the approach of using an ensemble of 1-D elastic structures can
be easily adapted to other regions around the world.

3.2

Introduction

Glaciers, icefields, and ice sheets across the world can gain and lose several to
100’s of gigatonnes of mass on seasonal and annual time scales (e.g., Gardner
et al., 2013; Luthcke et al., 2013; Shepherd et al., 2018), evoking a linear, elastic
response from the solid Earth at rates on the scale of millimeters to centimeters
per year (e.g., Larsen et al., 2005; Khan et al., 2007; Compton et al., 2017). Geodetic observations of this elastic deformation may be used to investigate rates of
deglaciation (e.g., Zhao et al., 2014), dynamic glacier processes (e.g., Bevan et
al., 2015; Adhikari, Ivins, and Larour, 2017), and the rheological structure of the
Earth’s interior (e.g., Auriac et al., 2013).
When widespread deglaciation occurs at decadal to centennial time scales
in regions underlain by a low viscosity asthenosphere (1018 - 1019 Pa s), such as
in Iceland (Auriac et al., 2013), Patagonia (Lange et al., 2014), southeast Alaska
(Larsen et al., 2005), and regions of West Antarctica (Nield et al., 2014; Barletta
et al., 2018) the elastic deformation is superimposed on to deformation caused
by the viscous relaxation of the mantle (i.e., glacial isostatic adjustment or GIA).
Once the elastic component is identified and constrained, the viscous deformation may be used to infer rheological parameters of the solid Earth such as the
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elastic thickness of the lithosphere and viscosity of the mantle, which can be difficult to constrain through other geophysical techniques. Further, these regions
have other deformation processes occurring, for example tectonic (e.g., Sauber
and Molnia, 2004; Elliott et al., 2010), magmatic (e.g., Spaans et al., 2015), and
hydrologic loading (e.g., Drouin et al., 2016). Constraining the elastic deformation from deglaciation is critical for partitioning the observed deformation field
into these other sources of deformation.
In regions where continuous crustal deformation time series are available,
long-term viscous deformation may sometimes be separated from the instantaneous elastic response to ice mass changes by carefully removing long-term
trends from higher frequency changes (e.g., Wahr et al., 2013). However, in regions with high rates of GIA where the viscous response times are decadal to
centennial (e.g., Barletta et al., 2018), or in regions with accelerating ice loss (e.g.,
Khan et al., 2007; Compton, Bennett, and Hreinsdóttir, 2015), it can be difficult
to distinguish between the elastic and viscous components of deformation in
this way. Often, GIA is inferred by first modeling the elastic deformation resulting from contemporary deglaciation using estimates of ice mass balance to load
a halfspace or a spherical, layered Earth and removing this model from observations of the total uplift, leaving the viscous component of deformation as the
residual (e.g., Sato et al., 2011; Lange et al., 2014).
The propagation of biases and uncertainties in ice mass balance estimates
used to model elastic deformation can directly impact the viscous deformation
that is inferred. For example, in southeast Alaska, Larsen et al. (2005) estimated
that 20% of the uplift observed in southeast Alaska can be described by the elastic response to the average ice loss between the mid-1950s and mid-1990s, with
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a mean date in the 1970s (Arendt et al., 2002). Using updated ice-thinning rates
with mean dates in the mid-1980s (Larsen et al., 2007), Sato et al. (2011) found
that modeled elastic uplift could account for ∼26% of the total uplift and result
in a ∼1.5x increase in the estimate of asthenospheric viscosity. However, ice thinning rates estimated by Larsen et al. (2007) are derived from an elevation time
series in which the latest elevations come from an under-corrected SRTM DEM,
resulting in overly negative mass loss rates (Berthier et al., 2018), and elastic uplift rates modeled using this time series (e.g., Sato et al., 2011) may similarly be
overestimated. Moreover, while Sato et al. (2011) used ice-thinning rates with
median dates in the mid-1980s to model the elastic uplift, GPS observations
were made during the years 1996-2006 (mean epoch of 2003.5). Ideally the icethinning rates should be coterminous with the period of observation. Reducing
the propagation of biases in ice mass balance estimates and improved alignment with deformation observations could help to better resolve other, larger
uncertainties in constraining mantle rheology, such as the history of prior ice
loss (e.g., Nield et al., 2016) and the constitutive equations describing mantle
rheology (e.g., Steffen and Wu, 2011).
Uncertainties and biases associated with the Earth model used when estimating elastic deformation could also impact both glaciological investigations
and inferred GIA deformation, but have had less investigation. In studies of ice
mass balance and regional GIA, a common choice for the elastic Earth model is
the radially symmetric, seismically derived, global average Preliminary Reference Earth model (PREM; Dziewonski and Anderson, 1981). Recently Drouin et
al. (2016) and Compton et al. (2017) found that to match modeled elastic deformation of seasonal mass balance changes of Icelandic ice caps with observed uplift required scaling the elastic response calculated using PREM by a factor of ∼2,
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calling into question the appropriateness of using the globally-averaged elastic
structure to represent a volcanic region such as Iceland. Centers of regional GIA
and contemporary deglaciation are typically mountainous aggregates of different geologic terrains, often volcanic, and may not be well represented by a single
1-D globally-averaged model of elastic structure.
Site-specific elastic structures constrained by seismology may be used (e.g.,
Nielsen et al., 2013), however crustal material may not behave as elastically under glacial loading as it does during seismic wave propagation. In the upper
∼10 km of the crust, where low confining pressures allow rocks to be porous
and fractured, a range of inelastic processes dependent on the frequency and
amplitude of strain can dissipate elastic energy (e.g., Cheng and Johnston, 1981;
Tutuncu et al., 1998). The presence of fluids can relax shear stresses, and flow between pores and fractures of varying compliance can viscously dissipate strain
energy as heat (e.g., Carcione, Poletto, and Farina, 2018). Inelastic processes
may occur even in the absence of fluids, such as during the formation and propagation of inter- and intra-granular fractures as well as slip along fractures and
grain boundaries (Brantut et al., 2013; Wong and Baud, 2012). At the periods
(10−2 - 102 seconds) and amplitudes (10−5 ) of strain characteristic of seismic wave
propagation, these inelastic effects are small and the upper crust is well approximated as a purely elastic medium. But at larger strain amplitudes applied at
periods of ∼103 seconds and longer, inelastic deformation has the effect of reducing the apparent elastic moduli of the material (e.g., Cheng and Johnston,
1981; Johnson and Rasolofosaon, 1996; Tutuncu et al., 1998). The attenuation
of elastic strain energy in the presence of fluids can be described by various
analytical models (e.g., Carcione, Poletto, and Farina, 2018), however inelasticity in dry rocks remains difficult to describe due to the complex physical pro-
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cesses involved and strong dependence on lithology and environmental conditions (Brantut et al., 2013). A more common approach is to empirically relate a
material’s ‘dynamic’ Young’s modulus found acoustically to the ‘static’ Young’s
modulus derived from the stress-strain curves found from triaxial deformation
experiments performed on rock samples (e.g., King, 1983; Ameen et al., 2009;
Najibi et al., 2015). The static-dynamic ratios measured this way can be small
(∼0.4, e.g., Cheng and Johnston, 1981). This introduces an additional source
of uncertainty worth considering, particularly when modeling near-field elastic
deformation which is sensitive to the rheology of the upper crust.
In an ideal scenario, these complex regions would be modeled using a sitespecific, laterally variable, 3-D elastic structure. However this is not practical at
the time of writing as the regions’ 3-D structures are not well constrained and
modeling elastic uplift rates from such structures would be computationally expensive given their large areas and, presumably, small scale variations. To test
the sensitivity of elastic deformation from hydrologic loading to variations in
the crust, Dill et al. (2015) modified the upper portion of PREM with an ensemble of crustal models (Tesauro et al., 2012). We adopt a similar approach and use
the global seismic density and velocity model LITHO1.0 (Pasyanos et al., 2014)
to construct an ensemble of 1-D models representing the variations of crustal
structure within southeast Alaska. We consider empirical static-dynamic relations to test the importance of considering inelasticity in the crust, and model
the elastic deformation using this ensemble to bound the uncertainties due to
variations in crustal structure. In addition, we are able to use this opportunity to update the elastic thinning rates to more closely match the 1996-2006
observation time of the southeast Alaska campaign GPS dataset (Elliott et al.,
2010). While the focus of this study is on southeast Alaska, the use of the global
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LITHO1.0 model makes our approach easily adaptable to other regions around
the world.

3.3

Study Area

The Stikine Icefield, Juneau Icefield, and Glacier Bay region (Figure 3.1) comprise an area of ∼ 17,000 km2 , or 20% of the total glaciated area of Alaska and
neighboring Canada (Pfeffer et al., 2014). They are the southernmost glacier
complexes in Alaska, and melt across all elevations has been observed during summer months at the Juneau and Stikine icefields (Smith et al., 1997;
Ramage, Isacks, and Miller, 2000).

Annual melt rates for the Juneau and

Stikine icefields between years 2000-2016 were -0.68 ±0.15 m w.e. yr−1 and 0.83 ± 0.12 m w.e. yr−1 , respectively (Berthier et al., 2018), similar to the average
mass balance of all Alaskan glaciers between 1994-2015 (-0.94 ± 0.14 m w.e. yr−1 ;
Larsen et al., 2015), while that of the Glacier Bay region between 1995-2011 (0.6 ± 0.1 m w.e.yr

−1

; Johnson et al., 2013) was significantly less negative than

the Alaska-wide average. This annual removal of several gigatonnes of mass
across each of these glacier complexes elicits the elastic uplift of the solid Earth
at rates up to 10 mm yr−1 (Sato et al., 2011). Viscous uplift rates of up to 1020 mm yr−1 emanate from Glacier Bay in response to the collapse of the Glacier
Bay Icefield, which spanned an area of 5×103 km2 , reached thicknesses of up to
1.5 km, and lost ∼3,500 Gt between the years 1770-1950 (Larsen et al., 2005). In
contrast to Hudson Bay, where the GIA response to collapse of the Laurentide
Ice Sheet following the last glacial maximum (∼20,000 years ago) drives present
day uplift rates of up to 10 mm yr−1 (e.g., Sella et al., 2007), the present day uplift rate in response to the collapse of the Cordilleran Ice Sheet following the last
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Grand Plateau
Glacier

Fairweather
Glacier
Fig. 4

Juneau Icefield
-3.98 ± 0.81 Gt yr-1
(-0.76 ± 0.15 m w.e. yr-1)
Glacier Bay
-5.26 ± 0.79 Gt yr-1
(-0.76 ± 0.11 m w.e. yr-1)

0
−4
−8

dh/dt (m yr −1 )

4

Stikine Icefield
-4.72 ± 0.52 Gt yr-1
(-0.75 ± 0.08 m w.e. yr-1)

Figure 3.1: Ice thinning rates of the Stikine Icefield, Juneau Icefield, and Glacier
Bay region estimated using the SRTM DEM, ArcticDEM, and ASTER DEMs
spanning the years 2000-2017. The SRTM DEM has been corrected for radar
penetration into snow and ice (see Section 1.1 of the supplementary material).
Mass balance estimates of the Stikine and Juneau icefields are updates of previous work by Melkonian et al. (2016) and Melkonian et al. (2014), respectively.
The black box in the upper left corner outlines the region described in Figure 3.4.
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glacial maximum is more subdued, at 1-2 mm yr−1 (Larsen et al., 2005). Taken
in aggregate, present day viscoelastic uplift rates peak at ∼30 mm yr−1 centered
near Glacier Bay (Larsen et al., 2005; Elliott et al., 2010).

3.4

3.4.1

Data and Methods

Ice Mass Balance

We estimate ice mass balance using a weighted linear regression on a time series of stacked DEMs. These methods were developed by previous studies (e.g.,
Nuimura et al., 2012; Willis et al., 2012b; Melkonian et al., 2014; Wang and
Kääb, 2015; Berthier et al., 2016) and only the general procedure is outlined here
with greater explanation and discussion provided in the supplementary materials (Gardelle, Berthier, and Arnaud, 2012; Dehecq et al., 2016). We construct
an ice-elevation time series composed of SRTM, ArcticDEM, Advanced Spaceborne Thermal Emission and Reflection Radiometer (ASTER) DEMs. ASTER
DEMs are downloaded pre-made by the NASA/USGS operated Land Process
Distributive Active Archive Center(LDAAP), and cloudy images are manually
removed. A total of 358 ASTER DEMs cover the study area, spanning July
2000 − May 2017 with an average of 15 ASTER elevations covering each pixel.
ArcticDEM strips were derived from ∼0.5 m resolution stereoscopic imagery
from Digital Globe and made available through the National Science Foundation and National Geospatial Intelligence Agency as 2 m resolution DEMs using the Surface Extraction with TIN-based Search-space Minimization (SETSM)
method (https://www.pgc.umn.edu/data/arcticdem; Noh and Howat, 2015).
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ArcticDEM strips covering the study area total in 401 DEMs that span the time
period October 2008 − September 2016 with an average density of 2 ArcticDEM
elevations per pixel. We downsample ArcticDEM strips to 30 m resolution and
coregister both ArcticDEM and ASTER DEMs to off-ice pixels in the SRTM DEM
using “PC align” in the Ames Stereo Pipeline toolkit (Moratto et al., 2010). Office pixels are identified using the Randolph Glacier Inventory version 5 (Pfeffer et al., 2014). Each DEM is assigned 1σ vertical uncertainty as the standard
deviation between the off-ice pixels of it and the SRTM DEM. We estimate ice
elevation change rates ( dh
) using a linear regression on our elevation time sedt
ries in which each elevation is weighted by the inverse of its uncertainty (e.g.,
Melkonian et al., 2014; Willis et al., 2012b).

3.4.2

Elastic Uplift Rates, Inelasticity, and Uncertainties

We use an ensemble of seismic velocity models to quantify the uncertainty associated with representing a geologically variable region as a spherically symmetric model. This ensemble of models is based on LITHO1.0 (Pasyanos et al.,
2014), a collection of seismically constrained estimates of density, P-, and S-wave
velocities that are globally available at 1◦ postings (Pasyanos et al., 2014). Each
LITHO1.0 1-D profile has defined sublayers that include ice, water, between
one and three sediment layers, an upper, middle and lower crust, and the lithospheric mantle. Excluding profiles that contain a water layer (i.e., profiles that
are centered in the ocean), we consider 42 profiles between 59◦ -61◦ N longitude
and 130◦ -139◦ W latitude (Figure 3.2A).
To estimate the effects of inelasticity in the upper crust to a first-order, we
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use empirical relations fit by Yale and Swami (2017) to the static-dynamic ratios
of Young’s moduli (ES /ED ) found from triaxial strain experiments of a combined 35 studies, described in Eq. 3.1. Many of the studies found in literature
concerning correlations between ES and ED are conducted by the petroleum engineering community for the purpose of modeling the static response of hydrocarbon reservoirs. The triaxial strain experiments considered by Yale and
Swami (2017) reflect these conditions. Confining pressures vary between 0-100
MPa (corresponding to depths of 0-5km in the crust) and temperatures between 20-170◦ C. The impacts of confining pressure or the presence of fluids
on the static to dynamic ratios are not controlled for, rather, static-to-dynamic
ratios are separated by rock type. Yale and Swami (2017) found the following relations for soft sedimentary rocks (e.g., unconsolidated sands and shales),
hard sedimentary rocks (e.g., tight sandstones, shales, and carbonates), and igneous/metamorphic rocks





5.796 × 10−3 E D 2 + 0.1587E D + 0.1756
soft sedimentary






ES = 
0.8353E D − 4.283
hard sedimentary








1.1027E D − 12.639
igneous/metamorphic

(3.1)

where the demarcation between soft and hard sedimentary lithologies is defined by Yale and Swami (2017) as ES ∼10-15 GPa. Table 3.1 shows the minimum
and maximum ED of each LITHO1.0 sublayer for the ensemble of 42 profiles and
its lithology classification for estimating ES from Eq. 3.1. Figure 3.2B shows the
ratio ES /ED estimated from Table 3.1 and Eq. 3.1. For ED > 123 GPa, this ratio
becomes greater than 1. This is a non-physical and unexpected result, and we
set the maximum ES /ED value to 1. The static bulk and static shear moduli are
calculated from ES while the Poisson’s ratio is unmodified.
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LITHO1.0 Sublayer
ED (GPa)
Yale and Swami (2017) lithology
sedimentary layer 1
2.6 - 6.7
soft sedimentary
sedimentary layer 2 28.0 - 41.8
hard sedimentary
sedimentary layer 3 52.7 - 52.7
upper crust
74.8 - 96.2
igneous/metamorphic
middle crust
89.3 - 111.2
lower crust
111.2 - 138.0
lithospheric mantle 172.0 - 183.6
Table 3.1: Sublayer structure of the LITHO1.0 model and the range of dynamic
Young’s moduli (ED ) of each sublayer for the ensemble of 42 elastic structures
(Figure 3.2). Each sublayer is assigned a lithologic classification from Yale and
Swami (2017) for use with Eq. 3.1.
As confining pressure increases, pores and fractures in rocks begin to close,
decreasing the differences between the static and dynamic moduli (e.g., Asef
and Najibi, 2013), and ES has been observed to converge to ED at depths of 1015 km (Cheng and Johnston, 1981). The inelastic corrections in Eq. 3.1 are based
on laboratory experiments conducted at a narrow range of confining pressures
0–100 MPa, or the upper ∼5 km of the crust (Yale and Swami, 2017). We must
take care that applying Eq. 3.1 to the LITHO1.0 ensemble does not yield staticdynamic ratios that are implausibly small at too great a depth. Figure 8 of the
supplementary material shows the scaling factor plotted against depth for each
of the 42 LITHO1.0 structures. At a depth of 3.1 km, the smallest ES /ED in the
ensemble is 0.75 to 0.90, and beyond depths of 10 km is no lower than 0.95.
This is consistent with the Es/Ed of 0.9 found by Cheng and Johnston (1981)
for granite at confining pressures equivalent to depths of 12-13 km. Differences
between the static and dynamic moduli of less than 5% at depths beyond 10 km
are negligibly small for the purposes of this study.
Each of the elastic structures in our ensemble is used to describe a purely
elastic Earth with radially symmetric material parameters. We use the open-
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Figure 3.2: A) Dynamic Young’s moduli of the PREM global Earth model (cyan)
and the ensemble of LITHO1.0 models used in this study (orange). LITHO1.0
profiles are sampled at a 1◦ spacing between 59◦ -61◦ N and 130◦ -139◦ W, with
profiles sampling the ocean omitted. B) Piecewise functions of the ratio of static
and dynamic Young’s moduli ( EEDS ) as a function of the dynamic Young’s modulus. Scaling functions for soft sedimentary (black), hard sedimentary (blue),
and igneous/metamorphic (red) lithologies are from Yale and Swami (2017) and
shown in Eq. 3.1.
source giapy (Kachuck, 2018) to calculate the load Love number solutions to
the equations of motion for each of these models from the core-mantle boundary to the surface in response to the application of a spherical harmonic load,
as described in Farrell (1972) and Cathles (1975). Load Love numbers computed using the elastic structure described by PREM using giapy match well
with those calculated Pan et al. (2015) (Figure 5 of the supplementary material).
Load Love numbers are calculated for each LITHO1.0-based elastic structures to
a harmonic degree of 150,000 (Figure 6 of the supplementary material), a sufficiently high value for the purposes of this study (Section 3 of the supplementary
material; Jeans, 1923; Bevis, Melini, and Spada, 2016).
We downsample gridded estimates of

dh
dt

(Figure 3.1) to a lower resolution

between 0.0025◦ (228 m) - 0.01◦ (1.11 km) to avoid the high computing costs of
modeling elastic deformation with

dh
dt

at its native 90 m resolution. Histograms
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in Figure 3.3 show how sampling

dh
dt

of the Glacier Bay, Juneau, and Stikine

Icefields is affected by the method of sampling (average, median, and nearest
neighbor) and the sampling resolution. Compared to the

dh
dt

at its native reso-

lution, sampling using the average or median results in an overly-positive

dh
dt

distribution that is accompanied by modest improvements as the sampling resolution increases. Using the nearest neighbor sampling method, the

dh
dt

distribu-

tion converges to the native-resolution dh
distribution as the sampling resolution
dt
increases (Figure 3.3C). We therefore sample the

dh
dt

using the nearest neighbor

method to create 456,420 evenly spaced, non-overlapping discs 0.0025◦ in diameter.
The collection of 0.0025◦ diameter discs are converted from ice thinning rates
to mass change rates using a density of 850 kg m− 3 (Huss, 2013) and scaled by a
factor of 4/π to account for the missing volume between each disc. The Green’s
function computation and convolution of the disc loads for the space-domain
response are performed using the Regional ElAstic Rebound calculator (REAR;
Melini et al., 2015) using the Legendre-domain load Love numbers computed
using giapy. These steps are repeated after scaling all models for inelasticity
using Eq. 3.1. We calculate the average of our elastic uplift rate ensemble (˙LIT HO )
on a pixel-by-pixel basis as

N
P

˙LIT HO (x, y) =

˙i (x, y)

i=1

N

(3.2)

where N is 42. The uncertainties arising from modeling a heterogeneous
elastic structure with a 1-D model (σ˙ ) are found similarly by stacking all elastic
uplift rate maps calculated from the LITHO1.0 models and taking the standard
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(A)

(B)

(C)

Figure 3.3: Histograms of dh
sampled at 90 m, 0.0025◦ , 0.005◦ , and 0.01◦ resoludt
tions under average (A), median (B), and nearest-neighbor (C) schemes. Median
and averaging sampling methods show modest to no improvement in converging to the original dh
distribution with increased resolution. Using the nearest
dt
dh
neighbor method, dt distributions converge between sampling resolutions of
0.0025◦ - 0.005◦ .
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deviation of the elastic uplift rates at each pixel.

3.5

3.5.1

Results

Sensitivity to Elastic Structure with Depth

We construct sensitivity kernels to constrain the depth of the elastic structure to
which the uplift signal is most sensitive following Doin et al. (2015) and Zhao
et al. (2016). We divide the PREM elastic structure into 5 km thick segments.
The Young’s modulus of the uppermost segment is reduced by a factor of 2,
keeping the Poisson’s ratio constant, and elastic uplift rates modeled from the
perturbed structure are subtracted from those modeled with the original PREM.
This process is repeated, each time migrating the perturbed layer down by a
depth of 2.5 km until a depth of 120 km is reached.
Figure 3.4 shows a series of sensitivity kernels along a 12 km transect near
the Grand Plateau Glacier in the Glacier Bay region (Figure 3.1). At the beginning of the transect, closest to the Grand Plateau Glacier, the largest increase in
uplift rates results from a reduction in elastic parameters at 5 km depth, probing increasingly deep sections with greater distance along the transect. We consider amplitudes of the sensitivity kernel that are less than 5% of the average
GPS uncertainty (0.13 mm yr−1 ) to be insignificant, and the deepest portion of
the elastic structure probed along this transect by the ice unloading is 10 km
depth at a distance of 5 km from the Grand Plateau Glacier. A 1-D sampling
of elastic structure sensitivity kernels is appropriate for this area because the
Grand Plateau Glacier protrudes out slightly from the rest of the Glacier Bay re-
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Figure 3.4: A) Depth sensitivity to perturbations from PREM. The Young’s modulus of PREM is reduced by a factor of 2 for 5 km thick sublayers at various
depths (y-axis), and elastic uplift rates modeled from the perturbed structures
are subtracted from those modeled using the original PREM (x-axis). Sensitivity kernels are calculated along a 12 km X-X’ transect (shown in panels B and C)
with their distance along the transect shown by their color. Differences less than
5% of the average GPS uncertainty (0.13 mm yr−1 , black line) are considered insignificant. Sensitivity kernels are calculated at 0.1◦ postings for all off-ice areas
in the study region, and the maximum difference and its associated depth are
recorded. As an example, the depths and amplitudes of the peak differences are
shown in panels B and C, respectively, for the region surrounding the Grand
Plateau and Fairweather glaciers (see boxed region in Figure 3.1).
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Figure 3.5: Depth of sensitivity to elastic structure (y axis) as a function of distance from the nearest ice-covered area. Pixels with a maximum difference less
than 5% of the average GPS uncertainty (0.13 mm yr−1 ) are omitted. Within
10 km distance from ice-covered areas, modeled elastic uplift rates are most
sensitive to the upper 15 km of the elastic structure.
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gion.. Elsewhere, the ice geometry is more spatially complex, such as in between
neighboring valley glaciers (e.g., the Grand Plateau and Fairweather glaciers,
Figure 3.4) and requires 2D information about the elastic structure sensitivity
kernels. We calculate sensitivity kernels at 0.1◦ postings for all off-ice areas in
the study region and record the depth and amplitude of the peak difference
from the unperturbed model. A portion of this is shown as an example in Figures 3.4B and 3.4C. Pixels with amplitudes less than the 0.13 mm yr−1 threshold
are removed, and the depth values are plotted against distance from the nearest
ice-covered area (Figure 3.5). Figure 3.5 shows the depth of the elastic structure
to which modeled uplift rates are most sensitive does not extend beyond 15 km
below the surface. Since all LITHO1.0 elastic structures extend to a depth of at
least 40 km, we are confident that all differences in elastic uplift rates are fully
explored by our ensemble of elastic structures.

3.5.2

Sensitivity to Crustal Elastic Structure

Figure 3.6 shows the average of elastic uplift rates modeled for southeast Alaska
using estimated

dh
dt

(Figure 3.1) and the ensemble of LITHO1.0 elastic structure,

as well as the locations of campaign GPS observations (Elliott et al., 2010) and
contoured observed total uplift rates. Differences in elastic uplift rates modeled
using PREM and the LITHO1.0 ensemble are most prominent in the near-field.
To illustrate this, we plot these differences and elastic uplift rate uncertainty
at every point in our study area against its distance from the nearest ice covered area (Figure 3.7). At 500 m from ice covered areas, or roughly two disc
radii away from the center of the nearest load, the difference between ˙PREM and
˙LIT HO is up to 2-4 mm yr−1 , or 1-2 times as large as the average uncertainty in

69

−13
4˚

−13
6˚

−1
38˚

60˚
20

25

N
15

60˚

30
25
10
20

59˚

10
8
6
4
2

elastic uplift rate (mm yr−1)

−13

2˚

15

5

10

58˚

50 km

57˚

Figure 3.6: Average elastic uplift rates modeled using dh
(Figure 3.1) and the
dt
ensemble of LITHO1.0 elastic structures (Figure 3.2) are shown in color. Differences between elastic uplift rates modeled using PREM and those modeled
using the ensemble of LITHO1.0 elastic structures are minor at this scale. Black
lines show contoured uplift rates observed with campaign GPS (Elliott et al.,
2010).
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Figure 3.7: Scatter plots of all pixels of gridded elastic uplift rates plotted against
distance to the nearest ice-covered area. A) Difference between elastic uplift
rates modeled using the LITHO1.0 ensemble (˙LIT HO ) and those modeled using
PREM (˙PREM ). B) Uncertainty in elastic uplift rates due to lateral variations in
crustal structure within the study region. The uncertainty of GPS observations
are shown as black dots against distance from ice-covered areas. The lighter
magenta color shows the impact of inelastic behavior in the crust on plots (A)
and (B) found using Eq. 3.1.
the campaign GPS (Figure 3.7A). These differences decay quickly with distance
from the ice. At 1 km away from the ice, differences between ˙PREM and ˙LIT HO
are 50% of the average GPS uncertainty (97% considering inelasticity) and become less than 10% at ∼3.5 km away. The uncertainties of ˙LIT HO that result from
lateral variations in the elastic structure (Figure 3.7B) show similar results. The
uncertainties decay more slowly with distance from the ice and are 50% of the
GPS uncertainty by 1.3 km (2.2 km with inelasticity), becoming less than 10%
by 5 km. In southeast Alaska, the vast majority of GPS observations were made
beyond this distance and the choice of crustal elastic structure does not have
significant impact on the GIA deformation inferred. Using the PREM model,
elastic uplift rates account for 18.8% of the total observed uplift, whereas this
is 19.0 ± 0.4% if the LITHO1.0 elastic structures are used and 18.8 ± 0.5% after
correcting for inelasticity.
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Figure 3.8: Scatter plot showing the percentage difference between elastic uplift rates modeled with local elastic structures and those modeled with PREM
against distance from the nearest ice covered area. The lighter magenta color
shows the impact of inelastic behavior in the crust found using Eq. 3.1.
Studies of glacial density or mass balance typically make use of geodetic observations close to the glacier of interest, as this is where the elastic deformation
is greatest (e.g., Bevan et al., 2015). To explore the sensitivity of these studies to
the choice of crustal elastic structure, we consider only local differences from the
global average elastic structure, rather than lateral variations in elastic structure
within the study region. Figure 3.8 shows the average increase in elastic uplift
rates when modeled using local LITHO 1.0 elastic structure compared to elastic uplift rates modeled using PREM. Differences at 500 m from the ice peak
at ∼20% difference from ˙PREM (dark color in Figure 3.8). When inelasticity is
considered, this peaks at ∼40%.

72

3.6

3.6.1

Discussion

Impact on Glacial Density and Mass Balance

Many studies that use GPS or InSAR uplift observations to investigate dynamic
glacier processes or glacier mass balance record the largest elastic uplift signal
by taking measurements close to the edge of the glacier (e.g., Liu et al., 2012;
Nielsen et al., 2013; Bevan et al., 2015; Adhikari, Ivins, and Larour, 2017). This is
also where the modeled elastic uplift rates are most sensitive to the local crustal
elastic structure (Figures 3.4, 3.7). Elastic uplift rates modeled with local crustal
elastic structures are different from those modeled with PREM by up to ∼20% at
the fastest thinning glaciers, and as much as 40% if the effects of inelasticity are
considered. This uncertainty range is pertinent to studies that use elastic uplift observations with volumetric constraints to estimate the density of glacier
material lost or gained (e.g., Bevan et al., 2015), as the difference between the
densities of firn (∼550 kg m−3 ) and ice (900 kg m−3 ) is comparable to the uncertainty range found here, particularly if inelasticity is considered.
In two studies of seasonal elastic deformation of Iceland, Drouin et al. (2016)
and Compton et al. (2017) found that in order to match the known seasonal mass
changes of the ice caps, it is necessary to scale the Green’s functions of PREM by
a factor of ∼2×. This difference is comparable to the 20-40% difference between
˙LIT HO and ˙PREM found in this study (Figure 3.8), however the differences seen
here are significant only to <1 km from ice covered areas. While some of the
GPS observations used by Compton et al. (2017), are less than 1 km distance
from the ice caps, most are greater than 10 km away. In Iceland, ice caps seasonally gain and lose ∼1.5 − 2.5 m w.e., representing much larger mass changes
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than the annual unloading in southeast Alaska of ∼0.75 m w.e. yr−1 (Figure 3.1).
The larger mass changes in Iceland seen seasonally could increase the distance
from ice covered areas to which deformation significantly depends on the sitespecific elastic structure. While we find in this study that the elastic structure
of the crust is important to consider for observations made <1 km from ice covered areas, this distance threshold only applies to southeast Alaska under the
current annual mass loss rates. We recommend future investigations consider
this distance sensitivity in other regions.

Inelasticity

In this study, we account for the effects of inelasticity in the upper crust using
the empirical relations between the static-dynamic ratios of Young’s moduli fit
by Yale and Swami (2017) using an ensemble of triaxial strain experiments. In
the absence of first principle methods for modeling inelasticity, these are a good
first approximation. They suggest that the differences between the dynamic behavior of the crust at the time scales of seismic wave propagation compared
to the static behavior at longer time scales could introduce significant bias and
uncertainty in models of elastic deformation to cryospheric loads. The stress,
strain, temperature conditions, and lithologies used in the experiments considered by Yale and Swami (2017) were designed to model the conditions of hydrocarbon reservoirs, and further experiments are needed to test how applicable
these results are to a broader array of environmental conditions. The workflow
presented in this study could be used to identify which areas are expected to
have the greatest sensitivity to inelastic processes so that geodetic observations
could be placed to optimize such experiments.
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3.6.2

Impact on Inferred Glacial Isostatic Adjustment

In southeast Alaska, the majority of current GPS observations are located 5 km
or more away from ice covered areas. At these locations, the difference in modeled elastic uplift rates induced by modifying the crustal structure is insignificant compared to the campaign GPS uncertainty and does not affect interpretations of GIA deformation in the region made by previous studies (Larsen et
al., 2005, Elliot et al., 2010; Sato et al., 2011). Based on these findings we expect
that in studies of other regions of rapid regional GIA (e.g., Iceland (Auriac et
al., 2013), Patagonia (Lange et al., 2014), and regions of West Antarctica (Nield
et al., 2014; Barletta et al., 2018)) most of the geodetic observations will be similarly unaffected. However, among these areas are a few measurements where
elastic uplift accounts for ≥30% of the observed uplift rates (e.g., near the head
of Viedma and Upsala glaciers in the Southern Patagonian Icefield (Lange et al.,
2014), Foyn Point in the Northern Antarctic Peninsula (Nield et al., 2014), and
near the Backer Islands in the Amundsen Sea Embayment (Barletta et al., 2018))
and it is possible that these observations may be significantly impacted by their
site-specific crustal structure.
We have also incrementally updated previous southeast Alaska GIA studies by estimating the elastic deformation using ice mass balance estimated from
satellite imagery that is roughly coterminous with the GPS acquisition time period. Using the updated ice mass balance estimates, we find that the percentage of total observed uplift rates described by elastic deformation in southeast
Alaska is ∼19%, lower than the ∼26% found by Sato et al. (2011), and in closer
agreement with the ∼20% found by Larsen et al. (2005). Using a two layer
Earth model, Sato et al. (2011) found that increased elastic deformation rates
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(and therefore lower inferred viscous deformation rates), resulted in estimates
18
of asthenospheric viscosity of 5.6+6.4
Pa s, roughly 1.5× higher than the
−1.6 ×10
18
Pa s found by Larsen et al. (2005). The better agreement between
3.7+0.3
−0.7 ×10

the percentage of total observed uplift rates described by elastic deformation
between this study and Larsen et al. (2005) supports their lower estimates of
asthenospheric viscosity.
We propose two main reasons why we find lower elastic uplift rates on average than Sato et al. (2011) despite using more recent, and in many places higher,
ice thinning rates. The first is due to the methods used for downsampling maps
of ice thinning rates in preparation for modeling elastic deformation. In previous studies of GIA in southeast Alaska, ice thinning rates were downsampled using averaging windows of 0.18◦ (Larsen et al., 2005; Elliott et al., 2010),
and 0.083◦ ×0.042◦ (Sato et al., 2011). When ice thinning rates of this study are
downsampled by averaging at 0.01◦ resolution, the

dh
dt

distribution becomes too

narrowly centered around its mode, resulting in an overly-negative mass balance (Figure 3.3). Similar results are found when using median and nearest
neighbor sampling methods at this resolution (Figure 3.3). Using

dh
dt

sampled

at this resolution results in biased elastic uplift rates (Figure 7 of the supplementary material), and downsampling with an average sampling approach at
lower resolutions likely biased the ice thinning rate distributions of the previous
studies. When sampling the

dh
dt

with the nearest neighbor method at 0.005◦ and

0.0025◦ resolutions, the elastic deformation estimates converge at a lower value.
The second reason why we found elastic deformation comprises a smaller percentage of the total observed uplift in comparison to Sato et al. (2011) is due
to differences in ice mass balance estimates. The ice mass balance estimates
used by Sato et al. (2011) to model elastic deformation were based on an eleva-
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tion time series in which the latest elevations were from the radar-based SRTM
DEM. Because the SRTM DEM is a C-band radar product, it penetrates into the
snow, firn, and ice, mapping out an elevation below the surface. Previously,
this penetration depth had been under-corrected (Berthier et al., 2018), resulting in overly-negative ice mass balance estimates from time series ending in the
SRTM DEM. In this study, this penetration depth is corrected using the ‘linear
extrapolation’ method (Supplementary Section 1.1; Berthier et al., 2016; Wang
and Kaab, 2015). Ice thinning rates estimated from a combination of the SRTM
and elevation data based on optical imagery agree well with our estimates of
dh
dt

based solely on optical imagery (Figure 3 of the supplementary material), as

well as with ice mass balance estimates from previous studies based on independent datasets (Johnson et al., 2013).

3.7

Conclusions

We quantify the uncertainties in modeled elastic uplift response of the solid
Earth to deglaciation between the years 2000-2017 in southeast Alaska. Using
an ensemble of site-specific 1-D elastic structures, we account for differences
between the properties of our study region and that of the global average (i.e.,
PREM), the effects of modeling a laterally variable region using 1-D elastic structures, and the inelastic behavior of the upper crust. Uncertainties associated
with the choice of elastic structure dominate the elastic uplift rate uncertainty at
locations close to ice covered areas (i.e., less than ∼1 km distance), where they
can be 1-2x larger than the average campaign GPS uncertainty. Indeed, close to
ice covered areas, elastic uplift rates modeled using local elastic structures can
have differences of up to 20-40% to those modeled using PREM. This has the po77

tential to introduce large biases into glaciological studies that use observations
of elastic uplift observations close to ice covered areas, and we recommend that
future studies use caution in considering the choice of elastic structure. These
uncertainties are largely attenuated at distances greater than 1 km from ice covered areas. The vast majority of GPS observations in this region of southeast
Alaska were made past this distance threshold, where elastic uplift rate uncertainties are small in comparison, and do not affect interpretations of GIA deformation made by previous studies. Differences in load changes could alter the
distance from ice covered areas to which deformation significantly depends on
the site-specific elastic structure, and the 1 km distance threshold found in this
study applies only to southeast Alaska. We recommend further investigation
into the impact of elastic uplift rate uncertainties in other deglaciating regions.
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CHAPTER 4
HOW SOON IS GIA IN SOUTHEAST ALASKA LIKELY TO BE
MEASURABLE WITH INSAR? A STOCHASTIC APPROACH

4.1

Abstract

Glacial isostatic adjustment (GIA) in southeast Alaska results in long wavelength horizontal and vertical deformation, with uplift rates of up to
∼30 mm yr−1 . Campaign GPS-based maps of GIA deformation have been used
to form important constraints on the rheology of the region’s upper mantle. Further, GIA is superimposed on other sources of deformation and must be accurately identified in order to constrain the role of tectonics in shaping the region.
InSAR provides a promising method for mapping this deformation remotely,
provided that phase delays introduced by large quantities of atmospheric water
vapor can be mitigated. We use a stochastic approach to model this source of
noise and estimate the quantity of SAR imagery necessary for resolving the region’s GIA deformation signal. Atmospheric phase delays are characterized by
fitting semivariograms to short-duration interferograms. These semivariograms
allow us to transform white noise into spatially correlated noise resembling the
atmospheric phase delays. We are then able to generate random “synthetic” interferograms and stack until the expected deformation is able to be resolved to a
pre-determined threshold of 2 mm yr−1 RMSE. 90 one-year long interferograms
are necessary to meet this threshold for 95% of the experiments in 1000 trials.
A sufficient amount of Sentinel-1 imagery over southeast Alaska is available to
meet this threshold at the time of writing, and it is probable that glacial isostatic
adjustment can measured in southeast Alaska using InSAR.
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4.2

Introduction

Southeast Alaska hosts sustained uplift at rates of ∼30 mm yr−1 over horizontal
scales of ∼100s of kilometers (Figure 4.1). This long wavelength deformation
is the solid Earth’s viscoelastic response to massive deglaciation, referred to as
glacial isostatic adjustment (GIA), beginning at the end of the Little Ice Age
(∼1770) and continuing to the present day (e.g., Larsen et al., 2005). Understanding GIA in southeast Alaska places important constraints on the region’s
upper mantle rheology at centennial timescales (Larsen et al., 2005; Sato et al.,
2011), and is necessary for correctly identifying the region’s tectonic deformation (Elliott et al., 2010). The remote, mountainous nature of this setting presents
logistical difficulties in establishing and maintaining networks of GPS for mapping the spatio-temporal changes in GIA deformation. Interferometric synthetic
aperture radar (InSAR) is one method of mapping large regions of deformation
remotely and at comparatively low cost, and is a promising complement to GPS
for measuring GIA in southeast Alaska.
There are two main sources of uncertainty that have historically made it difficult to use InSAR to measure GIA, and the only location where this has been successfully implemented is Iceland (Auriac et al., 2013). The first source derives
from uncertainties in a satellite’s orbit, which manifests as long-wavelength
phase change in interferograms (e.g., Massonnet and Feigl, 1998; Fattahi and
Amelung, 2014). A common approach to minimize the effects of orbital errors is to fit a linear or quadratic surface to the apparent long wavelength deformation and remove it from the interferogram (e.g., Wright, Lu, and Wicks,
2004; Pritchard and Simons, 2004). This is problematic when attempting to
measure GIA, as phase ramps introduced by orbital errors may be comparable
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to the long wavelength GIA deformation signal. The second source of uncertainty comes from phase delays introduced into the interferograms by atmospheric water vapor, primarily in the lower troposphere (Massonnet and Feigl,
1998). These phase delays, referred to here as atmospheric noise, can appear
as deformation and obscure the underlying solid Earth deformation. Southeast Alaska’s mountainous topography in close proximity to the Pacific Ocean
forces moisture-laden masses of air to ascend through an orographic lift effect
(e.g., Roth et al., 2018), giving the region a temperate rainforest setting (e.g.,
O’Neel et al., 2015) that regularly experiences prodigious quantities of precipitation (e.g., 3-4 m annually at Juneau; Pelto, Kavanaugh, and McNeil, 2013).
Consequently, atmospheric noise presents an endemic challenge to using InSAR
in this region. The European Space Agency’s Sentinel-1A satellite, launched in
2014, and its complementary Sentinel-1B satellite, launched in 2016, feature significant reductions in orbital errors, allowing long wavelength deformation to
be mapped (Fattahi and Amelung, 2014). In this study, we focus on addressing
uncertainties resulting from atmospheric noise.
Atmospheric noise may be reduced in a variety of ways. Continuous GPS
present in the region of interest may be used to derive atmospheric water vapor
and interpolated to mitigate the atmospheric noise in the interferograms (e.g.,
Wadge et al., 2002). We choose not to follow this approach, as the continuous
GPS are sparsely distributed in southeast Alaska and because the ultimate goal
is to use InSAR-derived deformation maps as an independent comparison to
the region’s GPS data sets. Weather models, such as NARR (Mesinger et al.,
2006) and MERRA (Lucchesi and Others, 2012) may also be used to estimate
and remove the atmospheric noise from interferograms (e.g., Jolivet et al., 2014).
The remoteness and vast size of the region of interest make southeast Alaska a
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Figure 4.1: Vertical and horizontal deformation of modeled GIA in southeast
Alaska. This figure has been adapted from Figure 3 of Elliott et al. (2010).
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logistically difficult place to sample with weather stations. Further, southeast
Alaska’s rugged topography creates patterns that are unlikely to be resolved
in these weather models (e.g., Roth et al., 2018). The use of weather models
in mitigating atmospheric noise in InSAR for southeast Alaska is beyond the
scope of this study. Because atmospheric noise is temporally uncorrelated over
periods longer than ∼1 day, independent interferograms may be averaged together (i.e., stacked), causing the atmospheric noise to destructively interfere
while the signal of a persistent deformation source strengthens (e.g., Henderson and Pritchard, 2013). While this approach necessitates greater amount of
data processing, it may be performed independently of auxiliary data sources.
The number of interferograms that must be included in the stack to recover
a given deformation signal is not known a priori and depends on the characteristics of the atmospheric noise as well as the signal that one is attempting
to measure. In this study, we take a stochastic approach to test the number of
interferograms that must be stacked before the GIA deformation signal can be
recovered to a 2 mm yr−1 RMSE threshold. Atmospheric noise is estimated from
short-duration interferograms, and semivariograms are constructed to form a
1-D description of the spatial correlation of the atmospheric noise. The semivariogram is then used to transform white noise into spatially correlated noise
with characteristics similar to the atmospheric noise. We create synthetic interferograms by adding randomly generated, spatially correlated noise to interpolated GPS deformation projected into the radar line of sight (LOS). Synthetic interferograms are then stacked until the original signal is recovered to
a 2 mm yr−1 RMSE threshold. This stacking process is repeated with the goal
to determine how many 1-year long interferograms must be stacked in order
to meet the 2 mm yr−1 RMSE threshold in 95% of the 1000 trials. Once this is
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determined, we estimate how many years of Sentinel-1 SAR image acquisition
over southeast Alaska are needed to plausibly measure the region’s GIA signal.

4.3

Data and Methods

Sentinel-1 A, launched in April 2014, and its counterpart Sentinel-1 B, launched
in April 2016, form a constellation of satellites operated by the European Space
Agency under the Copernicus division and acquire repeat C-Band (5.6 cm wavelength) SAR imagery as frequent as 6 to 12 days. We use 13 Sentinel-1 SAR
images, obtained from the Alaska Satellite Facility (https://vertex.daac.
asf.alaska.edu/), to form ten 24-day image pairs (Table 4.1). These image
pairs are limited to the months of May to August in order to avoid large scale
decorrelation that occurs in southeast Alaska during the winter and fall months
due to widespread snow cover. Interferograms are formed from these image
pairs using the InSAR Scientific Computing Environment (ISCE; Rosen et al.,
2012) at a reduced resolution (90 m in the azimuthal direction and 90 m in the
range direction). We assume that atmospheric noise is the sole contributor to
phase changes observed in these interferograms, as the maximum GIA deformation possible over a 24-day period will be negligible.
We assume that the atmospheric noise is isotropic (e.g., González and
Fernández, 2011; Biggs et al., 2007), and model the spatial correlation as 1-D
structure functions. Semivariograms, which quantify the dissimilarity between
two pixels as a function of the distance between them, are constructed for each
interferogram by calculating the autocorrelation between randomly sampled
points and plotting against distance (e.g., Lohman and Simons, 2005). We fit
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SAR Image Pairs ( YYYY/MM/DD)
2015/03/08 – 2015/04/01
2015/04/01 – 2015/04/25
2015/04/25 – 2015/05/19
2015/05/19 – 2015/06/12
2015/06/12 – 2015/07/06
2015/07/06 – 2015/07/30
2015/07/30 – 2015/08/23
2016/03/02 – 2016/03/26
2016/05/13 – 2016/06/06
2016/06/06 – 2016/06/30
Table 4.1: Dates of Sentinel-1 SAR image pairs used for forming interferograms.
All images were acquired on satellite orbit 145.
a third-order polynomial to each of the scatter plots and compute the average
of the 10 semivariograms (Figure 4.3).
The interferogram shown in Figure 4.2 is ∼90 km×450 km and contains 5×106
pixels. A covariance matrix representing the spatial correlation of the entire area
would have 25×1012 elements and would be too computationally expensive. Instead, we limit our analysis to a transect A–A’ (Figure 4.2). The covariance matrix C D describing the spatially correlated noise along the transect is calculated
from the average semivariogram as
C Di j = s − (a + bLi j + cLi2j + dLi3j )

(4.1)

where L is the distance between the ith and jth pixels, s (valued at 8×10−3 ) is the
convergence of the semivariogram, and a (1.8×10−3 ), b (1.4×10−4 ), c (-1.2×10−6 ),
and d (4.4×10−9 ) describe the third-order polynomial best fitting the semivariogram (Figure 4.3). White noise (nn ) is transformed into spatially correlated
noise (nc ) as
1

nc = vu 2 nn

(4.2)

where v and u are the eigenvector and eigenvalue matrices, respectively, of the
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Figure 4.2: A 24-day interferogram constructed from SAR images acquired on
July 30 and August 23, 2015. This duration is too small for GIA deformation
to be significantly resolved, and we assume that all apparent deformation is
due to atmospheric phase delays. Semivariograms are constructed from the entire interferogram, while the analysis and stacking are performed on the center
black line, roughly marking the extent of GPS interpolation within the study
area (Figure 4.4).
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covariance matrix (e.g., Lohman and Simons, 2005).

Figure 4.3: Semivariograms made from 24-day interferograms listed in Table 4.1
are shown in grey. The average of all semivariograms is shown in black and is
used for the study.
To simulate the expected GIA deformation signal, we project GPS deformation vectors onto the radar line of sight (GPSLOS ) and interpolate onto a 90 m
grid (Figure 4.4). Synthetic 1-year interferograms are then formed by adding
simulated atmospheric noise to the GPSLOS . Multiple synthetic interferograms
are stacked until the GPSLOS is recovered to 2 mm yr−1 RMSE (Figure 4.5). This
process of stacking until the RMSE threshold is met is repeated for 1000 trials.

4.4

Results and Discussion

Figure 4.6 shows the frequency distribution of the 1000 stacking trials. Most
often, 14 1-year interferograms must be stacked to make the RMSE threshold.
However, the distribution is heavily skewed, and stacking 14 1-year interferograms meets the RMSE threshold for only about 40% of the trials. In order to
account for 95% of the trials, 90 1-year interferograms must be stacked. Our
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Figure 4.4: GIA deformation interpolated from campaign GPS (black squares
outlined in red; Elliott et al., 2010) and projected into the radar line of sight
(GPSLOS ). Synthetic interferograms are created along A-A0 by sampling the
GPSLOS along the transect and adding synthetic atmospheric noise.
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Figure 4.5: Synthetic 1-year interferograms are randomly generated and stacked
25, 50, and 100 times to illustrate convergence to the “true” deformation
(GPSLOS ) along the A-A0 transect (Figures 4.2 and 4.4). Black dots show the
locations of campaign GPS sites along the transect.
goal is now to estimate how much time must pass to acquire enough Sentinel-1
SAR images necessary to form the equivalent of 90 year-long interferograms.
We allow the following assumptions. First, we assume that the sum of many
short-duration interferograms is equal to a single interferogram spanning the
equivalent, cumulative duration of time. For example, stacking fifteen 24-day
interferograms is equivalent to a single interferogram made from images separated by 360 days. Second, we assume that interferograms formed from SAR images acquired between the months of March and August are sufficiently coherent. Third, we assume that interferograms maintain sufficient coherency when
formed from SAR images separated by up to a year. We can therefore calculate
the cumulative time spanned by the summation of independent interferograms
as a function of the number of years SAR images have been acquired and the
minimum time between the SAR images.
First, consider the cumulative time spanned by the sum of independent
interferograms formed from SAR images in a single year. In 2015 and 2016,
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Figure 4.6: Histogram showing the distribution of 1000 trials in which randomly
generated, synthetic 1-year interferograms are stacked until a 2 mm RMSE
threshold is reached. The horizontal axis shows the number of synthetic interferograms stacked in order to meet this threshold, and the vertical axis shows
the number of times this occurred in 1000 trials. The vertical red bands are references showing the number of stacked interferograms needed to meet the RMSE
threshold for 68%, 90%, and 95% of the 1000 trials.
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Sentinel-1 SAR images on orbit 145 were acquired every 24 days over the area
of interest, and between 7-8 SAR images are available in a single year for the
months of interest. There are 21-28 interferograms that can be formed from
these image pairs. When these interferograms are stacked, the equivalent deformation time is the sum of the time separating all SAR image pairs (i.e., the
sum of all 24-day, 48-day, etc. pairs). With each year of Sentinel-1 SAR image acquisition, the cumulative deformation time resulting from NS AR number of SAR
images separated by dtday days is

NS AR
dtday
1 X
f (NS AR , dtday ) =
(NS AR − i)(NS AR − i + 1)
365.25 i=1 2

(4.3)

Taking NS AR as 7 or 8 and dtday as 24 days, each year of Sentinel-1 acquisition
yields the equivalent of a 3.7-5.5 year-long interferogram.
Next we consider interferograms that can be formed from SAR image pairs
acquired in different years (e.g., August 2015–August 2016, August 2015–March
2016, etc.). Using the same notation as Eq. 4.3, the cumulative deformation time
gained by considering successive years is expressed as
NS AR
dtday
1 X
{365.25(NS AR − i + 1) +
(NS AR − i)(NS AR − i + 1)} (4.4)
g(NS AR , dtday ) =
365.25 i=1
2

Again, taking NS AR as 7 or 8 and dtday as 24 days, the summation of interferograms formed between successive years yields the equivalent of an interferogram spanning 30.7-40.5 years. Using Eq. 4.3 and Eq. 4.4, the total number of
years of Sentinel-1 SAR image acquisition (tacq ) necessary to reach the equivalent
of 90 year-long stacked interferograms (N95% ) is
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tacq =

N95% + g(NS AR , dtday )
f (NS AR , dtday ) + g(NS AR , dtday )

(4.5)

suggesting that between 3-4 years of image acquisition are necessary given
the parameters listed above. This is highly dependent on the assumption that
interferograms formed from imagery spanning successive years will remain coherent. Suppose that images only acquired during March-June in 2015 and
2016 are suitable for forming long-duration interferograms. In this case, NS AR
in Eq. 4.4 is reduced to 4 and the amount of time required to meet N95% under
this condition becomes ∼10 years.
Sentinel-1 imagery first became available for the area of interest in 2015 and
four years have since elapsed at the time of writing. Depending on the coherency of interferograms made from SAR image pairs spanning multiple years,
it is probable that atmospheric noise can be sufficiently reduced to resolve the
GIA deformation signal in southeast Alaska.

4.5

Conclusions

We use a stochastic approach to estimate the number of years of Sentinel-1 SAR
image acquisition necessary to measure GIA deformation in southeast Alaska.
Noise with spatial correlation similar to the region’s atmospheric noise is randomly generated and added to the expected deformation signal to create synthetic interferograms. We find that 90 1-year interferograms are needed to account for 95% of 1000 trials in which synthetic interferograms are stacked until
the deformation signal is recovered to 2 mm yr−1 RMSE. Assuming that interferograms made from images collected between the months of March and August
92

are coherent, we estimate that 3-4 years of Sentinel-1 image acquisition are necessary to create a sufficient number of interferograms to plausibly measure GIA
in southeast Alaska.
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CHAPTER 5
SEASONAL DEFORMATION OF ICELAND CONSISTENT WITH
MANTLE RHEOLOGY INFERRED FROM POST SEISMIC
DEFORMATION

5.1

Abstract

Annually, Iceland uplifts up to 20 mm yr−1 due to the unloading of an upper
mantle with low steady state viscosity (4-10×1018 Pa s) by deglaciation beginning in ∼1890 and continuing to the present day. Seasonally, the gain and loss
of ∼16 Gt of ice across Iceland’s ice caps drive similarly high rates of deformation, with peak-to-peak crustal deformation amplitudes of ∼20 mm in the
vertical and ∼10 mm in the horizontal. Previous studies have found that this
seasonal deformation is under-predicted by elastic deformation modeled from
the seismically derived, global average PREM by a factor of ∼2x and is well described by an elastic halfspace with a rigidity ∼25% that of PREM. We expand on
previous work by using elastic structures based on Iceland-specific seismic velocity models, rather than a global average, and seek to constrain the depth and
magnitude of reductions in the shear modulus of the upper mantle at seasonal
time scales. We find that the rigidity profiles that best describe the seasonal deformation all feature shear moduli significantly lower than that of the Icelandspecific seismic velocity models at 95% confidence, implying viscous relaxation
of the Icelandic upper mantle at seasonal timescales. We find that the half space
best fitting seasonal deformation has a relaxed shear modulus of 20-50 GPa and
closely resembles the relaxation expected from the low (1-3×101 8 Pa s) transient
viscosity of the Icelandic upper mantle inferred from postseismic deformation
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studies. Glacier-induced seasonal deformation has the potential to be a valuable complement to postseismic deformation and glacial isostatic adjustment
in investigating the spatio-temporal rheologic structure of the Icelandic crust
and upper mantle. Studies using crustal deformation to constrain glacier mass
change at timescales of one year or longer should consider independently verifying estimates of mass change when assuming a purely elastic response of the
Earth, or should model the deformation response using rheologies constrained
by postseismic deformation.

5.2

Introduction

Seasonally, Iceland’s ice caps gain and lose ∼16Gt of mass (e.g., Grapenthin
et al., 2006) . This redistribution of mass drives periodic deformation of the
Icelandic crust, with peak-to-peak amplitudes of ∼20 mm in the vertical and
∼10 mm in the horizontal (Figure 5.1; Grapenthin et al., 2006; Drouin et al., 2016;
Compton et al., 2017). This link between the cryosphere and solid Earth offers a
promising source of information, as the deformation can be precisely measured
with continuous GPS (cGPS) receivers to form dense timeseries relating deformation to ice mass change in settings that may otherwise be difficult to access
directly. In Iceland and elsewhere, cryosphere-induced solid Earth deformation
has been used to monitor year-round changes in ice mass (e.g., Compton et
al., 2017) and investigate dynamic glacier processes (e.g., Adhikari, Ivins, and
Larour, 2017). Conversely, constraints on changes of the cryospheric load allow
one to investigate the rheologic structure of the Earth (e.g., Auriac et al., 2014).
The solid Earth’s deformation response to short term (∼sub-decadal) change
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Figure 5.1: Seasonal peak-to-peak deformation amplitudes from Compton et
al. (2017). Each cGPS site’s vertical amplitude is shown by its oval’s color,
while the north and east amplitudes are illustrated by its oval’s height and
width, respectively. The Vatnajökull (V), Myrdalsjökull (M), Hofsjökull (H), and
Langjökull (L) ice caps are outlined in black.
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in ice mass is often modeled using a radially symmetric, layered Earth with an
elastic (i.e., Hookean, Figure 5.2A) behavior in which stress is linearly proportional to the instantaneous deformation response. Most commonly, the Earth’s
elastic structure is assumed to be that of a seismically derived, global average
such as the Preliminary Reference Earth Model (PREM; Dziewonski and Anderson, 1981). In Iceland, this approach performs poorly, and deformation modeled using field-based estimates of seasonal ice cap mass change and the PREM
model underpredict seasonal uplift by a factor of ∼2× (Drouin et al., 2016). Taking a slightly different approach, Grapenthin et al. (2006) and Compton et al.
(2017) found that seasonal deformation in Iceland is well fit using an Earth
model described as an infinite halfspace with a shear modulus of (µ) of ∼20 GPa
and Young’s modulus (E) of 40-50 GPa.
The use of a 1-D, seismically derived global average such as PREM for modeling ice-induced deformation requires at least two assumptions to be approximately true. The first is that the region of interest must be reasonably close to
that of the global average. The second assumption is that the Earth’s nearly elastic behavior at seismic periods (∼1-1000 s; i.e., the “seismic band”) can describe
stress-strain relations at seasonal to annual periods, 5-7 orders of magnitude
greater than the seismic band. Differences from PREM can be accounted for
using a site-specific elastic structure that better describes the region of interest
(e.g., Bevis et al., 2015; Durkin, Kachuck, and Pritchard, 2019). Low rigidities,
similar to those found by Grapenthin et al. (2006) and Compton et al. (2017),
are commonly found in the crust (e.g., Pasyanos et al., 2014). However, the
majority of deformation observations used by these two Icelandic studies were
made 10’s-100’s of km from the ice caps and are likely to be most sensitive to the
properties of the mantle (Compton et al., 2017). Elastic structures constructed
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from Iceland-specific seismic velocity models (Zhu, Bozdağ, and Tromp, 2015;
Harmon and Rychert, 2016) show the rigidity of the upper mantle is up to 20%
smaller than that of PREM and does not agree with the ∼75% reduction in rigidity constrained by Grapenthin et al. (2006) and Compton et al. (2017).
Iceland’s setting at the intersection of a mid-ocean ridge and hot mantle
plume results in an upper mantle viscosity ∼2-3 orders of magnitude lower than
that of cratonic settings (e.g., Milne et al., 2001). Annual uplift rates of up to
20 mm yr−1 in response to deglaciation since ∼1890 (i.e., glacial isostatic adjustment or GIA) suggest an upper mantle with a Maxwell rheology (Figure 5.2B)
capable of viscous relaxation over decadal timescales (e.g., Schmidt et al., 2012;
Auriac et al., 2013). Postseismic deformation following two Mw 6.5 earthquakes
in the South Icelandic Seismic Zone (SISZ) show evidence of viscous relaxation
on the timescales of months to years and can be described by a standard linear
solid rheology (Figure 5.2C; Decriem and Árnadóttir, 2012). It may be possible
that the low rigidities inferred by Grapenthin et al. (2006) and Compton et al.
(2017) could be explained by viscous relaxation on seasonal timescales.
In this study, we expand on previous studies to investigate the rheology of
the Icelandic upper mantle using seasonal mass changes of the Icelandic ice
caps. We test if seasonal deformation can be adequately described using elastic
structures based on Iceland-specific seismic velocity models. We then modify
the shear modulus of the seismic models and find the range of shear modulus
profiles that best fit the deformation observations. Using the correspondence
principle (e.g., Chanard et al., 2018), we compare the Icelandic rheologies constrained by GIA and postseismic deformation to the best-fitting relaxed rigidities found in this study. At annual periods, the standard linear solid rheology
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Figure 5.2: 1-D mechanical analogues (elastic springs and viscous dashpots)
defined by their bulk and shear moduli (κ and µ, respectively), transient rigidity
(µT ), steady-state viscosity (η) and transient viscosity (ηT ), after Clarke (2018).
constrained by postseismic deformation is consistent with our best fitting models, while the GIA-constrained Maxwell rheology is too rigid to explain the deformation.

5.3

5.3.1

Data

Seasonal GPS Amplitudes

Seasonal crustal deformation amplitudes (Figure 5.1) are taken from Table 2 of
Compton et al. (2017). These amplitudes were derived from 62 continuous GPS
receivers, recording north, east, and vertical components of deformation be-
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tween 2004-2014. Compton et al. (2017) omitted time periods from the dataset
known to be affected by volcanic or seismic deformation from the time series,
such as during the 2008 South Iceland Seismic Zone earthquake (Hreinsdóttir
et al., 2009), the 2010 eruption of Eyjafjallajökull (Sigmundsson et al., 2010),
and all data collected following the 2014 Holuhraun rifting event (Sigmundsson et al., 2015). Annual secular trends and vertical acceleration were removed
by Compton et al. (2017) by fitting a mean offset, velocity, and acceleration to
each GPS time series. Non-glacial loading sources (i.e., atmospheric pressure,
continental water storage, and non-tidal ocean loading) were estimated from regional datasets and global reanalyses (Kalnay et al., 1996; Fukumori et al., 2017;
Rui, 2011). The resulting solid Earth deformation was modeled by convolving
these loads with the Green’s functions derived from the Gutenberg-Bullen Earth
structure (Farrell, 1972), and removed from the detrended time series (Compton
et al., 2017). The residual deformation in the GPS time series is inferred to be
the solid Earth’s response to seasonal mass change of the ice caps and peripheral
glaciers.

5.3.2

Seasonal Mass Change

We use the multi-year averages of winter mass balance estimates of the Icelandic ice caps from Grapenthin et al. (2006), reproduced here in Table 5.1, to
model elastic deformation. The winter balance (bw ) estimates of the Vatnajökull,
Langjökull, and Mýrdalsjökull were based on field-based stake measurements
between the early-mid 1990’s to the early-mid 2000’s obtained by Grapenthin
et al. (2006) through personal communications with H. Björnsson and F. Pálsson
(University of Iceland) in 2006. Winter balance estimates at Hofsjökull were ex-
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trapolated from Sigurdsson (2003) using weighted average means (Grapenthin
et al., 2006). The bw estimates are used to express the average peak-to-peak mass
change of each ice cap. In order to use these estimates for modeling crustal deformation, we assume that a number of simplifications are true: that the average
bw estimates of Table 5.1 are consistent across the cGPS acquisition time, that the
mass change is uniform across each ice cap, that the accumulation period is the
same duration as the ablation period, and that mass change across the ice caps
occurs in synchrony.
To explore these assumptions, we first consider Vatnajökull, which accounts for ∼75% of seasonal ice mass change across Iceland (Table 5.1). Additional field-based estimates of Vatnajökull’s winter balance are available from
Björnsson et al. (2013). Between 1992-2010 Vatnajökull’s winter balance was on
average 1.5 ± 0.3 m w. e., in agreement with the value in Table 5.1. The magnitude of the trend in Vatnajökull’s winter balance is modest at decadal timescales
(≤0.03 m w. e.; Björnsson et al., 2013). More recent estimates of Vatnajökull’s
winter balance were obtained from Cryosat-2 swath interferometry (Foresta et
al., 2016) between 2011-2016 and feature an ice cap average of 1.8 ± 0.5 m w. e.
over this time span, in agreement with the estimates of Björnsson et al. (2013)
and Grapenthin et al. (2006). At Langjökull, Iceland’s second largest ice cap,
field-based estimates of ice cap-wide bw between 2014-2015 of 1.7 ± 0.37 were
obtained by Drouin et al. (2016) through personal communications with Finnur
Pálson (University of Iceland) in 2015 and agree well with the estimates used in
this study (Table 5.1). Less information is available from the literature regarding
the winter balance of other Icelandic ice caps. At Mýrdalsjökul, winter balance
estimates are available from field-based observations made in 1955 (Rist, 1957),
2001, and annually between 2007-2012 (Ágústsson et al., 2013) for elevations

101

between 1200-1500 m a.s.l. The bw of Mýdalsjökul at these elevations during
1955 and 2001 is equal the average bw between years 2007-2012, suggesting that,
similar to Vatnajökull, the decadal trends in bw are likely to be small. Further
comparison to the ice cap-wide average bw of Table 5.1 is difficult, as the 12001500 m a.s.l. elevation band is limited to Mýdalsjökul’s accumulation area. Although the 2004-2014 acquisition period of cGPS used in this study span a time
period that is outside the observation time of ice cap bw estimates (Table 5.1),
decadal trends in the winter balance of Vatnajökull, and likely other Icelandic
ice caps, are small. We think the decision to extend these bw estimates to the
cGPS observation period is justified based on the similarity of the bw estimates
over the past several decades.
Large year-to-year differences in bw across Icelandic ice caps have been observed. For example, Vatnajökull featured a winter balance of 2.09 m w.e. in
1992 and 1.13 m w.e. in 1997 and 2005 (Björnsson et al., 2013), a difference of
0.97 m w. e. that is comparable to the decadal bw average. The cGPS-based
crustal deformation estimates published by Compton et al. (2017) and used in
this study are the average of vertical, north, and east deformation components
taken between the years 2004-2014. Due to the modest decadal trends in the
Icelandic ice caps’ winter balance, the large year-to-year variations in seasonal
mass change are unlikely to bias the deformation observations. Similarly, while
the timing of peak seasonal mass gain is not synchronous across the Icelandic
ice caps, factors contributing to this, such as snow loading, show variations in
peak loading of 20 days across Iceland (Drouin et al., 2016). Since we are using
cGPS deformation amplitudes and the timing between ice caps mass loss and
gain is small, we assume that these occur in synchrony.
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Ice Cap
Observation Period
Area (km2 )
Vatnajökull 1991/1992 - 2004/2005
8100
925
Langjökull 1996/1997 - 2004/2005
Hofsjökull 1996/1997 - 2001/2002
890
estimation
600
Mýdalsjökul

bw (m w.e.) bw (Gt)
1.5
12.15
1.65
1.5
1.25
1.11
2.5
1.5

Table 5.1: Average winter balance estimates (bw ) taken from Table 1 of
Grapenthin et al. (2006) and used here to model seasonal peak-to-peak crustal
deformation. Winter balance estimates for Vatnajökull, Langjökull, and,
Mýdalsjökul are derived from field-based state measurements obtained by
Grapenthin et al. (2006) by personal communications with H. Björnsson and F.
Pálsson (University of Iceland) in 2006, while the winter balance of Hofsjökull
was derived by Grapenthin et al. (2006) from a weighted average of data presented by Sigurdsson (2003). Locations of the ice caps are specified in Figure 5.1

5.3.3

Seismic Velocity Models

We construct profiles of shear modulus (µ), bulk modulus (κ), and density (ρ)
from two Iceland-specific seismic velocity models. The first is available from
Zhu, Bozdağ, and Tromp (2015), who construct their model using an adjoint
tomography approach and iteratively improving on the global, 3-D seismic velocity model S362ANI (Kustowski, Ekström, and Dziewoński, 2008). This was
performed using 190 earthquakes measured with 745 seimometers spanning the
region, including the HOTSPOT array located in Iceland (Allen et al., 2002a;
Allen et al., 2002b). Zhu, Bozdağ, and Tromp (2015) provide a 3-D seismic velocity model, including absolute P-and S-wave velocities, that spans depths from
the crust to 600 km and laterally across the North Atlantic and Western Europe.
We sample the P- and S-wave velocities of this model across Iceland at 0.5◦ ×0.5◦
postings. We assume that the upper 45 km is crustal rock (Allen et al., 2002a)
and estimate crustal density using empirical relations with Vp (Brocher, 2005).
The density of PREM is assumed for deeper portions. The elastic moduli are
calculated from the sampled Vp, Vs, and density, and the average is taken to
yield a single 1-D profile (Figure 5.3). We refer to this 1-D, Iceland-specific elas103
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Figure 5.3: The shear modulus (A), bulk modulus (B), and density (C) profiles
derived from the PREM (Dziewonski and Anderson, 1981), H16 (Harmon and
Rychert, 2016), and ZHU15 (Zhu, Bozdağ, and Tromp, 2015) seismic velocity
models with the infinite halfspace (C17) used by Compton et al. (2017). Thin
blue lines show the elastic profiles of the ZHU15 model sampled across Iceland, with the average (thick blue line) used in the modeling and analysis of
this study.
tic profile as ZHU15 for the duration of the paper.
The second seismic velocity model we consider was constructed by Harmon
and Rychert (2016) by joint inversion of teleseismic waves with ambient noise
tomography measured using the ICEMELT and HOTSPOT seismometer networks in Iceland. By jointly inverting the ambient noise tomography with the
teleseismic body waves, Harmon and Rychert (2016) estimate the 1-D average
of absolute Vs across Iceland from the surface to depths of 350 km. In order to
construct the elastic moduli corresponding to this seismic velocity model, we
assume the density and Poisson’s ratio of PREM and calculate Vp from the 1-D
Vs profile. The Vp profile is then used with Brocher (2005)’s relations to estimate the crustal density in the upper 45 km, with the density of PREM used
for deeper portions. The density and elastic profiles constructed from this 1-D
seismic velocity model are referred to as H16 throughout the rest of this paper
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Figure 5.4: Illustrations of perturbations to the seismic-derived shear moduli of
H16 and ZHU15. A) In the “Rigid Top” model, µ is altered between a variable
depth and 400 km. B) The “Rigid Base” model consists of an assigned µ between
the surface and a variable depth underlain by the seismically defined µ. C)
In the “Low Velocity Zone” model, µ is varied between depths of 60-120 km,
corresponding to a region of anomalously low seismic velocity thought to be
due to the presence of partial melt (Li and Detrick, 2006).
(Figure 5.3). The ZHU15 and H16 models extend to depths of 600 and 350 km,
respectively, and the elastic structure of PREM is used to describe deeper portions.

5.3.4

Elastic Deformation Models

To explore the difference between the structure of µ at seismic versus seasonal
time scales, we perturb the shear moduli of H16 and ZHU15 models according
to three scenarios. In the first, (i.e., the “Rigid Top” model, Figure 5.4A) the µ
of a layer extending from a variable depth to 400 km is replaced with a uniform value, while the original µ of H16 or ZHU15 is maintained for the regions
above this depth. In the “Rigid Base” model (Figure 5.4B), the region of altered
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µ extends from the surface to a variable depth and returns to the original µ of
the H16 or ZHU15 model for deeper portions. In the final model (i.e., the “Low
Velocity Zone” model), we test if the region of low rigidity corresponds to a low
seismic velocity zone between 60-120 km identified by Li and Detrick (2006)
(Figure 5.4C).
To prepare ice mass balance estimates for modeling elastic deformation, we
express the ice caps as a collection of 20021 evenly spaced, non-overlapping
discs 0.01◦ (1.11 km) in diameter. Each disc has a density of 1000 kg m3 and the
height of its corresponding ice cap’s winter mass balance (Table 5.1). We scale
the height of each disc by a factor of π4 to account for empty space between discs.
Elastic deformation is modeled using a Green’s function approach to model
the response of a 1-D spherically symmetric, layered Earth to the collection of
disc loads. Load Love numbers are calculated from H16 and ZHU15 elastic
structures modified according to the three scenarios described above using the
giapy software (Kachuck, 2018). We calculate load Love numbers to a harmonic degree of 33,000, acceptable for modeling deformation at spatial scales of
∼2 km (∼0.02◦ ) or greater (Bevis, Melini, and Spada, 2016; Jeans, 1923). The Regional ElAstic Rebound calculator (REAR; Melini et al., 2015) is used to calculate
Green’s functions from the load Love numbers, perform the convolution with
the discretized ice loads, and calculate the north, east, and vertical deformation
at each of the cGPS sites.
To explore the parameter space of the three scenarios outlined above, we use
a modified Constrained Optimization using Response Surfaces (CORS; Regis
and Shoemaker, 2005) algorithm implemented in an open source code by Knysh
and Korkolis (2016). Initially, the algorithm uses a Latin Hypercube (McKay,
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Beckman, and Conover, 1979) method to sample random instances of the model
parameters that are roughly uniformly distributed across the model domain.
Elastic deformation is modeled for each of the sampled parameter combinations, and the χ2 value is calculated from each instance of modeled deformation
as

1 X (νiobs − νimod )2
χ =
N − m i=1
σ2i
N

2

(5.1)

where N is the 186 cGPS deformation observations, m is the number of parameters being tested, νiobs and νigps are the observed and modeled deformation,
respectively, and σ2i is the variance of the ith deformation observation. The χ2
surface is estimated for the entire model space by fitting cubic radial basis functions to the sampled χ2 values and interpolating. Following the initial sampling,
subsequent parameters are selected from the region of minimum χ2 while maintaining a distance r from previously sampled points. The interpolated χ2 surface
is iteratively updated and the distance r decreased in subsequent iterations as
the solution converges to the global optimum. For the Rigid Top and Rigid Base
models, we initially sample 200 parameter combinations, followed by 200 parameter combinations in the region of lowest χ2 . For the Low Velocity Zone
model, the initial sampling of 200 rigidity values is followed by 50 iterations in
the region of minimum χ2 .

5.4

Results

The χ2 surface of the Rigid Top set of models is shown in Figure 5.6, with the
best-fitting model consisting of a 10 GPa shear modulus extending from 200 km
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ZHU15
5.48

H16
5.05

Unmodified
(χ2 )
Rigid Top
3.77/4.21 3.87/4.62
Rigid Bottom
(χ2min /χ295% )
Low Velocity Zone 5.56/6.65 5.11/6.80
(χ2min /χ2max )

PREM
5.97
–

–

Table 5.2: χ2 misfits between the modeled and observed deformation amplitudes using the ZHU15, H16, and PREM elastic structures modified under different modeling scenarios.

A) H16

B) ZHU15

Figure 5.5: Results of the low velocity zone scenario. The µ between 60-120 km
that best fits the data is 49 and 46 GPa for the H16 (A) and ZHU15 (B) models,
respectively, and shown by the thin blue line. The nearly uniform probability
distribution of the rigidity (red) shows the fit provided by any µ between 1065 GPa in this depth range is indistinguishable.
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C) ZHU15

D) ZHU15

68 95
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Figure 5.6: The results of the Rigid-Top scenario (Figure 5.4A) are shown in
the left column and those of the Rigid-Base scenario (Figure 5.4B) in the right
column. The 68% and 95% confidence intervals are shown in black and are
calculated with respect to the best fitting models in (A) and (C).
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(H16) and 217 km (ZHU15) to 400 km deep. Confidence intervals are calculated from the probability that the distribution of squared residuals resulting
from a sub-optimal model is different from those of the best-fitting model. Because the squared residuals of a given model are not normally distributed, we
use the non-parametric Wilcoxon ranked-sum test rather than a t-test. A wide
range of parameters describe the data comparatively well within the 95% confidence interval, and the elastic structure is clearly non-unique. Within this class
of parameters, µ becomes increasingly rigid as the starting depth of the modified layer shallows. For a low-rigidity layer that extends from the surface to
400 km, approaching a halfspace, µ ranges from 20-50 GPa. When the lowrigidity region extends from the surface to a variable depth (i.e., the Rigid Base
scenario, Figure 5.4B), the range of models that fall within the 95% confidence
interval is much more narrow, requiring a µ of 20-50 GPa to extend to depths
of 260-400 km (Figure 5.6B,D). The depth and magnitude of the reduced µ have
large uncertainties, and vary depending on whether the ZHU15 or H16 seismic
velocity model is used.
Li and Detrick (2006) describe a region of low seismic shear wave velocity
approximately 60-120 km deep that is expected to be due to a combination of
anisotropy, high temperature, and partial melt. When modifying the H16 and
ZHU15 models, the best fitting µ for this depth range is 45-49 GPa. However,
any µ between 10-60 GPa provides no discernible improvement in the fit to the
data (Figure 5.5). This experiment is similar to one performed by Compton et al.
(2017), in which the Young’s modulus of the upper 200 km of PREM was systematically altered but did not achieve a significant improvement in the agreement between the data and modeled deformation. In the Low Velocity Zone
scenario, we find that neither the use of Iceland-specific seismic velocity models
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Figure 5.7: Relaxation of the dynamic rigidity of a Maxwell body (A) and a
standard linear solid (B) with respect to a 70 GPa reference rigidity. The rheologic parameters of the Maxwell rheology are based on Icelandic GIA studies
(Schmidt et al., 2012; Auriac et al., 2013), while those of the standard linear solid
are based on a study of postseismic deformation in the South Iceland Seismic
Zone (Decriem and Árnadóttir, 2012). The vertical black line highlights the relaxation resulting from seasonal load changes with a period of one year.
nor the addition of an altered µ within the seismic low velocity zone provides
significant improvements to the fit.

5.5

Discussion

In the rigid-top scenario, a wide range of models fit the deformation observations comparatively well, exhibiting a trade-off between the decrease in rigidity
and the depth at which this decrease begins. Taking the limiting case of models described along the 95% confidence interval of the rigid-top scenario (Figure 5.6A,D), a uniform rigidity between 20-50 GPa extending from the surface
to 400 km depth fit the observed deformation as well as a rigidity of 10 GPa ex-
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tending from 350-400 km depth. In both the rigid top and rigid base scenarios,
all models within the 95% confidence interval are significantly less rigid that
the seismic velocity model for at least a portion of the depth range. We compare these to Icelandic Maxwell and standard linear solid rheologies by using
the correspondence principle to calculate the relaxed rigidity at a period of one
year.
To illustrate this, first consider a purely elastic body defined by its shear
modulus (µ; Figure 5.2A). The strain () arising from a constant applied stress
(σ) is
=

σ
µ

(5.2)

and is time invariant. For a Maxwell body (Figure 5.2B) under a stress applied
at a constant frequency, this relation now depends on viscosity η and frequency
ω
1
1
)
 = σ( +
µ iωη

(5.3)

If a Maxwell body were to be modeled as a purely elastic material,
Eq 5.2 would require a complex, frequency-dependent dynamic shear modu∗

lus (µ(ω) M )
1 −1
1
∗
)
µ(ω) M = ( +
µ iωη

(5.4)

where the imaginary component is referred to as the loss modulus, and the
real component is referred to as the storage modulus. For a given frequency, the
“relaxed rigidity” is calculated as

µ(ω) M =

p

Re(µ(ω) M∗ )2 + Im(µ(ω) M∗ )2
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(5.5)

In Iceland, GIA deformation at decadal to centennial timescales is well described by an elastic lid overlying a uniform upper mantle with a Maxwell rheology and viscosity of 4-10×1018 Pa s (Auriac et al., 2013; Schmidt et al., 2012).
Using the ratio of µ M to µ inferred from seismic velocity models, we can consider
how the rigidity of the Icelandic upper mantle relaxes when a periodic stress is
applied. Taking an unrelaxed µ of 70 GPa as a reference for the upper 400 km of
the mantle (e.g., Figure 5.3A), the rigidity of this Maxwell rheology at a period
of one year relaxes to 90-95% of the unrelaxed seismic value (Figure 5.8A).
Additional constraints of Iceland’s upper mantle rheology at the sub-annual
to decadal timescales come from observations of postseismic deformation (e.g.,
Decriem and Árnadóttir, 2012). Decriem and Árnadóttir (2012) found that viscous deformation in the months to years following two Mw 6.5 earthquakes in
the south Icelandic seismic zone is well described by a standard linear solid (Figure 5.2C) with a transient viscosity (ηT ) of 1-3×1018 Pa s and a relaxation strength
(α) of 0.1-0.25, where α is defined in terms of the steady state and transient shear
moduli (µ and µT , respectively) as

α=

µT
µ + µT

(5.6)

Following a similar approach to the Maxwell body discussion above, if a
standard linear solid were modeled as a purely elastic material (Eq. 5.2) under
a periodic stress, the dynamic rigidity µ(ω)S LS is
∗

1
1
∗
µ(ω)S LS = ( +
)−1
µ µT + iωηT

(5.7)

Using the rheologic parameters found by Decriem and Árnadóttir (2012) and
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Figure 5.8: The ZHU15 and H16 shear modulus profiles (shown in black) are
relaxed using a Maxwell rheology (A and C) and standard linear solid rheology
(B and D) with a period of 1 year. The rheologic parameters of the Maxwell
rheology are based on Icelandic GIA studies (Schmidt et al., 2012; Auriac et al.,
2013), while those of the standard linear solid are based on a study of postseismic deformation in the south Icelandic seismic zone (Decriem and Árnadóttir,
2012).
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18

18

a reference of 70 GPa, µ(ω)S LS at a period of one year relaxes to 40-82% of the
∗

unrelaxed rigidity (Figure 5.8B).
The relaxed rigidity is calculated for the entire H16 and ZHU15 models using
both the Maxwell and standard linear solid rheologies (Figure 5.8). Reductions
in rigidity brought about by the Maxwell rheology are too subtle to explain the
low shear moduli (10-50 GPa) observed in this study (Figure 5.6). As the transient viscosity of the standard linear solid decreases, the relaxed rigidity profile begins to resemble a uniform half space (Figure 5.8B). The rigidity profiles
of both H16 and ZHU15 using µ(ω)S LS with a period of one year agree with
the 20-50 GPa shear moduli of the best fitting half space models constrained
in this study (Figure 5.6), Grapenthin et al. (2006), and Compton et al. (2017).
Our findings are in agreement with Chanard et al. (2018), who first suggested
that rheologies described by postseismic deformation may yield observable viscous deformation at annual periods worldwide. Chanard et al. (2018) used seasonal deformation of cGPS receivers around the world to place constraints on
the globally averaged transient viscosity of the asthenosphere. In this study we
show that seasonal deformation may be used to probe the upper mantle’s transient rheology on a much smaller, regional scale, and the agreement that we
find with the relaxed rigidity of a standard linear solid constrained by Icelandic
postseismic deformation (Decriem and Árnadóttir, 2012) strengthens the case
for probing the upper mantle rheology with seasonal hydrologic loading.
In the months immediately following large earthquakes, postseismic deformation can result from a combination of sources, including stress-induced migration of pore fluids (i.e., poroelastic deformation), aseismic slip along the fault
(i.e., afterslip), and viscoelastic relaxation of the lower crust and upper mantle
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(Barbot and Fialko, 2010; Sun and Wang, 2015). Correctly identifying the contribution of these processes to the observed postseismic deformation is important
in constraining the rheological properties of the crust and upper mantle, as different approaches to determining the contributions of each deformation component have led to different interpretations of the solid Earth rheology even when
considering the same earthquake (e.g., Johnson, Bürgmann, and Freymueller,
2009; Hu and Wang, 2012; Broerse et al., 2015). Glacier-induced poroelastic flow
may occur near the ice load, where deformation is sensitive to properties of the
uppermost crust (e.g., Durkin, Kachuck, and Pritchard, 2019; Bevis et al., 2015).
However, at depths greater than ∼10 km, lithostatic pressure forces pores closed
(e.g., Cheng and Johnston, 1981). Geodetic observations made more than a few
kilometers away from the ice load will be sensitive to deeper portions of the
crustal structure, and poroelastic deformation is likely to be negligibly small
in studies focused on observing glacier-induced, long wavelength viscoelastic
deformation. Glacier-induced crustal deformation has the potential to complement postseismic deformation studies and aid in better identifying the contributions of viscoelastic versus afterslip and poroelastic deformation.
Drouin et al. (2016) suggested the high rates of seasonal deformation in Iceland may be due to the presence of a low velocity zone, and Jónsson (2008)
found it necessary to include a thin (10 km) low viscosity layer (1018 Pa s) between a ductile lower crust (1019 Pa s) and upper mantle (3-4×1018 ) in order to
explain the nonlinear decay in viscoelastic deformation rates following the two
Mw 6.5 SISZ earthquakes. Compton et al. (2017) tested the effects of a low velocity zone by modifying the rigidity of the upper 200 km of PREM and found
little improvement to the fit. Here, we have refined this approach by using
Iceland specific seismic velocity models and modifying the depth range of the
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60-120 km deep low velocity zone identified by Li and Detrick (2006). Nevertheless, the rigidity of this layer is inconsequential to the fit of the data. Further, the
viscosity of 3-4×1018 Pa s used by Jónsson (2008) in the Maxwell rheology upper
mantle is similar to the viscosity constrained by GIA studies (Auriac et al., 2013;
Schmidt et al., 2012), which we found to be too high to explain Iceland’s seasonal
crustal deformation. We therefore favor the single-layered standard linear solid
upper mantle rheology of Decriem and Árnadóttir (2012) (Figure 5.4B,D) over
the layered, Maxwell rheology proposed by Jónsson (2008). However, more
thorough comparison of postseismic deformation-based rheologies is beyond
the scope of this study and will be left to future works. There are a number of
ways in which our approach can be improved in future studies. Rather than use
the average of the ice caps’ winter balance and average seasonal crustal deformation amplitudes, time series could be used for each, increasing the number
of observations and allowing the analysis of phase delays.
Conversely, crust and upper mantle rheologies constrained by postseismic
deformation may prove useful in glaciological studies using solid Earth deformation. Previous studies that have used seasonal solid Earth deformation to
estimate the mass change of the Icelandic ice caps used independent estimates
of seasonal ice mass balance known a priori to calibrate their models of Earth deformation (Grapenthin et al., 2006; Drouin et al., 2016; Compton et al., 2017). In
regions where data may not yet exist to independently calibrate the solid Earth
deformation models, future studies may be able to use postseismic deformationbased rheologies to relax region-specific rigidity structures.
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5.6

Conclusions

Seasonal mass change of Icelandic ice caps drives crustal deformation with amplitudes of up to 20 mm in the vertical and 10 mm in the horizontal that are
under predicted by ∼2× by elastic deformation modeled with PREM (Drouin
et al., 2016; Compton et al., 2017). We find that Iceland-specific seismic velocity
models perform poorly when modeling seasonal, glacier-induced deformation
of Iceland and offer an 8% improvement in the χ2 misfit versus deformation
modeled with PREM. By comparison, our best-fitting elastic half space models
result in a χ2 30% lower than when PREM is used to model the deformation.
Glaciological studies using solid Earth deformation should use seismic-based
elastic structures cautiously or constrain the study area’s effective rigidity using independently known loading sources with periods comparable to that of
the ice mass change of interest (e.g., Grapenthin et al., 2006; Drouin et al., 2016;
Compton et al., 2017).
All of the best-fitting rigidity profiles found here feature significantly lower
shear moduli than the Iceland-specific seismic velocity models at 95% confidence, indicating that the large amplitudes of seasonal crustal deformation
can be explained by viscoelastic relaxation of the Icelandic mantle at seasonal
timescales. We find a close agreement between the 20-50 GPa shear moduli
of the elastic half spaces best describing the seasonal deformation of Iceland
and the shear modulus relaxation described by a standard linear solid rheology
with 1-3×1018 Pa s transient viscosity constrained from Icelandic postseismic
deformation (Decriem and Árnadóttir, 2012). Seasonal glacier-induced crustal
deformation provides a promising, complementary dataset to postseismic deformation studies and could be used in future studies to better isolate afterslip,
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poroelastic, and viscoelastic components deformation that follow large earthquakes.
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CHAPTER 6
SUMMARY OF KEY RESULTS

The key findings of each preceding chapter are summarized here.

6.1

Chapter 2

• Yahtse Glacier’s steep (up to 35% slope) is important in governing the
glacier’s kinematic changes and in promoting rapid sedimentation driving the glacier’s sustained advance.
• Rapid growth of the terminal moraine is promoted by the deposition of
sediments eroded from a large upper basin into a narrow (2.5 km wide)
fjord as well as high erosion rates resulting from fast ice speeds (5 to
20 m day−1 ) across the steep icefall.
• The presence and growth of a submarine shoal stabilizes the terminus of
Yahtse Glacier, causing the outflux of ice to decrease. Yahtse’s steep icefall prevents these stabilities from propagating further upstream to the
glacier’s upper basin, and the influx of ice to the terminus region remains
constant between 1985-2016. The continued influx of ice to the terminus
region and decreased outflux over this time period caused compressional
thickening of up to 6 m yr−1 , 60% loss of driving stress, and deceleration,
furthering the decrease in outflux and promoting the glacier’s advance.
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6.2

Chapter 3 and Appendix A

• At locations close to the glaciers in southeast Alaska (i.e., less than ∼1 km
distance), uncertainties introduced by variations in the crustal elastic
structure and the inelastic behavior of the uppermost crust can be 1-2×
as large as the average campaign GPS uncertainty in the region. Close to
ice covered areas, differences between the regional crustal elastic properties and PREM result in 20-40% difference in modeled elastic uplift rates.
These differences are large enough to significantly bias glaciological studies using elastic deformation to constrain ice mass change or the density
of the glacial material lost or gained.
• At distances greater than 1 km from ice covered areas, the difference in
modeled elastic uplift due to using local elastic structures rather than
PREM become insignificant compared to the average campaign GPS uncertainty of southeast Alaska. Because most of the campaign GPS observations in southeast Alaska were made past this distance, the uncertainties
in elastic uplift rates and differences between the region’s crustal elastic
properties with the global average do not affect interpretations of GIA in
southeast Alaska made by previous studies.
• In the appendix to Chapter 3 (i.e., Appendix A), we found the penetration
depth of the radar-based SRTM DEM into the snow, firn, and ice in southeast Alaska is 7.3-10.3 m, comparable with the 8-9 m penetration depth
found in the continental setting of the French Alps (Berthier et al., 2016).
• After correcting the SRTM DEM for its penetration depth into the snow
firn and ice, estimates of ice mass balance of the Juneau and Stikine icefields agree to within uncertainty with mass balance estimates based on
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elevation timeseries derived from only optical imagery.
• Including the corrected SRTM DEM into the elevation timeseries decreases
the ice mass balance estimate uncertainty by ∼40% compared to those
based purely on an optical imagery dataset and allows us to extend ice
mass balance estimates to the Glacier Bay region, where high cloud coverage prohibits estimating ice mass balance from only optical imagery. Our
ice mass balance estimates for the Glacier Bay region (-5.26±1.07 Gt yr−1 )
are consistent with the estimates of previous studies based on independent datasets (Johnson et al., 2013).

6.3

Chapter 4

• Using a stochastic approach, we estimate that 90 1-year interferograms are
needed to account for 95% of 1000 trials in which synthetic interferograms
are stacked until the expected glacial isostatic adjustment (GIA) signal of
southeast Alaska is recovered to 2 mm yr−1 RMSE.
• Assuming that interferograms made from images collected between the
months of March to August are coherent, we estimate that 3 to 4 years
of Sentinel-1 image acquisition are needed to resolve GIA in southeast
Alaska.

6.4

Chapter 5

• The use of Iceland-specific seismic velocity models offers only a modest
8% reduction in χ2 misfits compared to the use of PREM when modeling
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the region’s seasonal crustal deformation. By comparison, the best-fitting
relaxed rigidity profiles (10-50 GPa) reduce χ2 by 30%. Glaciological studies using solid Earth deformation should constrain the study area’s effective rigidity using independently known sources of loading at timescales
comparable to that of the ice mass change of interest.
• All of the best-fitting rigidity profiles found here feature significantly
lower shear moduli than the Iceland-specific seismic velocity models at
95% confidence. The large amplitudes of Iceland’s seasonal crustal deformation (up to 20 mm vertical, 10 mm horizontal) can be explained by
viscoelastic relaxation of the Icelandic mantle at seasonal timescales.
• We find a close agreement between the 20-50 GPa shear moduli of the
elastic half spaces best describing the seasonal deformation of Iceland and
the shear modulus relaxation described by a standard linear solid rheology with 1-3×1018 Pa s transient viscosity constrained from Icelandic postseismic deformation (Decriem and Árnadóttir, 2012). Seasonal glacierinduced solid Earth deformation provides a promising, complementary
constraint to postseismic deformation studies and could be used to better
isolate afterslip, poroelastic, and viscoelastic components of deformation
following large earthquakes.
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6.5

6.5.1

Future Research Directions

Inelasticity of the uppermost crust in glaciated regions

In Chapter 3, we used empirical relations between the static and dynamic
Young’s moduli of rock samples to account for the inelasticity of the uppermost
crust. The uncertainty in modeled deformation that results from the inelastic
behavior of the crust can be up to 20% and is large enough to significantly bias
glaciological studies if unaccounted for. These static-dynamic relations come
from lab-based triaxial stress-strain experiments performed on core samples of
rock with lithologies, temperatures, and pressures designed to model the conditions of hydrocarbon reservoirs (Yale and Swami, 2017). Field-based experiments could further explore the utility of these lab-based static-dynamic relations for glaciological settings by comparing the elastic moduli of the uppermost crust constrained from glacier-induced solid Earth deformation to those
constrained from seismology.

6.5.2

Regional variations in the penetration depth of the SRTM
DEM

The Shuttle Radar Topography Mission (SRTM) DEM covers the entire globe
between ±60◦ latitude and features a well-defined time stamp, making it highly
valuable as a reference elevation in glaciological studies. However, the penetration of the radar-based DEM into snow, firn, and ice can be large (∼10 m) and
is difficult to know a priori. In the appendix of Chapter 3, we estimated the
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elevation-dependent penetration of the SRTM DEM for the Juneau and Stikine
icefields in southeast Alaska. In our study, we used and icefield-wide estimate of the SRTM’s penetration depth. Snow accumulation varies considerably
across each of the icefields, with a large contrast on the marine and continentfacing sides (e.g., Roth et al., 2018). Estimates of ice mass balance could potentially be improved by considering regional changes in the SRTM’s penetration
depth across each icefield.

6.5.3

Can we detect seasonal, glacier-induced transient viscous
deformation outside of Iceland?

In Chapter 5, we found that glacier-induced seasonal deformation of Iceland
could be used to probe the region’s upper mantle rheology at annual timescales.
This short-term viscous response is important for using solid Earth deformation
as a constraint in glaciological studies, and also provides a valuable complement to GIA and postseismic deformation studies in mapping spatio-temporal
variations in the Earth’s mantle rheology. Further experiments are needed to determine if regions outside of Iceland also experience significant glacier-induced
viscous deformation at seasonal periods. It will be interesting to see if a seasonal
transient deformation signal is observable in the Amundsen Sea Embayment of
West Antarctica which, like Iceland at the decadal to centennial timescales, is
characterized by rapid glacier-induced crustal uplift rates of ∼20-40 mm yr−1
and low asthenospheric Maxwell viscosity (∼4-10×1018 Pa s) (Barletta et al.,
2018). If observed, the short-term viscous response could help to better predict the stabilizing effects that ice-induced solid Earth deformation have on the
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ice sheet as the climate changes (e.g., Barletta et al., 2018).
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APPENDIX A
SUPPORTING INFORMATION FOR “THE IMPORTANCE OF THE
INELASTIC AND ELASTIC STRUCTURE OF THE CRUST IN
CONSTRAINING GLACIAL DENSITY, MASS CHANGE, AND
ISOSTATIC ADJUSTMENT FROM GEODETIC OBSERVATIONS IN
SOUTHEAST ALASKA”

A.1

Ice Mass Balance, SRTM Penetration Depth, and Uncertainties

A.1.1

Data and Methods

In this section, we provide the full description of the methods used to estimate ice thinning rates, the penetration depth of the Shuttle Radar Topography (SRTM) DEM, and mass balance estimates and uncertainties. We estimate ice mass balance using a weighted linear regression on a time series
of stacked DEMs. These methods were developed by previous studies (e.g.,
Nuimura et al., 2012; Willis et al., 2012b; Melkonian et al., 2014; Wang and
Kääb, 2015; Berthier et al., 2016).

We construct an ice-elevation time se-

ries composed of SRTM, ArcticDEM, Advanced Spaceborne Thermal Emission and Reflection Radiometer (ASTER) DEMs. ASTER DEMs are downloaded pre-made by the NASA/USGS operated Land Process Distributive AcOriginally published as supporting information to Durkin, Kachuck, and Pritchard (2019)
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tive Archive Center(LDAAP), and cloudy images are manually removed. A
total of 358 ASTER DEMs cover the study area, spanning July 2000 − May
2017 with an average of 15 ASTER elevations covering each pixel. ArcticDEM
strips were derived from ∼0.5 m resolution stereoscopic imagery from Digital
Globe and made available through the National Science Foundation and National Geospatial Intelligence Agency as 2 m resolution DEMs using the Surface Extraction with TIN-based Search-space Minimization (SETSM) method
(https://www.pgc.umn.edu/data/arcticdem; Noh and Howat, 2015). ArcticDEM strips covering the study area total in 401 DEMs that span the time period October 2008 − September 2016 with an average density of 2 ArcticDEM
elevations per pixel. We downsample ArcticDEM strips to 30 m resolution and
coregister both ArcticDEM and ASTER DEMs to off-ice pixels in the SRTM DEM
using “PC align” in the Ames Stereo Pipeline toolkit (Moratto et al., 2010). Office pixels are identified using the Randolph Glacier Inventory version 5 (Pfeffer et al., 2014). Each DEM is assigned 1σ vertical uncertainty as the standard
deviation between the off-ice pixels of it and the SRTM DEM. We estimate ice
) using a linear regression on our elevation time seelevation change rates ( dh
dt
ries in which each elevation is weighted by the inverse of its uncertainty (e.g.,
Melkonian et al., 2014; Willis et al., 2012b).
Outliers in the elevation time series are identified as those which deviate by
an unrealistic amount from a reference DEM. Because the SRTM DEM is a radar
product and is not affected by cloud coverage, it is often used as a reference
elevation (e.g., Willis et al., 2012b; Melkonian et al., 2014). However, we begin
by removing the SRTM DEM from our time series in order to investigate the
SRTM penetration depth. Rather, we select the reference elevation on a pixel
by pixel basis as the ASTER or ArcticDEM elevation in the time series with the
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Figure A.1: Cartoon showing SRTM C-Band penetration depth estimated with
the “linear extrapolation” method. Squares and vertical lines show elevations
with uncertainties in time series for a hypothetical location. The SRTM elevation (hatched square) is excluded from the time series, and the elevation with
the minimum uncertainty (red square) is used as a reference to remove outliers
from the time series. SRTM penetration depth is estimated from the difference
and SRTM DEM.
between the extrapolated dh
dt
). For the Juneau Icefield, outliers in the time series
minimum uncertainty ( dh
dt σmin
are defined as elevations above a regional equilibrium line altitude of 1000 m
(Larsen et al., 2007) that deviate from the reference elevation by a rate exceeding
+5
−5

−1
m yr−1 or +5
for elevations below 1000 m (e.g., Melkonian et al., 2014).
−10 m yr

For the Stikine Icefield, the threshold for elevations below 1000 m is changed to
+5
−30

m yr−1 (e.g., Melkonian et al., 2016). Because ArcticDEM and ASTER DEMs

are derived from optical imagery, the quality of these data are heavily impacted
by the high cloud coverage of the Glacier Bay region, and we are prevented
from estimating

dh
dt σmin

for this area due to insufficient DEM coverage. The root-

mean-square error (RMSE) is calculated for each pixel, and pixels with an RMSE
greater than the sum of the median and the median absolute deviation of the onice RMSE are removed. The approach of using elevation time series composed
of optical-only imagery for the Juneau and Stikine icefields is similar to that of
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SRTM C-Band Penetration Depth
Stikine Icefield
-0.53 m + 4.8 m per 1000 m a.s.l.
5.61 m + 3.0 m per 1000 m a.s.l.
Juneau Icefield
Regional Trend 2.63 m + 3.8 m per 1000 m a.s.l.
Table A.1: Elevation dependent SRTM C-Band penetration depth trends for the
Stikine Icefield, Juneau Icefield, and the regional trend (Supplementary Figure A.2).
Berthier et al. (2018), but here includes the addition of the ArcticDEM dataset
and the use of a reference elevation to exclude outliers from the time series.
Following the methods of Wang and Kääb (2015) and Berthier et al. (2016),
we linearly extrapolate the reference elevations to the acquisition date of the
SRTM DEM (February 2000) using the

dh
,
dt σmin

and estimate the SRTM C-band

penetration depth as the difference from the SRTM DEM (Supplementary Figure A.1). The elevation-dependent penetration depth is found by averaging the
SRTM C-band penetration depth map into 50 m elevation bins and fitting a linear trend to the elevation band corresponding to the center 95% of each icefields’
area. We calculate three elevation-dependent penetration depth corrections: for
the combined Juneau and Stikine icefields (i.e. the “regional trend”), and for the
Juneau and Stikine icefields separately (Supplementary Figure A.2). We adjust
SRTM elevations over the Juneau and Stikine icefields by adding each region’s
penetration depth trends over the appropriate area. SRTM elevations covering
the Glacier Bay region are corrected using the regional trend. The corrected
SRTM (SRTM*) is inserted into our elevation time series,
the SRTM* as a reference ( dh
), and outlying
dt S RT M ∗

dh
dt S RT M ∗

dh
dt

is calculated using

values are removed

using the RMSE filter. When estimating mass change rates, empty pixels in
the

dh
dt S RT M ∗

map are filled using the median of nearest pixels within a 1 km

radius (e.g., Melkonian et al., 2014). Volume change rates are found by multiplying

dh
dt

by pixel area, and mass change rates are estimated using a density of
130

Figure A.2: Elevation dependent penetration depth of the SRTM C-Band DEM
estimated by linearly extrapolating a reference elevation to mid-February 2000
in 50 m elevation averaged bins (red dots). The elevation dependent trend (red
line) is fit to the binned penetration depths within the center 95% of the icefields’
area (shaded in blue) for (A) the Stikine Icefield, (B) the Juneau Icefield, and
(C) the combined results of the Juneau and Stikine icefields (i.e., the “regional
trend”)
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850 ± 60 kg m−3 (e.g., Huss, 2013). The improved estimates of the SRTM C-Band
penetration depth, the extension of the ASTER time series by 3-8 years, and inclusion of the ArcticDEM in the

dh
dt S RT M ∗

for the Juneau and Stikine icefields are

an update to the results of Melkonian et al. (2014) and Melkonian et al. (2016).
Uncertainties due to DEM errors (σDEM ) and density of material lost or
gained (σρ ) are calculated following Melkonian et al. (2016), and we refer to the
supplementary material of that study for detailed descriptions of the methods
used. Because DEMs are not acquired at the same time each year, it is possible
that the linear fit to a decadal trend may alias seasonal elevation variability. This
uncertainty (σ season ) is estimated as the slope of the line that best fits the DEM
acquisition times after they have been projected on to a simple sine wave seasonal elevation model with a uniform amplitude and period of one year (e.g.,
Figure 6 of Berthier et al., 2016). The amplitude of seasonal elevation variations is not well constrained for southeast Alaska, however Berthier et al. (2018)
found that even with a large amplitude of 10 m, σ season is an insignificant source
of uncertainty for the Juneau and Stikine Icefields.
We estimate the effect that our asymmetric deviation threshold has on mass
balance estimates (σDEV ) by doubling the cutoff threshold of each icefield (i.e.,
+10
−10

to

+10
−20

m yr−1 for Juneau and

+10
−10

to

+10
−60

m yr−1 for Stikine and the Glacier

Bay region) and subtracting the resultant mass balance from our original mass
balance estimates. Uncertainties associated with the SRTM correction are found
for the Juneau and Stikine icefields by subtracting the mass balance derived
from

dh
dt S RT M ∗

with that of

dh
.
dt σmin

For Glacier Bay, we do not have

dh
,
dt σmin

so we

take the trends found for separately for Juneau and Stikine as end members and
calculate the difference from

dh
dt S RT M ∗

found with the average trend. Ice mass
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balance uncertainty (σB ) is calculated by adding sources of uncertainty listed
above in quadrature.

σB =

A.1.2
dh
dt σmin

q
σ2DEM + σ2season + σ2S RT M + σ2ρ + σ2DEV

(A.1)

Results

is shown for Juneau and Stikine icefields in 50 m elevation-averaged bins

in Supplementary Figure A.4. After using

dh
dt σmin

with the “linear extrapolation”

technique (Wang and Kääb, 2015; Berthier et al., 2016), we find the SRTM penetration depth, shown as 50 m elevation averaged bins for the Juneau and Stikine
icefields (Supplementary Figure A.2, Supplementary Table A.1), with elevation
dependent penetration depths of 5.6 m plus an additional 3.0 m penetration per
1000 m a.s.l. for Juneau and -0.53 m + 4.8 m per 1000 m a.s.l. for Stikine. The
trend fitting the combined results of the two icefields (i.e., the “regional” trend)
yields a penetration correction of 2.63 m + 3.8 m per 1000 m a.s.l. After applying
the elevation dependent corrections to the SRTM and inserting the SRTM* into
the elevation-time series, we find that the results of

dh
dt σmin

and

dh
dt S RT M ∗

on average

agree to within 0.2 m yr −1 (Supplementary Figure A.4).
Uncertainties for the mass balance calculations are summarized in Supplementary Table A.2, and the size of each component of mass balance uncertainty
is summarized in Supplementary Table A.3. The amplitude of seasonal iceelevation variations were not known a priori, and so we chose 10 m as an upper
bound to adequately capture any real elevation amplitude (e.g., Berthier et al.,
2018). For each of the three regions, although σ season is similar to other sources
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dh
dt SRTM
dh
dt σ
min
dh
dt SRTM*

Figure A.3: dh
plotted against elevation for the Stikine Icefield (A), Juneau Icedt
field (B), and Glacier Bay region (C). Three cases are shown for the Juneau and
Stikine icefields: dh
estimated using the uncorrected SRTM DEM as the reference
dt
elevation (cyan), estimated using only ASTER and ArcticDEM and referenced
by the elevation with the lowest uncertainty (blue, dh
), and estimated using
dt σmin
dh
the corrected SRTM DEM as the reference (purple, dt S RT M∗ ). Following the correction applied to the SRTM DEM, dh
agree to dh
within uncertainty.
dt S RT M ∗
dt σmin
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dh
dt σmin

(m w.e. yr−1 )
Juneau Icefield
-0.85 ± 0.27
Stikine Icefield
-0.69 ± 0.12
Glacier Bay Region
—

dh
dt S RT M ∗

(m w.e. yr−1 )
-0.75 ± 0.15
-0.75 ± 0.08
-0.76 ± 0.11

Table A.2: Mass balance estimates for Juneau Icefield, Stikine Icefield, and
Glacier Bay region. In the first column, mass balance is estimated from ASTER
and ArcticDEM-only elevation time series in which the elevation with the minimum uncertainty in the time series at each pixel is used as a reference to re). In the second column, mass balances are estimated
move outliers (i.e., dh
dt σmin
from corrected SRTM (SRTM∗ ), ASTER, and ArcticDEM elevation time series,
)
and the SRTM∗ is used as a reference for removing outliers (i.e., dh
dt S RT M ∗
of uncertainty, removing it from the uncertainty analysis would only change σB
by about 1%.
Mass balance estimated using

dh
dt S RT M ∗

for the Juneau Icefield (-0.75 ± 0.15 m

w.e. yr−1 ) and the Stikine Icefield (-0.75 ± 0.08 m w.e. yr−1 ) agree within uncertainty to previous estimates based on an ASTER-only time series between years
2000-2016 (Juneau: -0.68 ± 0.15 m w.e. yr−1 ; Stikine: -0.83 ± 0.12 m w.e. yr−1 ;
Berthier et al., 2018), as well as with independent estimates based on LIDAR spanning years 1993-2013 (Juneau: -0.65 ± 0.22 m w.e. yr−1 ; Stikine: 0.96 ± 0.28 m w.e. yr−1 ; Larsen et al., 2015). Glacier Bay

dh
dt

estimated using

the “regional” correction for SRTM penetration depth is shown in Supplementary Figure A.4. Using the SRTM penetration correction for the combination
of Juneau and Stikine data, the Glacier Bay region has a mass balance of 5.26 ± 1.07 Gt yr−1 . Johnson et al. (2013) estimate the mass balance of the region
using LIDAR data covering four time periods: 1995-2000 (-2.66 ± 0.89 Gt yr−1 ),
2000-2005 (-5.14 ± 1.27 Gt yr−1 ), 2005-2009 (-2.96 ± 0.54 Gt yr−1 ), and 2009-2011 (6.06 ± 0.65 Gt yr−1 ). If we take the average mass balance during the time periods
2000-2011 (the closest to the time period covered in this study), the average es-
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Juneau
Stikine Glacier Bay
(Gt yr−1 ) (Gt yr−1 )
(Gt yr−1 )
σρ Density
0.28
0.33
0.37
σDEM DEMs
0.08
0.09
0.08
0.001
0.06
σDEV Asymmetric Deviation
0.48
σ season Aliasing Seasonal Changes
0.03
0.04
0.03
0.39
0.69
σS RT M SRTM C-Band Penetration
0.58
Table A.3: Components of mass balance uncertainties used in Eq. A.1. σρ accounts for unknowns in the density of the glacial material lost or gained, σDEM
for the uncertainty in the weighted linear regression applied to the elevation
time series, and σDEV for the uncertainty due to the asymmetric cutoff threshold
used to exclude outliers. σ season represents uncertainties due to partially aliasing
seasonal elevation variability in the DEM time series. Imperfect corrections for
the SRTM C-Band penetration depth are (σS RT M ) are estimated as the difference
and dh
. For the Glacier Bay
in mass balance estimates calculated from dh
dt σmin
dt S RT M ∗
region, σS RT M is calculated as the difference in mass balances estimated when
applying the SRTM C-Band penetration trends found for the Juneau Icefield
and Stikine Icefield to the Glacier Bay region.
timated mass loss is -4.72 ± 1.52 Gt yr−1 , within the uncertainty of our estimate.
If we allow the average mass loss during 2011-2017 to be the same as during
the 2009-2011 period, the estimated ice mass loss during 2000-2017 becomes 5.06 ± 1.65 Gt yr−1 , strikingly similar to our own estimates. While we do note
that the high intra-annual variability in mass balance observed by Johnson et al.
(2013) makes a direct comparison to our results difficult, this provides a result
from an independent dataset that is consistent with our findings.

A.1.3

Discussion

Previous estimates of SRTM C-Band penetration in southeast Alaska were estimated to be between 0-3 m based on the difference from the X-Band component
of the SRTM, which was assumed to have small penetration into the snow and
firn (Melkonian et al., 2014). This was a reasonable assumption at the time (e.g.,
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Gardelle, Berthier, and Arnaud, 2012), especially when considering the maritime environment and high water content of snow in southeast Alaska. Dehecq
et al. (2016) and Berthier et al. (2016) found that the penetration depth of X-Band
radar in the high-altitude, continental setting of the French Alps is on the order
of 10 m, suggesting that the C-Band penetration depths based on an X-Band reference may similarly be underestimated. In light of this, Melkonian et al. (2016)
accounted for the uncertainty in the C-Band penetration at the Stikine Icefield
considered multiple scenarios, including a linear increase in penetration depth
from 2-8 m between 1000 to 2500 m a.s.l.
By using an ASTER-only elevation time series, and eliminating the need to
correct for a radar penetration depth, Berthier et al. (2018) found mass balance
estimates for the Stikine Icefield more closely agreed to those found by Melkonian et al. (2016) under the 2-8 m SRTM-C Band penetration depth scenario than
the 0-3 m penetration depth scenario. Similarly, Berthier et al. (2018) found that
the 0-3m SRTM C-Band penetration depth correction results in overly positive
mass balance estimates for the Juneau Icefield (Melkonian et al., 2014), suggesting that the C-Band penetration depth in southeast Alaska may be similar to
that of drier, continental settings. Here, we extend the discussion of Berthier
et al. (2018).
While we do not estimate the SRTM’s X-Band penetration depth explicitly, it
may be inferred based on a comparison between our C-Band penetration depths
and the SRTM C- and X-Band differences calculated in previous studies. Melkonian et al. (2014) found a difference between the SRTM X- and C- bands of 0−3 m
between the elevations of 700 to 1650 (i.e., 3.15 m of difference per 1000 m a.s.l.).
This is consistent with our finding of a SRTM C-band penetration gradient of
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3.0 m per 1000 m a.s.l. (Supplementary Figure A.2, Supplementary Table A.1).
The difference between the SRTM C- and X-band DEMs are zero below 700 m
a.s.l. (e.g., Melkonian et al., 2014), where we find the consistent gradient in the
C-band penetration. This implies that the X- and C-band of SRTM both have
the same penetration depth and gradient, and that the X-band penetration gradient for elevations above 700 m is negligibly small for the Juneau Icefield. In
other words, the SRTM X-band penetration depth of the Juneau Icefield is not
constant, ranging between 2.25-7.86 m at 750 m a.s.l and appears to remain at
this value for higher elevations. For the Juneau Icefield, Stikine Icefield, and
the regional fit, we find mean SRTM C-band penetration depths of 7.3-10.3 m,
in agreement with the penetration depths found in the French Alps of 8-9 m
(Berthier et al., 2016).
To compare our regional penetration depth estimates against estimates made
from independent datasets, we consider the results of Larsen et al. (2007) who
corrected the C-band penetration of SRTM as well as seasonal elevation differences between February and August 2000 by comparing 12 LIDAR surveys
made over the Yakutat, Glacier Bay, Juneau Icefield, and Stikine Icefield regions
in August 2000. Larsen et al. (2007) found an elevation dependent penetration
depth of -2.5 m + 2.6 m per 1000 m a.s.l, ∼30% lower than the penetration gradient we find for our regional fit. The linear trend fit by Larsen et al. (2007) to the
difference between the LIDAR surveys and the SRTM DEM spans elevations between 500-1700 m a.s.l. This corresponds to about 68% of the combined Juneau
and Stikine icefields’ area, whereas our study focuses on the center 95% of the
icefields’ area, corresponding to elevation bands of 525-2125 m a.s.l. When we
fit a trend to the 500-1700 m a.s.l. elevation band for the regional combination,
we find a penetration trend of 3.74 m + 2.6 m per 1000 m a.s.l. The agreement
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in the 2.6 m per 10000 m a.s.l SRTM C-band penetration gradient found here
when fitting to the same elevation band provides an independent validation of
the linear extrapolation method for southeast Alaska.

A.2

Load Love Number Summary

As a benchmark for loading Love numbers calculated with giapy (Kachuck,
2018), Love numbers for PREM are shown in Supplementary Figure A.5 for
both giapy and those calculated by Melini et al. (2015). Further benchmarking of giapy is detailed in Kachuck (2018). Supplementary Figure A.6 shows
the load Love numbers calculated for each of the 42 elastic structures in our
ensemble.

A.3

Impact of Disc Size on Elastic Deformation

Supplementary Figure A.7 shows the elastic uplift rates modeled using the
PREM elastic structure with

dh
dt

sampled at 0.01◦ (1.11 km), 0.005◦ (556 m), and

0.0025◦ (228 m) resolutions using the nearest neighbor method. The larger uplift
rates found when 0.01◦ diameter discs are used are the result of the bias in the

dh
dt

distribution when ice thinning rates are sampled at this resolution (Section 3.2
of the main text). Elastic uplift rates modeled with 0.005◦ diameter discs agree to
within 5% of uplift rates modeled with 0.0025◦ diameter discs. Using 0.01◦ diameter discs over estimates the elastic uplift rates in both the near- and far-fields,
resulting in a 30% increase in elastic uplift rates at 500 m from the nearest ice
covered area and a 50% increase at 50 km distance from the ice in comparison to
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Figure A.5: Elastic load Love number solutions ln0 (blue), k0n (green), and h0n (red)
for the PREM Earth structure (Dziewonski and Anderson, 1981) computed to
a harmonic degree of 150,000 using giapy (Kachuck, 2018). Black crosses show
the load Love number solutions to PREM provided by Pan et al. (2015) to a
harmonic order of 6,000.
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A)

B)

C)

Figure A.6: Elastic load Love numbers h0n , k0n (B), and ln0 (C) calculated to a harmonic order of 150,00 for each model in the ensemble of LITHO1.0 (Pasyanos
et al., 2014). Load Love numbers calculated for PREM are shown in black.
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the elastic uplift rates modeled with 0.0025◦ diameter discs (Supplementary Figure A.7). As discussed in section 3.2 of the main text, load Love numbers used
to model elastic deformation were calculated to a harmonic degree of 150,000.
The harmonic degree (n) needed to resolve deformation resulting from a load of
radius α is given by Jeans (1923) as

n=

360
α

(A.2)

Thus a disc of 0.005◦ diameter should be modeled using load Love numbers
calculated to a harmonic degree of at least 144,000 and at least 288,000 for a
0.0025◦ diameter disc. Bevis, Melini, and Spada (2016) suggest that this rule may
be judiciously violated in order to avoid excessive computing time costs. The
close agreement between elastic deformation modeled using 0.005◦ and 0.0025◦
diameter discs (Supplementary Figure A.7) indicates that a harmonic degree of
150,000 is sufficiently high for this study.

A.4

Static-Dynamic Ratio

The inelastic corrections described in Eq. 1 of the main text are based on laboratory experiments conducted at a narrow range of confining pressures 0–
100 MPa,or the upper 5 km of the crust (Yale and Swami, 2017). However, as
confining pressures increase, pores and fractures close and the static-dynamic
ratio of a rock approaches 1 at depths of ∼12-15 km (Cheng and Johnston, 1981).
We must take care that applying Eq. 1 of the main text to the LITHO1.0 ensemble does not yield static-dynamic ratios that are implausibly small at too great
of depths. Supplementary Figure A.8 shows the scaling factor plotted against
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Figure A.7: Scatter plots of elastic uplift rates of all gridded points in the study
region plotted against their distance to the nearest ice covered area. Elastic uplift rates are modeled from the ensemble of LITHO1.0 elastic structures using
discs of 0.01◦ , 0.005◦ , and 0.0025◦ diameter. Uplift rates modeled using 0.01◦
are positively biased due to the overly-negative ice mass balance estimates that
at this resolution (see section 3.2 of the main text).
results from sampling dh
dt
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Figure A.8: Static-dynamic Young’s modulus ratios (ES /ED ) calculated from
Eq. 1 of the main text for each of the 42 LITHO1.0 elastic structures.
depth for each of the 42 LITHO1.0 structures. At a depth of 3.1 km, the smallest
ES /ED in the ensemble is 0.75 to 0.90, and beyond depths of 10 km is no lower
than 0.95. This is consistent with the ES /ED of 0.9 found by Cheng and Johnston (1981) for granite at confining pressures equivalent to depths of 12-13 km.
Differences between the static and dynamic moduli of less than 5% at depths
beyond 10 km are negligibly small for the purposes of this study.
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Dehecq, A., R. Millan, E. Berthier, N. Gourmelen, E. Trouvé, and V. Vionnet (2016). “Elevation changes inferred from {TanDEM-X} data over the
{Mont}-{Blanc} area: {Impact} of the {X-band} interferometric bias”. In:
IEEE Journal of Selected Topics in Applied Earth Observations and Remote Sensing
9.8, pp. 3870–3882.

151

Dill, R., V. Klemann, Z. Martinec, and M. Tesauro (2015). “Applying local
Green’s functions to study the influence of the crustal structure on hydrological loading displacements”. In: Journal of Geodynamics 88, pp. 14–22.
Doin, M. P., C. Twardzik, G. Ducret, C. Lasserre, S. Guillaso, and S. Jianbao
(2015). “InSAR measurement of the deformation around Siling Co Lake: Inferences on the lower crust viscosity in central Tibet”. In: Journal of Geophysical Research B: Solid Earth 120.7, pp. 5290–5310.
Drouin, V., K. Heki, F. Sigmundsson, S. Hreinsdóttir, and B. Ófeigsson (2016).
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movements due to Iceland ’ s shrinking ice caps mimic magma inflow signal
at Katla volcano”. In: Nature Publishing Group December 2014, pp. 1–8.
Stearns, L., G. Hamilton, C. van der Veen, D. Finnegan, S. O’Neel, J. Scheick, and
D. Lawson (2015). “Journal of Geophysical Research : Earth Surface Glaciological and marine geological controls on terminus dynamics of Hubbard
Glacier , southeast Alaska”. In: Journal of Geophysical Research: Earth Surface
120.6, pp. 1065–1081.
Steffen, H. and P. Wu (2011). “Glacial isostatic adjustment in Fennoscandia—a
review of data and modeling”. In: Journal of geodynamics 52.3-4, pp. 169–204.
Straneo, F., P. Heimbach, O. Sergienko, G. Hamilton, G. Catania, S. Griffies, R.
Hallberg, A. Jenkins, I. Joughin, R. Motyka, and Others (2013). “Challenges
to understanding the dynamic response of Greenland’s marine terminating
glaciers to oceanic and atmospheric forcing”. In: Bulletin of the American Meteorological Society 94.8, pp. 1131–1144.

168

Sun, T. and K. Wang (2015). “Viscoelastic relaxation following subduction earthquakes and its effects on afterslip determination”. In: Journal of Geophysical
Research: Solid Earth 120.2, pp. 1329–1344.
Tesauro, M., P. Audet, M. Kaban, R. Bürgmann, and S. Cloetingh (2012). “The effective elastic thickness of the continental lithosphere: Comparison between
rheological and inverse approaches”. In: Geochemistry, Geophysics, Geosystems
13.9.
Tutuncu, A., A. Podiot, A. Gregory, and M. Sharma (1998). “Nonlinear viscoelastic behavior of sedimentary rocks , Part I : Effect of frequency and strain amplitude”. In: 63.I, pp. 184–194.
Vancouver, G. and J. Vancouver (1798). A voyage of discovery to the North Pacific
ocean: and round theworld; in which the coast of north-west America has been carefully examined and accurately surveyed. Vol. 3. Printed for GG and J. Robinson.
Wadge, G., P. Webley, I. James, R. Bingley, A. Dodson, S. Waugh, T. Veneboer,
G. Puglisi, M. Mattia, D. Baker, and Others (2002). “Atmospheric models,
GPS and InSAR measurements of the tropospheric water vapour field over
Mount Etna”. In: Geophysical Research Letters 29.19, p. 11.
Wahr, J., S. Khan, T. Dam, L. Liu, J. Angelen, M. Broeke, and C. Meertens (2013).
“The use of GPS horizontals for loading studies, with applications to northern California and southeast Greenland”. In: Journal of Geophysical Research:
Solid Earth 118.4, pp. 1795–1806.
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