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ABSTRACT 

 

A warm climate interval from 17 to 14.8 Ma is known as the Mid Miocene Climatic 

Optimum (MMCO).  This interval was followed by a progressive cooling that continued 

to the Pleistocene. Several isotopic tracers indicate global climate and possibly 

weathering changes during the mid-Miocene. Germanium-silicon (Ge/Si) ratios are 

fractionated by silicate weathering processes and so can be an effective tracer of 

weathering intensity, and one potential consequence of a warm climate is increased 

silicate weathering intensity. We present a Ge/Si ratio record of 81 samples from IODP 

U1337A for ~12-18 Ma. The Ge/Si data for this interval do not show an overall temporal 

trend, but they are higher than present day ratio in seawater. The data show considerable 

scatter outside of analytical precision, and this scatter data may be in part result from 

diagenetic alteration. With a box model of the oceanic balance of Ge/Si and δ7Li we 

find that mid-Miocene weathering fluxes and weathering intensity were likely higher 

than at present, consistent with a warmer climate at that time. 

 



 

BIOGRAPHICAL SKETCH 

Jinyi Li, was born and grew up in a coastal city in China. She began to get interested in 

chemistry in High School. Both her parents work in a national oil company, influenced 

by her parents, she decided to study geology in China University of Petroleum. In the 

senior year of her college, she planned to pursue further education and stepped her feet 

over to the other side of the earth. She acquired her first Master of Engineering degree 

at Cornell University in 2016, and continued to pursue her second Master degree in the 

same year. In her first Master degree, she worked on a project of special application of 

Petrel and Eclipse software. She developed a manual on generating streamlines of fluid 

in the ground. In the second Master degree, she transitioned her interest to 

biogeochemistry and started doing research on paleoceanography. Her research focused 

on analyzing Ge/Si ratio of diatoms in Mid Miocene and using it as a tracer for 

continental weathering. 

 

 

 

 

 

 

 

 

 

 

 



  iv 

ACKNOWLEDGMENTS 

 

I would first like to thank my advisor Professor Louis A. Derry for consistently 

providing me support, encouraging me to explore the geochemistry world and steering 

me to the right direction in my research. Second I would like to thank Professor Ian 

Hewson for being on my committee and sharing his biological knowledge with me. Next 

I would like to thank my lab mates Katherine Grant, Alida Perez Fodich and Andrés 

Aguirre. They taught me how to do the lab work and help me measure samples. Also 

thanks to other people who helped me in the lab. A lot of thanks to my parents for their 

unconditional love and support. Last but not least, I would like to thank IODP for their 

amazing work. 

 



  v 

TABLE OF CONTENTS 

 

Ge and Si Cycle ............................................................................................................................ 1 

Global Si Cycle ......................................................................................................................... 1 

Weathering and Terrestrial Silica Cycling ............................................................................ 1 

Other Sources of Dissolved Silica to the Ocean  ................................................................. 4 

Internal Biogeochemical Cycling  ........................................................................................ 9 

Reverse Weathering ............................................................................................................ 9 

Other Factors Affecting Si Cycle ........................................................................................12 

Summary of Global Si Fluxes .............................................................................................14 

Germanium – Silicon Ratios (Ge/Si) as a Tracer of the Silica Cycle .......................................15 

Global Ge Cycle ......................................................................................................................15 

Germanium Sinks ..............................................................................................................16 

Summary of Global Ge and Si Fluxes .................................................................................21 

Mid Miocene Climatic Optimum ..............................................................................................23 

Overview of Cenozoic Climate History ..................................................................................23 

MMCO δ18O and δ13C ............................................................................................................27 

Temperature and pH in MMCO  ............................................................................................34 

Weathering Tracers in MMCO  ..............................................................................................41 

Study Site  ..............................................................................................................................46 

Age Model  ............................................................................................................................46 

Method .....................................................................................................................................51 

Cleaning Procedure  ..............................................................................................................51 

Opal Extraction  .....................................................................................................................52 

Ge/Si Determination  .............................................................................................................53 

Box Model .................................................................................................................................58 

Ge/Si Box Model  ...................................................................................................................58 

Inputs of Ge and Si to the oceans  ....................................................................................58 

Removal of Ge and Si from the oceans  ............................................................................59 

Conceptual Description  ....................................................................................................59 

Li Box Model  .........................................................................................................................64 

Results .......................................................................................................................................69 



  vi 

Ge/Si Ratio of Diatoms ..........................................................................................................69 

Comparison with Other Studies  ...........................................................................................80 

Model Experiments  ..............................................................................................................83 

Changes in fluxes for different scenarios  .........................................................................83 

Changes in Ge/Si ratio or δ7Li for different scenarios  ......................................................85 

Summary of changes that could explain seawater Ge/Si ratio and δ7Li record  ...............85 

Model Discussion ......................................................................................................................89 

Changes in Ge/Si ratio of river flux ........................................................................................89 

Effect of River Flux .................................................................................................................92 

Effect of Authigenesis ............................................................................................................93 

Other Factors that Affect Seawater Isotopic Composition ...................................................93 

Conclusion .................................................................................................................................95 

Appendix ...................................................................................................................................96 

References ..............................................................................................................................100 

 



  7 

CHAPTER 1 

 GLOBAL GE AND SI CYCLE 

The Global Silica Cycle 

 

Silica is transported between land, atmosphere and ocean reservoirs through several 

paths. Weathering provides the source of silica, in dissolved and particulate form. 

Weathering produces secondary clay minerals, opal or amorphous silica, and dissolved 

silica. These weathering products can be transported by rivers and streams where 

additional modifications can take place prior to reaching the oceans. Rivers provide the 

largest Si contribution to the ocean. Dissolved Si produced by weathering is also 

transported as groundwater, which can end up in the ocean as well. The river Si flux is 

controlled by weathering factors like temperature, rainfall, vegetation, lithology, 

glaciation and erosion rate. Biological processes also have an impact on the 

concentration of dissolved Si in the river, with uptake by diatoms (siliceous algae) and 

aquatic plants (Sutton et al., 2018). 

 

Weathering and Terrestrial Silica Cycling 

 

The riverine Si flux largely depends on weathering and secondary mineral formation 

and dissolution. Silica transported from bedrock is either physically eroded or dissolved 

during weathering process. Total silica export is the sum of transport as sediment 

(physical erosion) and as dissolved silica (chemical erosion): 
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Si(tot) = Si(part) + Si(aq) 

where Si(tot) is the total mass of silica exported form a landscape, Si(part) is the mass 

exported as sedimentary particulates, and Si(aq) is the mass exported as dissolved silica.  

The extent to which dissolved Si contributes to the total weathering flux can be 

described by “weathering intensity”. Weathering intensity is the fraction of Si dissolved 

from silicate bedrock during weathering (Murnane and Stallard, 1990). Solutes derived 

from carbonates and evaporites are not included because they can weather congruently. 

The greater fraction of silica dissolved, the higher the weathering intensity will be 

(Froelich et al., 1992). During weathering and erosion of primary bedrock some cations 

are dissolved and exported in the solution, some are dissolved and partitioned into 

secondary minerals by neoformation and the rest is very resistant and remain in primary 

minerals (Lugolobi et al., 2010). Only a small fraction of silica is transported to the 

ocean in dissolved form. Weathering reactions can be divided into two types in terms 

of the product phase. One is “congruent weathering” and another is “incongruent 

weathering”. For carbonates, weathering reactions yield no solid phase, carbonate 

minerals dissolve completely, and this is referred to as congruent weathering. For 

weathering of alumino-silicates, primary minerals are transformed to secondary 

minerals and solutes. The formation of both a secondary sold phase and a dissolved 

phase is called incongruent weathering. It is useful to conceptualize two weathering 

regimes: “weathering limited” and “transport limited” (Stallard, 1987; Murnane et al., 

1990). Weathering limited regimes occur when physical erosion rates are much higher 

than chemical weathering rates. In this case, weathering tends to be more incongruent, 

because the regolith has limited time to react within the weathering zone.  Dissolution 
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of primary minerals is limited by chemical reaction rates, and most erosion products 

stay as primary minerals, thus weathering intensity is low. Weathering-limited 

denudation happens in landscapes with steep slopes and only a thin layer of soil is 

developed in this kind of area. The total Si flux is high, but dominantly in the particulate 

form. A transport limited regime occurs when chemical weathering rates are high 

relative to the rate of erosion that removes weathered material. This weathering regime 

usually occurs in area with low topographic gradients, and thick soils can develop with 

time. The chemical weathering rate is limited because of the limited supply of fresh 

material to the weathering zone. Both Si flux and Si concentration are low, whereas 

weathering intensity is high. Weathering is under these conditions more often 

approaches congruent.  

 

Vegetation plays an important role in terrestrial Si cycle. Dissolved Si can be taken up 

by plants and deposit in stems, leaves, and roots to help support the plant structure. Most 

biogenic Si in plants is in the form of small opal bodies called “phytoliths” (Conley, 

2002). The concentration of Si in the plants ranges from 1% up to 10% (Epstein, 1994). 

Decomposition of plant litter releases phytoliths to soils. Soil environments are 

commonly undersaturated with respect to opal, so the dissolution of biogenic silica 

(phytoliths) is an important source of dissolved Si to soils. Some silica in the soil 

reservoir can recycled as a plant nutrient, while some is stored in the soil pool. The Si 

stored by terrestrial vegetation is 60-200 Tmol/year (Struyf and Conley, 2012). Under 

appropriate hydrologic conditions dissolved silica is flushed from the soil to ground 

waters and stream waters. Not only terrestrial ecosystems but aquatic ecosystems have 
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an impact on Si flux to ocean. Diatom and siliceous sponges have been found in soil 

and terrestrial sediments (Clarke, 2003). Freshwater diatoms, siliceous sponges and 

plants that live in freshwater also take dissolved Si from river water. Diatom and aquatic 

plant production have a crucial impact on Si cycle. During the growing season, the Si 

concentration in stream water is lower than at other times of year (Opfergelt et al., 2011). 

Phytolith and diatom dissolution also can contribute Si to fresh waters. Not all biogenic 

opal will dissolve in rivers, some will be deposited and buried in sediments. 

Groundwater springs also provide Si to the freshwater system. Microbes, mainly 

bacteria, also have an impact on the solubility of Si in coastal region, due to their ability 

to remove organic matter coating from diatom frustules. Human activity is an important 

factor as well. As urban development can change landscapes and hydrologic flow paths, 

base flow and runoff fluxes are affected (Struyf et al., 2012). Anthropogenic activities 

also tend to increase erosion rates as well, which has an impact on terrestrial and oceanic 

Si cycle. More soil erosion tends to remove the biogenic Si stored in soil and carry it to 

the ocean. Durr et al. (2009) estimated global silica export from terrestrial landscapes at 

371 Mt/yr of dissolved Si and 8835 Mt/yr of suspended particulate Si, or 13.3 Tmol/yr 

of dissolved Si and 315.5 Tmol/yr of particulate Si, with Si(aq) representing 4.0% of 

total Si export.  Some of the river flux of Si is sequestered in coastal and estuarine 

regions, primarily by biological uptake (Struyf and Conley, 2012). The overall flux of 

silica to the oceans from rivers and groundwater discharge is estimated to be ca. 7.9±2.0 

Tmol/yr (Treguer and De La Rocha, 2013) 
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Other Sources of Dissolved Silica to the Ocean 

 

Particulate silica such as primary minerals, clays and biogenic opal can be carried by 

wind as mineral aerosol (“dust”) over long distances prior to deposition on land or in 

the oceans. Most of the dust comes from two places. One is the Sahara Desert that 

supplies dust to the North Atlantic and Mediterranean Sea, the other is central Asian 

(especially the Gobi Desert, Taklamakan, and Loess Plateau) dust blown into western 

Pacific. The dust contains both lithogenic and biogenic silica. The amount of dust is 

much smaller than river loads, however, the significance of aerosol input is pronounced 

in the center of open oceans. The total dust deposition can contribute 2.8~4.6 Tmol/year 

of Si (Tegen et al., 2006). However, only a small amount of dust is dissolved in ocean. 

The solubility of dust varies greatly depending on several factors such as aerosol source, 

suspended particle concentration and atmospheric processing which particles have 

experienced (Baker, 2006). Saharan dust is enriched in quartz whereas Gobi Desert dust 

has more feldspar. The quartz-rich dust has very low solubility of 0.02%-1.1% (Baker, 

2006), while dust rich in feldspar and biogenic Si have higher solubility of ~10% 

(Harrison, 2000). The dissolved Si flux from dust is estimated to be 0.5±0.5 Tmol/year 

based on the dust fluxes and dissolution rates (Treguer, 2013).  

 

Another important input of Si comes from hydrothermal reactions near mid ocean ridges. 

There are two types of hydrothermal fluids which react with submarine basalt. One is 

axial hydrothermal fluids, the other is off-axis hydrothermal fluids. Mid-ocean ridges 
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have a layered structure. The surface layer is pelagic sediments with underlying basaltic 

rocks, and below this is a sheeted dike complex. Beneath are the gabbroic rocks formed 

by slow cooling of magma. At the ridge, the cold water infiltrates toward the magma 

chamber and is heated to ~350℃. High-temperature hydrothermal fluids exchange with 

basalt resulting in a release of dissolved Si. The convection is driven by magmatic-

source heat advected to the upper crust. The fluid temperature can reach 350-400℃. 

This high-temperature alteration occurs mainly in the sheeted dike and plutonic section 

(Elderfield & Schultz, 1996). The high-temperature hydrothermal Si flux is 0.55±0.25 

Tmol/year (Elderfield & Schultz, 1996). Low-temperature alteration of basalt occurs at 

ridge flanks involving diffusive exchange and fluid flow. Seawater enters the basaltic 

basement and is warmed up from 2℃ to 10-50 ℃ (Wheat and McManus, 2005). 

Seawater reacts with basalt and releases Si to the basement fluid. Si concentration is 

increased to supersaturation and can be precipitated to form clays and secondary quartz 

or amorphous silica. As seawater exits from the basaltic basement, it can interact with 

the overlying sediments. The pore water in sediment layer contains high concentrations 

of dissolved Si and Ge. Concentrations tend to increase downwards due to the increasing 

temperature (Wheat and McManus, 2005). The dissolved Si and Ge in pore water 

diffuse into the basement fluid and the concentration drops drastically at the sediment-

basement interface. The precipitation of quartz happens through the entire process and 

buffers the Si concentration of basement fluid (Wheat et al., 2005). Reacted fluids can 

emerge at spring vents and return high concentrations Si to seawater. Si concentrations 

of high-temperature fluid is 16-23 mmol/kg, with a Ge concentration of 150-280 

nmol/kg for 350℃ (Mortlock et al., 1993). The Ge/Si ratio of this ridge flux is 
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9±6μmol/mol (Wheat and McManus, 2005). In contrast, the low-temperature 

hydrothermal flux has an average Si concentration of 50-100 mmol/kg and Ge 

concentration of 120-250 nmol/kg (Wheat and McManus, 2008). This generates a Ge/Si 

ratio of 25±24 μmol/mol. The overall Si flux from hydrothermal vents is not well-

constrained, and an estimation from Ge/Si and Ge isotopes budgets is 0.6±0.4 Tmol/year 

(Treguer and De La Rocha, 2013). 

 

 
Figure 1.1 Schematic graph of hydrothermal alteration, Wheat and McManus, 2005 
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Diagenesis of marine sediment plays an important role in the silica cycle. Marine 

sediments contain lithogenic material and biogenic silica. Dissolution of biogenic silica 

occurs during early diagenesis of marine sediments and releases Si to pore water. 

Dissolved Si accumulates in the pore space and gradually diffuses upwards to the ocean, 

establishing a steady state profile (Wollast and Mackenzie, 1983). Batch experiments of 

dissolution of basaltic particles in seawater indicates significant amount of Si and Sr can 

be released in months (Oelkers et al., 2011). Some studies show that 1-3% sediments 

along ocean margins can dissolve congruently as deduced from a neodymium isotope 

budget (Jeandel, et al., 2011). The isotopic analysis of Nd, Si and Fe from coastal 

regions suggests the dissolved elements are lithogenic (Lacan and Jeandel, 2005). 

Jeandel et al (2011) considered a large range of sediment composition, and estimated 

that 0.7-5.4 Tmol of dissolved Si are released to ocean annually from this “boundary 

layer” process. Treguer and De La Rocha (2013) estimated that the dissolved Si input 

to the oceans from marine sediment diagenesis is 1.9±0.7 Tmol/year. 

 

 

Internal Biogeochemical Cycling 

 

Biological uptake of silica by siliceous organisms followed by their burial is the largest 

sink for oceanic silica cycle. Dissolved silica in the form of silicic acid (H4SiO4) is taken 

up by diatoms and radiolarians to build their frustules.  Siliceous sponges take up silica 

to grow spicules. After they die, they can sink to the seafloor. The sinking flux of 

biogenic particulate silica is sometimes called “opal rain”. Most of sinking particulate 
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silica will be released to the water column by dissolution, and additional dissolution 

happens on the water-sediment interface, only ~3% of biological opal is preserved in 

sediments (Treguer et al., 2013).  

 

Biogenic silica production in the oceans is around 240 Tmol/year (Treguer, 1995), and 

the terrestrial phytolith production is slightly lower, 60-200 Tmol/year (Conley,2002). 

 

Reverse weathering 

 

During early diagenesis, dissolved Si can react with other elements (Mg, K, Al and 

F) and form authigenic clays; this process is known as reverse weathering. Reverse 

weathering reactions requires the participation of Al and Fe in the form of oxides 

or oxyhydroxides. The reactants come from dissolution of biogenic silica, highly 

weathered aluminosilicates and other sediments. Reverse weathering removes 

dissolved silica with Al and Fe oxy-hydroxides to form alumino-silicate minerals, 

and this process is especially active in deltaic regions (Treguer, 2013). Some 

biogenic silica buried in deltaic region is rapidly converted to authigenic clays 

under certain circumstances, which includes reactive Si, mobilization of Fe and Al 

in early diagenesis and incorporation of other elements such as K, Mg, F, Li and etc. 

In high sedimentation rate environment, biogenic silica particles are coated with 

Al and Fe, and diatom frustules are filled with pyrite, which provides essential 

conditions for the formation of aluminosilicates. This process has been 
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successfully replicated in laboratory experiments by Michalopoulos and Aller 

(1995). The schematic reaction can be summarized as: 

 

1.1)  6.47𝑆𝑖𝑂2 + 4.8𝐴𝑙(𝑂𝐻)3 + 0.9𝐹𝑒(𝑂𝐻)3 + 0.225𝐶𝑜𝑟𝑔 + 0.96𝐾+ +

0.39𝑀𝑔2+ + 0.05𝑁𝑎+ + 0.03𝑇𝑖(𝑂𝐻)4 + 1.81𝐻𝐶𝑂3
− →  

(𝐾0.96𝑁𝑎0.05) + (𝐴𝑙3.27𝐹𝑒0.90
2+ 𝑀𝑔0.39𝑇𝑖0.03)(𝑆𝑖6.47𝐴𝑙1.53)𝑂20(𝑂𝐻)4 +

2.035𝐶𝑂2 + 7.52𝐻2𝑂   

(Michalopoulos and Aller, 1995) 

6.47𝑆𝑖𝑂2 + 4.8𝐴𝑙(𝑂𝐻)3 + 0.9𝐹𝑒(𝑂𝐻)3 + 0.225𝐶𝑜𝑟𝑔 + 0.96𝐾+ + 0.39𝑀𝑔2+

+ 0.05𝑁𝑎+ + 0.03𝑇𝑖(𝑂𝐻)4 + 1.81𝐻𝐶𝑂3
−

→ (𝐾0.96𝑁𝑎0.05) + (𝐴𝑙3.27𝐹𝑒0.90
2+ 𝑀𝑔0.39𝑇𝑖0.03)(𝑆𝑖6.47𝐴𝑙1.53)𝑂20(𝑂𝐻)4

+ 2.035𝐶𝑂2 + 7.52𝐻2𝑂 

Examples of radiolarians in deep sea sediment (Sayles and Bischoff, 1973; Hein et al., 

1979; Cole, 1985; Odin and Frohlich, 1988) and diatoms in nearshore water and saline 

lakes (van Bennekom and van der Gast, 1976; Badaut and Risacher, 1982) are reported 

to show intergrowth of authigenic clays. The alteration products are classified into 2 

groups: 1) frustules and tests coated with cation-rich aluminosilicates; 2) complete 

alteration of siliceous frustules to authigenic aluminosilicates. The complete alteration 

group are composed of: a) biogenic silica locally replaced by aluminosilicates and, b) 

pseudomorphs consist of authigenic clays and agglutinated sedimentary matrix. 

Between the end members of completely altered frustules and unaltered diatoms, there 

is a spectrum of intermediate degrees of transition (Michalopoulos and Aller, 2004). 

The morphology of diatom frustules can either be preserved or fragmented.  
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The conversion from fresh diatoms to authigenic aluminosilicates is associated with 

sulfate reduction, metal reduction and decomposition of organic carbon. The diatom cell 

provides a microenvironment for sulfate reduction (Michalopolous and Aller, 2003). K+ 

and Mg2+ are incorporated into authigenic clays and Mg2+ will also be taken into 

carbonates. Other major and minor elements will also be involved in this precipitation 

process (Sutton et al., 2018). In tropical deltaic environments, the amount of authigenic 

clays produced is controlled by availability of reactive Si; Al and Fe phases are abundant. 

In deep sea sediments or carbonate rich sediments, the primary factor is the availability 

of Al and Fe-oxides. The output flux to reverse weathering has been estimated to be 

1.5±0.5 Tmol/year (Treguer and De La Rocha, 2013). The estimate is based on pore 

water flux of K+, F- and Li+; stoichiometric models of authigenic clay; non-steady-state 

diagenetic modeling; clay formation rate and composition from experiments; and a 

specially designed leach procedure to separate clays and biogenic silica (Treguer and 

De La Rocha, 2013). Reactive Si is a limiting factor during reverse weathering process, 

thus an estimate of the reactive Si sink is essential to solve for the reverse weathering 

flux. Laruelle et al. (2009) built a global-scale reactive Si box model to assessment the 

biogeochemical Si cycle and fluxes. Holland et al. (2005) estimates reverse weathering 

flux is 20-25% of total river input via K+, Na+, HCO3
- and H4SiO4 balancing. The 

information from different models and experiment are mutually supportive. However, 

this value is still thought to be underestimated (Sutton et al., 2018). They argue that the 

Si sink in deltaic and continental margin region is more significant than previously 

expected. Due to low opal concentration from conventional Si extraction method with 
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Na2CO3, other complex mineral formation that can consume biogenic silica in marine 

sediments is not taken into consideration. The amount of Si removal may be 2~3 times 

bigger than that derived from diagenetic models (Rahman et al., 2016). 

 

Other factors affecting Si cycle 

 

The consumption of silica by radiolarians remains uncertain, because not all radiolarians 

produce a silica skeleton and there is not enough information to estimate how much 

dissolved Si radiolarians take in (Treguer and De La Rocha, 2013; Takahashi, 1981). 

The Si flux to sponges is thought to be a missing sink and has been mostly neglected. 

Recent estimates of the output flux to sponges are 3.6±3.7 Tmol/yr (Maldonado, 2011; 

Treguer and De La Rocha, 2013). The flux from diatom utilization is better estimated, 

with a value of 6.3±3.6 Tmol/yr. These estimates take several parameters into account. 

For some better-known species like diatoms, the production rate has been estimated 

through box models and stoichiometric calculations (Nelson, 1995). The upper limit of 

diatom Si flux is estimated from primary production rates in the open ocean and coastal 

regions. The Si/C ratio of diatom is the key for calculating Si production rate, but this 

can change with iron availability. Fe deficiency tends to increase Si uptake of diatoms, 

thus the Si:C ratio will be higher in Fe-limited environment (Hutchins and Bruland, 

1998). To get the lower limit of Si production rate, the spatial distribution of silicic acid 

and deep ocean residence time are considered. Several box models with different surface 

layer depth and compartments were built to obtain a better idea of silicic acid 

distribution. The global surface ocean BSi production rate is 200~280 Tmol/yr, but only 



  19 

~3% is preserved in the sediments (Nelson et al., 1995). The preservation of opal is 

unevenly distributed. In some areas where diatom opal production is high 15~25% of 

the annual Si production can be preserved (Nelson et al., 1995). Factors affecting Si 

preservation include: water depth, surface layer temperature, diatom species 

composition, frustule morphology, grazer characteristics, aggregate particle formation 

and trace element chemistry. For other unknown contributors, a rough estimate is 

derived from the density of some species, the depth of their habitat, and the mean weight 

of the skeleton of certain species. 

 

 

Table 1.1 Global Si steady state fluxes 

Component Flux (Tmol Si/ yr) Uncertainties (Tmol Si/ yr) 

Inputs   

Rivers, dissolved Si 6.2 1.8 

Rivers, biogenic SI 1.1 0.2 

Groundwater 0.6 0.6 

Aeolian 0.5 0.5 

Hydrothermal 0.6 0.4 

Marine sediments 1.9 0.7 

Total net inputs 9.4 4.7 

Outputs   

Diatoms 6.3 3.6 

Sponges 3.6 3.7 

Total net outputs 9.9 7.3 

Total production 240 40 

After Treguer and De La Rocha, 2013, Table 5 
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Summary of global Si fluxes 

 

The global Si cycle is composed of 3 parts: inputs to the ocean, internal cycling and 

output fluxes. The input fluxes include riverine dissolved Si mainly from terrestrial 

weathering, groundwater, aerosols, hydrothermal fluxes, and diagenesis of marine 

sediments. The internal Si cycling involves both terrestrial ecosystem and marine 

ecosystem. On land, rock weathering supplies dissolved Si to rivers. Plants, freshwater 

diatom and aquatic plants will take up dissolved Si from soil and stream water and when 

they die, Si will be released to the environment and utilized by other plants and siliceous 

microbes. In the sea, the dissolved Si will be consumed by diatoms, radiolarians and 

siliceous sponges, and the Si will be released during decomposition and particle settling. 

 

Germanium – silicon ratios (Ge/Si) as a tracer of the silica cycle 

 

Germanium has similar properties and behavior to silica and their general 

biogeochemical cycles are closely linked. Ge and Si are both in the Ⅳ-A group of 

periodic table, and they exhibit very similar outer shells and ionic radii (Ge=47Å; 

Si=42Å) (Azam and Volcani, 1981). Ge has similar bond length with Si (Ge-O=1.75Å; 

Si-O=1.64Å) (Martin et al., 1996), thus Ge can replace Si in the tetrahedral lattice site 

of minerals (Goldschmidt, 1958). Molar Ge/Si ratios in natural systems are typically 

near ~ 10-6. Ge has larger atomic radius than Si, thus Ge tends to partition in 

phyllosilicates rather than other dense silicate minerals. Ge and Si can be treated as a 

“pseudo-isotopic” pair and their properties make them an ideal geochemical tracer of 
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temperature and weathering rates (Shemesh et al., 1989).  Ge/Si has several advantages 

as a tracer of reactions involving weathering, hydrothermal alteration and biologic 

cycling (Froelich et al., 1992). First, both dissolved Ge and Si come from weathering of 

silicate minerals. They exist in solution primarily in the form of silicic acid (H4SiO4) 

and germanic acid (H4GeO4). They have similar depth profiles in the ocean, indicating 

they are utilized by organisms in identical ways. Second, compared with some other 

indicators of weathering and alteration such as Sr or Li isotopes, Ge/Si has Si directly 

in this tracer, and thus should be a more direct indicator of changes in silica cycling and 

behavior. 

 

Global Germanium Cycle 

 

Bedrock Ge/Si ratios are typically ~1.5 μmol/mol (Kurtz and Derry, 2002). Ge/Si ratios 

in rivers are usually lower than the bedrock, and this can be explained by incongruent 

weathering and secondary mineral formation. Rivers contains dissolved primary 

minerals and suspended secondary clays. Weathering solutions have low Ge/Si ratios of 

~0.1 to 0.5 µmo//mol while secondary clays have a much higher value of ~3 to 10 

µmol/mol (Kurtz et al., 2001; Lugolobi et al. 2010; Aguirre et al., 2016; 2019). With 

increased weathering intensity secondary clays can dissolve, releasing solutes with a 

high Ge/Si. Therfore Ge/Si ratios in rivers can be a measure of weathering intensity 

(Murnane and Stallard, 1990; Mortlock and Froelich, 1987). Like silica, most Ge in the 

ocean comes from rivers and hydrothermal fluids. The Ge/Si ratio in rivers is 0.6±0.06 

μmol/mol (Mortlock and Froelich, 1987), which is controlled by the weathering 
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intensity and parent material. The hydrothermal fluid at mid-ocean ridges has Ge/Si 

ratio of 4~25 μmol/mol (Baronas et al., 2017), but terrestrial hydrothermal sources are 

typically higher, and in extreme cases reach to 1000 μmol/mol (Evans and Derry, 2002).  

 

Germanium sinks 

 

There are three main processes by which Ge is removed from the oceans: 1) biogenic 

opal formation that does not significantly fractionate Ge from Si; 2) reverse weathering 

and authigenic clay formation, which produces very high Ge/Si ratio minerals, and 3) 

the “non-opal sink” that appears mostly to be the formation of authigenic Fe-

oxyhydroxides that incorporate Ge and thus fractionate Ge from Si. Ge can be taken up 

by siliceous organisms. Diatoms are the primary biogenic opal producer in the ocean, 

and sponges come after. Unlike in fresh water, in most cases, marine diatoms smaller 

than 64 μm do not fractionate Ge/Si ratio in the ocean, so the ratio in diatoms is thought 

to be the same as in seawater (Froelich et al., 1992). However, Ge discrimination can 

occur when diatoms are stressed by strong Si limitation (Sutton, 2010). The Ge/Si of 

modern seawater has been estimated at 0.70 µmol/mol by Froelich et al. (1992) and as 

0.76 μmol/mol by Sutton et al. (2010). 

 

Another Ge removal mechanism is non-opal burial resulting from early diagenetic Fe 

reduction and opal dissolution. The Fe2+, Si and Ge profiles in sedimentary pore  
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Figure 1.2 Schematic graph of weathering intensity and Ge/Si ratio of river Kurtz 2000 
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waters indicate that the sequestration is more effective at removing Ge than Si, and this 

sequestration can make a difference to global oceanic Ge/Si ratio (Hammond et al., 

2000). Fe2+ rich pore water and an anoxic environment are necessary to sequester Ge. 

The non-opal burial process is similar to ‘reverse weathering’ of silica; Ge is 

sequestrated from sediment porewater to form authigenic minerals with very high Ge/Si 

ratio. In reducing sediments, soluble Fe2+ diffuses upwards from deeper sediments and 

oxygen diffuses down from the sediment-water interface. At a certain depth, usually 

several millimeters to centimeters below the surface, Fe2+ is oxidized to ferric 

oxyhydroxide, and coprecipitation or adsorption of Ge can occur. Where it occurs this 

process removes 20-90% of dissolved Ge released by opal dissolution (Hammond et al., 

2000). This process occurs under very specific circumstances of high organic carbon 

input and efficient iron reduction. Ge-sequestration studies have been done in the 

Equatorial Pacific and a continental margin sites off coast of Southern California 

(Hammond et al., 2000). While organic carbon rich sites off of Southern California 

showed evidence of this non-opal sink, no evidence of Ge sequestration has been found 

in Tanner Basin and Patton Escarpment along California Margin. The sediments of these 

two sites are suboxic, however the concentration of remobilized Fe2+ is very low. These 

results indicate the presence of anoxic sediments and Fe2+ very near the sediment-water 

interface are required for the formation of non-opal sink. Experiments have been 

implemented to study the composition and structures of Ge authigenic minerals. In the 

process of non-opal mineral formation, Fe is an indispensable element. Ge 

coprecipitates with Fe-oxyhydroxide when it is adsorbed to goethite and interacts with 



  25 

iron hydroxide (Pokrovski, et al., 2006). Ge tetrahedra can bond with goethite by edge-

sharing or incorporate with iron hydroxide by double-corner-sharing.  

 

Hammond et al. (2000) proposed that temperature is an important control on the Ge/Si 

ratio of seawater. The mechanism behind this hypothesis is that temperature has an 

effect on how much opal rain can reach to the seafloor. When temperature is low, the 

opal dissolution rate decreases, which results in more opal rain sinking to the seafloor. 

With this larger flux of biogenic silica to the sea floor, potentially more Ge will go to 

the non-opal reservoir and the Ge/Si of seawater will decrease. This mechanism can 

account for the Ge/Si variations recorded in diatoms during glacial and interglacial 

intervals, such as Mid-Miocene and LGM (Hammond, 2004). However, more recent 

work suggests that 90% of opal dissolution currently occurs at the sediment-water 

interface and not during settling through the water column (Treguer and De La Rocha, 

2013). If this is the case dissolution rates may be less sensitive to deep water 

temperatures. Alternatively, the precipitation of Ge correlates with the detrital fraction 

and detrital to opal ratio of sediments. More Ge is sequestered when there is a larger 

fraction of detrital material in the sediments (King, et al., 2000). Thus, an increase of 

aeolian detritus in the sediments might also be responsible for the reduction of Ge/Si 

ratio due to enhanced Ge removal, i.e. during glacial periods.  

 

Ge/Si can be fractionated by secondary mineral formation, which involves weathering 

and soil formation, reverse weathering and removal via what is termed the “non-opal” 

sink (Kurtz et al., 2001; Michalopoulos et al., 1995; Hammond et al., 2000). Authigenic 
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minerals produced by three processes all have high Ge/Si ratios. Ge and Si transported 

by rivers from land to ocean can be deposited in deltas or on the continental shelf. When 

they encounter Fe-rich and organic C-rich sediments, they react with Fe- and Al-bearing 

minerals and form clays. This reaction can occur with dissolved Ge and Si, diatom 

frustules and quartz. Debris containing Ge and Si buried in the sediments can dissolve 

in the pore water, diffuse to the water-sediment interface and react with Fe-

oxyhydroxide. The significance of early diagenetic processes has been considered in 

our work to build the Ge and Si box model and to interpret the Ge/Si of seawater. 

 

Ge/Si ratios of other fluxes are not well constrained. Some assumptions are made due 

to the lack of data of fluxes from other sources. The Ge and Si in groundwater are 

generated by the same weathering system with river, thus the Ge/Si of groundwater 

should be similar to the value of riverine input, which is 0.5 μmol/mol. The dust input 

is a variable affected by the glacial and interglacial cycle, and a fractionation occurs 

with partial dissolution of aerosols. More Si is released to sea water from dust 

dissolution, and a Ge enriched solid is left in marine sediments. During glacial period, 

the aeolian flux increases by a factor of 3 to 5 while the Ge/Si of aerosols is relatively 

constant (Kurtz, 2000). We estimate that the Ge/Si ratio of the input from dust is around 

0.4 μmol/mol. The ratio of low temperature hydrothermal fluid is included in that of 

warm hydrothermal fluid, because the low temperature alteration is less significant. 

(Hammond, 2004). The Ge flux values are calculated as Si flux times Ge/Si ratio.  

Baronas et al. (2017) developed a global Ge budget using better constrained Si fluxes 
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and the assumption of a steady state for the oceanic Ge mass balance, Ge/Si ratios, and 

δ74Ge.   

 

In sum, germanium and silica cycles are closely coupled. The riverine fluxes of Ge and 

Si are estimated relatively accurately, the hydrothermal fluid flux of silica is also well 

estimated, but the low-temperature fluxes of Ge and Si are poorly constrained. The Si 

cycle is better studied and other fluxes are also calculated based on mass balance or box 

model. Estimates of Ge cycle still need to be improved to make Ge/Si a more powerful 

indicator of weathering. 

 

Table 1.2 Global Ge and Si fluxes and Ge/Si ratio 

  sources 

Si 

flux(Tmol/y) 

Ge/Si(μmol/m

ol) 

Ge 

flux(Mmol/y) 

Input river 7.3±2.0 0.5 3.65±1 

 groundwater 0.6±0.6 0.5 0.3±0.3 

 marine sediments 1.9±0.7 0.6 1.14±0.42 

 dust 0.5±0.5 0.4 0.2±0.2 

 

hydrothermal 

fluids 
0.6±0.4 10.5 6.3±4.2 

     

Output burial 9.9±7.3 0.76 7.5±5.5 

 

reverse 

weathering 
1.5±0.5 3.5 5.25±1.75 

  non-opal sink / / 13.3±10.6 

Silica fluxes are from Treguer, 2013; 
Ge/Si ratio is from Baronas, 2017, Table 4 
Ge/Si ratio of dust and marine sediments are from Kurtz (2000), Ge/Si and trace element 
studies of silicate weathering and aerosol deposition (Ph.D. Thesis). 
 

CHAPTER 2 
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MID-MIOCENE CLIMATIC OPTIMUM 

Overview of Cenozoic Climate History 

 

The Cenozoic Era covers the last 65 million years in the Earth’s history. This period is 

well known for its complex and continuous climatic variation. Multiple kinds of proxies 

allow us to reconstruct the climatic history during this period. One of the most important 

proxies is the oxygen isotope composition of marine benthic foraminifera. The 

fractionation of δ18O between calcite and water is temperature-dependent.  O’Neil et al. 

(1969) experimentally determined the relationship between the fractionation factor α, 

defined as 

2.1)  𝛼 =
(

18𝑂

16𝑂
)

𝐶𝑎𝐶𝑂3

(
18𝑂

16𝑂
)

𝐻2𝑂

  

and temperature, T as  

2.2)  1000lnα = 2.78(10-6 T-2) - 3.39 

The term 1000lnα ≈ ∆CaCO3-H2O, = δ18Ocalcite - δ18OH2O, i.e. the observed difference 

between the isotopic composition of calcite and water in equilibrium (Criss, 1999, 

Principles of Stable Isotope Distribution). The calcite-water fractionation curve is 

shown in Figure 2.1. The fractionation decreases with temperature. If the δ18OH2O is 

known and constant, then the isotopic composition of foraminiferal calcite can provide 

an estimate of water temperature. Benthic foraminifera are calcium-carbonate forming 

zooplankton that live in deep water. As a consequence, their δ18O can provide an 
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Figure 2.1 Calcite-water fractionation curve for oxygen isotopes (18O and 16O), 

O’Neil et al., (1969) 
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estimate of deep-water temperatures since deep water has a fairly uniform temperature 

 

However, the presence of glaciers impacts the δ18O of the oceans.  Water molecules 

with 16O are easier to evaporate and those with 18O more readily condense. As a 

consequence, high latitude ice sheets have a lower δ18O value than seawater. In an ice 

age, the ice sheet expands and more 16O is stored in glaciers, consequently heavy oxygen 

isotopes are left in seawater. In sum, δ18O value of seawater is relatively higher when 

ice volume grows.  When ice sheets are present, the δ18O value of foraminifera depends 

both on the deep-water temperature and the volume and isotopic composition of the ice.  

Both cooler temperatures and increasing ice volumes push δ18O of benthic foraminifera 

to higher values, so overall higher δ18Oforam is consistent with cooling.  But it can be 

difficult to separate the effects of cooling deep water from increasing ice volume. 

 

For most of the time, Cenozoic presents a cooling trend. However, two warming events 

and several excursions stand out. The two major warming events are EECO (early 

Eocene climatic optimum, 50-52Ma) and MMCO (mid-Miocene climatic optimum, 15-

17 Ma) indicated by benthic foraminiferal δ18O data (Zachos et al, 2001). From 52-59 

Ma, the earth’s climate exhibits a warming trend and reaches a peak, the EECO. This 

was followed by a general cooling trend culminating in the onset of significant 

glaciation on Antarctica at the Eocene-Oligocene boundary, at 34 Ma. The benthic δ18O 

record increased 3‰ from middle Eocene to early Oligocene, 1.8‰ of the increase 

reflects the ice volume expansion (Zachos et al., 2001). Benthic δ18O values remained 
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Figure 2.2  Cenozoic global deep-sea δ13C and δ18O record based on data compiled from 

more than 40 DSDP and ODP sites. Most of the data are derived from analysis of two benthic 

taxa, Cibicidoides and Nuttallides in pelagic, fine-grained, carbonate-rich oozes or chalks. 

The raw data were smoothed using a five-point mean value and curve-fitted with a locally 

weighted mean. For carbon isotope record, separate curve fits for Atlantic (blue) and Pacific 

above the middle Miocene to illustrate the increase in basin-to-basin fractionation that 

exceeds 1‰ in some intervals. Some key tectonic and biotic events are listed above. Zachos et 

al., 2001 
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high indicating a cool phase and permanent ice sheet with mass as much as 50% of 

present-day ice sheet until ~27 Ma followed by a late Oligocene warming (Zachos et al., 

2001). The climate underwent a mild cooling then started to warm again from ~20 Ma. 

This later the warming trend culminates in the MMCO at 15-17 Ma. After the MMCO, 

gradual cooling persisted until the early Pliocene and Antarctic ice sheet expanded. A 

short warming began from early Pliocene until ~3.2 Ma. The cooling continued and 

benthic δ18O increased to ~4 to 5‰ in the late Pleistocene, reflecting the onset of North 

Hemisphere Glaciation (Zachos et al., 2001). 

 

MMCO δ18O and δ13C 

 

The Mid-Miocene Climatic Optimum (MMCO) is a short warming period between 

14.8-17 Ma, followed by a long-term cooling trend and glaciation. The MMCO has 

attracted interests from researchers due to its significant climate and carbon cycle 

perturbation. This period is characterized by a negative 18O shift, positive 13C shift, 

shoaling of the carbonate compensation depth (CCD) and high atmospheric carbon 

dioxide levels (pCO2) (Lear et al., 2010; Holbourn et al., 2016; Campbell et al., 2018; 

Foster et al., 2012). Large variations of different indicators show that climate in MMCO 

is very unstable. Both planktonic (surface water) and benthic foraminiferal 18O 

decrease during this period (Woodruff and Savin, 1991). Model simulation indicates 

that global average ocean surface temperatures were 2-4 ℃ warmer than pre-industrial 

values (You et al., 2009). Evidence suggests that several events happened during that 

time, including retreating of East Antarctic Ice Sheets, intensification of East Asia 
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summer monsoon, carbon cycle perturbations, and eruption of the Columbia river flood 

basalts. The amplitude of 18O fluctuation is ~1‰ and a sharp rise of δ13C in marine 

carbonates occurred at the onset of MMCO (Vincent and Berger, 1985; Holbourn. et al, 

2015). However, the temperature does not account for all the δ18O change, because ice 

volume contributes to the δ18O shift as well. The 18O value increased ~5.4‰ over the 

entire Cenozoic, but only 3.1‰ is derived from deep water cooling, the rest (2.3‰) 

corresponds to ice sheet expansion (Zachos et al., 2001). Palynological data shows high 

abundances of pollen and spores ~15.5 Ma in Antarctica, which provides evidence for 

warming event and ice sheet reduction (Warny et al., 2009). 18O records from Indian 

Ocean, Equatorial Pacific and South Pacific, Atlantic and Antarctic exhibit similar 

signals, indicating the global impact of the MMCO (Woodruff and Savin, 1991). 18O 

excursions divide the early and middle Miocene into several stages. Miller et al (1991) 

proposed 7 18O Mi-events, and Woodruff and Savin (1991) recognized 6 globally 

correlated 18O excursions. Mi2 is recognized to be a 18O increase of 0.6‰-0.8‰ at 

~16.5-16Ma for benthic and planktonic record; it is within MMCO and the amplitude is 

smaller than Mi1 (Miller et al., 1991). Immediate cooling at the end of MMCO is 

recognized as the Mi3 event, with an amplitude of ~0.5-0.8‰; this period implies a 

transition from warm to cool climate from 14.9-13.6 Ma. Ice sheet expansion and lower 

sea level are associated with Mi events as well (Miller et al. 1991). These events mark 

part of the series of Cenozoic cooling steps, while suggesting highly variable climate in 

Miocene (Holbourn et al., 2007). Carbon isotope (δ13C) excursions reflect perturbations 

of the carbon cycle during MMCO. The interpretation of the positive δ13C events is that 
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they reflect intervals of increased burial of organic carbon. The carbon isotope mass 

balance for the oceans is given by: 

 

2.3)  𝛿13𝐶𝑖𝑛  =  𝑓𝑜𝑟𝑔 × 𝛿13𝐶𝑜𝑟𝑔 + 𝑓𝑐𝑎𝑟𝑏 × 𝛿13𝐶𝑐𝑎𝑟𝑏  

 

Where δ13Cin is the mean isotopic composition of carbon entering the ocean, δ13Corg is 

the isotopic composition of organic carbon, δ13Ccarb is the isotopic composition of 

carbonate carbon, forg is the fraction of carbon leaving as organic carbon and fcarb is the 

fraction of carbon leaving as carbonate. In this two-component model  

 

2.4) forg + fcarb = 1 

 

The input term δ13Cin is typically assigned a value close to that of mantle carbon, ca. -

5 ‰ (Derry, 2014).  δ13Ccarb is close to that of dissolved inorganic carbon (DIC) in the 

oceans. The net fractionation arising from photosynthetic uptake of dissolved CO2, 

biosynthesis and early diagenesis is given by  

 

2.5) ∆B = δ13Ccarb - δ
13Corg   

 

i.e. the mean difference in the isotopic composition of carbonate and organic carbon 

entering the sedimentary reservoir at any moment in time. For the Neogene this value 

(∆B) is near 23 ‰ (Derry and France-Lanord, 1996). 
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2.6𝑎)  𝛿13𝐶𝑖𝑛 = 𝑓𝑜𝑟𝑔 × (𝛿13𝐶𝑐𝑎𝑟𝑏 − ∆𝐵) + (1 − 𝑓𝑜𝑟𝑔) × 𝛿13𝐶𝑐𝑎𝑟𝑏  

2.6𝑏)  𝛿13𝐶𝑖𝑛 = −5 ‰, ∆𝐵= 23‰ 

2.6𝑐)   − 5‰ = 𝑓𝑜𝑟𝑔𝛿13𝐶𝑐𝑎𝑟𝑏 − 23‰𝑓𝑜𝑟𝑔 + 𝛿13𝐶𝑐𝑎𝑟𝑏 − 𝑓𝑜𝑟𝑔𝛿13𝐶𝑐𝑎𝑟𝑏  

2.6𝑑)   − 5‰ = −23‰𝑓𝑜𝑟𝑔 + 𝛿13𝐶𝑐𝑎𝑟𝑏  

2.6𝑒)  𝑓𝑜𝑟𝑔 =
5‰+𝛿13𝐶𝑐𝑎𝑟𝑏

23‰
  

 

This equation (2.6e) shows that 𝛿13𝐶𝑐𝑎𝑟𝑏 correlates with 𝑓𝑜𝑟𝑔, i.e the fractional rate of 

Corg burial.  Since the ocean must be at approximate steady state with input carbon fluxes 

equal to output carbon fluxes, increases in δ13Ccarb are indicating increases in organic 

carbon burial. The organic carbon-rich sediments corresponding to the middle Miocene 

were first identified in North Pacific margin and Monterey Formation in California. 

Thus, this event was initially proposed as the “Monterey Excursion” (Vincent and 

Berger, 1991). Vincent and Berger (1991) proposed the “Monterey hypothesis” to 

illustrate a potential mechanism of Miocene cooling and incorporate δ13C and δ18O 

record. They suggest that plate tectonic events triggered the change of oceanic current 

circulation and resulted in the cooling of polar area (Shackleton and Kennett, 1975; 

Blanc et al., 1980).  Coastal upwelling was intensified presumably by cooling threshold. 

Excess organic matter burial was developed during middle Miocene and consequently 

lowered the pCO2. The low pCO2 in atmosphere subsequently enhanced global cooling, 

leading to the step-like cooling trend (Vincent and Berger, 1991). Evidence for 

enhanced primary production was found in sediments from worldwide, including 

Caribbean, Pacific and Mediterranean sites (Mutti et al., 2005; Woodruff and Savin. 
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1985; Follmi et al., 2008). However, there is a time lag between the carbon excursion at 

17 Ma and the cooling after 14 Ma. Additionally, the estimated amount of buried organic 

carbon in MMCO cannot fully explain the drawdown of pCO2 (Follmi et al., 2005). The 

carbon isotope maxima (CM) events occur with a strong ~400 kyr eccentricity cycle, 

and most CM events coincide with oxygen excursion events, while the benthic δ13C 

record shows that the interval of the first three CM events is ~850 kyrs (Woodruff and 

Savin, 1991), and the timing of the CM1-CM3 events correspond to ~16.4-15.5 Ma. The 

onset of CM1 occurred at 16.9 Ma which marks the beginning of MMCO; the 18O 

dropped ~1‰ at the same time, indicating the carbon cycle perturbation was triggered 

by climate change. Benthic foraminiferal δ13C values indicate high carbonate 

accumulation rates from 16-13 Ma for Pacific, and 16-14 Ma for Atlantic; the timing is 

roughly consistent with MMCO, this suggests pCO2 is high during that period 

(Woodruff and Savin, 1991). Carbonate dissolution and a short CCD shoaling at ~17 

Ma followed by an abrupt CCD deepening suggest the acidification of ocean and high 

pCO2 at the beginning of MMCO (Woodruff and Savin, 1991; Campbell et al., 2018). 

Overall, evidence from proxies and model suggest the perturbation of carbon cycle 

during MMCO. 
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Figure 2.3 Mi-events. Miocene oxygen isotope stratigraphy and magnetostratigraphy for 

eastern North Atlantic Site 608 and western North Atlantic Site 563. Miller et al., (1991) 
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Figure 2.4 CM-events, Benthic (Cibicidoides) oxygen (lower) and carbon (upper) records, 

biostratigraphic datums and carbonate dissolution intervals for DSDP Site 574 in the eastern 

equatorial Pacific. Triangles above the isotope curves show the location of dissolution 

intervals. Triangles below the isotopic curve show the locations of biostratigraphic datums 

and the age and fossil type of each. The uncertainty of the location is indicated by the length 

of the triangle. Locations of 13C maxima CM1 through CM6B are indicated in the upper 

isotope curve, and locations of 18O events A through F are indicated in the lower isotope 

curve. Woodruff and Savin, 1991. 
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Temperature and pH in MMCO  

 

Pagini et al. (1999) reconstructed the pCO2 over Miocene via alkenone records and 

concluded that pCO2 was ~140-300 ppm, lower than preindustrial value.  They did not 

find a clear rise of pCO2 during MMCO, nor an obvious drop after 14 Ma. More recent 

pCO2 reconstructions based on a variety of proxies including boron isotopes, leaf 

stomata and alkenones suggest that pCO2 was ~400-500ppm during MMCO, higher 

than preindustrial level, then gradually decreased to 200 ppm by 12 Ma (Foster et al., 

2012; Zhang et al., 2013; Super et al., 2018). Boron isotopes are pH sensitive and B has 

a residence time in the ocean of 11-17 Ma (Lemarchand et al., 2000). Thus, δ11B data 

can provide a connection between atmosphere CO2 and ocean pH, these records are 

essential for understanding ocean carbonate system during MMCO. The pH 

reconstruction from δ11B in planktonic foraminifera indicates that the surface ocean pH 

was ~7.6-7.7 in the MMCO, which appears to be the most acidic for the last 22 Ma, 

corresponding to a low aragonite saturation state (Sosdian et al., 2017). B/Ca ratios 

increases from 15.5 Ma, which indicates increasing [CO3
2-] and alkalinity input from 

continental weathering (Kender, 2014). In addition, the rise of [CO3
2-] implies an 

increase in pH that will cause CO2 drawdown in the atmosphere and the data is in 

agreement with the δ11B reconstruction of pCO2 after 15Ma. 

 

Not all the proxies show apparent changes in MMCO, however, the amplitude of 

fluctuation is high and Antarctic ice sheet is dynamic (Holbourn et al., 2015; Foster et 

al., 2017). The atmospheric CO2 level is closely coupled with global temperature.   
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Figure 2.5 pCO2 estimates for the past 40Ma using different proxies, Zhang et al. (2013). 
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Estimated temperatures in MMCO exhibit a wide range. Sea surface temperature in the 

mid latitude North Atlantic during MMCO was 28-35 ℃ based on Tex86 reconstruction 

(Super et al., 2018). Alkenone proxies and climate models suggest that the sea surface 

temperature was ~15℃ warmer than modern at Site 608 in the North Atlantic Ocean 

(Super et al., 2018), mean average temperature was ~4℃ above preindustrial values 

based on 400 ppm pCO2 modeling, and peak global temperature was ~8℃ above present 

values (Goldner et al., 2014). Benthic foraminiferal Mg/Ca is a powerful proxy to help 

deconvolve the temperature change from the δ18O signal, because Mg/Ca ratios depend 

on calcification temperature and are not directly sensitive to ice volume (Lear et al., 

2015). An increase 1℃ of seawater will cause 0.22‰ increase in seawater surface δ18O 

(Wang et al., 1995). This relationship is derived from lab calibration of fractionation 

factors without considering ice volume effects, and the sea surface temperature was 

reconstructed with planktonic foraminifera G. ruber. A 1℃ increase of the estimated 

bottom water temperature results in 0.09±0.04 mmol/mole benthic foraminifera Mg/Ca 

increase using equation 10 of (Lear et al., 2015). The benthic Mg/Ca is ~2.4 mmol/mol 

at 15 Ma, and gradually decreased to 2 mmol/mol at 13 Ma, corresponding to ~4.4℃ 

decrease in bottom water temperature. Collectively, several proxies suggest the MMCO 

was a relatively warm and humid period. This warmer climate is expected to affect the 

weathering rates and is reflected by some other indicators.  
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Figure 2.6 Pacific and Indian Ocean CCD reconstructions over past 20Ma using seismic model 

TX2007, and viscosity model V2 for dynamic topography corrections. Blue line is Pacific CCD 

reconstruction and red line is Indian Ocean CCD reconstruction, Campbell et al., 2018 
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Figure 2.7 Ocean pH reconstruction using δ11Bsw, Foster et al., 2012  
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Figure 2.8 δ11B record of G.Sacculifer (300-355μm, planktic) from ODP 761, Foster et al., 

2012 
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Figure 2.9 Deep-ocean B/Ca record as carbonate proxies in MMCO. Kender et al., 2015 
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Weathering Tracers in MMCO 

 

87Sr/86Sr, Os isotopes and δ7Li are widely used to reconstruct weathering fluxes. The 

marine 87Sr/86Sr record reported by Hodell et al. (1994) increases from early to middle 

Miocene. 87Sr/86Sr increases rapidly from 19 Ma to 16 Ma, and the growth rate peaks at 

~17 Ma then gradually falls through 15 Ma. The growth rate is nearly constant at 15-13 

Ma. Starting from 12 Ma, the growth rate slows until 9 Ma. The variation of the growth 

rate of 87Sr/86Sr record corresponds well to climate change trend in Miocene. However, 

part of the variation results from exhumation of upper Lesser Himalaya strata at 16 Ma 

and reflect erosion of carbonates (Myrow et al., 2015). 187Os/188Os was at steady state 

from 28 to 19 Ma, the ratio is 0.7337 (Myrow et al., 2015). The 187Os/188Os begins to 

increase at 16 Ma. The rise after 16 Ma may result from the weathering of old organic-

rich shales that contains radiogenic Os (Myrow et al., 2015). δ7Li increases ~5‰ overall 

through Neogene, while a minima occurred at MMCO, indicating enhanced continental 

weathering during that time (Froelich and Misra, 2014).  

 

It is likely that the Si cycle interacted with the climate change and experienced a 

perturbation during this period. Many indicators such as 87Sr/86Sr, 187Os/188Os and δ7Li 

had suggested some continental weathering and Si cycle changes during this period 

(Hodell et al., 1994; Reusch et al., 1998; Misra and Froelich, 2012). However, the lack 

of high-resolution data and the complexity of the indicators make them difficult to 

interpret. Ge/Si ratio is potentially a more straightforward indicator since it includes Si 

directly. Si has a residence time of 10000-15000 years while Ge has a shorter residence 
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time of ~4300 years (Treguer et al., 2013; Baronas et al., 2017). The oceanic Ge/Si ratio 

is the result of dynamic balance of inputs including river, aeolian, hydrothermal, 

groundwater and dissolution of marine sediments, and outputs including biogenic opal 

production, authigenic clay formation and the “non-opal sink” for Ge. Fluxes from all 

types of inputs and outputs as well as Ge/Si of different fluxes can vary with time. Ge/Si 

ratios of seawater are recorded in diatom frustules. Shemesh et al. (1989) presents some 

late Cenozoic Ge/Si data from Southern Ocean diatoms, but their data from 14 to 17 Ma 

is quite sparse and no further work has been done to study the Ge/Si ratio during this 

period. We believe high-resolution data will help us to better constrain variations in 

oceanic Ge/Si and get an idea of how Si cycle and continental weathering responded to 

the MMCO. To get a better record of Ge/Si ratio, we requested opal-rich samples from 

ODP. Site U1337 was selected due to its good continuity and well constrained time 

correlation. 

 

Multiple events seem to be associated with the global warming during mid-Miocene. 

The Columbia River basalt (CRB) eruption occurred coincidentally with MMCO (Barry 

et al.,2010). Eruptive activity started ~17 Ma, and lasted for ~4 Ma. The eruptive events 

themselves occupy only about 1% of total duration and the frequency of eruption is 

~4000 years. The eruptions are not evenly distributed during the 4 million years, it is 

very likely that eruptions happened more often in the beginning and became less 

frequent with time. Simulations have been carried out to estimate the impact of CO2 

degassing from CRB eruption. They found that the CRB eruption could have increased 

atmospheric pCO2 by 90 ppm, and this would have caused a 0.9-1.9℃increase in global 
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average temperature by 15.9 Ma (Armstrong Mckay et al., 2014). A significant amount 

of sulfur was released from the eruption, but the residence time of sulfur is relatively 

short. It takes decades to remove the effect of sulfur released from an eruption (Davis, 

2017). CO2 degassed from eruption has a much longer residence time and has a 

prolonged warming effect. This can account for part of the pCO2 and temperature 

increase of MMCO.  
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Figure 2.10 Seawater 87Sr/86Sr ratio record, blue dots are from Miller et al., 1991; orange dots 

are from Hess et al., 1986; yellow dots are from Hodell et al., 1994; purple dots are from Hodell 

et al., 1991; green dots are from Oslick et al., 1994 
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Figure 2.11  187Os/188Os ratio of seawater inferred from analysis of metalliferous carbonates. 

Blue dots are from Reusch et al., 1998; orange dots are from Ravizza et al., 1993 and yellow 

dots are from Peuker-Ehrenbrink et al., 1995 
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Figure 2.12 5-point-running mean of δ7Li foraminfera record. Data are from Misra and 

Froelich, 2012 
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Study site  

 

IODP Leg 320/321, Site U1337A (3°50.009′N, 123°12.352′W; 4463 meters below sea 

level [mbsl]) was selected to be the study site for our purpose. This site was drilled in 

May 2009 to study paleoceanography events from early to middle Miocene and it is on 

24 Ma crust. This site is part of the Pacific Equatorial Age Transact and is on a plateau 

with thick sediments accumulated. Site U1337 had been within ±2° of equator between 

8 to 24 Ma, and its location is currently north of the equatorial high productivity zone. 

Site U1337 is 1.6° east and 1.3° south of the best age-control DSDP site 79 and they are 

on the same ridge segment. The Oligocene-Miocene boundary also marks the beginning 

of an increase in the abundance of diatoms. Hole U1337A section 25X-section 40X, 30-

35 cm intervals were selected for this study. The age covers 11.1-18 Ma, the depth is 

between 245 to 409 m CCSF-A (core composite depth below seafloor). The 

sedimentation rate is ~21 m/Ma during middle Miocene. The diatom assemblage is 

primarily pennate taxa, Thalassiothrix spp. 

 

Age Model 

 

The age model was constructed by Tian et al. (2013). The initial age model of U1337 

was a polynomial fit of planktonic foraminifera datums, radiolarian datum events, 

nannofossil datums and magnetic events. A standard biostratigraphic event used for the 

Miocene chronology, B Discoaster petaliformis with middle point of EAIE - East 

Antarctic Ice sheet Expansion (a sharp increase in the benthic δ18O) is adopted to better 
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constrain the depth interval of 272.64- 355.77 mcd (meters composite depth). The depth 

of middle point of B D.petaliformis datum is 352.82 mcd, and the corresponding age is 

15.7 Ma (Exp 320/321 shipboard scientific party, 2010). The EAIE event is globally 

comparative and the middle point of this event is at 316.93 mcd corresponding to 13.86 

Ma (Tian et al., 2009; Holbourn et al., 2005). The initial age model was improved by 

tuning δ18O to the obliquity cycles of the astronomical solution from Laskar et al. (2004). 

The δ18O record displays strong cycles of eccentricity (100 ka) and obliquity (41 ka) 

while the precession cycle (21 ka) is weak. The tuning was done by aligning the data 

time series to that of the obliquity frequency with the “Linage” module from the 

software Analyseries 1.2 (Paillard et al., 1996). The tuned records have the same phase 

relationship between δ18O and δ13C as the untuned record at specific orbital cycles.  

Applying this model to Site U1337A depth interval of 245.08-407.4 mcd, the 

corresponding age is 11.32-18.30 Ma.   
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Figure 2.13.  Site U1337 age model, Tian et al., 2014  
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Figure 2.14 ODP SiteU1337A core summary of selected samples, Proceeding of the 

Integrated Ocean Drilling Program, Volume 321/321 
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Table 2.1 Depth and age summary of for selected samples 

Sample ID Depth Age  Sample ID Depth Age  

25-1S 245.08 11.322 33-6S 335.98 14.899 

25-2S 246.78 11.384 34-1S 339.36 15.046 

25-4S 249.6 11.487 34-2S 340.85 15.112 

25-5S 251.09 11.541 34-3S 342.35 15.177 

25-6S 252.58 11.596 34-4S 343.85 15.244 

25-7S 253.6 11.634 34-5S 345.35 15.310 

26-1S 254 11.648 34-6S 346.89 15.378 

26-2S 255.9 11.718 35-1S 348.33 15.443 

26-3S 257.4 11.774 35-2S 349.83 15.510 

26-4S 258.9 11.829 35-3S 351.33 15.577 

26-5S 260.44 11.886 35-4S 352.83 15.645 

26-6S 261.9 11.940 35-5S 354.33 15.713 

26-7S 262.9 11.978 35-6S 355.83 15.781 

27-1S 266.96 12.129 36-2S 360.25 15.984 

28-1S 272.61 12.342 36-3S 361.76 16.053 

28-2S 274.12 12.399 36-4S 363.25 16.122 

28-3S 275.63 12.457 36-5S 364.74 16.192 

28-4S 276.62 12.494 36-6S 366.25 16.262 

29-1S 284.9 12.812 36-7S 367.65 16.328 

29-2S 286.42 12.871 37-1S 368.86 16.385 

29-3S 287.94 12.930 37-2S 370.37 16.456 

29-4S 289.44 12.988 37-3S 371.86 16.527 

29-5S 290.94 13.047 37-4S 373.35 16.597 

29-7S 293.41 13.144 37-5S 374.89 16.671 

30-1S 300.42 13.421 37-6S 376.34 16.740 

30-2S 301.89 13.480 37-7S 377.36 16.789 

30-3S 303.41 13.541 38-1S 379.01 16.869 

30-4S 304.9 13.601 38-2S 380.5 16.941 

30-5S 306.42 13.662 38-3S 382.05 17.017 

30-6S 307.88 13.721 38-4S 382.99 17.062 

30-7S 309.39 13.783 39-1S 388.05 17.311 

31-3S 313.2 13.939 39-2S 389.54 17.385 

31-4S 314.68 13.999 39-3S 391.03 17.459 

31-5S 316.18 14.061 39-4S 392.55 17.535 

31-6S 317.68 14.123 39-5S 394.03 17.609 

32-1S 319.475 14.198 40-2S 401.34 17.980 

32-2S 321.27 14.273 40-3S 402.87 18.058 

32-5S 325.81 14.464 40-4S 404.3 18.132 

33-2S 329.98 14.641 40-5S 405.9 18.215 

33-4S 333 14.770 40-6S 407.4 18.292 

33-5S 334.5 14.835       
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CHAPTER 3 

 

METHODS  

Cleaning Procedure 

 

We followed the cleaning method developed by Shemesh and Mortlock (1988). 3 to 5 

g of sediment sample was weighed into a Teflon beaker. 100 ml of 1M HCl and 100 ml 

of 10% H2O2 were added to the beaker. Then the beaker was placed on a hot plate for 5 

hours at 50℃. This step is to remove carbonates and organic matter from the sample. 

The beaker was removed from hot plate and covered for 3 to 4 hours to cool and allow 

sediments to settle. The supernatant was decanted and discarded. 200 ml of 5% sodium 

hexametaphosphate was added to the beaker followed by 3-minute sonication. The 

beaker was placed on hot plate and covered with a Teflon disk. The mixture was brought 

to a boil for 15 minutes, then removed and cooled down for ~3 hours until the solids 

settled to the bottom. The supernatant was decanted and discarded. 

 

The solids were washed through 62 μm sieves first, and the >62 μm portion was washed 

twice to remove residual clays. This part was collected and kept in a 50 ml centrifuge 

tube. The >62 μm portion contains large diatoms, coarse detrital grains and radiolarians 

that fractionate Ge/Si from that of seawater value (Shemesh et al., 1988). The <62 μm 

portion was passed through a 40 μm sieve; the <40 μm part contains diatoms, sponge 

spicules and some clay residuals, this fraction was collected and washed through 10 μm 

sieve to remove clays. The 40-62 μm solids were discarded due to low opal content. The 
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<40 μm fraction was transferred to a Teflon beaker.  200ml of 1% sodium 

hexametaphosphate solution was added to the beaker, this fraction was boiled for 15 

min then sonicated for 2 min and set aside for 1-2 hours until most diatoms settle out. 

The supernatant was removed with a syringe and the process repeated for multiple times 

as needed. The final products were visually examined (they should be transparent or 

white), then saved in a 50ml centrifuge tube. The >62 μm portion and <40 μm portion 

were dried in a drying oven overnight at 60 ℃. At this point, several samples had been 

checked under optical microscope to see if clays were removed and what sort of material 

remained in the opal samples. 

 

1g of hydroxylamine hydrochloride (HN2OH•HCl) was dissolved in 10 ml DI water, 

then transferred into 100 ml 20% glacial acetic acid. 5 ml of 1% HN2OH•HCl in HOAc 

and 20 ml DI water were then added to the tube. The mixture was capped and swirled, 

then placed in a boiling water bath for 1 hour. Tubes were removed from water bath, 

and 20 ml DI water was added to each tube immediately. Next, tubes were sonicated for 

1 min and centrifuged for 3 min at 3500 rpm. The supernatant was syringed off and 

discarded. 45 ml DI water was added to tubes, and tubes were sonicated and centrifuged. 

The supernatant was again syringed off and discarded. This DI water wash-sonication-

centrifuge procedure was repeated 3 times. The tubes were placed in drying oven 

overnight at 60 ℃. 
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Opal Extraction 

 

15-18 mg of dry cleaned opal sample was weighed into a 50 ml centrifuge tube. 40 ml 

of 2M Na2CO3 solution was added to the tube. The tube was capped and swirled then 

placed in water bath at 85℃ for 5 hours. Every 1 or 2 hours, the tube was shaken and 

sonicated for 1 min to promote opal dissolution. The opal solution was centrifuged for 

3 min immediately after the water bath. 5 ml of the supernatant was transferred to 

another 50 ml tube and acidified to neutral pH. The solution was diluted to 20 ml for Ge 

and Si analysis. The final Na2CO3 concentration is 0.5M. 

 

Ge/Si determination 

 

Dissolved Si was determined by ICP-OES (AMETEK Spectroblue), and dissolved Ge 

was determined by hydride-generation ICP-MS (Thermo-Finnigan Element 2). For Ge 

determination, instrument tuning was carried out by introducing a 100 ng/L Ge standard 

into the hydride generation system and adjusting gas flows and other parameters to 

optimize the count rate between 250,000-500,000 cps.  All measurements were made in 

ion counting mode. Samples and standards were introduced to the hydride system with 

4% NaBH4 solution. During this process, germanic acid (Ge(OH)4) was reduced to 

volatile germane (GeH4) by NaBH4. Then the GeH4 was transported by argon gas into 

ICP-MS for determination. Check standards of 100 ng/L were bracketed throughout the 

analysis in order to monitor signal intensity drift and 70Ge/74Ge ratio drift.  The isotope 

dilution method was adopted to obtain a precise Ge analysis. A small amount of high 



  60 

70Ge/74Ge ratio spike was added to each sample and equilibrated overnight at room 

temperature. The ratio of 70Ge/74Ge in the spike is 162 and that of natural abundance is 

0.56. The target 70Ge/74Ge ratio of sample is 10, and the actual spiked samples were 

made up to a 70Ge/74Ge between 5 to 10, near the geometric mean of the spike and 

normal values (9.5247). The uncertainty of isotope dilution analysis is lowest near this 

target ratio (Mortlock and Froelich, 1996).  Ge was quantified both by a standard curve 

method using 74Ge, and by isotope dilution using 70Ge/74Ge ratio. The standard curve is 

composed of analysis of Ge standard with concentration at 5, 20, 50, 100, 200 and 

500ng/L. Corrections for background, mass bias and signal drifting were done using 

sample-standard bracketing. The background signal at mass (m/z) 70 is ~4400 cps, 7.6% 

of total counts, for m/z  = 72 is ~6500 cps, 8% of total counts and for m/z  = 74 is ~1400 

cps, 1.6% of total counts. The typical mass bias is ~1% per amu, the lowest mass bias 

is around 0.5%, and the highest is around 1.4%. A 100 ng/L Ge solution was prepared 

by serial dilution of a 1000 µg/ml standard solution (SPEX CertiPrep) and was used for 

a check standard. The final results were calibrated under both standard curve regression 

and isotope dilution for cross check. The standard curve corresponds to 74Ge, since the 

70Ge/74Ge ratio is 162, the contribution from spike is negligible to samples. A 10 ppt 

(ng/L) Ge standard spiked to a 70Ge/74Ge ≈ 10 was checked through multiple analysis. 

The results from multiple analysis of the spiked 10 ppt Ge standard are stable and 

reproducible; most of the differences between calculated standard and measured value 

are less than 1%, and the largest difference is 1.6%. 
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Si concentrations were calibrated using a standard curve that includes 1, 2, 5, 10, and 

20 ppm Si standards. Samples were bracketed by a 1 ppm check standard. The standard 

solutions were made in a Na2CO3 matrix of 0.5M which is the same with that of samples. 

 

Table 3.1 Ge measurement uncertainties for multiple runs 

date measured standard difference 

7/27/2018 10.05 10.12 -0.70% 

 9.96 10.12 -1.60% 

 10.03 10.12 -0.90% 

 10.14 10.12 0.20% 

  10.23 10.12 1.10% 

8/3/2018 10.25 10.12 1.30% 

  10.12 10.12 0.00% 

10/9/2018 9.98 10.01 -0.30% 

 10 10.01 -0.10% 

 9.97 10.01 -0.40% 

 10.01 10.01 0.00% 

  9.96 10.01 -0.50% 

 

The trace elements aluminum and iron were analyzed by both ICP-OES and ICP-MS to 

confirm whether the cleaning procedure is effective. In all cases Al and Fe were below 

detection limit for the ICP-OES.  

 

Sponge spicules were found in the sample by microscopic inspection. The fraction of 

sponge to total biogenic silica was estimated by image analysis using an optical 

microscope and “Image J” software. 5 samples were selected for this analysis, see 

results in Appendix Table 16. Pictures of sample were taken under the microscope, then 

each sponge and diatom frustule were outlined and the area of the polygon were 

calibrated by “Image J”. The average value obtained from multiple fields of view was 
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taken for the same sample. The purpose of this estimation is to have a better knowledge 

of Ge/Si measured from the sample, because sponge spicules tend to have different 

Ge/Si ratio from diatom. The Ge/Si of modern sponges is 0.23±0.12μmol/mol (Baronas 

et al., 2017). A Ge/Si ratio correction was made for the Ge/Si ratio we measured. 

3.1) RspFsp+RdmFdm=Rmeasure 

3.2) Rdm=(Rmeasure-RspFsp)/Fdm 

Where Rsp is Ge/Si ratio of sponge, Rdm is Ge/Si ratio of diatom. Fsp is the fraction of 

sponge in total biogenic opal and Fdm is the fractionation of diatom in total biogenic 

opal. Rmeasure is Ge/Si ratio we measured.  

Here we assign Rsp=0.2, Fsp=10%, Fdm=90%.  

3.3) Rdm=(Rmeasure-0.02)/0.9 
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Figure 3.1 Samples under optical microscope, diatoms are outlined by red lines, and sponge 

spicules are outlined by yellow lines 
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CHAPTER 4 

 

BOX MODEL 

Ge/Si Box Model 

 

This model was constructed to test different weathering regimes and see which of them 

can lead to Ge/Si ratios that are consistent with our data. The model consists of a single 

box representing the oceans, consistent with the well mixed and uniform values of Ge/Si 

in the oceans (Froelich et al., 1992). The model has specified inputs (sources) of Ge and 

Si. Outputs are either specified or treated as a first-order rate law with respect to Ge and 

Si in the oceanic reservoir.  

 

 Inputs of Ge and Si to the oceans (sources) 

 

The sources of this model come are the river flux, groundwater flux, axial and low-T 

hydrothermal fluids, dissolution of marine sediments and dissolution of aeolian input. 

The river flux is the largest flux and has dominant effect on Ge/Si in the ocean. The 

groundwater flux is 0.6 Tmol/yr (Treguer and De La Rocha, 2013), and we assume this 

flux does not vary during MMCO. No evidence suggests the hydrothermal flux changed 

and affected seawater Ge/Si during MMCO, so we assume this flux is also constant. 

The aeolian flux varies with the glacial - interglacial cycle. Aeolian fluxes are higher 

during glacial period and lower during interglacial periods. However, for purpose of 

constructing this model we assume that  the effects at million-year scale average out,so 
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we assume this flux is fixed. Marine sediment dissolution is assumed to be congruent 

and does not change in this model.  

 

Removal of Ge and Si from the oceans (sinks) 

 

There are two processes that remove dissolved Ge and Si from seawater: biogenic opal 

production and authigenesis. Plankton, microorganisms, animals and plants can take up 

Si from seawater. Our model includes Si and Ge removal by sponges and diatoms. 

Authigenesis is a process that traps Ge and Si and converts them into secondary clays, 

involving reverse weathering and Ge sequestration. Biogenic opal production is the 

major sink for Si in the ocean and removes Ge, but marine authigenesis removes Ge 

more efficiently than Si.  

 

Conceptual Description 

 

The Si fluxes are estimated by Treguer et al. (2013). The non-opal sink is based on the 

Ge sequestration associated with iron oxides estimated by Baronas et al. (2017); Si 

export is negligible in this process. The initial ocean Ge/Si is set to be 0.7 μmol/mol. 

The Ge/Si ratio of river, groundwater, marine sediment, hydrothermal flux and sponges 

are from Baronas et al (2017).  The aeolian Ge/Si ratio is from Kurtz (2000), and diatom 

Ge/Si ratio is from Mortlock et al. (1989).  The Ge/Si ratio associated with reverse 

weathering is assigned to make the model at steady state. Small adjustments within 

uncertainties have been made to make output fluxes balance input fluxes. The Si 
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reservoir has 97000 Tmol of Si (Treguer et al., 2013), the total input flux is 11.3 Tmol/yr, 

yielding the residence time of 8584 years. The Ge reservoir size is 67900 Mmol, the 

total input is 22.3 Mmol/yr, and the residence time is therefore 3044 years.  

  

The box model is based on several equations 

4.1) 
𝑑𝑆𝑖

𝑑𝑡
= 𝑆𝑖𝑖𝑛𝑝𝑢𝑡 − 𝑆𝑖𝑜𝑢𝑡𝑝𝑢𝑡   

 

where 

4.2) 𝑆𝑖𝑖𝑛𝑝𝑢𝑡 = 𝐹𝑟𝑖𝑣𝑒𝑟 + 𝐹𝑔𝑟𝑜𝑢𝑛𝑑𝑤𝑎𝑡𝑒𝑟 + 𝐹𝑚𝑎𝑟𝑖𝑛𝑒𝑠𝑒𝑑𝑖𝑚𝑒𝑛𝑡 + 𝐹𝑑𝑢𝑠𝑡 +

𝐹𝑎𝑥𝑖𝑎𝑙 ℎ𝑦𝑑𝑟𝑜𝑡ℎ𝑒𝑟𝑚𝑎𝑙 + 𝐹𝑙𝑜𝑤−𝑇 ℎ𝑦𝑑𝑟𝑜𝑡ℎ𝑒𝑟𝑚𝑎𝑙,  

and 

4.3) 𝑆𝑖𝑜𝑢𝑡𝑝𝑢𝑡 = 𝐹𝑑𝑖𝑎𝑡𝑜𝑚 + 𝐹𝑆𝑝𝑜𝑛𝑔𝑒 + 𝐹𝑟𝑒𝑣𝑒𝑟𝑠𝑒𝑤𝑒𝑎𝑡ℎ𝑒𝑟𝑖𝑛𝑔 

The terms Fi refer to silica fluxes into or out of the oceans. 

 

4.4) 
𝑑𝐺𝑒

𝑑𝑡
= 𝐺𝑒𝑖𝑛𝑝𝑢𝑡 − 𝐺𝑒𝑜𝑢𝑡𝑝𝑢𝑡  

where Geinput has the same sources as Si, and the Ge fluxes are defined by Ge/Si ratio 

of different sources. 

4.5) 𝐺𝑒𝑖𝑛𝑝𝑢𝑡 = 𝐺𝑒𝑟𝑖𝑣𝑒𝑟 + 𝐺𝑒𝑔𝑟𝑜𝑢𝑛𝑑𝑤𝑎𝑡𝑒𝑟 + 𝐺𝑒𝑚𝑎𝑟𝑖𝑛𝑒𝑠𝑒𝑑𝑖𝑚𝑒𝑛𝑡 + 𝐺𝑒𝑑𝑢𝑠𝑡 +

𝐺𝑒𝑎𝑥𝑖𝑎𝑙 ℎ𝑦𝑑𝑟𝑜𝑡ℎ𝑒𝑟𝑚𝑎𝑙 + 𝐺𝑒𝑙𝑜𝑤−𝑇 ℎ𝑦𝑑𝑟𝑜𝑡ℎ𝑒𝑟𝑚𝑎𝑙    

where  

4.6a) 𝐺𝑒𝑟𝑖𝑣𝑒𝑟 = 𝐺𝑒/𝑆𝑖𝑟𝑖𝑣𝑒𝑟 × 𝐹𝑟𝑖𝑣𝑒𝑟, 

4.6b) 𝐺𝑒𝑔𝑟𝑜𝑢𝑛𝑑𝑤𝑎𝑡𝑒𝑟 = 𝐺𝑒/𝑆𝑖𝑔𝑟𝑜𝑢𝑛𝑑𝑤𝑎𝑡𝑒𝑟 × 𝐹𝑔𝑟𝑜𝑢𝑛𝑑𝑤𝑎𝑡𝑒𝑟, 
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4.6c) 𝐺𝑒𝑚𝑎𝑟𝑖𝑛𝑒𝑠𝑒𝑑𝑖𝑚𝑒𝑛𝑡 = 𝐺𝑒/𝑆𝑖𝑚𝑎𝑟𝑖𝑛𝑒𝑠𝑒𝑑𝑖𝑚𝑒𝑛𝑡 × 𝐹𝑚𝑎𝑟𝑖𝑛𝑒𝑠𝑒𝑑𝑖𝑚𝑒𝑛𝑡, 

4.6d) 𝐺𝑒𝑑𝑢𝑠𝑡 = 𝐺𝑒/𝑆𝑖𝑑𝑢𝑠𝑡 × 𝐹𝑑𝑢𝑠𝑡, 

4.6e) 𝐺𝑒𝑎𝑥𝑖𝑎𝑙 ℎ𝑦𝑑𝑟𝑜𝑡ℎ𝑒𝑟𝑚𝑎𝑙 = 𝐺𝑒/𝑆𝑖𝑎𝑥𝑖𝑎𝑙 ℎ𝑦𝑑𝑟𝑜𝑡ℎ𝑒𝑟𝑚𝑎𝑙 × 𝐹𝑎𝑥𝑖𝑎𝑙 ℎ𝑦𝑑𝑟𝑜𝑡ℎ𝑒𝑟𝑚𝑎𝑙, 

4.6f) 𝐺𝑒𝑙𝑜𝑤−𝑇 ℎ𝑦𝑑𝑟𝑜𝑡ℎ𝑒𝑟𝑚𝑎𝑙 = 𝐺𝑒/𝑆𝑖𝑙𝑜𝑤−𝑇 ℎ𝑦𝑑𝑟𝑜𝑡ℎ𝑒𝑟𝑚𝑎𝑙 × 𝐹𝑙𝑜𝑤−𝑇 ℎ𝑦𝑑𝑟𝑜𝑡ℎ𝑒𝑟𝑚𝑎𝑙  

 

4.7) 𝐺𝑒𝑜𝑢𝑡𝑝𝑢𝑡 = 𝐺𝑒/𝑆𝑖𝑠𝑤(𝐺𝑒𝑑𝑖𝑎𝑡𝑜𝑚 + 𝐺𝑒𝑠𝑝𝑜𝑛𝑔𝑒) + 𝑟𝑒𝑣𝑒𝑟𝑠𝑒 𝑤𝑒𝑎𝑡ℎ𝑒𝑟𝑖𝑛𝑔 +

𝑛𝑜𝑛𝑜𝑝𝑎𝑙 𝑠𝑖𝑛𝑘   

Here, we simulated the Si and Ge reservoir respectively, and we can calculate Ge/Si 

ratio by dividing the results of equation (4.1) with equation (4.4). 

 

4.8) 
𝐺𝑒

𝑆𝑖𝑠𝑤=
𝑀𝐺𝑒
𝑀𝑆𝑖

  

 

Where MGe is the amount of Ge in the ocean, and MSi is the amount of Si in the ocean. 

The unit here is Tmol (1012 moles). 

The weathering intensity is associated with Ge/Siriver, and weathering extent is linked to 

Friver. When weathering is more incongruent, the riverine silica flux Friver increases 

which tends to decrease the Ge/Si of seawater. When weathering is more congruent, the 

Ge/Siriver increases, if Friver does not change, Ge/Sisw increases as well. Reverse 

weathering is a sensitive control on Ge/Si ratio, because it is a sink with a high Ge/Si 

ratio. The oceanic Ge/Si ratio increases with lower reverse weathering extent or Ge/Si 

ratio. However, the scale of the flux and Ge/Si ratio of reverse weathering still has large 

uncertainties. More work is required to estimate the Ge/Si ratio and the reverse 
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weathering flux, especially on how climate change may affect the intensity and extent 

of reverse weathering. A big ecological community shift could also change oceanic 

Ge/Si ratio. If the dominant marine silica species were sponges rather than diatoms, the 

Ge removal efficiency will be low, and Ge/Si ratio of seawater will increase. There is 

no clear evidence which shows significant long term change in hydrothermal flux over 

the last 20 Ma. Because we lack a robust estimate for dust fluxes during 15-17 Ma, we 

begin by using the modern flux of 0.5±0.5 Tmol/yr (Treguer et al., 2013). We think the 

Miocene dust flux was probably smaller than modern, because northern hemisphere 

glaciation was much smaller or even absent. Aeolian records from Rea et al. (1994) 

suggests the dust flux is low during MMCO. The Ge/Si ratio of the dust flux was 

assigned to be 0.4 μmol/mol. This is lower than the river Ge/Si ratio since only part of 

the dust dissolves in the ocean, i.e. dust weathering is incongruent (Kurtz, 2000). 
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Table 4.1 Ge/Si model parameters 

Components Si Flux (Tmol/ka) 
Ge/Si 

(μmol/mol) Ge Flux (Mmol/Ka) 

river 7300 0.5 3650 

groundwater 600 0.5 300 

marine sediments 1900 0.6 1140 

dust 500 0.4 200 

axial hydrothermal 500 9 4500 

low-T hydrothermal 500 25 12500 

Total input 11300   22290 

diatom 7000 0.7 4900 

sponge 2800 0.49 1372 

reverse weathering 1500 7.61 11415 

nonopal sink -- -- 4600 

Total output 11300   22287 

Si flux from Treguer and De La Rocha, 2013 
Ge flux and Ge/Si ratio from Baronas et al., 2017 
Small adjustments are made to balance inputs and outputs 
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Figure 4.1 Schematic graph of Ge/Si box model. Arrows represent Si and Ge fluxes, red numbers 

are Si fluxes in Tmol/kyr, green numbers are Ge fluxes in Mmol/kyr 

  



  71 

Li box model 

 

The isotopic composition of marine lithium, expressed as δ7Li, is another indicator of 

silicate weathering process. δ7Li is introduced here because it is very similar to Ge/Si in 

terms of weathering. In addition, δ7Li does not depend on biology. Li is believed to be 

closely related to silicate weathering (Misra and Froelich, 2012). Although a small 

amount of Li exists in carbonates, this tracer is barely affected by carbonate weathering. 

A Li box model was constructed to test our hypotheses and help us exclude some 

possibilities. The residence time of Li in the ocean is ~1.2 Ma, much longer than mixing 

time of seawater (~1000 years). All these features make Li isotopes a potentially useful 

weathering tracer. 

 

We adapted the Li box model built by Misra and Froelich, 2012. The input fluxes of Li 

box model include river flux, high-temperature hydrothermal flux and subduction reflux. 

The output fluxes include the formation of marine authigenic aluminosilicate clays 

(MAACs) and altered oceanic crust (AOC). The fluxes and Li isotopic signature of each 

fluxes are based on present values from Misra and Froelich (2012). The flux of river 

and hydrothermal fluids are on the same scale, the river flux is 10 Gmol/yr and 

hydrothermal flux is 13 Gmol/year. The river flux has a higher δ7Li signature than 

hydrothermal fluids, and high-temperature hydrothermal fluids have a Li isotope 

composition of 8.3‰. The δ7Li of the river flux exhibits a wide spread in global rivers, 

but the average value is ≈23‰. The δ7Li of river water is controlled by weathering 

intensity. Secondary minerals are enriched in 6Li, thus when weathering intensity is high, 
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the δ7Li of river will increase as more 6Li is released from dissolution secondary clays. 

60 Ma ago, the river δ7Li is estimated to have been 3‰ at steady state and the ocean 

δ7Li was 22‰ (Misra and Froelich, 2012). Assuming other fluxes and their isotopic 

composition are constants, based on the δ7Li record, the ocean during the MMCO 

δ7Li is ~25‰. To reach steady state of 25‰, the river δ7Li needs to be 5.7‰ in our 

model. The subduction reflux term represents is Li released to seawater during 

subduction. The subduction reflux is estimates to be 6 Gmol/yr with a δ7Li of 15‰. This 

term is assumed to be constant in this model and so does not have effect on the variation 

of seawater δ7Li. Marine authigenic aluminosilicate clays (MAAC) and altered oceanic 

crust (AOC) are products formed during reverse weathering, and this Li sink has a δ7Li 

dependent on seawater Li isotopic composition. The δ7Li of MAAC and AOC is 16‰ 

lighter than seawater δ7Li (Misra and Froelich, 2012). The model can be expressed as 

below: 

4.9) 
𝑑𝐿𝑖

𝑑𝑡
= 𝐹𝑟𝑖𝑣𝑒𝑟 + 𝐹𝐻𝑇 + 𝐹𝑠𝑢𝑏 − 𝐹𝑟𝑤  

4.10) 
𝛿7𝐿𝑖

𝑑𝑡
=

1

𝐿𝑖
[𝛿7𝐿𝑖𝑟𝑖𝑣+𝐹𝐻𝑇𝛿7𝐿𝑖𝐻𝑇 + 𝐹𝑠𝑢𝑏𝛿7𝐿𝑖𝑠𝑢𝑏 − 𝐹𝑟𝑤(𝛿7𝐿𝑖 − 16‰)) −

𝛿7𝐿𝑖(𝐹𝑟𝑖𝑣𝑒𝑟 + 𝐹𝐻𝑇 + 𝐹𝑠𝑢𝑏 − 𝐹𝑟𝑤)]  

where Li is Mass of Li in the ocean, Friver is Li river flux, FHT is hydrothermal flux, Fsub 

is subduction reflux, and Frw is MAAC and AOC fluxes. 𝛿7𝐿𝑖 is Li composition of 

seawater, 𝛿7𝐿𝑖𝑟𝑖𝑣  is the isotopic composition of Friver,  𝛿7𝐿𝑖𝐻𝑇  is the isotopic 

composition of FHT, and 𝛿7𝐿𝑖𝑠𝑢𝑏 is isotopic composition of Fsub.  
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Friver is dissolved Li transported by river to the ocean. This flux is associated with 

continental weathering. Similar to riverine flux of Si, Friver of Li is controlled by 

weathering extent, and Friver of Li increases as weathering extent increases. Only about 

one fifth of Li weathered from continental crust is dissolved in stream water, the rest is 

trapped in the secondary minerals (Froelich and Misra, 2014). δ7Liriv is the isotopic 

composition of Friver of Li and it is dependent on weathering intensity. 6Li is enriched 

in secondary clays, resulting in the offset of isotopic composition between river and 

continental crust. The δ7Li of upper continental crust is 1.7‰ and δ7Liriv is 23‰ (Misra 

and Froelich, 2012). When weathering intensity increases, the δ7Liriv should decrease as 

more secondary clays dissolved and release 6Li to stream water. FHT is controlled by 

hydrothermal activities and spreading rate of seafloor and the δ7LiHT is higher than the 

isotopic composition of MORB by 3.7‰ due to the sequestration of 6Li into Mg-rich 

greenstone alteration minerals (Misra and Froelich, 2012). δ7Lisub has the same isotopic 

composition of sediments, flux-weighted average input and reverse weathering. Thus, 

this flux does not fractionate δ7Li of seawater. MAAC is responsible 70% of Li removal 

and AOC removes 30% of Li sinks from ocean. The two sinks have the same isotopic 

composition of 15‰, lighter than δ7Li of seawater. This is thought to drive the isotopic 

composition of seawater to its present heavy value. 
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Table 4.2 Li isotope model parameters 

Input(mol/yr)   δ7Li(‰)   

Friv 8.00E+09 delriv 5.7 

Fhyd 1.30E+10 delhyd 8.3 

Fsub 6.00E+09 delsub 15 

total input 2.70E+10   

Output(mol/yr)    

AOC+MAAC 2.70E+10 epsRW 16 
 
Tau (years) 1.14E+06   

Mass_Li (moles) 3.08E+16     

 

After Misra and Froelich, 2012 
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Ocean 

31‰ 

River 

10Gmol 
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Hydrothermal 
13Gmol 
8.3‰ 
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29Gmol 

 Δ(Ocean-Sediment)=16‰ 

Figure 4.2 Schematic graph of Li box model. Rectangles represent for input and output fluxes of Li 
in the ocean. The rounded-corner rectangle represents ocean reservoir. Fluxes and isotopic 
composition are noted in each shape. 16‰ is fractionation factor of Li removal by reverse 
weathering.  Δ represents difference between seawater and sediments. Data from Misra and 
Froelich,, 2012. 
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CHAPTER 5 

 

RESULTS 

Ge/Si ratio of diatoms from IODP site U1337A 

 

Eighty-one samples of biogenic silica from IODP site U1337A were analyzed for Si, Al, 

Fe and Ge. The age range is between 11.32-18.29 Ma, with an average temporal 

resolution of ~0.087 Ma; at some intervals the resolution approaches ~0.05 Ma.  

Measured Ge/Si ratios are between 0.45-1.0 μmol/mol.  Measured Al/Si ratios are 

between 0.2-16.25 mmol/mol. Measured Fe/Si ratios are between 0-3.67 mmol/mol. 

(Table 7). The low Al and Fe contents indicate that the cleaning procedures effectively 

removed detrital and oxide phases (Shemesh et al., 1988). 

 
Table 5.1 Summary of measurement of Si, Ge, Al and Fe for 50 samples.  These are the 

concentrations in the solutions analyzed. 

Sample ID Si (μM) Ge(pM) Al(10-9M) Fe(10-9M) 

25-1S 0.318 0.234 1.568 0.041 

25-2S 0.266 0.199 2.168 0.215 

25-4S 0.194 0.151 0.984 0.063 

25-5S 0.285 0.212 1.034 0.066 

25-6S 0.262 0.198 1.079 0.065 

25-7S 0.281 0.211 1.575 0.104 

26-1S 0.314 0.240 1.419 0.059 

26-2S 0.135 0.084 0.800 0.058 

26-3S 0.263 0.169 1.035 0.084 

26-6S 0.194 0.108 0.879 0.062 

26-7S 0.227 0.120 0.988 0.088 

27-1S 0.293 0.263 0.787 0.045 

28-1S 0.160 0.142 1.191 0.096 

28-2S 0.318 0.232 1.257 0.073 

28-3S 0.131 0.090 0.294 0.005 

29-1S 0.189 0.097 0.161 0.003 

29-2S 0.318 0.190 0.901 0.089 
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29-3S 0.284 0.153 0.812 0.153 

29-4S 0.180 0.175 0.695 0.070 

29-5S 0.180 0.162 0.682 0.069 

29-7S 0.277 0.172 0.629 0.068 

30-1S 0.297 0.192 1.083 0.274 

30-2S 0.196 0.181 0.121 0.003 

30-3S 0.319 0.248 0.593 0.067 

30-4S 0.256 0.196 0.972 0.127 

30-5S 0.192 0.148 0.346 0.045 

30-7S 0.138 0.116 0.316 0.045 

31-3S 0.134 0.110 2.183 0.288 

31-5S 0.315 0.221 0.089 0.004 

31-6S 0.298 0.173 0.953 0.084 

32-1S 0.323 0.185 0.180 0.001 

32-2S 0.272 0.180 0.825 0.092 

32-5S 0.344 0.256 1.195 0.070 

33-2S 0.248 0.164 0.630 0.122 

33-4S 0.205 0.130 0.466 0.045 

34-1S 0.328 0.238 0.494 0.098 

34-2S 0.276 0.142 0.521 0.095 

34-6S 0.387 0.229 0.077 0.002 

35-3S 0.184 0.140 1.339 0.232 

35-4S 0.192 0.141 0.306 0.002 

35-5S 0.275 0.202 1.233 0.093 

35-6S 0.281 0.229 0.252 0.001 

36-2S 0.156 0.108 1.323 0.573 

36-3S 0.173 0.094 1.091 0.162 

36-4S 0.246 0.193 1.048 0.214 

36-5S 0.294 0.142 0.508 0.010 

36-6S 0.182 0.077 0.480 0.108 

36-7S 0.181 0.130 0.584 0.070 

38-2S 0.329 0.177 0.116 0.002 

39-5S 0.272 0.236 0.278 0.009 

mean 0.247 0.172 0.811 0.090 

error 0.065 0.049 0.492 0.097 
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Table 5.2 Summary of Ge/Si ratio, Al/Si ratio and Fe/Si ratio for 50 samples 

Sample ID 
Ge/Si 

(μmol/mol) 
Ge/Si 

corrected 
Al/Si 

(mmol/mol) 
Fe/Si 

(mmol/mol) 

25-1S 0.735 0.794 4.932 0.130 

25-2S 0.747 0.807 8.145 0.808 

25-4S 0.780 0.844 5.069 0.324 

25-5S 0.742 0.803 3.630 0.233 

25-6S 0.756 0.818 4.119 0.246 

25-7S 0.751 0.813 5.601 0.371 

26-1S 0.764 0.827 4.513 0.188 

26-2S 0.622 0.669 5.942 0.431 

26-3S 0.640 0.689 3.928 0.317 

26-6S 0.556 0.596 4.533 0.320 

26-7S 0.529 0.566 4.351 0.387 

27-1S 0.896 0.974 2.683 0.152 

28-1S 0.888 0.965 7.452 0.603 

28-2S 0.731 0.790 3.957 0.229 

28-3S 0.690 0.744 2.246 0.041 

29-1S 0.512 0.547 0.850 0.014 

29-2S 0.599 0.644 2.835 0.279 

29-3S 0.540 0.578 2.862 0.538 

29-4S 0.971 0.578 3.868 0.390 

29-5S 0.902 0.979 3.798 0.387 

29-7S 0.619 0.666 2.271 0.244 

30-1S 0.646 0.696 3.643 0.923 

30-2S 0.925 1.006 0.616 0.014 

30-3S 0.779 0.843 1.860 0.210 

30-4S 0.768 0.831 3.803 0.498 

30-5S 0.772 0.835 1.800 0.236 

30-7S 0.837 0.908 2.282 0.323 

31-3S 0.823 0.892 16.251 2.141 

31-5S 0.703 0.759 0.282 0.012 

31-6S 0.581 0.624 3.196 0.280 

32-1S 0.572 0.613 0.558 0.004 

32-2S 0.660 0.711 3.028 0.338 

32-5S 0.743 0.803 3.474 0.203 

33-2S 0.662 0.714 2.545 0.492 

33-4S 0.636 0.685 2.273 0.220 

34-1S 0.726 0.785 1.509 0.299 

34-2S 0.514 0.549 1.890 0.345 

34-6S 0.592 0.636 0.198 0.004 

35-3S 0.761 0.823 7.266 1.259 
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35-4S 0.737 0.797 1.594 0.009 

35-5S 0.734 0.793 4.488 0.338 

35-6S 0.814 0.883 0.898 0.005 

36-2S 0.689 0.744 8.459 3.665 

36-3S 0.541 0.579 6.306 0.936 

36-4S 0.784 0.849 4.265 0.871 

36-5S 0.482 0.513 1.726 0.035 

36-6S 0.424 0.448 2.635 0.591 

36-7S 0.720 0.777 3.224 0.388 

38-2S 0.537 0.575 0.353 0.007 

39-5S 0.868 0.942 1.021 0.033 

mean 0.700 0.746 3.581 0.426 

error 0.124 0.133 2.695 0.593 
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Figure 5.1 plot of Al/Si vs, Ge/Si 

 

 
Figure 5.2 plot of Fe/Si vs. Ge/Si 
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The size fractionation procedure appears to have been effective at removing radiolarians, 

but it remains possible that there are some unidentified radiolarian fragments in the 

cleaned samples. Sponges comprise ~10% of total biogenic opal based on inspection by 

optical microscopic. (Appendix Table 16) The measured Ge/Si ratios were corrected for 

a contribution from sponge spicules because sponge spicules do not directly record 

ambient seawater values (Baronas et al., 2017). The correction is implemented using the 

equation 3.3 described in Methods (Chapter 3). 

 

The Ge/Si value of the sponge component is assumed to be 0.2 (Ellwood et al., 2006). 

Generally, the correction increased the estimated Ge/Si value of the diatom component 

by 6-9%. The Ge/Si ratios of the diatom opal (i.e. after correction for the sponge spicule 

component) range from 0.45 to 1.04 µmol/mol (Appendix Table A1).  There is no 

apparent long-term trend in the data. A linear regression of Ge/Si on age yields a slope 

of -0.0060 ± 0.0073 (p = 0.41), statistically insignificant and not different from zero. 

The mean value of all the data is 0.734 ± 0.029 (2 S.E.). Smoothing the data with 3- and 

5-point running means does not significantly change the mean or standard error, but 

does result in a less noisy data set (Figure 5.3, 5.5, 5.6, show all data, 3-pt mean, and 5-

pt mean). 

 

There is, however, some evidence for quasi-periodic variations in the Ge/Si ratios from 

this time interval which are easier to see in the smoothed data.  To test whether there 

could be periodic variation in the data a MATLAB routine was used to fit a 1 term 
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Figure 5.3 Original Ge/Si of U1337A 

 

 

Figure 5.4 Ge/Si corrected with sponge content 
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Figure 5.5 3-point running mean of Ge/Si ratio of U1337A 

 

 
Figure 5.6 5-point running mean of Ge/Si ratio of U1337A 
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Fourier series model to the entire and smoothed data sets. The 1 term Fourier series 

model has the form: 

 

5.1) 𝑦 = 𝑎0 + 𝑎1 𝑐𝑜𝑠 𝑐𝑜𝑠 (𝑥𝑝)  + 𝑏1𝑠𝑖𝑛 (𝑥𝑝) 

5.2) 𝑝 = 2𝜋/[(𝑋)  − 𝑚𝑖𝑛 (𝑋)] 

  

The MATLAB “fit” routine was used to find a non-linear least squares solution for the 

Fourier coefficients a0, a1, b1 and ω, the angular frequency.  The algorithm was applied 

to the full data set (n = 81) and the 3- and 5-point running means (n = 27 and 16, 

respectively).  The results are presented in Figure 5.7 and Table 5.3.  Higher order terms 

did not significantly improve the fit statistics, and the higher order coefficients were 

mostly within uncertainty of zero, so these results are not presented.  The goodness of 

fit as measure by the r2 parameter improves with the smoothed data (running means).  

The Fourier analysis suggests that there is a periodicity to this data of approximately 1.9 

Ma.  However, the analysis also is near the limit of significance, with even the first 

Fourier coefficients (a1, b1) not significantly different from zero at the 95% CI. Thus, 

it remains uncertain whether the apparent periodic signal is robust or meaningful. The 

variability in the data suggests that diagenesis could have impacted Ge/Si ratios in the 

opal.  Early work on the transition from opal-A (synthesized by diatoms) to more 

ordered opal-CT indicated that the rate of this transition was significantly controlled by 

alkalinity and Mg++ ions (Kastner et al. 1977).  The reaction to opal-CT was believed to 

be quite slow at low temperature. The samples in this study are from 245 – 407 mbsf. 
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Table 5.3 Fourier Fit coefficients 

    coefficient uncertainty R2  

3pt a0 0.727 0.6995 

0.3401 
 a1 0.03591 -0.2041 

 b1 0.05185 -0.1153 

 w 3.299 2.99 

     

5pt a0 0.7226 0.6938 

0.5741 
 a1 -0.02377 -0.3129 

 b1 0.0681 -0.04055 

 w 3.367 3.08 

     

all a0 0.7276 0.699 

0.1179 
 a1 -0.03047 -0.3067 

 b1 0.05458 -0.1024 

  w 3.379 3.037 

 

Measured present day down hole temperatures for U1337 form a linear trend from the 

seafloor (0 m) to 298.1 mbsf (Figure 5.8), which can be given by the following 

regression: 

 

5.3) T(z), ˚C  = 0.0324(z) + 1.793 

 

(data from Proc. IODP vol 320/321 doi: 10.2204/iodp.proc.320321.109.2010) 

Using this relationship the present day temperatures experienced by the samples in this 

study (z = 245 to 407 m) range from 8.1 to 13.3 ˚C. A study of silicon isotope variations 

in pore water and siliceous sediments found that 

 



  86 

 
Figure 5.7a Fourier fit for all data 

 
Figure 5.7b Fourier fit for 3-pt running mean 

 
Figure 5.7c Fourier fit for 5-pt running mean  
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Figure 5.8 U1337 temperature gradient, Sources: Proceedings of the integrated ocean 

drilling program,volume 320/321, Figure F47 
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opal-CT recorded pore water values of δ30Si and that these can be different from 

seawater (Tatzel et al., 2015 EPSL). It is possible that Ge/Si ratios are also impacted, 

but the temperatures experienced by the samples are low enough that they should not 

have transitioned to opal-CT. An alternative hypothesis is that there is variable 

contamination by sponge spicules (with low Ge/Si relative to diatoms) and radiolarian 

fragments (high Ge/Si relative to diatoms), and that this is responsible for the variability. 

This issue requires further investigation.   

 

Comparison with Previous Studies 

 

The data in this study can be compared to the data in Shemesh et al. (1989) (Figure 5.9).  

Shemesh et al. only have 13 data points in this interval.  Their data fall within the range 

defined by the new data in this study, with the exception of one high outlier at ca. 15 

Ma.  In general, Shemesh et al.’s data for the period older than 14.5 Ma are in the high 

part of the range of the data from this study.  Their data indicate a drop in marine Ge/Si 

at around 13.5 Ma from values near 0.9 to 1.0 µmol/mol to values closer to 0.7 µmol/mol, 

but that shift is not supported by the new data in this study.  We do not find clear 

evidence for this decrease. If we arbitrarily compare the new data for the older interval 

from 18.29 to 14.00 Ma versus the younger interval from 13.94 to 11.32 the older 

interval has a mean Ge/Si = 0.711±0.035, while the younger has a mean Ge/Si = 

0.768±0.049 (uncertainties are 2 S.E.).  For the older interval either Shemesh’s low 

sampling resolution missed the lower values found in this study, or the data in this study 
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Figure 5.9 Ge/Si ratio.  Pink dots are 5pt running mean of this study and red dots from Shemesh 

et al., 1989.  
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are more impacted by either diagenesis or incomplete accounting of sponge spicules. 

The means from the two intervals in the present study do overlap at the 95% CI, and are 

not statistically distinguishable.   

 

The modern river value for Ge/Si is ca. 0.54 µmol/mol (Froelich et al., 1992, Baronas 

et al., 2017).  Consequently, values in the present data set < 0.6 appear unlikely to be 

primary, as they are too close to the river value. Removing the samples with Ge/Si ≤ 0.6 

(equivalent to a filter with a lower limit of 0.6) leaves 64 samples with a mean Ge/Si = 

0.78±0.03 µmol/mol.  Including the Shemesh et al. data from 11.1 to 17.9 Ma yields 

essentially the same result with a mean Ge/Si = 0.78±0.02 µmol/mol, with n = 77.  This 

may be a better estimate of the mean value for the mid-Miocene, derived from the 

present data set and the data of Shemesh et al., 1989. This new filtered combined data 

set weakens the case for periodic behavior, with r2 of the 1 term Fourier fit for the 

filtered data set of only 0.08, and still shows no significant overall temporal trend. 

 

There does appear to be a difference between the mid-Miocene data and the Pleistocene 

data of Shemesh et al. (1989) and Froelich et al. (1992). Shemesh reported 9 samples 

younger than 2.78 Ma, with a mean Ge/Si = 0.62±0.02 µmol/mol. Froelich et al. (1992) 

show clear glacial-interglacial variation, with a total range from 0.54 to 0.78 and a mean 

near 0.67 (close to the modern value for seawater).   The mean Pleistocene value appears 

to be distinct from the mean mid-Miocene value, although the difference is not as large 

as suggested by the pre 13.5 Ma data from Shemesh et al. (1989), and the interglacial 

values overlap with the mid-Miocene values.  The mid-Miocene data set does not have 
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the temporal resolution to capture glacial-interglacial variations that may have existed 

at that time. 

 

Model experiments 

 

We tested several scenarios that might drive changes in the seawater Ge/Si ratio over 

time, including for the MMCO, as indicated by proxies discussed in the Chapter 1. 

Using the mass balance model, we evaluate the impact of flux changes more 

quantitatively. The same forcing was applied to both the Ge/Si and Li box models as 

they should respond to similar forcings, although not necessarily in the same way. Based 

on climate proxies and other weathering indicators during Mid-Miocene, weathering 

flux and weathering intensity are expected to change in this period. As reverse 

weathering is an important sink for Ge, Si and Li, this flux should adjust to achieve a 

new steady state in the ocean. Thus, the changes of weathering flux, weathering intensity 

and reverse weathering are tested in the model. We use river flux, river isotopic 

composition to represent weathering flux and weathering intensity as most weathering 

products are transported by river. Reverse weathering flux of Ge and Si are based on 

estimation by Treguer et al. (2013) in agreement with estimation from Michalopolous 

and Aller (2004) and Laruelle (2009). In all tests, hydrothermal fluxes, groundwater 

flux, marine sediment flux, dust flux and their isotopic composition in Ge/Si box model 

are fixed. Hydrothermal flux, subduction reflux and their isotopic signature are constant 

in Li model. 
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Changes in weathering and reverse weathering fluxes 

  

Results are listed in Figure 5.10 and 5.11. River flux changes for Si and Ge reflect 

variation in continental weathering. For Scenario 1(a), 1(b), 1(c) and 1(d), the river flux 

of Si, Ge and Li is increased by 20%, 50%, 100% and 130% when other fluxes are 

constant. An increase in river fluxes will lower Ge/Si ratio and δ7Li of seawater, as 

rivers have low Ge/Si and δ7Li compared to most of the other inputs. However, the 

capacity of the river flux to influence the isotopic composition of seawater is limited. In 

scenario 1(d), a 130% river flux increase leads to only a 0.1 decrease in Ge/Si ratio and 

0.1‰ decrease in δ7Li, corresponding to a decrease of 14.3% and 3.6% with respect to 

their initial ratios.  

Reverse weathering and Ge sequestration are classified as authigenesis, and only reverse 

weathering flux changes in our model tests. During authigenesis, Ge, Si and Li are 

removed from seawater via the formation of secondary clays. How this flux is linked to 

weathering or climate is not clear. In the Ge/Si model, the reverse weathering flux is 

determined by balancing the global mass budget. In Li model, this Li removal term is 

dependent on the residence time of Li and the total mass of Li in the ocean. For scenario 

2(a), 2(b), 2(c) and 2(d), reverse weathering flux increased by 2%, 4%, 6% and 8%, 

while other fluxes remain constant. Reverse weathering forms clays with a high Ge/Si 

ratio and low δ7Li from seawater. Consequently, increasing weathering intensity will 

reduce the Ge/Si ratio and raise δ7Li of seawater. In scenario 2(d), an 8% increase in 

reverse weathering flux yields 13.1% decrease in Ge/Si ratio and 1.2% increase in δ7Li 

within 2.5Ma, which is 0.61 and 25.3‰ respectively.  
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Changes in Ge/Si ratio or δ7Li for different scenario 

 

Besides flux changes, isotopic composition variation is another reason of seawater 

isotopic signature evolution. An increase in weathering intensity results in river waters 

with higher Ge/Si ratios and lower δ7Li values. For scenario 3(a), 3(b), 3(c) and 3(d), 

the Ge/Si ratio of river flux increases by 10%, 20%, 30% and 40%, and δ7Li decreases 

by 10%, 20%, 30% and 40%. Other fluxes are set to be constant. In Scenario 3(d), a 40% 

Ge/Si increase of river flux results in 0.16 increase in seawater Ge/Si ratio. A 40% δ7Li 

decrease of river flux reduces seawater δ7Li to 24.3‰. Compared with original steady 

state value, Ge/Si ratio increases by 22.9% and δ7Li decreases by 2.64%. In scenario 3 

group, isotopic composition of other fluxes remains constant. 

  



  94 

Table 5.4 Ge/Si model experiment scenarios. From left to right, column 1 is ID for different 

model experiments, Scenario 1 corresponds to river flux increase. Scenario 2 increases 

reverse weathering flux and Scenario 3 increases weathering intensity (Ge/Si ratio of river). 

From a to d, the amount increases from small to large. Column 2 tells which variable is 

changing in the scenario. Column 3 tells how much the variable in column 2 changes. Column 

4 is the flux or Ge/Si ratio used in the corresponding scenario. Column 5 is the Ge/Si ratio of 

ocean at steady state for each scenario. 

scenario variable % increase flux or ratio result 

1a Friver 20% 8760 0.673 

1b  50% 10950 0.643 

1c  100% 14600 0.61 

1d  130% 16790 0.599 

2a RW 2% 1530 0.677 

2b  4% 1560 0.654 

2c  6% 1590 0.63 

2d  8% 1620 0.608 

3a Ge/Si ratio 10% 0.55 0.74 

3b  20% 0.6 0.78 

3c  30% 0.65 0.82 

3d   40% 0.7 0.86 
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Table 5.5 Li model experiment scenarios. From left to right, column 1 is ID for different 

model experiments, Scenario 1 corresponds to river flux increase. Scenario 2 increases 

reverse weathering flux and Scenario 3 increases weathering intensity (δ7Li of river). From a 

to d, the extent of changing increases from small to large. Column 2 tells which variable is 

changing in the scenario. Column 3 tells how much the variable in column 2 changes. Column 

4 is the Li flux or δ7Li used in the corresponding scenario. Column 5 is the δ7Li of ocean at 

steady state for each scenario. 

scenario variable % increase flux or ratio result 

1a Friver 20% 9.60E+09 24.83 

1b  50% 1.20E+10 24.59 

1c  100% 1.60E+10 24.25 

1d  130% 1.84E+10 24.1 

2a RW 2% 8.16E+09 25.09 

2b  4% 8.32E+09 25.16 

2c  6% 8.48E+09 25.22 

2d  8% 8.64E+09 25.29 

3a δ7Li 10% 5.13 24.85 

3b  20% 4.56 24.68 

3c  30% 3.99 24.51 

3d   40% 3.42 24.34 

 

Summary of changes that could explain seawater Ge/Si ratio and δ7Li record 

 

Reproducing the Ge/Si ratio and δ7Li record during the Mid-Miocene period requires 

interaction of river flux, reverse weathering flux and changes in isotopic composition 

of river flux. The MMCO is a relatively wet and warm period, and weathering intensity 

is believed to increase under these circumstances, leading to Ge/Si ratio increase and 

δ7Li decrease of seawater. δ7Li decreased ~ 1‰ from 17 -14.5Ma in data from Misra 

and Froelich (2012). In our model test, scenario 3(c) implies that 30% isotopic 

composition change results in 0.49‰ decrease of δ7Li and 0.12 increase of Ge/Si ratio. 

However, a Ge/Si increase is not observed in this study around 15 Ma. This result might 

suggest that a weathering intensity increase alone cannot produce the record we 
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observed. However, the scatter in the record makes it difficult to resolve whether the 

Ge/Si of seawater changes in this interval. A river flux increase will decrease Ge/Si ratio 

and δ7Li of seawater. Scenario 1(b), a 50% increase of river flux can cause 0.41‰ 

decrease in δ7Li and 0.06 decrease in Ge/Si ratio. This scenario combined with scenario 

3(d) can produce a 1‰ reduction in δ7Li but only balance 0.06 of 0.16 Ge/Si increase. 

In scenario 1(c), a 100% increase in river flux can cause 0.75‰ decrease in δ7Li and 

0.09 decrease in Ge/Si ratio. The 100% increase in river flux is an extreme setting, even 

this cannot fully compensate for the increase of Ge/Si ratio from scenario 3(c). The 

combination of increased weathering flux and increased weathering intensity cannot 

achieve the mild increase of the Ge/Si ratio we observed in MMCO compared to 

present.Because seawater Ge/Si ratio is very sensitive to changes in weathering intensity, 

the weathering flux needs to double to offset the effect of a 30% weathering intensity 

increase. Doubling the river flux of silica is  unexpected, suggesting the reverse 

weathering flux also changes in the mid-Miocene. A slight reverse weathering increase 

has a strong effect of reducing the Ge/Si ratio while increasing δ7Li moderately. When 

adjusting parameters to the scenario 1(b), 2(c) and 3(c), that is 50% increase in river 

flux, 6% increase in reverse weathering flux and 30% increase in weathering intensity, 

the Ge/Si ratio is 0.72 μmol/mol, and the δ7Li is 23.7‰. Other combinations can 

generate similar results, scenario 1(b), 2(b) and 3(b) yields Ge/Si ratio of 0.697 and δ7Li 

of 23.9‰. Scenario 1(a), 2(a) and 3(b) yields Ge/Si ratio of 0.73 and δ7Li of 24.3‰. 

Other parameters that are not listed in test results can also make this model work and 

generate data similar to Ge/Si ratio and δ7Li record. 
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Figure 5.10  Ge/Si box model simulation results. Scenario 1 corresponds to river flux 

increase, Scenario 2 corresponds to reverse weathering flux increase and Scenario 3 

corresponds to weathering intensity increase (Ge/Si ratio of river increase). From (a) to 

(d), the extent of changing increases 
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Figure 5.11 Li box model simulation results. Scenario 1 corresponds to river flux increase, 

Scenario 2 corresponds to reverse weathering flux increase and Scenario 3 corresponds to 

weathering intensity increase (δ7Li of river decrease). From (a) to (d), the extent of changing 

increases 
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CHAPTER 6 

 

MODEL DISCUSSION  

 

Considering the MMCO background, proxy records and model simulation, we believe 

the slightly decreasing Ge/Si ratio and δ7Li during the MMCO result sfrom: (1) higher 

weathering intensity; (2) increasing river flux Friver and (3) increasing reverse 

weathering flux Frw. High weathering intensity is consistent with the warm and wet 

climate condition during MMCO. The total continental flux delivered to the sea by river 

increases as well. Reverse weathering responds to the increasing input to the ocean 

reservoir and adjusts to reach a new steady state. The key question is how “intense” the 

weathering was and how much the river flux increased in MMCO. 

 

Changes in Ge/Si ratio of river flux 

 

The isotopic composition of river flux directly reflects the ratio of primary mineral to 

secondary mineral dissolved in streams, as a result, weathering intensity can also be 

inferred from variations of isotopic composition. The present river Ge/Si ratio and δ7Li 

are lower than seawater isotopic composition. Thus, when Ge/Si ratio of river increases, 

seawater Ge/Si ratio increases as well. The present river Ge/Si ratio displays an average 

value of ~0.56 μmol/mol (Froelich et al., 1992), and the bedrock Ge/Si ratio varies from 

1 to 3 μmol/mol. Since the river Ge/Si ratio is derived from the mixture of dissolved 
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primary minerals and secondary clays, we express the relationship between bedrock, 

river, secondary clays and weathering intensity as this equation developed by Murnane 

and Stallard (1990): 

6.1) 𝐺𝑒/𝑆𝑖𝑏𝑒𝑑𝑟𝑜𝑐𝑘 = 𝑊 ∙ 𝐺𝑒/𝑆𝑖𝑟𝑖𝑣𝑒𝑟 + 𝐺𝑒/𝑆𝑖𝑠𝑒𝑐(1 − 𝑊)  

We assume a simple linear relationship between W and 𝐺𝑒/𝑆𝑖𝑠𝑒𝑐, with the intercept of 

𝐺𝑒/𝑆𝑖𝑏𝑒𝑑𝑟𝑜𝑐𝑘 at W=0. The slope of the line is an empirical partitioning factor that can 

be calculated from data: 

6.2) 𝐺𝑒/𝑆𝑖𝑠𝑒𝑐 = 𝐺𝑒/𝑆𝑖𝑏𝑒𝑑𝑟𝑜𝑐𝑘 + 𝐴𝑊  

Substituting equation (6.1) with equation (6.2): 

6.3) 𝐺𝑒/𝑆𝑖𝑟𝑖𝑣𝑒𝑟 = 𝐺𝑒/𝑆𝑖𝑏𝑒𝑑𝑟𝑜𝑐𝑘 + 𝐴(𝑊 − 1)  

6.4) 𝑊 =
𝐺𝑒/𝑆𝑖𝑟𝑖𝑣𝑒𝑟−𝐺𝑒/𝑆𝑖𝑏𝑒𝑑𝑟𝑜𝑐𝑘

𝐴
+ 1  

where A is an empirical Ge partitioning factor, the slope of the linear relationship 

between W and Ge/Sisec. W is weathering intensity, the fraction of Si released to stream 

from bedrock by chemical weathering. When W=1, the weathering is congruent and 

Ge/Siriver=Ge/Sibedrock. When W approaches 0, most Ge is sequestered into secondary 

clays, and Ge/Siriver=Ge/Sibedrock - A. If we assume Ge/Sibedrock=1.5, Ge/Siriver can be as 

low as 0.3, so when W=0, A=1.2. At steady state Ge/Siriver=0.5 μmol/mol, W is 

calculated to be 0.16. In our scenario 3 group, the weathering intensity is listed in Table 

6.1. The relationship of how Ge/Siriv changes with weathering intensity is shown in 

Figure 6.1. 
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Table 6.1 Weathering intensity calculated for Scenario3 

Scenario Ge/Siriver W 

3 (a) 0.55 0.21  

3 (b) 0.6 0.25  

3 (c) 0.65 0.29  

3 (d) 0.7 0.33  
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Figure 6.1  Ge/Si ratio of river and weathering intensity curve 
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For scenario 3(d), Ge/Siriver is close to the present seawater Ge/Si ratio, so to balance 

the impact from enhanced weathering intensity, it requires Friver to increase to 2.7 times 

of present value and 14% increase in reverse weathering. Such high Friver is very unusual, 

we do not think it realistic during MMCO. In our model cases, most results include 

scenario 3(b) and 3(c), which indicates W is probably lower than 0.3.  

 

As for Li isotopes, the δ7Li of river for present is 23‰, and the estimate of river δ7Li at 

60 Ma ago is 3‰, we select a value that is in between, fits the record well and can 

achieve a pseudo steady state when ocean δ7Li is 25‰. However, the actual δ7Li of 

rivers at 25 Ma and how it changes with time is not clear. This adds uncertainty to our 

model and affects the model results. 

 

Effect of river flux 

 

The river flux reflects how much dissolved Si and Li is transported by river to the ocean, 

and the effect of river flux variation depends on its isotopic composition. The Ge/Si 

ratio of rivers is always lower than seawater Ge/Si ratio, so increasing river flux will 

lower Ge/Si ratio of seawater. The effect of river flux for Li is more complicated, it 

depends on the relationship with δ7Li of hydrothermal input. When δ7Liriver<δ7LiHT, the 

increasing river flux will reduce δ7Li of seawater. When δ7Liriver>δ7LiHT, the increasing 

river flux will raise δ7Li of seawater. In our model, δ7Liriver is set to be 5.7‰, lower than 

δ7LiHT 8.3‰. With higher weathering intensity, δ7Liriver decreases to even lower value, 

so greater river flux also decreases δ7Li of seawater. 
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Effect of authigenesis 

 

Authigenesis is an important sink for both Ge and Li. It sequesters Ge, removes 

isotopically light Li and some Si. The intensification of this process will lower the Ge/Si 

ratio and increase δ7Li of seawater. However, the fractionation factor of this process is 

uncertain. In our Li model, we use model parameters from Misra and Froelich (2012), 

who proposed that the MAAC sink and AOC sink have the same fractionation factor of 

16‰. This might not be always the case. In the model developed by Li and West (2014), 

MAAC sink has different fractionation factor from AOC sink. Their model tests suggest 

that fractionation into MAAC should be greater than AOC, and there was a sink shift 

from AOC to MAAC in the past 60Ma (Li and West, 2014). The magnitude of 

authigenesis flux is proportional to the mass of Li in the ocean in our model, and it is 

likely that the proportion of MAAC to AOC varied during MMCO. The mechanism that 

controls the fractionation factor is not known. If the proportion of MAAC and AOC 

changed during MMCO, it would affect isotopic composition of seawater. 

 

Other factors that affect seawater isotopic composition 

 

Temperature is a vital factor that many processes are dependent on. Temperature can 

affect dissolution of biogenic opal and other minerals, and can also have an impact on 

the scale of reverse weathering. For example, if seawater temperature increased, more 

biogenic opal is dissolved during sinking, and less reaches the seafloor, thus less Ge 
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may be available to be sequestered into secondary clays. Under this scenario more Ge 

exists in seawater and the Ge/Si ratio of seawater will be elevated. Temperature is likely 

to influence the fractionation factor of other processes. 

 

Moreover, so far we mainly talked about the geochemical side of Ge/Si ratio evolution, 

the biological side is not considered. The knowledge we have of how the abundance of 

siliceous organisms has varied in time is limited, and diatoms and sponges are not the 

only species that uptake Si in the ocean. Evidence shows that some smaller organisms 

also take up Si. The abundance of other siliceous organisms is not known, so we cannot 

evaluate the effect from other species on seawater Ge/Si ratio. 
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CHAPTER 7 

 

CONCLUSION 

 

Based on indicators from δ18O, alkenones, boron isotopes, pCO2 and pH reconstructions, 

the climate during the MMCO was relatively warm and seawater was more acidic than 

at present. Weathering proxies like 87Sr/86Sr, 187Os/186Os and δ7Li suggests that 

weathering intensity was high during mid-Miocene. In this study, Ge/Si ratios of 81 

samples from ODP U1337A were analyzed.  The data show a wide range from Ge/Si = 

0.45 to 1.04 umol/mol. There is no clear temporal trend in Ge/Si data from the diatoms 

at this site. There is some evidence of a circa 1.9-Maperiod in the Ge/Si data, but the 

statistical significance of this periodic component is low. Comparing our Ge/Si data 

with the data from Shemesh et al. (1989) during 11-13.9 Ma, our data average ~0.76 

μmol/mol, similar to Shemesh’s data within uncertainty. Before 13.9 Ma, our data is 

~0.72 μmol/mol, lower than Shemesh’s data by 0.2 μmol/mol. Filtering the data by 

removing samples with Ge/Si < 0.6 μmol/mol generates a mean of Ge/Si ratio for 0.78± 

0.02 μmol/mol, consistent with the results from Shemesh et al (1989). Overall, the Ge/Si 

ratio in MMCO is still higher than modern seawater ~0.7. Model experiments 

combining Ge/Si and Li isotopes make it possible to test effects of varying weathering 

flux, weathering intensity and removal flux during MMCO. The model was built using 

modern Si and Li budgets with their present Ge/Si ratio and isotopic composition. The 

effect of river flux, weathering intensity and reverse weathering flux on seawater Ge/Si 

and δ7Li are observed in model runs: 
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(1) Increasing river flux reduces seawater Ge/Si ratio in all cases and δ7Li when δ7Liriv< 

δ7LiHT 

(2) Increasing weathering intensity increases Ge/Si ratio and reduces seawater δ7Li 

(3) Increasing reverse weathering flux decreases Ge/Si ratio and increases seawater δ7Li 

Model simulation results indicate that the combination of increasing river flux, reverse 

weathering flux and weathering intensity can replicate the Ge/Si and δ7Li record. 

However, the effect of variations in the river flux is very weak, which can be 

compensated by small increasing in reverse weathering.  

 

The high Ge/Si ratio and slightly low δ7Li during the MMCO suggests high weathering 

intensity, high reverse weathering flux, and a weathering flux of silica that was at 

approximately the same level during MMCO compared to the present. 
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APPENDIX  

 

Table A1 Ge/Si ratio of U1337A 

Sample ID depth age  Ge/Si Ge/Si corrected  

25-1S 245.08 11.3219 0.7347 0.7941 

25-2S 246.78 11.3839 0.7467 0.8075 

25-4S 249.6 11.4869 0.7796 0.8440 

25-5S 251.09 11.5415 0.7424 0.8027 

25-6S 252.58 11.5961 0.7561 0.8179 

25-7S 253.6 11.6336 0.7514 0.8126 

26-1S 254 11.6483 0.7639 0.8265 

26-2S 255.9 11.7183 0.6219 0.6687 

26-3S 257.4 11.7737 0.6403 0.6892 

26-4S 258.9 11.8292 0.6137 0.6597 

26-5S 260.44 11.8863 0.7052 0.7613 

26-6S 261.9 11.9405 0.5564 0.5959 

26-7S 262.9 11.9777 0.5292 0.5658 

27-1S 266.96 12.1294 0.8964 0.9738 

28-1S 272.61 12.3421 0.8881 0.9646 

28-2S 274.12 12.3993 0.7312 0.7902 

28-3S 275.63 12.4566 0.6896 0.7440 

28-4S 276.62 12.4942 0.4574 0.4860 

29-1S 284.9 12.8119 0.5120 0.5467 

29-2S 286.42 12.8708 0.5992 0.6436 

29-3S 287.94 12.9298 0.5402 0.5780 

29-4S 289.44 12.9883 0.5402 0.5780 

29-5S 290.94 13.0469 0.9015 0.9794 

29-7S 293.41 13.1437 0.6193 0.6659 

30-1S 300.42 13.4214 0.6460 0.6955 

30-2S 301.89 13.4801 0.9252 1.0058 

30-3S 303.41 13.5411 0.7790 0.8433 

30-4S 304.9 13.6010 0.7677 0.8308 

30-5S 306.42 13.6624 0.7717 0.8352 

30-6S 307.88 13.7215 0.9047 0.9830 

30-7S 309.39 13.7828 0.8374 0.9082 

31-3S 313.2 13.9385 0.8227 0.8919 

31-4S 314.68 13.9994 0.4654 0.4948 

31-5S 316.18 14.0613 0.7030 0.7588 

31-6S 317.68 14.1234 0.5814 0.6238 

32-1S 319.475 14.1980 0.5717 0.6130 
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32-2S 321.27 14.2729 0.6602 0.7113 

32-5S 325.81 14.4638 0.7428 0.8032 

33-2S 329.98 14.6410 0.6622 0.7136 

33-4S 333 14.7705 0.6363 0.6847 

33-5S 334.5 14.8351 0.6579 0.7088 

33-6S 335.98 14.8992 0.5773 0.6192 

34-1S 339.36 15.0463 0.7261 0.7845 

34-2S 340.85 15.1115 0.5143 0.5492 

34-3S 342.35 15.1774 0.6311 0.6790 

34-4S 343.85 15.2436 0.5704 0.6116 

34-5S 345.35 15.3100 0.7422 0.8024 

34-6S 346.89 15.3785 0.5924 0.6360 

35-1S 348.33 15.4427 0.7287 0.7874 

35-2S 349.83 15.5099 0.7211 0.7789 

35-3S 351.33 15.5773 0.7610 0.8233 

35-4S 352.83 15.6450 0.7372 0.7969 

35-5S 354.33 15.7129 0.7340 0.7933 

35-6S 355.83 15.7811 0.8144 0.8826 

36-2S 360.25 15.9836 0.6894 0.7437 

36-3S 361.76 16.0533 0.5412 0.5791 

36-4S 363.25 16.1224 0.7839 0.8487 

36-5S 364.74 16.1917 0.4817 0.5130 

36-6S 366.25 16.2622 0.4236 0.4484 

36-7S 367.65 16.3278 0.7197 0.7774 

37-1S 368.86 16.3847 0.6144 0.6605 

37-2S 370.37 16.4560 0.6477 0.6974 

37-3S 371.86 16.5266 0.6031 0.6479 

37-4S 373.35 16.5974 0.7049 0.7610 

37-5S 374.89 16.6709 0.5746 0.6162 

37-6S 376.34 16.7404 0.6267 0.6741 

37-7S 377.36 16.7895 0.7854 0.8504 

38-1S 379.01 16.8691 0.6871 0.7412 

38-2S 380.5 16.9412 0.5375 0.5750 

38-3S 382.05 17.0166 0.7796 0.8441 

38-4S 382.99 17.0624 0.6877 0.7419 

39-1S 388.05 17.3112 0.7133 0.7703 

39-2S 389.54 17.3850 0.6345 0.6827 

39-3S 391.03 17.4591 0.7774 0.8416 

39-4S 392.55 17.5351 0.7762 0.8402 

39-5S 394.03 17.6093 0.8679 0.9421 

40-2S 401.34 17.9799 0.5145 0.5494 

40-3S 402.87 18.0583 0.4400 0.4667 
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40-4S 404.3 18.1319 0.5568 0.5965 

40-5S 405.9 18.2145 0.6889 0.7432 

40-6S 407.4 18.2923 0.9547 1.0386 

 

Table A2 5pt running mean of Ge/Si U1337A 

Sample ID depth age 

Ge/Si 5 
point 
average 

1 249.026 11.47 0.813 

2 255.96 11.72 0.731 

3 264.962 12.05 0.772 

4 279.538 12.61 0.642 

5 292.43 13.11 0.699 

6 304.9 13.60 0.900 

7 314.226 13.98 0.736 

8 325.907 14.47 0.705 

9 338.608 15.01 0.668 

10 346.85 15.38 0.723 

11 354.914 15.74 0.808 

12 364.73 16.19 0.633 

13 371.866 16.53 0.677 

14 379.052 16.87 0.737 

15 388.832 17.35 0.775 

16 401.688 18.00 0.660 

 

 

Table A3 3pt running mean of Ge/Si U1337A 

Sample ID depth age 
Ge/Si 3point 

average 

1 247.153 11.397 0.815 

2 252.423 11.590 0.811 

3 255.767 11.713 0.728 

4 260.413 11.885 0.672 

5 267.490 12.149 0.835 

6 275.457 12.450 0.673 

7 286.420 12.871 0.589 

8 291.263 13.060 0.741 

9 301.907 13.481 0.848 

10 306.400 13.662 0.883 



  111 

11 312.423 13.907 0.765 

12 317.778 14.127 0.665 

13 325.687 14.459 0.743 

14 334.493 14.835 0.671 

15 340.853 15.112 0.671 

16 345.363 15.311 0.683 

17 349.830 15.510 0.797 

18 354.330 15.713 0.824 

19 361.753 16.053 0.724 

20 366.213 16.260 0.580 

21 370.363 16.456 0.669 

22 374.860 16.670 0.684 

23 378.957 16.866 0.722 

24 384.363 17.130 0.785 

25 391.040 17.460 0.788 

26 399.413 17.882 0.653 

27 405.867 18.213 0.793 

 

 
Table A4 Sponge fraction estimate (Unit: pixels) 

sample sponge diatom fraction 

60-1 15286 129616 10.5% 

60-2 5345 66584 7.4% 

303-1 5257 39879 11.6% 

303-2 2605 31029 7.7% 

303-3 2985 31055 8.8% 

mean 6295.6 59632.6 9.5% 
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